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[1] We formulate a mechanistic model of the coupled oceanic iron and phosphorus
cycles. The iron parameterization includes scavenging onto sinking particles,
complexation with an organic ligand, and a prescribed aeolian source. Export production
is limited by the availability of light, phosphate, and iron. We implement this
biogeochemical scheme in a coarse resolution ocean general circulation model using
scavenging rates and conditional stability constants guided by laboratory studies and a
suite of box model sensitivity studies. The model is able to reproduce the broad regional
patterns of iron and phosphorus. In particular, the high macronutrient concentrations
of the Southern Ocean, tropical Pacific, and subarctic Pacific emerge from the explicit
iron limitation of the model. In addition, the model also qualitatively reproduces the
observed interbasin gradients of deep, dissolved iron with the lowest values in the
Southern Ocean. The ubiquitous presence of significant amounts of free ligand is also
explicitly captured. We define a tracer, Fe* which quantifies the degree to which a water
mass is iron limited, relative to phosphorus. Surface waters in high-nutrient, low-
chlorophyll regions have negative Fe* values, indicating Fe limitation. The extent of the
decoupling of iron and phosphorus is determined by the availability and binding strength
of the ligand relative to the scavenging by particulate. Global iron concentrations are
sensitive to changes in scavenging rate and physical forcing. Decreasing the scavenging
rate 40% results in �0.1 nM increase in dissolved iron in deep waters. Forcing the
model with weaker wind stresses leads to a decrease in surface [PO4] and [Fe] in the
Southern Ocean due to a reduction in the upwelling strength.
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1. Introduction

[2] In recent years, iron has been recognized and exam-
ined as a key element in ocean biogeochemical cycles.
Martin and Fitzwater [1988] highlighted the role of iron
as the limiting nutrient for phytoplankton growth in the
‘‘high-nutrient, low-chlorophyll’’ (HNLC) regions of the
oceans. The HNLC regions, with elevated, unutilized sur-
face macronutrients, include the high-latitude Southern
Ocean, the equatorial Pacific, and the North Pacific. The
abundance and availability of iron in the ocean is controlled
by a complex set of processes including biological utiliza-
tion and export, interactions with particulate matter and
complexing organic molecules, and aeolian deposition of
iron-rich dust. Since iron is quickly stripped from the water
column, it is present in very low concentrations and
depleted relative to macronutrients in some upwelling
regions [Measures and Vink, 2001]. The aeolian source of
iron may partially compensate but is small in some remote

ocean regions [e.g., Gao et al., 2001]. Martin [1990]
speculated that enhanced dust transport to the remote
Southern Ocean during glacial periods, as inferred from
ice cores [Petit et al., 1999] might fertilize the region,
enhance the global biological carbon pump, and draw down
atmospheric CO2. Additionally, nitrogen fixing organisms
(reviewed by Karl et al. [2002] and Mills et al. [2004]) have
a greater iron requirement, and iron availability and dust
transport may also regulate the ocean’s nitrogen budget
[Michaels et al., 1996; Falkowski, 1997].
[3] The recognition of the key role of iron has further

stimulated the efforts to observe and map the distribution of
iron in the world’s oceans [de Jong et al., 1998; Wu and
Boyle, 1998; Johnson et al., 2000; Weeks and Bruland,
2002]. We illustrate the distribution inferred from the still
sparse ocean observations in Figure 1 (expanded from
Gregg et al., 2003; de Baar and de Jong, 2001; Johnson
et al., 1997]. The total ‘‘dissolved’’ iron concentration is
typically defined as that which passes through a 0.40- or
0.20-micron filter. In practice, this includes iron in several
forms. Laboratory and field studies have indicated that the
majority of total dissolved iron, FeT, is complexed with
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organic ligands, L, which might protect it from scavenging
and precipitation [Gledhill and van den Berg, 1994; Rue
and Bruland, 1995; van den Berg, 1995; Wu and Luther,
1995; Rue and Bruland, 1997; Gledhill et al., 1998; Nolting
et al., 1998; Witter and Luther, 1998; Witter et al., 2000a;
Boye et al., 2001].
[4] Estimates of the concentration of ligand range between

0.5 and 6 nM. The estimated conditional stability constant
of the ligand(s) (KFeL) ranges between 109.8 M�1 and
1014.3 M�1 without any clear regional pattern. Most
studies suggest only one class of active organic ligand,
but two studies [Rue and Bruland, 1997; Nolting et al.,

1998] have inferred two ligand classes, in the North
Pacific and the Pacific sector of the Southern Ocean,
hypothesizing that the stronger ligand class is produced
biologically while the weaker ligand is a degradation
product. Typically, there is observed to be an excess of
free, uncomplexed ligand, L0, in oceanic waters. Recent
studies have also shown that a significant fraction of FeT is
in colloidal form [Wells et al., 1995; Wu et al., 2001;
Nishioka et al., 2001, 2003]. The bioavailability of colloi-
dal particles is not yet known, and they might aggregate
into larger particles that sink out of the water column
[Honeyman and Santschi, 1989].
[5] In situ iron fertilization studies have been carried out

in open ocean HNLC regions [Martin et al., 1994; Coale et
al., 1996a; Boyd et al., 2000; Tsuda et al., 2003; Boyd et al.,
2004; Coale et al., 2004] and have clearly demonstrated a
response in primary production to the addition of iron. Early
studies were not able to conclusively indicate any associated
increase in export of carbon [Charette and Buesseler, 2000].
This may be, in part, due to the logistical difficulties of
monitoring the fertilized patch over sufficiently long periods
of time. More recently, there is evidence of increased export
production as a response to iron fertilization [Boyd et al.,
2004; Buesseler et al., 2004]. Buesseler et al. [2004] found
particulate organic carbon (POC) fluxes of �20% of bio-
logical carbon uptake at 100 m at the end of the 28-day
observation period in the Southern Ocean, while Boyd et al.
[2004] found 8% of POC lost from the mixed layer present
at �120 m in the Gulf of Alaska after 24 days.

1.1. Models of the Oceanic Iron Cycle

[6] Numerical models provide a means to synthesize,
encapsulate, and test the community’s qualitative and quan-
titative understanding of biogeochemical cycles. The ability
of a model, based on the proposed parameterizations and
rate coefficients, can reproduce key features of the observed
data, as well as lend support to the underlying assumptions
and understanding. Such models may also be used to
explore the sensitivities of the system to changes in forcing,
parameterizations, or parameter values.
[7] There are, as yet, only a few published model studies

focusing specifically on the global scale ocean iron cycle
over the whole water column. Lefévre and Watson [1999]
and Archer and Johnson [2000], using box model and three-
dimensional general circulation model (GCM) frameworks,
respectively, developed conceptually similar models. In
both cases the source of iron to the ocean is aeolian
deposition and the sink is represented as rapid scavenging
of any dissolved iron not complexed to organic ligands. In
both cases it was assumed that the organic ligand is present
in the ocean with concentration of 0.6 nM and that it is, by
and large, saturated. Lefévre and Watson [1999] represented
this in a highly idealized form, relaxing the dissolved iron
concentration toward 0.6 nM. Archer and Johnson [2000]
explicitly represented a ligand, with concentration of
0.6 nM, and imposed a relatively strong conditional stabil-
ity coefficient such that the ligand is effectively saturated.
In both models, the deep ocean distribution of iron was
uniformly close to 0.6 nM, essentially representing the
complexed pool, and consistent with then current interpre-

Figure 1. (a) Observed dissolved [Fe] (<0.4 mm) in
surface waters (0 to 50 m) and (b) intermediate waters
(800–1100 m). We have expanded the Gregg et al. [2003],
de Baar and de Jong [2001], and Johnson et al. [1997]
databases. References are found in Appendix A. The
annotated and fully referenced data set is available for
downloading at ocean.mit.edu/�mick/Downloads.html. See
color version of this figure at back of this issue.
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tations of the oceanic observations. (Archer and Johnson
[2000] also explored a system with two organic ligands:
one strongly and one weakly complexing.)
[8] More recently, however, the growing number of

oceanic observations suggests that the deep ocean iron
distribution does show interbasin gradients with highest
concentrations in the North Atlantic, lower in the Southern
Ocean and central Pacific and Northern Pacific values
approaching those in the Atlantic (Figure 1b). In regions
of relatively strong aeolian supply, such as the North
Atlantic and Indian oceans, surface [FeT] is elevated
(Figure 1a). Landing et al. [2004] have observed [FeT]
as high as 1.5 nM in the surface waters of the Atlantic.
Surface [FeT] appear lower, but not negligible, in the
Southern Ocean. In addition, more recent measurements of
ligand concentration suggest that ligand concentrations
(although quite variable) are typically between 0.5 and 6 nM
[Gledhill and van den Berg, 1994; Rue and Bruland, 1995;
van den Berg, 1995; Wu and Luther, 1995; Rue and
Bruland, 1997; Gledhill et al., 1998; Nolting et al.,
1998; Witter and Luther, 1998; Witter et al., 2000a; Boye
et al., 2001; Powell and Donat, 2001] and, unlike in the
prior models, the ligand is not typically saturated.
[9] In the framework of an idealized, global ocean box

model [Parekh et al., 2004], we have recently examined the
ability of three different parameterizations of ocean iron
cycling to reproduce the interbasin gradients in the deep
waters as revealed in Figure 1b. A model in which iron is
scavenged onto particles and complexed with an organic
ligand, in accord with the conceptual view of Johnson et al.
[1997] and similar to that of Archer and Johnson [2000]
was consistent with the limited observational constraints
provided an appropriate ratio of scavenging rate, ksc and
conditional stability constant, KFeL (the binding strength of
the ligand), was imposed. By applying a weaker, yet still
plausible, conditional stability constant, and a higher total
ligand concentration than in the previously published stud-
ies [Lefévre and Watson, 1999; Archer and Johnson, 2000],
we were able to reproduce the recently observed features of
the iron cycle. These include the basin to basin contrasts in
FeT, with low concentrations in the deep Southern Ocean,
and the ubiquitous presence of iron-free organic ligand
which were more recently observed and not captured in
the earlier models.
[10] In addition, several model studies have represented

iron cycling in order to consider the impact of upper ocean
iron availability and iron limitation of the ecosystem [Moore
et al., 2002; Christian et al., 2002; Aumont et al., 2003;
Gregg et al., 2003]. The main focus of these studies is how
the iron distribution impacts the ecosystem and not what
sets that distribution. Such models have typically employed
a parameterization of iron scavenging similar to that of
Lefévre and Watson [1999] or Johnson et al. [1997] in
which dissolved iron in excess of an assumed ligand
concentration of 0.6 nM is rapidly lost.

1.2. Aims of This Study

[11] The results of our box model study [Parekh et al.,
2004] suggest that the current picture of the oceanic iron
distribution, with low Southern Ocean deep iron concen-

trations, along with observations of higher ligand concen-
trations and ubiquitous free ligand, can be captured using an
iron model with parameterizations of scavenging and com-
plexation. It suggests that a framework similar to that
applied by Archer and Johnson [2000], though not in the
saturated ligand limit, may provide a better description of
the more recent data. In addition, the box model suggested
that the sensitivity to changes in aeolian iron supply is very
different in the models representing complexation, in con-
trast to those which are purely scavenging based. Here,
then, we present a three-dimensional circulation and bio-
geochemistry model focusing on the coupled oceanic iron
and phosphorus cycles. The iron cycle is parameterized with
representations of both scavenging and complexation with
the ratio of scavenging rate to conditional stability coeffi-
cient, ksc/KFeL, determined from the optimal box model
case, with total ligand concentrations of 1 nM or greater. We
will demonstrate that this model can reproduce the broad
features of the oceanic iron distribution, captures the
presence of free ligand, and explicitly leads to ‘‘HNLC’’
regions, with elevated surface nutrients, in the model. In
the following sections we will outline the structure and
mechanics of the ocean general circulation biogeochemistry
model, discuss model results and compare to observations,
define a new tracer to assess Fe limitation, and present the
sensitivity of FeT to scavenging rate and wind stresses.

2. Global Ocean Biogeochemistry Model

2.1. Physical Model

[12] We overlay coupled iron and phosphorus cycle
models on the MIT ocean circulation model [Marshall et
al., 1997a, 1997b; Adcroft et al., 1997] configured globally
at coarse resolution (2.8 � 2.8 degrees, 15 vertical levels).
The uppermost layers of the model are 50 m, 70 m, and
100 m thick. The physical model is forced with a climato-
logical annual cycle of surface wind stresses [Trenberth
et al., 1989], surface heat, and freshwater fluxes with
additional relaxation toward climatological sea surface
temperature and salinity. In these coarse resolution studies,
the effect of mesoscale eddy transfers is parameterized
following Gent and McWilliams [1990]. Vertical turbulent
mixing in the surface mixed layer of the ocean is repre-
sented through a simple convective adjustment scheme.
This configuration of the ocean model is similar to that
employed in the Ocean Carbon Model Intercomparison
Project (OCMIP) to simulate the ventilation of chloro-
fluorocarbons [Dutay et al., 2002] and aspects of the ocean
carbon cycle [e.g., Watson and Orr, 2003; Matsumoto et
al., 2004]. The configuration of the MIT model applied
here differs from that of the OCMIP study only in the
surface wind stress forcing: The Trenberth et al. [1989]
wind stress applied here leads to a more vigorous Drake
Passage throughflow and Southern Ocean residual over-
turning circulation than in the OCMIP configuration (pre-
sented by Doney et al. [2004]) which used Hellerman and
Rosenstein [1983] climatological wind stress forcing.
[13] Figure 2 shows the model’s annual mean, ‘‘residual’’

overturning circulation: the net effect of advection by mean
flow and a contribution due to eddies. The strong Northern

GB2020 PAREKH ET AL.: DECOUPLING OF IRON AND PHOSPHATE

3 of 16

GB2020



Hemisphere overturning cell reflects the strong influence of
the Atlantic basin, with the formation of North Atlantic
Deep Water in the north, its transit southward at mid-depths,
and return flow in the surface waters. There is a residual
overturning in the Southern Ocean of the model, associated
with upwelling of deep waters and formation of intermedi-
ate waters, though it is weaker than estimates of the
meridional overturning circulation interpreted from hydro-
graphic data with idealized theories Karsten and Marshall,
2002] and inferred from transient tracers [Ito et al., 2004].
However, it is significantly stronger in this case than in the
original OCMIP configuration [Doney et al., 2004]. The
deep cell in the opposing sense reflects the formation of
bottom waters in the southern polar region, their upwelling
in the interior, and return southward at mid-depths. This cell
dominates the deep Atlantic circulation and much of the
Pacific basin.

2.2. Biogeochemical Model

[14] We model the coupled phosphorus and iron cycles,
using a simplified parameterization of export production in
which biological uptake and regeneration are indexed to
phosphorus. Figure 3 indicates the biogeochemical pro-
cesses acting on both phosphorus and iron in the model.
While both are consumed, exported, and regenerated in
association with biological activity, iron is decoupled from
phosphorus in the ocean due to the additional processes of
scavenging and complexation, and its significant aeolian
source. Model parameter values are given in Table 1.
2.2.1. Phosphorus Cycle
[15] The governing equations for phosphate, PO4, and

dissolved organic phosphorus, DOP, in the euphotic zone
(he = 120 m) of the biogeochemical model are

@PO4

@t
¼ �5 � uPO4ð Þ þ 5 � k5 PO4ð Þ � Gþ lDOP; ð1Þ

@DOP

@t
¼ �5 � uDOPð Þ þ 5 � k5 DOPð Þ þ nG� lDOP; ð2Þ

G ¼ a
PO4

PO4 þ KPO4

FeT

FeT þ KFe

I

I þ KI

; ð3Þ

where u is the transformed Eulerian mean velocity and k is
a mixing tensor representing isopycnal mixing following
Gent and McWilliams [1990]. We use a second-order flux
limiter advection scheme for tracers [Roe, 1985]. G
represents the biological uptake, which is limited by light,
phosphate, and iron. The maximum export rate (a) is set to
0.5 mM month�1. Iron and phosphate limitation are
represented by Michaelis-Menten kinetics. The half satura-
tion constant for iron (KFe) is 0.12 nM, within the range of
measured values [Price et al., 1994; Fitzwater et al., 1996],
while the half saturation constant for phosphate (KPO4) is
0.5 mM, which leads to reasonable modeled surface [PO4]
and [FeT] distributions. A fraction, n = 0.67, of nutrients
lost from the surface layer enters the surface DOP pool,
which has an e-folding timescale for remineralization, 1/l,
of 6 months [following Yamanaka and Tajika, 1997].
Below the euphotic zone, the governing equations are

@PO4

@t
¼ �5 � uPO4ð Þ þ 5 � k5 PO4ð Þ þ lDOP �

@F zð Þ

@z
; ð4Þ

@DOP

@t
¼ �5 � uDOPð Þ þ 5 � k5 DOPð Þ � lDOP; ð5Þ

Export ¼

Z 0

he

1� nð ÞGdz; ð6Þ

F zð Þ ¼ Export
z

he

� ��b

: ð7Þ

[16] Here the remaining fraction of consumed phospho-
rus, [(1 � n) G], is instantaneously exported as particulate to
depth [Yamanaka and Tajika, 1997] where it is remineral-
ized according to the empirical power law relationship
determined by Martin et al. [1987]. Any remaining partic-
ulate organic matter that reaches the bottom of the model
domain is instantly remineralized. Insolation varies as a
function of latitude and season following the astronomical
formula of Paltridge and Platt [1976]. We set the half
saturation value for light (I0) to 30 W m�2.

2.3. Iron Parameterizations

[17] The governing equation for total dissolved iron (FeT)
in the model is

dFeT

dt
¼ SFe �5 � uFeTð Þ þ 5 � k5 FeTð Þ � GRFe þ lDOPRFe

þ JFe: ð8Þ

[18] SFe represents external sources of iron to the ocean.
These include aeolian deposition [Duce and Tindale, 1991],
riverine inputs, hydrothermal activity, and continental mar-
gin sediments [Hutchins and Bruland, 1998; Johnson et al.,
1999; Elrod et al., 2004]. Here we impose only an aeolian

Figure 2. Residual mean overturning circulation of the
model (Trenberth et al. [1989] wind stress forcing). Fluxes
are in Sv (106 m3 s�1).
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source based on modeled estimates of monthly dust
flux generated from an atmospheric transport model [Luo
et al., 2003] (Figure 4). We assume that iron is 3.5 weight%
of the dust. SFe = bFin, where b is the solubility of Fe
aerosols in seawater which is not well known. Jickells and
Spokes [2001] suggest it ranges between 0.8 and 2.1%,
assuming 30% contribution from wet deposition (with
solubility ranging between 0.3 and 6.8%) and 70% dry
deposition with negligible solubility. On the basis of sensi-
tivity studies with a box model [Parekh et al., 2004], we set

b = 0.01 in all the model runs discussed here. This is a
significant unknown parameter and is unlikely to be
uniform in space and time in reality. The model receives
a bioavailable supply of aeolian-derived iron of 2.6 �
109 mol Fe yr�1. Below the surface layer, SFe = 0.
[19] The second and third terms on the right of

equation (7) represent ocean transport of total iron. G is
the biological utilization in phosphorus units which is scaled
here by the stoichiometric ratio (RFe = Fe:P) for biological
processes. Below the euphotic zone, the biological uptake
(G) is zero. There is a source of FeT due to the remineral-
ization of DOM, lDOP RFe, again assuming fixed stoichi-
ometry. Last, JFe represents the sink of iron due to
scavenging. We assume a fixed stoichiometry, RFe =
0.47 mmol Fe:mol P, for iron and phosphorus during
biological uptake, export, and remineralization (assuming
a fixed Fe:C ratio of 4 mmol:1 mol and a C:P Redfield ratio
of 117:1 [Anderson and Sarmiento, 1994]). This represents a
mean community value which we apply in this model which
does not resolve the ecosystem. Sunda and Huntsman
[1995] show that marine phytoplankton can decrease their
cellular iron requirement to optimize growth in Fe-stressed
environments, but we have not represented this variability
here, as a clear relationship has not been established.
[20] Here dissolved iron is assumed to be the sum of

‘‘free’’ Fe0 and ‘‘complexed’’ FeL forms,

FeT ¼ Fe0 þ FeL; ð9Þ

where FeL represents the iron complexed with an organic
ligand, L. Since the solubility of iron is very low in high-
pH, high-temperature surface waters, on the order of
0.011 nM [Liu and Millero, 2002], we rapidly precipitate
Fe0 when FeT > LT. It is assumed that only the free form
is susceptible to scavenging, and we represent this as a
first-order loss process.

JFe ¼ �kscFe
0: ð10Þ

Laboratory and field observations of thorium isotopes
indicate that particle concentration also limits scavenging
[Honeyman et al., 1988, and references therein]. Compiling
oceanic field data, Honeyman et al. [1988] fit a power law

Figure 3. Schematic representation of the modeled
phosphorus and iron cycles. Both phosphorus and iron are
utilized biologically in the surface ocean and exported in
either particulate or dissolved organic matter to the interior
ocean, where they are remineralized. Their cycles are
decoupled through the additional processes acting on iron,
including scavenging onto sinking particles, complexation
with organic ligands, and the significant aeolian source.

Table 1. Model Parameters

Symbol Definition Value

b Fe dust solubility 1%
RFe Fe:P ratio 0.47 mmol:1 mol
n fraction of DOP 0.67
m maximum biological uptake 0.5 mM month�1

l remineralization rate 0.5 yr�1

KFe iron half saturation constant 0.12 nM
KPO4 phosphate half saturation constant 0.5 mM
I0 light half saturation constant 30 W m�2

t scavenging scaling factor 0.2

f Honeyman et al. [1988] exponent
coefficient

0.58

k0 initial Scavenging rate 0.079 L
f
mg

f
d�1

Wsink particle sinking rate 2900 m yr�1

log(KFeL) ligand conditional stability constant 11.0
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function to describe the relationship between scavenging rate
(ksc) and particle concentration (Cp), which we apply here,

ksc ¼ tk0C
f
p ; ð11Þ

where k0 represents the scavenging rate when particles are
not limiting, Cp is the particle concentration, and f is a
constant coefficient. Cp is determined locally from the
modeled sinking particle flux and an assumed sinking rate.
Thus scavenging is more efficient in the upper water column,
i.e., biologically active regions of the ocean. Cp decreases
with depth. Honeyman et al. [1988] empirically determine k0
and f. Since the empirical relationship was calculated using
thorium, we scale the scavenging rate (t) by 0.2. With this
scaling factor, scavenging rates in surface waters range from
0 to 0.45 yr�1 depending on particle concentration. These
scavenging rates gave reasonable surface iron concentrations
in our box model study [Parekh et al., 2004].
[21] Since complexation occurs on the timescales of

minutes to hours [Witter et al., 2000b], it is assumed that
the reaction goes to equilibrium. We specify the total ligand
concentration, LT = [FeL] + [L0], and use the equilibrium
relationship KFeL = kf/kd = [FeL]/[Fe0][L0] to determine the
speciation of the iron. In all the model runs discussed here
we set the total ligand concentration, LT = 1 nM. The
assumption of a uniform total ligand concentration is
necessary owing to the current lack of understanding of
its nature and sources and sinks. This simplification was
also used by Archer and Johnson [2000] though they chose

a lower value (LT = 0.6 nM). Recent observations suggest
higher total ligand concentrations in the ocean, and typically
there is excess ligand, over and above that complexed with
iron [Gledhill and van den Berg, 1994; Rue and Bruland,
1995; van den Berg, 1995; Wu and Luther, 1995; Rue and
Bruland, 1997; Gledhill et al., 1998; Nolting et al., 1998;
Witter and Luther, 1998; Witter et al., 2000a; Boye et al.,
2001; Powell and Donat, 2001]. We impose the conditional
stability constant, or ligand strength, log(KFeL) = 11.0,
within the range suggested by laboratory and field studies
and constrained by the results of sensitivity studies with a
box model [Parekh et al., 2004].

3. Modeled Distributions of Iron and Phosphate

[22] The model has been integrated for 3500 years. We
considered the model to have reached equilibrium when
there was a repeating annual cycle at the surface and very
small trends at depth (i.e., when PO4 changed by less than
0.001 mM over 100 years). Here we discuss the resulting
PO4 and FeT distributions.

3.1. Iron

3.1.1. Surface
[23] In qualitative agreement with the observed distribu-

tion (Figure 1a), the model predicts elevated surface [FeT] in
the Atlantic basin and the Indian Ocean (Figure 5a). In both
basins, surface [FeT] are as high as 1 nM. The modeled
concentration does not generally exceed 1 nM because we

Figure 4. Annually averaged dust deposition (log scale, mg Fe m�2 yr�1) simulated from an
atmospheric model [Luo et al., 2003]. Values greater than log(0.5) are shaded. The model is forced
monthly.
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have imposed a uniform LT = 1 nM and precipitate Fe0 when
FeT > LT due to the very low solubility of free iron in high-
pH, high-temperature surface waters [Liu and Millero,
2002].
[24] Iron concentrations as high as �0.9 nM have been

measured in surface waters of the Sargasso Sea [Boyle et al.,
2005] and the southwestern Atlantic [Vink and Measures,
2001]. There have been observations of even higher surface
concentrations.Measures and Vink [1999] observed elevated
[FeT] in the Arabian Sea, as high as 2.4 nM, in July and
August of 1995 and, recently, Landing et al. [2004] have
measured [FeT] in excess of 1.5 nM in Northern Atlantic
surface waters. Higher iron concentrations might be
expected in Atlantic surface waters owing to the strong
local aeolian source from the Sahara desert. In addition,
higher ligand concentrations than the 1 nM imposed in the
model have been observed, which could sustain higher
complexed iron concentrations than are possible in these
model runs. It is also likely that high surface Fe exists as
colloids rather than truly in solution, but in order to separate
colloidal and soluble iron, it is necessary to filter samples
with a 0.02 mm filter [Wu and Boyle, 2002].
[25] The model also predicts higher surface [FeT] in the

northwestern Pacific relative to the northeastern Pacific, in
broad agreement with observations (Figure 1a) and reflect-
ing areas of elevated dust flux (Figure 4). Light limitation
during the winter months in the North Pacific basin also
contributes to surface FeT buildup. In the rest of the Pacific
basin, [FeT] is close to complete drawdown in the model,
which may be too low compared to the few observations.
This is attributable to low aeolian input and the upwelling of
deep waters with a very high iron deficit. The latter effect
may be excessive in this coarse resolution model (see
section 3.2).
[26] Surface [FeT] is observed in the Pacific sector of the

Southern Ocean (Figure 1a) ranging from 0.1 to greater than
0.6 nM in the coastal waters of the Southern Ocean [Grotti
et al., 2001]. The model indicates [FeT] between 0.15 and
0.35 nM in all sectors of the Southern Ocean. While dust
flux is relatively low in this region (Figure 4) and upwelling
waters are iron deficient (see section 3.3), light limitation
due to ice cover is a significant limiting factor for much of
the year in the high-latitude Southern Ocean and prevents
complete drawdown of both macronutrients and micronu-
trients in this model. Hence the annual mean FeT remains

finite in this region though it may be drawn down in
summer. Comparing the fraction of the year over which
each nutrient (light, iron, or phosphate) is limiting shows
that in the annual mean sense, light is the most dominant
limiting factor close to the Antarctic continent in this model.
3.1.2. Mid-Depth Iron Distribution
[27] In Figure 5b we show the modeled FeT distribution at

935 m which can be compared with Figure 1b. The modeled
distribution is qualitatively consistent with the sparse obser-
vations, showing highest [FeT] in the North Atlantic basin,
ranging between 0.6 and 0.8 nM, decreasing to the south.
The North Atlantic values are slightly higher than the
current data compilation suggests (Figure 1b), but recent,
unpublished, observations [Landing et al., 2004] suggest
that thermocline values can significantly exceed 0.8 nM in
the region.
[28] The model suggests a gradient of [FeT] in the Pacific

at these depths, decreasing to the south, which is supported
by the sparse observations (Figure 1b). However, with the
illustrated set of parameterizations and parameter choices,
the model appears to slightly underestimate [FeT] in the
North Pacific and overpredict [FeT] in the Southern Ocean
waters. Martin et al. [1989] observed elevated [FeT] in the
Gulf of Alaska owing to the contribution of iron from
reducing sediments. Since we do not consider this source,
it is to be expected that our model underpredicts [FeT] in the
North Pacific.
[29] It is pleasing that these basic parameterizations lead

to simulations which are at least qualitatively consistent
with the observed iron distribution. However, we are very
data limited at present. To our knowledge, there are no
published measurements of iron in the South Pacific and
South Atlantic, making it impossible to assess the perfor-
mance of such models for these regions at this time.
3.1.3. Vertical Iron Distribution
[30] We compare modeled and observed vertical profiles

of iron in the three HNLC regions in Figure 6. Both
observed data and model tend to show a sharp increase in
the upper thermocline and very uniform mid-depth and deep
water concentrations. The model results are generally in
reasonable qualitative agreement with the observed data. In
particular, in the North Pacific, the model results match
reasonably with observations throughout the water column
with an offset of about 0.1 nM. In both the equatorial
Pacific and Southern Ocean profiles, the data show more

Figure 5. Annually averaged modeled [FeT] (nM) at (a) surface and (b) 935 m. See color version of this
figure at back of this issue.
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vertical structure than the model with a suggestion of more
elevated values in the bottom waters relative to those at
mid-depth. This may be partly due to the relatively weak
deep water overturning cell and bottom water formation rate
in the numerical model or lack of representation of sedi-
mentary sources of iron.
3.1.4. Comparison to Other Models
[31] There are several, previously published models of the

global iron cycle, including that of Aumont et al. [2003],
Gregg et al. [2003], and Archer and Johnson [2000]. Our
surface iron concentrations are qualitatively similar to the
model of Aumont et al. [2003], with low surface [FeT] in the
Pacific and higher [FeT] in high dust flux regions such as
the North Atlantic and Indian Oceans. Aumont et al. [2003]
do not show deep water [FeT]. Since they use the parame-
terization of Johnson et al. [1997], in which [FeT] > 0.6 nM
is rapidly scavenged, we expect that their model is not able to
resolve deep water Fe gradients. Our surface distribution of
FeT also agrees well qualitatively with the model of Gregg
et al. [2003]. They only ran their model for 26 years, so it is
not possible to compare deep water [FeT].
[32] The model of Archer and Johnson [2000] removes

any surface iron from the system that is not utilized
biologically. This implies that high [FeT] are not found in
the surface layer of their model in high dust flux regions
such as the North Atlantic, at odds with more recent Fe
observations. We compare our model results with Archer
and Johnson’s [2000] one ligand and two ligand cases at
350 m and 2500 m. We find that their model predicts a fairly
uniform distribution of iron which is not in agreement with
more recent measurements of iron. We believe our model is
able to predict deep water iron gradients because of our
choice of an intermediate ligand strength and a greater
concentration of total ligand, while Archer and Johnson
[2000] use a fast scavenging rate and restrict the total ligand
concentration to 0.6 nM, forcing the deep iron concentra-
tions toward 0.6 nM.
3.1.5. Supply of New Iron to Surface Waters
[33] We evaluate the relative contribution of iron being

supplied from below (considering the advective, implicit
diffusion and eddy terms) and aeolian iron to the surface
ocean. The upward vertical transport of iron in our model is
1.7 � 109 mol Fe yr�1, lower than the estimate of Aumont et
al. [2003] of 3.65 � 109 mol Fe yr�1, but higher than the
data-based estimate of Fung et al. [2000] of 0.7 � 109 mol
Fe yr�1. HAMOCC5, the three-dimensional general circu-
lation model used by Aumont et al. [2003] has stronger
convective adjustment than the MITGCM [Dutay et al.,
2002] which can partially explain why HAMOCC5 predicts
a larger upward vertical transport. Additionally, Aumont et
al. [2003] force deep water [FeT] toward 0.6 nM, a higher
concentration than has been measured in certain regions of
the ocean such as the Southern Ocean. As argued by
Aumont et al. [2003], we believe our estimate for upward
vertical transport is much higher than the data-based esti-
mate of Fung et al. [2000] because of convective mixing,
whereas Fung et al. [2000] only apply a vertical diffusivity
coefficient that is never higher than 1 cm2 s�1.
[34] Assuming that aeolian Fe input (1% bioavailability)

and upward vertical transport are the only source of ‘‘new’’

iron to the top 120 m of the model, we calculate that upward
vertical transport can account for 40% of the supply to the
euphotic zone globally. In the Southern Ocean, 83% of iron
to the euphotic zone is supplied by vertical transport.
Aumont et al. [2003] predict that 70% of new iron is derived
from below. In addition to the HAMOCC5 model predicting
a larger upward supply of iron from below to the euphotic
zone, Aumont et al. [2003] force their model with less dust
annually than our model (1.5 � 109 mol Fe yr�1 compared
to 2.6 � 109 mol Fe yr�1), resulting in a much larger
contribution of new iron from below. Alternatively, Fung et
al. [2000] also predict �40% of iron to be supplied by
upward vertical transport globally, assuming 1% bioavail-
ability of aeolian-derived Fe. While the estimates of fraction
of new iron vary widely, between 40 and 70%, it is clear
that upwelling is an important source of iron to the euphotic
zone.

3.2. Phosphate

[35] Figure 7 illustrates the modeled phosphate distribu-
tion compared to global PO4 maps [Conkright et al., 2002].
The model captures the broad pattern of the observed
phosphate distribution, most notably elevated surface
[PO4] in the so-called HNLC regions of the Southern
Ocean, tropical Pacific, and subarctic Pacific. This is a
consequence of explicit iron limitation in this model and
does not require any artificial regional variation in the
maximum export rate, as was used by McKinley et al.
[2003, 2004] or restoration toward observed surface mac-
ronutrient concentrations [e.g., Najjar et al., 1992].
[36] In the North Pacific, the model slightly underesti-

mates the surface [PO4]. The high PO4 tongue in the low-
latitude Pacific is slightly misplaced in the model, and
modeled surface subtropical [PO4] is generally too high in
the model. Since FeT is fully drawn down in that region, it is
clear that the model is iron limited there. This feature is
robust across a range of model parameters and may be
attributable to the coarse resolution configuration of the
model. Ocean GCMs at such coarse resolution do not
resolve important equatorial dynamical processes, including
the undercurrents, resulting in erroneous upwelling of deep
Pacific waters directly to the surface. Aumont et al. [1999]
demonstrated that this lack of resolution could lead to
‘‘nutrient trapping’’ in such models with surface nutrient
restoring [Najjar et al., 1992]. Here it leads to an excessive
supply of phosphate rich, strongly iron depleted waters from
the subsurface Pacific directly to the surface. The tropics are
too iron limited, and the elevated PO4 brought to the surface
by upwelling is advected laterally into the surrounding
subtropics. Other possible causes include an underestima-
tion of the dust forcing and/or bioavailability of aeolian-
derived iron in the model. Recent field results for the eastern
North Pacific from Johnson et al. [2003] suggest that
between 20 and 80% of iron aeolian flux must have been
soluble in seawater between March to May 2001 in order to
support the observed increase in surface [FeT]. Christian et
al. [2002], adding a scavenging based iron cycle model to a
three-dimensional, physical biogeochemical model of the
tropical Pacific Ocean, also find that their model wrongly
suggests iron limitation in the western Pacific. They suggest
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that the equatorial undercurrent may be transporting iron
from hydrothermal sources to surface waters in this region,
and this is not represented in the models. Additionally,
reducing ocean margin sediments may serve as a source for
iron, which is also not represented in our model.

3.3. Fe*: A Tracer of Iron Limitation

[37] The scavenging of iron from the water column results
in the decoupling of Fe and PO4. Regions where upwelled
waters are highly deficient in Fe require a high aeolian Fe
flux to compensate; otherwise iron limitation occurs. Here
we construct a tracer which tracks the relative magnitude of
decoupling between Fe and PO4. Similar to N* [Gruber and
Sarmiento, 1997], we subtract the contribution of the soft
tissue pump from the FeT distribution to reveal the balance
between physical transport and scavenging of iron. We
define

Fe* ¼ FeT � RFePO4: ð12Þ

The governing equation for Fe* is

@Fe*

@t
¼ bFin �5 � uFe*ð Þ þ 5 � k5 Fe*ð Þ � kscFe: ð13Þ

By removing the soft tissue pump contribution, Fe* reveals
the balance between advected and scavenged iron. (It is
important to note that we must know RFe, the biological ratio
of Fe:PO4, to evaluate Fe*. In nature, Fe:PO4 and Fe:C are
not likely to be constant [Sunda and Huntsman, 1995], but in
the model we have imposed a fixed biological Fe:P ratio of
0.47 mmol:1 mol. Hence Fe* can be a useful diagnostic of
the model.) In the model, positive Fe* implies adequate Fe
to support the complete biological utilization of PO4, while a
negative Fe* means that there is a deficit in Fe.
[38] Figure 8a shows zonally averaged Fe* in the Atlantic

basin of the model, revealing the regions of iron deficit. In
the North Atlantic, where aeolian input is high, Fe* is
positive at all depths. This signature of the strong aeolian
deposition is carried to the deep waters by the western

Figure 6. Comparison of modeled (circles) and observed (squares) Fe profiles in HNLC regions.
(a) North Pacific: 50
N, 145
W [Martin et al., 1989]. (b) Equatorial Pacific: 3
S, 140
W [Coale et
al., 1996b]. (c) Southern Ocean: 56
S, 143.4
E [Sohrin et al., 2000].
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boundary current and southward by North Atlantic Deep
Water to approximately 35
S. Farther south, scavenging has
depleted the excess Fe to the point that it is now limiting.
The gradual decrease in Fe* from north to south implies a
fairly long residence time for dissolved iron in the ocean
model. The global mean ocean residence time for iron is
233 years in the model. (Mean yearly soluble aeolian supply
in the model is 2.6 � 109 mol Fe yr�1, and the global ocean
loading of iron is 6.06 � 1011 mol Fe).
[39] In the Indo-Pacific basin Fe* is negative everywhere

(Figure 8b) except in the surface waters of the Indian basin,
and the iron deficit is greatest in deep Northern Pacific
waters. Since these are the oldest waters in the ocean, the
iron has been stripped away by scavenging, while PO4 has
been accumulating, resulting in the strongest decoupling
anywhere in the domain. Thus, despite the fact that dust
deposition is relatively high in the North Pacific, HNLC
conditions are still prevalent, as the aeolian-derived Fe is
not enough to compensate for the very low Fe* in the
upwelling waters.

4. Sensitivity Studies

[40] The model results reflect only a single solution of the
circulation and biogeochemistry model in which the choice

of parameter values was guided by information from labo-
ratory and field studies. However, some of these parameters
are not well constrained, and we have also used an extensive
suite of sensitivity experiments with a computationally
efficient model to guide these parameter choices [Parekh
et al., 2004]. In this section we use the more complex
circulation and biogeochemistry model to explore the sen-
sitivities of modeled FeT and PO4 to changes in the
efficiency of scavenging of iron as well as the model’s
physical forcing and circulation. Even at this relatively
coarse resolution, only a limited number of global, equilib-
rium spin-ups are viable, and so we present the results of
two focused studies. We use them to examine whether the
sensitivities suggested by the box model [Parekh et al.,
2004] are robust in this more sophisticated (and perhaps
more realistic) framework. Sensitivity studies are integrated
for 1000 years.

4.1. Scavenging and Complexation

[41] Our previous box model studies [Parekh et al., 2004]
suggested that the basin to basin gradients of iron in the
deep ocean are critically controlled by the ratio of the
conditional stability coefficient, to the scavenging rate,
KFeL/ksc. Increasing this ratio enhances the protection of
dissolved iron from scavenging by binding iron more

Figure 7. Annually averaged surface PO4 (mM): (a) Climatology [Conkright et al., 2002] and (b) model
results. See color version of this figure at back of this issue.

Figure 8. Zonally averaged section of Fe* in the (a) Atlantic basin and (b) Indo-Pacific basin. In shaded
regions, Fe* is greater than zero.
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strongly to the organic ligand. The conditional stability
coefficient, KFeL, and scavenging rate, ksc, are somewhat
constrained from laboratory and field studies and by anal-
ogy to thorium, respectively. However, the uncertainties
allow a range of several orders of magnitude. The ratio
imposed in the general circulation and biogeochemical
model was guided by the suite of box model sensitivity
studies [Parekh et al., 2004] selecting a value which best
captured the observed basin to basin gradients of deep
dissolved iron in that case. It is pleasing that this initial
choice of the ratio results in good qualitative agreement
between model and observations. Is the iron distribution
sensitive to this parameter in the GCM? If so, is its
sensitivity consistent with that of the box model?
[42] Here we illustrate the sensitivity to the ratio KFeL/ksc

by decreasing the scavenging rate, ksc, by approximately
40%, to a maximum scavenging rate of 0.27 yr�1. In
Figure 9 we illustrate the change in surface PO4, surface
and 935-m FeT, and Fe* at the base of the mixed layer
(�360 m). The resulting changes are qualitatively and
quantitatively consistent with the box model studies
[Parekh et al., 2004; Figure 7] showing an increase in
the deep [FeT] (Figure 9c) in all basins on the order of
0.1 nM. The associated increase in the iron concentration
in the upwelling waters of the Southern Ocean, as
measured by a higher Fe* in the subsurface waters
(Figure 9d), leads to a partial relief of the iron limitation
of the model’s Southern Ocean. However, there is a
significant role of light limitation in that region of the
model, enhanced by ice cover, so the difference in South-
ern Ocean surface PO4 (Figure 9a) between the two
experiments is small (about 5%) relative to the 40%
change in scavenging coefficient and the change in deep
water iron concentration (�25% in the Southern Ocean).
[43] The sensitivity of the model to KFeL/ksc can be

qualitatively and quantitatively understood from the ideal-
ized box model experiments. Increasing KFeL/ksc increases
[FeT] throughout the model domain and partially relieves
iron stress in the Southern Ocean. However, colimitation by
light in that regions means that there is only a weak impact
on surface PO4 suggesting a relatively weak dependence of
the biological carbon pump on this parameter.

4.2. Circulation and Physical Forcing

[44] Of particular interest with regard to global change is
the sensitivity of the iron model and iron limitation of the
Southern Ocean to ocean circulation. Here we describe a
sensitivity study of the oceanic iron cycle to changes in
wind stress forcing. Climate models configured for the Last
Glacial Maximum (LGM) have suggested changes in sur-
face stress forcing in the Southern Ocean, consistent with
changes in the residual overturning circulation in the region.
There is not a clear consensus, however, on the nature of the
change. For example, the coupled climate model of Kim et
al. [2003] suggests weaker wind stress in the Southern
Ocean during the LGM and significant changes in the
volume flux of circumpolar deep waters reaching the
surface. In contrast, in an atmospheric model, with either
prescribed sea surface temperatures or a slab ocean mixed-
layer model, Dong and Valdes [1998] find that winds over

the Southern Hemisphere high latitudes change very little.
Model results from the Paleoclimate Modeling Intercom-
parison Project do not agree on whether winds increased
or decreased during the LGM relative to modern winds
[Braconnot, 2000].
[45] It is difficult to separate the effects of wind stress and

buoyancy forcing on the Southern Ocean residual over-
turning circulation [e.g., Karsten and Marshall, 2002].
However, in the numerical model we may vary these forcing
fields somewhat independently. Here we compare the bio-
geochemical implications of changes in the imposed wind
stress forcing. In the ‘‘control’’ model, illustrated above, we
applied Trenberth et al. [1989] wind stresses. Here, in a
second experiment, the wind stress forcing on the physical
model is that of the Hellerman and Rosenstein [1983]
climatology. While both climatologies are relevant to the
atmosphere of the late twentieth century, the latter data set
has notably weaker surface wind stresses in the remote
Southern Hemisphere, relative to the former, perhaps due
to the sparsity of data in the remote Southern Hemisphere
at the time it was compiled. (The configuration with
Hellerman and Rosenstein [1983] winds is actually that
used for the OCMIP comparison [e.g., Dutay et al.,
2002]). We illustrate the impact of this change in the wind
stress forcing on the residual mean overturning circulation
of the model in Figure 10. At high southern latitudes it
becomes very weak; Ekman and eddy induced flow almost
exactly balance in this case. In contrast, the Southern
Ocean residual overturning in the control case is relatively
strong: about 10 Sv.
[46] Here we examine the response of the coupled ocean

phosphorus and iron cycles to this change in the physical
forcing and circulation of the model when all biogeochem-
ical parameterizations and boundary conditions are identi-
cal. Weakening Southern Ocean overturning circulation
leads to a decrease in surface [PO4] and [FeT] in the region
(Figures 11a and 11b) due to a reduction in the upwelling
strength. The amount of FeT and PO4 upwelled in the
Southern Ocean decreases by 33% in this simulation. There
is little difference in Fe* of upwelled waters between the
perturbation and the control run (Figure 11d). However, the
aeolian source has not changed and now can more signif-
icantly affect surface PO4.
[47] This result suggests that a glacial world with stronger

winds would require a major increase in aeolian-derived Fe
to increase the effectiveness of the biological pump in order
to reduce surface PO4. If, on the other hand, glacial wind
stress forcing was weaker, large increases in the external
input of iron are not necessary to draw down surface PO4.
This simplified view omits, of course, many other potential
influences on ocean circulation, stratification, and export
production which would likely occur in concert and which,
as suggested by the model of Bopp et al. [2003], may also
be significant.
[48] The sign of the sensitivity of the GCM is consistent

with that of the simplified box model when using the same
scavenging-complexation parameterization of ocean iron
biogeochemistry [Parekh et al., 2004] (Figure 11c). It is
interesting to note that in the box model the sensitivity to
the overturning circulation was of opposite sign when a
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simpler, scavenging-desorption iron parameterization (with-
out representation of complexation) was used. This suggests
that the form of parameterization can have very important
implications for glacial-interglacial simulations.

5. Summary and Discussion

[49] Iron and phosphorus are strongly decoupled in the
interior of the ocean owing, at least in part, to the processes
of scavenging and complexation with organic ligands which
impact only iron. Guided by our previous studies with a
highly idealized box model, we have implemented a model
of the coupled cycles of phosphorus and iron in the ocean in
a general circulation model. We have demonstrated that the
model, using parameter values guided by laboratory and
field studies along with our simplified box model, qualita-
tively captures the surface distributions and basin to basin
deep gradients of both nutrients. Regions of elevated surface
phosphate concentrations arise naturally in the model as a
consequence of explicit iron limitation (along with light
limitation in the Southern Ocean). More quantitative com-
parisons of model and data are also favorable, though the
present sparsity of oceanic iron observations is clearly a
limiting factor.
[50] Sensitivity studies with the three-dimensional model

show that its response to changes in scavenging or com-
plexation efficiency and circulation are consistent with, and
support the inferences from, the idealized box model studies
[Parekh et al., 2004]. The sensitivity to changes in circula-

tion suggests that an increase in wind stress forcing on the
Southern Ocean might counteract an increase in the biolog-
ical pump due to enhanced dust supply to the Southern
Ocean in glacial periods. The sign of this sensitivity is,
however, critically dependent upon the complexation
mechanism.

Figure 9. Sensitivity to weaker scavenging rate. Change in (a) surface [PO4] (mM), (b) surface [FeT]
(nM), (c) 935 m [FeT] (nM), and (d) Fe* at the base of the mixed layer (360 m). Results presented as
perturbation-control run. Dashed contours represent negative values.

Figure 10. Global residual mean of the model forced with
Hellerman and Rosenstein [1983] winds. Fluxes are in Sv
(106 m3 s�1).
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[51] At this point, we suggest that further progress in
modeling the iron cycle, its response to global change,
and the implications for the global biogeochemical cycles
of other nutrients and carbon is currently limited by the
availability of iron observations. We strongly support
efforts to provide a global, calibrated survey of the
oceanic iron distribution. In addition, the apparent impor-
tance of the organic ligands in regulating the iron distri-
bution suggests that we may need dynamic representations
of their sources and sinks. This will not be possible until
a more detailed understanding emerges from continued
field and laboratory studies. A clearer qualitative and
quantitative understanding of the controls on the solubility
or bioavailability of aeolian iron is also of particular
importance. Iron has been implicated as a key micronu-
trient in ocean biogeochemical cycles and their coupling
to the climate system. However, there is still a consider-
able gap to bridge between the understanding of the basic
controls on oceanic iron, our ability to quantitatively
parameterize them, and the application of iron cycle
models to these fascinating feedbacks and the hypotheses
around them.

Appendix A

[52] The following were referenced for the data set used
to plot Figure 1: Blain et al. [2001], Boyd et al. [2000],
Bowie et al. [2001, 2002], Boye et al. [2001, 2003], Boyle et
al. [2005], Bruland et al. [1994], Bucciarelli et al. [2001],

Coale et al. [1996b], P. L. Croot et al., Where does all the
iron go? Uncovering the fate of the added iron during the
EISENEX iron enrichment experiment, submitted toMarine
Chemistry, 2005, de Baar et al. [1995, 1999], de Jong et al.
[1998], Fitzwater et al. [1996, 2000], Gledhill and van den
Berg [1994], Gordon et al. [1982, 1998], Grotti et al.
[2001], Hall and Safi [2001], Johnson et al. [1997, 2001,
2003], Kuma et al. [1996, 1998, 2003], Laes et al. [2003],
Landing and Bruland [1987], Loscher et al. [1997], Mackey
et al. [2002], Martin and Gordon [1988], Martin et al.
[1989, 1990, 1993], Measures and Vink [1999, 2001],
Nakabayashi et al. [2001, 2002], Nishioka et al. [2001,
2003], Rue and Bruland [1995, 1997], Sarthou et al.
[2003], Sedwick and DiTullio [1997], Sedwick et al. [1997,
1999, 2000], Sohrin et al. [2000], Takata et al. [2004], Takeda
et al. [1995], Takeda and Obata [1995], Timmermans et al.
[2001], Tsuda et al. [2003], Vink andMeasures [2001],Witter
and Luther [1998], Witter et al. [2000a], Wu and Luther
[1994, 1996], Wu et al. [2001], Wu and Boyle [2002]. The
annotated and fully referenced data set is available for
downloading at ocean.mit.edu/mick/Downloads.html.
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Figure 11. Sensitivity to weaker winds. Change in (a) surface [PO4] (mM), (b) surface [FeT] (nM), (c)
935 m [FeT] (nM), and (d) Fe* at the base of the mixed layer (360 m). Results presented as perturbation-
control run. Dashed contours represent negative values.
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Figure 1. (a) Observed dissolved [Fe] (<0.4 mm) in surface waters (0 to 50 m) and (b) intermediate
waters (800–1100 m). We have expanded the Gregg et al. [2003], de Baar and de Jong [2001], and
Johnson et al. [1997] databases. References are found in Appendix A. The annotated and fully referenced
data set is available for downloading at ocean.mit.edu/�mick/Downloads.html.
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Figure 7. Annually averaged surface PO4 (mM): (a) Climatology [Conkright et al., 2002] and (b) model
results.

Figure 5. Annually averaged modeled [FeT] (nM) at (a) surface and (b) 935 m.
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