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Abstract Enhanced ocean carbon storage during the Pleistocene ice ages lowered atmospheric CO2

concentrations by 80 to 100 ppm relative to interglacial levels. Leading hypotheses to explain this

phenomenon invoke a greater efficiency of the ocean's biological pump, in which case carbon storage in the

deep sea would have been accompanied by a corresponding reduction in dissolved oxygen. We exploit the

sensitivity of organic matter preservation in marine sediments to bottom water oxygen concentration to

constrain the level of dissolved oxygen in the deep central equatorial Pacific Ocean during the last glacial

period (18,000–28,000 years BP) to have been within the range of 20–50 μmol/kg, much less than themodern

value of ~168 μmol/kg. We further demonstrate that reduced oxygen levels characterized the water

column below a depth of ~1,000 m. Converting the ice age oxygen level to an equivalent concentration of

respiratory CO2, and extrapolating globally, we estimate that deep‐sea CO2 storage during the last ice age

exceededmodern values by asmuch as 850 Pg C, sufficient to balance the loss of carbon from the atmosphere

(~200 Pg C) and from the terrestrial biosphere (~300–600 Pg C). In addition, recognizing the enhanced

preservation of organic matter in ice age sediments of the deep Pacific Ocean helps reconcile previously

unexplained inconsistencies among different geochemical and micropaleontological proxy records used to

assess past changes in biological productivity of the ocean.

Plain Language Summary Carbon dioxide (CO2) in Earth's atmosphere was lower during cold

glacial periods of the last 800,000 years than during warm interglacial periods, by an amount equivalent

to about one third of the preindustrial CO2 content of the atmosphere. It is thought that the ocean absorbed

the CO2 missing from the atmosphere, but determining where and how the CO2was stored in the ocean has

remained a challenge. Photosynthesis in the surface ocean converts CO2 to organic matter, a portion of

which sinks into the deep sea, where it is subsequently converted back to CO2 by respiration of the

organisms that consume the organic matter. Stimulation of the biological uptake of CO2 in surface water,

inhibition of the physical processes that raise deep waters back to the surface where they exchange gases

with the atmosphere, or any combination of the two would enhance the storage of CO2 in the deep ocean

while also reducing the concentration there of dissolved oxygen. Here we show that the oxygen

concentration in deep waters of the Pacific Ocean was much lower during the last glacial period than today.

The difference is sufficient to accommodate the CO2 removed from the atmosphere during the ice ages.

1. Introduction

Carbon was transferred to the ocean from the terrestrial biosphere as well as from the atmosphere during

late Pleistocene ice ages (Broecker, 1982) when atmospheric CO2 levels fell by 80–100 ppm relative to warm

interglacials (Lüthi et al., 2008). Lower ice age CO2 relative to preindustrial levels could have been influ-

enced by a number of factors including greater ocean alkalinity, greater strength of the ocean's soft‐tissue

biological pump (larger inventory of ocean nutrients), greater efficiency of the biological pump (more com-

plete biological utilization of nutrients mixed to the ocean surface), greater ocean density stratification

(which reduces the evasion of respiratory CO2 stored in the deep ocean), and greater sea ice cover in regions

of deep water formation (which, like stratification, inhibits the release of CO2 from the deep sea), in addition

to the greater solubility of CO2 in the colder ice age ocean (Archer et al., 2000; Broecker, 1982; Sigman &
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Boyle, 2000; Stephens & Keeling, 2000). However, the specific contribution by each of these factors to

lowering ice age CO2 remains unresolved.

Any combination of conditions that would lower atmospheric CO2 via an increase in the strength or the

efficiency of the biological pump would lower the inventory of dissolved oxygen (DO) in the deep sea in pro-

portion to the amount of additional respiratory CO2 stored (Broecker, 1982; Galbraith & Jaccard, 2015;

Sigman et al., 2010). Consequently, deep‐ocean DO has long been recognized as the principal variable

which, if reconstructed accurately, would enable investigators to quantify the portion of ice age lowering

of atmospheric CO2 attributable to enhanced storage of respiratory CO2 in the deep sea (Boyle, 1990;

Sigman et al., 2010).

A variety of independent proxy evidence indicates lower DO concentrations in the deep ocean during glacial

periods. Relevant findings include deglacial peaks of MnO2 in deep‐sea sediments (Mangini et al., 1990),

mineralogy of hydrothermally derived metalliferous sediments (Mills et al., 2010), empirical relationships

between DO and radiocarbon ventilation age (Sarnthein et al., 2013), the difference between carbon isotopic

composition of epifaunal and infaunal benthic foraminifera (Gottschalk, Skinner, et al., 2016; Hoogakker

et al., 2015, 2018; Umling & Thunell, 2018), I/Ca ratios of foraminiferal calcite (Lu et al., 2016), loss of

redox‐sensitive magnetic minerals from deep‐sea sediments (Korff et al., 2016), and the paired use of geo-

chemical proxies for sediment redox state and for the rain rate of organic carbon delivered to the sea bed

(Bradtmiller et al., 2010; Francois et al., 1997; Jaccard et al., 2009). Although the reduced deep‐sea oxygena-

tion during Pleistocene ice ages is supported by every approach employed to date, these methods are quali-

tative (Galbraith & Jaccard, 2015; Jaccard et al., 2014; Jaccard & Galbraith, 2012) and, in the case that

benthic foraminifera are used whose depth habitat may change from epifaunal to infaunal, derive quantita-

tive estimates of ice age DO levels with large uncertainties (Gottschalk, Skinner, et al., 2016; Gottschalk,

Vázquez Riveiros, et al., 2016).

Our approach is to exploit the sensitivity of organic compound preservation in deep‐sea sediments to oxygen

concentration in the overlying bottomwater (BWO). Exposure time to dissolved molecular oxygen is the pri-

mary variable regulating the preservation of organic matter (OM) inmarine sediments (Hartnett et al., 1998).

Since other factors such as sediment burial rate, sorption to mineral surfaces, and macrobenthic community

structure also influence OM preservation (Arndt et al., 2013; Burdige, 2007), there is no simple relationship

between BWO and the degree to which organic compounds are preserved in marine sediments.

Nevertheless, empirical studies of OM preservation across a range of BWO levels in the Arabian Sea find

enhanced preservation of as much as an order of magnitude when BWO levels fall below a threshold ranging

between 20 and 50 μmol/kg (Cowie et al., 2014; Keil & Cowie, 1999; Koho et al., 2013; Rodrigo‐Gámiz

et al., 2016).

In the sections that follow we first present evidence for enhanced preservation of algal lipid biomarkers in

sediments deposited during the last glacial period (LGP), emphasizing here the time interval between

18,000 and 28,000 years BP, at two sites in the central equatorial Pacific Ocean (CEP). Preservation of these

compounds constrains BWO at these sites during the LGP to have been within the range identified above.

We then interpret the pattern of lipid biomarker accumulation at sites covering a range of water depths in

the eastern equatorial Pacific Ocean (EEP) to indicate that ice age oxygen concentrations were lower than

at present at all depths greater than ~1,000 m. Lastly, we build upon these results to produce the complete

dissolved inorganic carbon system for deep Pacific water during the last ice age and further argue that these

findings help reconcile apparent inconsistencies in previously published paleoproductivity records from the

equatorial Pacific Ocean.

2. Materials and Methods

Concentrations and burial rates of organic compounds in marine sediments are regulated by their biological

production in surface waters as well as by their preservation at the seabed, so it is necessary to constrain past

changes in production to infer changes in preservation from records of organic compound accumulation. We

use the preserved fluxes of biogenic opal and of nonlithogenic (or excess) barium (xsBa) as inorganic indica-

tors of past changes in biological productivity at two sites in the CEP (TT013‐PC18 and TT013‐PC72; Figure 1

and Table 1). Opal is composed mainly of the frustules of diatoms, phytoplankton that produce much of the
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carbon exported from the surface ocean (Boyd & Trull, 2007; Buesseler et al., 2007), while xsBa (barite,

BaSO4) microcrystals are produced primarily in the thermocline within decomposing organic aggregates

(e.g., Ganeshram et al., 2003). Barite is perhaps the best calibrated and most reliable inorganic indicator

for past changes in the flux of organic carbon to the deep sea in pelagic environments (Hernandez‐

Sanchez et al., 2011).

In addition to our new results from the CEP, we use previously published results from the EEP to define the

depth interval over which organic compounds experienced enhanced preservation during the LGP.

Downcore records of C37 alkenone concentrations in five cores from the EEP (VM21‐30, VM19‐27, RC11‐

238, VM19‐28, and VM19‐30; Figure 1 and Table 1) are from Koutavas and Sachs (2008).

2.1. Age Models

Published age models were used for each core (references are presented in Table 1). In addition, we system-

atically assign an age of 5,000 years to surfacemost sediments of CEP cores to reflect the mean age of the bio-

turbated mixed layer for an average mixed layer depth of 10 cm and a sediment accumulation rate of

2 cm/kyr. The assumption of a homogeneous age within the bioturbated mixed layer may not be strictly

valid. However, small errors that may be introduced by this assumption do not alter our interpretation,

which relies primarily on interpreting the contrasting fluxes of organic and inorganic constituents between

the LGP and the postglacial period, after ~15 ka.

2.2. Opal and Excess Barium

Biogenic opal was quantified following alkaline extraction and molybdate‐blue spectrophotometry using the

method of Mortlock and Froelich (1989). Opal data for PC72 have been presented previously, most recently

by Hayes et al. (2011) and byWinckler et al. (2016). Opal data for TT013‐PC18 and TT013‐MC19 are reported

here for the first time. Barium concentrations in TT013‐PC72 and in TT013‐PC18 were taken from Murray

Figure 1. Equatorial Pacific sediment cores discussed in this paper. Location details are provided in Table 1. Figure pre-

pared using Ocean Data View (http://odv.awi.de/).

Table 1

Location of Cores Discussed in This Paper and Source of Stratigraphic Age Control

Core Latitude Longitude Water depth (m) Age control References for age models

VM19‐30PC −3.383 −83.517 3,091 oxygen isotope stratigraphy 1

VM19‐28PC −2.3667 −84.65 2,720 oxygen isotope stratigraphy 2

VM19‐27PC −0.4667 −82.0667 1,373 oxygen isotope stratigraphy 3

VM21‐30PC −1.2167 −89.6833 617
14
C 4

RC11‐238PC −1.517 −85.817 2,573
14
C 4

TT013‐72PC 0.1137 −139.4015 4,298
14
C and oxygen isotope stratigraphy 5, 6

TT013‐18PC −1.8395 −139.7137 4,354
14
C and oxygen isotope stratigraphy 5, 6

TT013‐19MC −1.8680 −139.7157 4,354
14
C 6

ODP 849 0.18333 −110.5667 3,851 oxygen isotope stratigraphy 7

RNDB 74P 0.3333 159.3667 2,547 oxygen isotope stratigraphy 8

MANOP C 0.878 −138.955 4,287 oxygen isotope stratigraphy 9

Note. References for age models: 1, Shackleton et al. (1983); 2, Martinson et al. (1987); 3, Lyle et al. (2002); 4, Koutavas and Lynch‐Stieglitz (2003); 5, Murray et al.
(2000); 6, R. F. Anderson et al. (2008); 7, Mix et al. (1995); 8, Perks et al. (2002); 9, Lyle et al. (1988).
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et al. (2000, 2012). Nonlithogenic barium (xsBa) was calculated by slightly different approaches for the two

cores. For PC72 xsBa was calculated using measured total Ba and Fe concentrations (Murray et al., 2012),

assuming that all Fe is lithogenic and using the average upper continental crust Ba/Fe weight ratio of

0.01615 (Rudnick & Gao, 2003). The maximum correction was 2.1% of the total Ba. For PC18 xsBa was cal-

culated using measured total Ba and Ti concentrations (Murray et al., 2000), because Fe data were not

reported for this core, assuming that all Ti is lithogenic and using the average upper continental crust

Ba/Ti weight ratio of 0.163 (Rudnick & Gao, 2003). The maximum correction was 1.5% of the total Ba.

Given the small magnitude of the correction for lithogenic Ba, any systematic difference between these

approaches is too small to affect our interpretation of the xsBa fluxes.

Excess barium and biogenic opal are each sensitive to variable preservation. However, the factors affecting

the preservation of barite (mainly intense sulfate reduction) and the preservation of opal (in the deep sea,

where temperatures are always cold, the main factor affecting opal preservation is sediment accumulation

rate; Sayles et al., 2001) are unrelated to one another. Therefore, we infer that if we find similar patterns

in the accumulation of opal and of xsBa then the only reasonable interpretation of our results is that fluxes

of both opal and of xsBa reflect past changes in export production (Winckler et al., 2016).

Although barite tends to dissolve under conditions of intense sulfate reduction, the reducing conditions in

places where this has been found (e.g., Riedinger et al., 2006; Torres et al., 1996) are much more extreme

than the conditions that likely occurred in the CEP. For example, sediments at the continental margin sites

off Namibia where Riedinger et al. (2006) identified barite dissolution contain 4% to 6% by weight organic

carbon. By contrast, CEP sediments sampled during the TT013 cruise (near the cores we studied) contain

0.1% to 0.3% by weight organic carbon (data are archived at http://usjgofs.whoi.edu/jg/serv/jgofs/eqpac/

tt013/chemistry_sed.html1%7Bdir=usjgofs.whoi.edu/jg/dir/jgofs/eqpac/tt013/,info=usjgofs.whoi.edu:80/

jg/info/jgofs/eqpac/tt013/chemistry_sed%7D). Barite dissolution in the cores studied by Riedinger et al.

(2006) occurred below the sulfate‐methane boundary, that is, below the depth of complete sulfate reduction.

It is unlikely that sulfate would ever have been depleted in CEP sediments with their low organic carbon

contents. Even in the organic‐rich Namibian margin sediments, barite dissolution occurs at a depth of 3

to 6 m, depending on the core site. Our records from the CEP are developed entirely from the uppermost

meter of sediment, that is, well above the depth where barite dissolution occurs even in sediments with more

than an order of magnitude greater organic carbon concentrations. Therefore, given that we analyzed sedi-

ments with an order of magnitude less organic carbon than at sites where barite dissolution has been

reported, and that we are analyzing sediments from much shallower subbottom depth, it is safe to conclude

that barite dissolution has not compromised our records. Furthermore, as shown in previous studies

(Riedinger et al., 2006; Torres et al., 1996), the barite dissolved at depth later precipitates in shallower sedi-

ments after the mobilized Ba ions diffuse upward and encounter higher levels of dissolved sulfate ions, creat-

ing a well‐defined peak in the sediment Ba concentration profile. As shown in our results below, we find no

evidence for such barite fronts that would indicate diagenetic mobilization at depth. Consequently, one can

be confident that the excess Ba records shown here have not been compromised by barite dissolution caused

by sulfate reduction.

2.3. Uranium and Thorium

Uranium and thorium isotopes were measured using multiple methods over the course of nearly two dec-

ades during which the CEP cores were studied for various projects, including isotope‐dilution alpha spectro-

metry (Lao et al., 1993) and isotope dilution inductively coupled plasma mass spectrometry (Chase et al.,

2003; Fleisher & Anderson, 2003). Concentrations of unsupported 230Th were derived by subtracting from

the total (measured) 230Th concentration the amount supported by uranium contained within lithogenic

minerals and the 230Th produced by decay of authigenic U (Lao et al., 1993). These corrections are small

in carbonate‐rich equatorial Pacific sediments (<3% each throughout the last glacial cycle for the TT013

cores), so the uncertainty introduced by these corrections represents a small component of the overall ana-

lytical uncertainty in determining initial (decay corrected) unsupported 230Th concentrations (xs230Tho, 2%

to 4%, 1 sigma), which results primarily from counting statistics. Uranium and Th data for PC72 have been

presented previously in several papers, most recently by Hayes et al. (2011) and by Winckler et al. (2016).

Uranium and Th data for PC18 and MC19 were reported previously by R. F. Anderson et al. (2006, 2008).
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2.4. 230Th‐Normalized Accumulation Rates

Preserved fluxes of sedimentary constituents (xsBa, opal, organic compounds) were evaluated for the two

CEP cores and for three of the five EEP cores using the 230Th‐normalization approach (Francois et al.,

2004). This method builds upon the principle that the regional average delivery of unsupported 230Th tomar-

ine sediments must be in mass balance with its known rate of production by radioactive decay of dissolved
234U in the overlying water column (P230). With the assumption that the flux of 230Th to sediments (F230) is

equal to P230, one can estimate the flux of any sedimentary constituent “i” from its measured concentration

(Ci) as Fi = (Ci/xs
230Tho) * P230. This approach makes a necessary correction for the redistribution of sedi-

ments by deep‐sea currents (syndepositional sediment focusing), and it is relatively insensitive to errors of

as much as a few thousand years in the age model. Although questions have been raised concerning the

assumptions inherent in this method, these questions have been addressed using a variety of approaches

(R. F. Anderson et al., 2008; Costa & McManus, 2017; Francois et al., 2007; Mitchell & Huthnance, 2013;

Singh et al., 2013), so we conclude that the method provides reliable estimates of the preserved fluxes of sedi-

mentary constituents corrected for sediment focusing. Furthermore, our application of 230Thxs‐normalized

accumulation rates is limited to proxies in the fine fraction of the sediments, which is not sensitive to the

reported fractionation of the coarse (carbonate) fraction during sediment redistribution (Lyle et al., 2014).

Calculated xsBa concentrations were interpolated onto the depths where we measured Th to derive 230Th‐

normalized xsBa fluxes for the CEP cores. Point‐to‐point variability of xsBa flux is small (see section 3), so

we conclude that the interpolation necessary to calculate fluxes has introduced insignificant error. Opal

and lipid biomarker concentrations were determined using aliquots of homogenized sediment samples ana-

lyzed for U and Th, so interpolation was unnecessary in determining their fluxes.

2.5. Phytoplankton Lipid Biomarker Concentrations

Sedimentary concentrations of alkenones, C37 methyl ketones unique to coccolithophorid algae, and brassi-

casterol (24‐methylcholesta‐5,22E‐dien‐3β‐ol), a marker produced by pennate diatoms and other taxa

(Rampen et al., 2010; Volkman et al., 1998), were determined by gas chromatography with flame‐ionization

detection and co‐injected standards, following identification by gas chromatography‐mass spectrometry

(Sachs & Anderson, 2003).

2.6. Calibration of Compound Preservation

A number of studies have exploited the intense oxygen minimum zone of the Arabian Sea as a natural

laboratory to assess the sensitivity of OM preservation in marine sediments to BWO. These studies have

examined sediments along the continental margins of Pakistan (Keil & Cowie, 1999) and of India (Cowie

et al., 2014) as well as sediments on the Murray Ridge (Koho et al., 2013; Rodrigo‐Gámiz et al., 2016;

Sinninghe Damste et al., 2002), a topographic high in the Arabian Sea isolated from local continental erosion

and the related supply of lithogenic material. These studies encompass a wide range of environmental con-

ditions, including sixfold variability of sediment accumulation rate on the Murray Ridge (Lengger et al.,

2014), variable mineral surface area (Keil & Cowie, 1999), and hydrodynamic sorting and grain size

(Cowie et al., 2014). Any sensitivity of the organic carbon content of sediments to these variables was found

to be much less than its sensitivity to BWO. Throughout the wide range of environmental conditions

encountered at these sites, similar results were obtained in each case, showing a substantial increase in

the preservation of both bulk OM and of specific organic compounds as BWO levels fall below a threshold

between 20 and 50 μmol/kg. That similar findings were observed throughout these studies indicates that

the oxygen sensitivity of compound preservation is robust across a broad range of environmental conditions.

Consequently, one can have confidence in applying this threshold to other environments, including our

study sites in the equatorial Pacific Ocean.

Of particular relevance to our equatorial Pacific study is the work of Rodrigo‐Gámiz et al. (2016) who

assessed the preservation of C37 alkenones, one of the compound classes used in our study, in a suite of cores

from sites on the Murray Ridge with BWO levels ranging from 3 to 77 μmol/kg. Working within a confined

spatial area far from land, the authors could assume that the rain of particulate organic compounds to the

seabed was uniform among their study sites, as was the rain of lithogenic particles, supplied largely as dust,

which could influence the concentration of organic compounds by variable dilution. Although the sinking

flux of particulate organic compounds decreases with depth in the water column, most of the flux
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attenuation occurs above 500 m, with relatively little change below 885 m

(Martin et al., 1987), the depth of the shallowest core examined in the

Murray Ridge study (Lengger et al., 2014). Ruling out production, dilu-

tion, and depth as factors affecting the concentration of lipid biomarkers,

the remaining factor that would influence core‐to‐core variability of C37

alkenone concentration is preservation.

Concentrations of C37 alkenones in surface sediments were found to

increase systematically by an order of magnitude as BWO decreased from

77 to 3 μmol/kg (Figure 2). Sediment accumulation rates at the three shal-

lowest sites (lowest BWO; 13.4, 4.0, and 2.2 cm/kyr) span a range similar

to those at the three deepest sites with the highest BWO (2.6, 2.6, and

8.3 cm/kyr; Lengger et al., 2014). The systematic decrease in alkenone

concentration in Figure 2 indicates that alkenone preservation is far more

sensitive to BWO than to sediment accumulation rate. The greatest

change in the slope of the relationship between alkenone concentration

in surface sediments and BWO was observed at an oxygen concentration

between 20 and 40 μmol/kg (Figure 2). This is consistent with earlier work

reporting that the rate constant for OM degradation at these sites

decreased by a factor of 3 across this same range of BWO levels (see

Figure 3 in Koho et al., 2013). We use these results together with similar

findings from the other sites in the Arabian Sea, cited above, to estimate a BWO threshold for increased lipid

biomarker preservation of 20–50 μmol/kg.

The data shown in Figure 2 reflect the relative preservation of C37 alkenones under conditions where all core

sites receive the same supply of particulate constituents (clay, opal, CaCO3, and biomarker compounds).

Bottom water oxygen concentrations at other locations, with different

input rates of sedimentary constituents, cannot be inferred directly from

measured C37 alkenone concentrations using the relationship between

C37 alkenone concentration and BWO in Figure 2.

3. Results

In both CEP cores we find lower preserved fluxes of opal and xsBa during

the LGP than during the postglacial period (Figures 3a and 3b), consistent

with findings throughout the CEP indicating that export production dur-

ing the last ice age was less than during the Holocene (Costa et al., 2017).

In contrast to these inorganic proxies, the preserved fluxes of C37 alke-

nones, produced by coccolithophoridae (Volkman et al., 1998) and of

24‐methylcholesta‐5,22E‐dien‐3β‐ol (brassicasterol), produced by pennate

diatoms (Rampen et al., 2010) and other taxa (Volkman et al., 1998), dur-

ing the LGP are as much as an order of magnitude greater than during the

postglacial period (Figures 3c and 3d). Higher lipid fluxes in bioturbated

surface sediments, with an average age of 5,000 years, reflect incorpora-

tion of recently depositedmaterial and incomplete loss of compounds dur-

ing early diagenesis (Prahl et al., 1989), so these data are excluded from

our interpretation of changes in BWO.

Alkenone concentrations for the five EEP cores (Figure 4b) were pub-

lished previously (Koutavas & Sachs, 2008). Uranium and thorium data

are available for three of these cores: VM19‐30, RC11‐238, and VM19‐27

from Hayes et al. (2011), Bradtmiller et al. (2010), and this work, respec-

tively. 230Th‐normalized mass fluxes are relatively constant over the past

30,000 years in each of these cores (not shown). Consequently, the tem-

poral pattern of alkenone concentration in each of these cores reflects

the preserved alkenone flux (Figure 5). We assume that this condition

Figure 2. Alkenone concentrations in core top sediments from the Murray

Ridge (from supplementary data in Rodrigo‐Gámiz et al., 2016) plotted

against bottom water oxygen concentration (from Koho et al., 2013).

Concentrations of C37:3 alkenones have been multiplied by 20 to place them

on the same scale as the concentrations of C37:2 alkenones. The change in

slope between 20 and 40 μmol/kg represents one of the findings used to

constrain a BWO range of 20–50 μmol/kg for substantially increased pre-

servation of organic compounds under low‐oxygen conditions.

Figure 3.
230

Th‐normalized fluxes of biogenic constituents in central equa-

torial Pacific cores TT013‐PC72 (solid squares, darker lines) and TT013‐

PC18 (open triangles). The shaded region represents the last glacial period

(defined here as 18–28 ka). (a) Nonlithogenic (xs) barium, (b) biogenic

opal, (c) C37 alkenones, and (d) brassicasterol. In (b) greater sampling

resolution for the late deglacial and Holocene opal flux is provided by spli-

cing data from a multicore (MC19) collected near the location of the piston

core (PC18) at 2°S (locations in Table 1).
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also applies to the two cores for which 230Th data do not exist, and thus we use alkenone concentration

(Figure 4b) rather than flux to assess the depth dependence of time‐varying changes in

alkenone preservation.

4. Discussion

The preserved fluxes of opal and of xsBa during the LGP were lower than during the postglacial record

(Figures 3a and 3b). As these inorganic proxies represent the time‐varying rain of organic carbon produced

by major phytoplankton taxa, the records of lipid biomarker accumulation (Figures 3c and 3d) indicate that

preservation of organic compounds was enhanced by about an order of magnitude in the CEP during

the LGP.

Previous work in the CEP reported results consistent with ours. At MANOP Site C (0.878°N, 138.955°W),

near the location of our TT013 cores (Figure 1 and Table 1), Prahl et al. (1989) described eightfold greater

accumulation of C37 alkenones during the last glacial maximum compared to the Holocene, similar to our

results (Figure 3c), as well as fifteenfold greater accumulation of dinosterol, a compound produced by dino-

flagellates. Therefore, with similar results from three sites (TT013‐PC18, TT013‐PC72, and MANOP Site C)

and for lipid biomarkers representing three major taxonomic groups (diatoms, prymnesiophytes, and dino-

flagellates, represented by brassicasterol, C37 alkenones, and dinosterol, respectively), combined with wide-

spread evidence for lower export production in the CEP during the LGP (this work, Costa et al., 2016, 2017;

Winckler et al., 2016), one can be confident that the order of magnitude greater accumulation of these lipid

biomarkers during the LGP reflects greater preservation of OM and not simply a shift from one dominant

phytoplankton taxon to another.

Modern BWO concentrations at these CEP sites are ~168 μmol/kg (Table 2). Applying the empirical results

from the Arabian Sea described above, we conclude that BWO at these locations during the LGP fell within

the range 20–50 μmol/kg, 118–148 μmol/kg lower than today. To illustrate changes in apparent oxygen uti-

lization (AOU, Table 2), carbon storage (Table 3), and in the inorganic carbon system (Table 4), we use the

midpoint in the BWO range (35 μmol/kg) for calculations in the sections that follow.

Figure 4. Concentrations of C37 alkenones in five eastern equatorial Pacific cores (locations in Figure 1 and Table 1) from

sites spanning a range of depths and bottom water oxygen concentrations. (a) A representative dissolved oxygen profile

from the eastern equatorial Pacific Ocean (2.5°S, 85.5°W, extracted from gridded data in theWorld Ocean Atlas 09, Garcia

et al., 2010, blue curve), with each core plotted at its collection depth next to themodern oxygen profile. (b) Concentrations

of C37 alkenones (data from Koutavas & Sachs, 2008) in sediments deposited over the past 30,000 years at the five loca-

tions (cores are identified in the legend). Alkenone concentrations reveal the same pattern as their preserved flux in three

cores for which
230

Th data are available (Figure 5), so the alkenone concentrations shown here are representative of

their accumulation rates. The red curve in (a) with lower deep water dissolved oxygen concentrations is a plausible

equatorial Pacific dissolved oxygen profile for the last glacial period constrained by preservation of organic compounds

(see text for details).
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4.1. Depth Distribution of Reduced Ice Age Oxygen

Evidence from a variety of indicators informs us that low‐DO conditions

existed throughout the deep Pacific Ocean below the thermocline during

the LGP (see section 1 and reviews by Galbraith & Jaccard, 2015; Jaccard

et al., 2014; Jaccard & Galbraith, 2012). Alkenone preservation in sedi-

ments from the EEP is consistent with this view. The five EEP cores used

in this study (Figure 1 and Table 1) were recovered from sites bathed by

nearly the full range of modern BWO (Figure 4a). These sites are in close

proximity to one another and thus share a common history of sea surface

temperature (Koutavas & Sachs, 2008), so we assume that the pattern of

climate‐related change in export production, such as might occur in

response to wind‐driven upwelling, and any change in the supply of litho-

genic phases that may also affect the concentration of biogenic constitu-

ents, would be coherent among these sites as well. This view is

supported by 230Th‐normalized alkenone fluxes, which map well onto

the alkenone concentration patterns for three of the five sites for which
230Th data are available (Figure 5). Consequently, any differences among

the sites in the pattern of alkenone concentration over time is attributed to

varying preservation rather than site‐to‐site differences in productivity

(Rodrigo‐Gámiz et al., 2016).

During the LGP, alkenone concentrations at the shallowest site (VM21‐

30) are indistinguishable from those at the deepest site (VM19‐30;

Figure 4b). Concentrations at these sites diverge during deglaciation

(~18–10 ka) and remain consistently greater at the shallow site through-

out the Holocene. Today, the shallowest site is located under a much

lower BWO level than is the deepest site (Figure 4a). Using Holocene sedi-

ments as a guide, we interpret the similar alkenone concentrations during

the LGP at these two sites to indicate greater alkenone preservation under

reduced BWO levels at the deepest site, consistent with our results from

the CEP. Greater DO concentrations at the thermocline depth of VM21‐

30 (Galbraith & Jaccard, 2015; Jaccard & Galbraith, 2012) may have also

led to lower alkenone preservation there during the LGP than today.

Each of the other records (Figure 4b) presents a pattern of alkenone con-

centration that is more similar to that of VM19‐30 (decreasing during

deglaciation) than to that of VM21‐30, indicating a general decrease in alkenone preservation through degla-

ciation. As for the CEP cores described above, the late‐Holocene increase in alkenone concentration reflects

incomplete early diagenesis of organic compounds (Prahl et al., 1989) rather than a decrease in BWO. Based

on the dissimilar patterns between the shallowest core (VM21‐30) and each of the other cores (Figure 4b), we

Table 2

Hydrographic Conditions Representative of ~4.2‐km Depth at the Equator and 140°W for the Modern Ocean and Estimated for the Last Glacial Period

Temperature Potential temperature O2 O2 solubility AOU

Period Salinity (°C) (°C) (μmol/kg) (μmol/kg)
a

(μmol/kg)
b

Modern
c

34.694 1.41 1.0616 168 351 183

LGP
d

35.734 −0.59 −0.9384 35
e

371 336

a
The solubility of dissolved oxygen at each salinity and potential temperature is calculated according to Garcia and Gordon (1992).

b
Apparent oxygen utiliza-

tion (AOU) is calculated as the difference between oxygen solubility (saturation) and in situ dissolved oxygen concentration.
c
Modern temperature, salinity

(bottle salinity), potential temperature, and dissolved oxygen concentration are taken from the U.S. Joint Global Ocean Flux Study (JGOFS) data base for cruise
TT012 Station 5 Cast 83 in 1992 (http://usjgofs.whoi.edu/jg/serv/jgofs/eqpac/tt012/bottle_merged.html1?sta eq 5/).

d
For the last glacial period (LGP) we apply

an average increase in ocean salinity of 3% corresponding to a drop in sea level of ~120 m (Fairbanks, 1989) and a decrease in deep Pacific temperature (and
potential temperature) of 2 °C (Elderfield et al., 2010).

e
The dissolved oxygen concentration during the LGP (35 μmol/kg) used to constrain AOU is the mid-

point of the range of BWO values (20–50 μmol/kg) that allow for greatly increased preservation of organic matter in marine sediments (see main text for
explanation).

Figure 5. Concentrations and
230

Th‐normalized fluxes of C37 alkenones in

three eastern equatorial Pacific Ocean cores. Concentrations are plotted at

ages corresponding to their original sample depths. Fluxes are calculated

by interpolating alkenone concentrations onto depths of the thorium sam-

ples. Alkenone data are from Koutavas and Sachs (2008).
230

Th data for

(c) VM19‐30, (b) RC11‐238, and (a) VM19‐27 are from Hayes et al. (2011),

Bradtmiller et al. (2010), and this work, respectively. Late Holocene (post

5 ka) increases in the flux and concentration of C37 alkenones reflect the

progressive loss of organic material during early sediment diagenesis (Prahl

et al., 1989) rather than a late Holocene decrease in BWO (increase in

alkenone preservation).
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infer that the boundary between water masses with greater DO concentrations during the LGP and those

with lower DO levels was situated between the depths of VM21‐30 and VM19‐27 (617 and 1,373 m, respec-

tively), consistent with the LGP oxygen distribution inferred using other proxies (Galbraith & Jaccard, 2015;

Jaccard et al., 2014; Jaccard & Galbraith, 2012). Greater water column density stratification above 1,000 m

(Bova et al., 2015) during the LGP likely influenced the evolving pattern of DO distribution (Sigman et al.,

2010), although other factors may have contributed as well.

Barium has not been measured at any of the EEP sites for which we present alkenone data (Figure 4b).

Among these five cores, opal fluxes and unsupported 231Pa/230Th ratios, also considered a paleoproductivity

proxy, have been reported for VM19‐30 and RC11‐238, both of which have slightly lower values during the

LGP than during the Holocene (Bradtmiller et al., 2006). This fits into the general pattern of lower produc-

tivity during the LGP in the EEP described by Costa et al. (2017). Declining concentrations and fluxes of alke-

nones during deglaciation for the four deeper EEP cores across an interval of generally increasing

productivity supports the interpretation of greater preservation of alkenones during the LGP for each of

cores except the shallowest (VM21‐30).

Assuming that DO levels throughout the equatorial Pacific were similarly affected during the LGP, we pre-

sent a plausible ice age DO profile (red curve in Figure 4a) for the equatorial Pacific Ocean. The LGP oxygen

profile is constructed with four constraints: (1) surface waters in equilibrium with the atmosphere were not

very different from modern conditions; (2) DO at the depth of VM21‐30 was greater during the LGP than

today (see above); (3) the crossover point where DO during the LGP was approximately the same as today

was situated between the depths of VM21‐30 and VM19‐37, with DO less than modern conditions at all

greater depths; and (4) the DO concentration was 35 μmol/kg at 4.2 km in the central equatorial Pacific

(see above). It is further assumed that the deep Pacific Ocean was ventilated from the Southern Ocean at

abyssal depths during the LGP (Elderfield et al., 2010; Hall et al., 2001), as it is today, so that BWO at

~4 km were slightly greater than at depths of ~3 km corresponding to the southward return flow, as is the

case in the modern ocean.

4.2. Implications for Carbon Storage

Respiratory CO2 is related to AOU, which is generally calculated assum-

ing that deep water forms at the sea surface with DO in thermodynamic

equilibrium with the atmosphere at the temperature (T) and salinity (S)

of the water mass. Beginning with T and S measured at the TT013 core

sites (Table 2), and allowing for LGP conditions of 3% greater S due to

freshwater storage in continental ice sheets and a 2 °C lower T

(Elderfield et al., 2010), together with the measured historical BWO

(168 μmol/kg, Table 2), we calculate an AOU of bottom water during

the LGP of 336 (range 321–351) μmol/kg, or 153 (range 138–168)

μmol/kg greater than today (Table 2). Using a respiratory quotient (moles

of O2 consumed per mole of CO2 produced) of 1.414 (L. A. Anderson,

1995), we conclude that the total respiratory CO2 in equatorial Pacific bot-

tom water during the LGP was 108 (range 98–119) μmol/kg greater

than today.

Table 3

Tie Points Illustrating the Backward Derivation of Deep Pacific Carbonate Chemistry During the LGP as Shown in Figure 6

Graph points Condition

CaCO3

(μmol/kg)

TCO2

(μmol/kg)

TALK

(μmol/kg)

[CO3
2−

]

(μmol/kg)

1 Modern 0°, 140°W, 4.2 km 2320 2425 79

2 Modern + ice volume 2385 2498 82.8

Mod+ice+DeltaRespCO2 2494 2498 39.3

3 Plus respiratory HNO3 2494 2481 34.4

4 CaCO3 dissolution 109 2603 2699 79.3

Note. See the main text for details. LGP = last glacial period.

Table 4

Salinity‐Normalized (SN) TCO2 and TALK for Modern and LGP Conditions

for Bottom Water Overlying Our Core Sites in the CEP (Equator, 140°W),

Together With the Absolute and Relative Change in Each

Period/Variable

SN TCO2 SN TALK

(μmol/kg) (μmol/kg)

Modern 2,340 2,446

LGP 2,550 2,644

Delta‐absolute 209 198

Delta‐% 8.9% 8.1%

Note. Normalization is to S = 35 on the Practical Salinity Scale of 1978.
TCO2 = total dissolved inorganic carbon; TALK = total alkalinity;
LGP = last glacial period; CEP = central equatorial Pacific Ocean; Delta
= difference between LGP and Modern.
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Extrapolating to the global ocean is tenuous with limited data, but to illus-

trate the potential scale of enhanced CO2 storage during the LGP, we note

that most of the deep Pacific (Figure 4a and Jaccard & Galbraith, 2012),

Atlantic (Hoogakker et al., 2015) and Southern Oceans (Francois et al.,

1997; Gottschalk, Skinner, et al., 2016; Jaccard et al., 2016) held substan-

tially more respiratory CO2 (i.e., had lower DO) during the LGP (see also

de la Fuente et al., 2017; Sarnthein et al., 2013; Skinner et al., 2015;

Skinner et al., 2017). Partially offsetting this enhanced deep‐sea CO2 sto-

rage, the surface ocean, in equilibrium with atmospheric CO2 at 180 to

200 ppm, would have held less dissolved carbon than today. However,

as noted above, this condition was likely restricted to the upper kilometer

of the water column, above the level of enhanced stratification. Thus, for

illustration we assume that half the ocean volume during the LGP held

108 μmol/kg more respiratory CO2 relative to modern conditions, as we

derive for the deep Pacific Ocean. In this case, the global ocean inventory

of respiratory CO2 during the LGP would have been ~850 Pg C greater

than today, sufficient to accommodate 200 Pg C removed from the atmo-

sphere and the carbon lost from the terrestrial biosphere (330–694 Pg C;

Peterson et al., 2014). The uncertainty in this estimate is quite large (see

section 4.6), but our finding is consistent with other estimates reached

by a variety of independent approaches (Jaccard et al., 2009; Sarnthein

et al., 2013; Schmittner & Somes, 2016; Skinner et al., 2015).

4.3. Ice Age Inorganic Carbon System of the Deep Pacific Ocean

Building on our estimate of respiratory CO2 in the deep Pacific Ocean dur-

ing the LGP, and noting that the dissolved carbonate ion concentration,

[CO3
2−], in deep Indo‐Pacific water was not significantly different from

its modern value, as determined using two independent approaches

(D. M. Anderson & Archer, 2002; Yu et al., 2013), we derive the complete CO2 system for deep Pacific water

during the LGP (Figure 6 and Table 3). Given the much greater concentration of respiratory CO2 during the

LGP, described above, the existence of [CO3
2−] similar to modern values implies dissolution of a substantial

amount of CaCO3 to raise the total alkalinity (TALK) of seawater, as expected from the principles of carbo-

nate compensation (Boyle, 1988; Broecker & Peng, 1987) and as has been inferred independently from stu-

dies of the CaCO3 content of equatorial Pacific sediments (e.g., R. F. Anderson et al., 2008; Broecker &

Sanyal, 1997).

Derivation of LGP carbonate system parameters was carried out in a sequence of steps beginning with mod-

ern conditions. Point 1 (modern deep water, Table 3 and Figure 6) represents modern conditions, using T

and S from Table 2 together with average TCO2 (total dissolved inorganic carbon) and TALK extracted from

the GLODAP data base (http://cdiac.ornl.gov/oceans/glodap/) between 5°N and 4°S, 135°W and 140°W, 4.2

and 4.5 km, using Ocean Data View (http://odv.awi.de/). Carbonate ion concentration was calculated using

CO2SYS v2.1 (http://cdiac.ornl.gov/oceans/co2rprt.html) using K1 and K2 from Mehrbach et al. (1973), as

refit by Dickson and Millero (1987), the seawater pH scale (mol/kg‐SW), KHSO4 from Dickson (1990),

and total boron from Uppstrom (1974). All carbonate ion contours in Figure 6 were calculated assuming

LGP temperature and salinity values from Table 2 and a pressure of 4,170 dbar (modern water depth minus

120 m of sea level drop). The influence of glacial‐interglacial temperature, salinity, and pressure changes on

calculated carbonate ion are minimal, with a combined average effect of 1 μmol/kg and a maximum effect of

2 μmol/kg. Therefore, it is reasonable to plot modern and LGP estimates on the same contours.

Point 2 corrects for the 3% lower ocean volume at the peak of the last ice age, assuming that nonrespiratory

(preformed) CO2 and TALK both increase by 3%. Nonrespiratory CO2 is calculated as TCO2 − AOU/RQ,

where RQ is the respiratory quotient (assumed here to be 1.414; L. A. Anderson, 1995). Temperature and

salinity for the LGP (Table 2) were used for these calculations. The slope (unitless) of the vector from

Point 1 to Point 2 is 0.890.

Figure 6. Backward trajectory of central equatorial Pacific bottom water

carbonate chemistry from modern measured values to values inferred for

bottom water during the last glacial period (Table 3). The principal changes

reflect the 3% reduction in ocean volume during the LGP when freshwater

was locked up in continental ice sheets (ice volume), the greater concen-

tration of respiratory CO2 in bottom water during the LGP (respired organic

matter, this work), and the requirement that substantial dissolution of

CaCO3 allowed the dissolved carbonate ion concentration during the LGP at

these locations to have been not detectably different from modern values

(D. M. Anderson & Archer, 2002; Yu et al., 2013). Carbonate ion contours

(colored lines) were calculated using LGP temperature and salinity

(Table 2). LGP = last glacial period.
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The impact on the CO2 system of increasing AOU from 183 to 336 μmol/kg (Table 2) is evaluated in two

steps. First, the total respiratory CO2 (AOU/RQ) for the LGP is added to the ocean‐volume‐corrected nonre-

spiratory CO2, calculated as described in the paragraph immediately above. Then an additional adjustment

is made to the ocean‐volume‐corrected TALK for the loss of alkalinity by addition of HNO3 from respiration,

assuming complete oxidation of organic N delivered to the deep sea with an organic C/N molar ratio of

106/16 (Redfield, 1958). This leads to Point 3 where the slope of the vector from Point 2 to Point 3 is −6.41.

Lastly, Point 4 (LGP conditions following CaCO3 dissolution) is reached by adding TALK and TCO2 in a 2:1

ratio to represent CaCO3 dissolution until sufficient CaCO3 has dissolved to raise the carbonate ion concen-

tration back to the initial value, consistent with reconstructions for the LGP (D. M. Anderson & Archer,

2002; Yu et al., 2013). The slope of the vector from Point 3 to Point 4 is 0.5.

Dissolution of CaCO3 raised the ocean's alkalinity (8.1% increase in salinity‐normalized [SN] TALK, Table 4),

thereby contributing to the ice age drawdown of atmospheric CO2 (Archer et al., 2000; Archer & Maier‐

Reimer, 1994; Sigman & Boyle, 2000). The additional CO2 drawdown attributable to this carbonate compen-

sation effect has been calculated to fall in the range of 15–30% depending on ocean circulation and other

boundary conditions (Hain et al., 2010; Kobayashi & Oka, 2018; Omta et al., 2018). Furthermore, the greater

SN TALK during the LGP should be taken into account when past changes in the partial pressure of CO2 and

other carbon system parameters are calculated by combining information from boron isotope proxies for pH

with an assumed value of SN TALK (e.g., Honisch et al., 2009; Martinez‐Boti et al., 2015; Palmer & Pearson,

2003; Rae et al., 2018).

These findings will be refined as additional estimates for BWO and carbonate ion concentration become

available. Until then, our findings provide useful targets for modeling of the ocean carbon system during

the last ice age.

4.4. Implications for Reconstructing Paleoproductivity

Beyond providing a foundation for more sophisticated models of the ice age global carbon budget, our find-

ings help resolve long‐standing questions in paleoceanography. For example, recognizing the enhanced pre-

servation of organic carbon under low BWO of the ice age equatorial Pacific Ocean reconciles the

inconsistency between estimates of paleoproductivity based on benthic foraminifera assemblages and inor-

ganic proxies, which are interpreted to indicate similar or lower levels of productivity during the LGP, and

those based on organic carbon accumulation, which have been interpreted to indicate greater ice age pro-

ductivity (e.g., Costa et al., 2017; Loubere, 1999; Lyle, 1988; Lyle et al., 1988; Pedersen, 1983; Sarnthein

et al., 1988; Winckler et al., 2016).

Our findings also offer a new interpretation of combustion oxygen demand (COD), a yet overlooked techni-

que to measure the total amount of organic carbon and reduced inorganic compounds in marine sediments

(Perks et al., 2002; Perks & Keeling, 1998). Whereas COD was originally interpreted as an indicator of paleo-

productivity (Perks & Keeling, 1998), the greater measured COD in western Pacific sediments (RNDB 74P,

Figure 1) than in the east (ODP 849), during both glacial and interglacial periods, was noted to be at odds

with themodern pattern of productivity, which is greater in the east (Perks et al., 2002). Perks and coworkers

(Perks et al., 2002; Perks & Keeling, 1998) also found the temporal pattern of COD variability to be in phase

at the two sites (higher during glacial periods), which is unexpected because productivity in the eastern and

western equatorial Pacific regions has varied historically in an opposing sense, reflecting changes in the tilt

of the thermocline (nutricline) that influences the local delivery of nutrients to the euphotic zone.

These findings make sense, however, recognizing that core RNDB 74P was collected from a shallower depth

(2,547 m, Table 1), within the low‐oxygen return flow of Pacific deep water, whereas the deeper eastern loca-

tion of ODP 849 (3,851 m) lies within more recently ventilated bottom water bearing a greater DO content.

We interpret these results to suggest that COD ismore sensitive to BWO than to biological productivity. With

further testing and calibration, COD combined with inorganic proxies of carbon supply, such as opal and

xsBa (Figure 3), may offer a rapid means to map the deep‐sea DO distribution under past climate regimes.

4.5. Internal Consistency Among Independent Approaches

Our conclusions concerning oxygen levels in the deep Pacific Ocean during the LGP were derived by apply-

ing an empirical relationship between the preservation of OM in Arabian Sea sediments and the
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concentration of oxygen in the overlying bottom water (section 2.6). Although the oxygen concentrations

over which preservation increased most rapidly consistently fell in the range 20–50 μmol O2/kg under a vari-

ety of sedimentary conditions, there remains some uncertainty about extrapolating this relationship to deep

equatorial Pacific sediments. It is noteworthy, therefore, that during the time this paper was in revision,

Hoogakker et al. (2018) published results from the EEP that are consistent with our findings. Using the car-

bon isotopic composition of paired benthic foraminifera (epibenthic and infaunal; Hoogakker et al., 2015),

Hoogakker et al. (2018) reported bottom water oxygen levels at the site of TR163‐25 (1.65°S, 88.45°W,

2.65 km) as low as 30–50 μmol/kg during the LGP, within the range of BWO that we infer by applying the

relationship between BWO and organic carbon preservation derived from studies in the Arabian Sea.

While each approach involves inherent assumptions and uncertainties, the internal consistency obtained

using these two very different approaches lends confidence to the shared conclusion that oxygen concentra-

tions in the deep equatorial Pacific Ocean likely fell below 50 μmol/kg during the LGP.

4.6. Outlook for Future Developments

Although low LGP oxygen levels in the deep Pacific are supported by independent approaches, the implica-

tions for CO2 storage depend on additional factors such as the composition of the OM respired in the deep

sea and the initial concentration of DO at the time the water mass was formed. Each of these topics is

addressed briefly here.

In calculating the additional CO2 sequestered in the deep ocean during the LGP we used the respiratory quo-

tient reported by L. A. Anderson (1995). The actual value of the RQ will vary with the composition of the

OM; for example, it is much larger for lipids (RQ ~ 1.5) than for carbohydrates (RQ ~ 1.0) or proteins (inter-

mediate values, reviewed in Chapter 6 of Sarmiento & Gruber, 2006). Recent studies have also pointed out

that the elemental composition of OM varies with time and with location in the ocean (e.g., DeVries &

Deutsch, 2014; Martiny, Pham, et al., 2013; Martiny, Vrugt, et al., 2013; Talarmin et al., 2016). We recognize

the need for future modeling studies (e.g., DeVries, 2018; Tanioka & Matsumoto, 2017) to explore the sensi-

tivity of CO2 sequestration to BWO under conditions of varying OM composition.

Another concern is that bottom water formed around Antarctica may leave the sea surface with an oxygen

concentration that is not entirely in equilibrium with the atmosphere. If that were the case, then it would

introduce error into the calculation of AOU and, thus, in the estimated level of respiratory CO2. Two key

points need to be considered in this context. First, the level of oxygen undersaturation in newly formed bot-

tom waters has been overestimated in some cases. This is because various authors have taken average O2

concentration in surface waters as representative of the bottom water formed around Antarctica (e.g.,

Duteil et al., 2013; Ito et al., 2004). For example, Duteil et al. (2013) cite Gordon and Huber (1990) for low

O2 concentrations in surface waters of the Weddell Sea to estimate an O2 saturation of 86% in newly formed

bottom water. However, as Gordon and Huber (1990) pointed out, extrapolating O2 concentration in surface

water back in time to the first formation of sea ice gives an O2 saturation level of 96%, much greater than the

86% assumed by Duteil et al. (2013). Furthermore, Gordon et al. (2001) showed that O2 concentrations are

much greater along the western margin of the Weddell Sea, where bottom water forms, than in the interior

of the Weddell Sea, where doming of isopycnals associated with upwelling of oxygen‐deficient Modified

Circumpolar Deep Water prevents complete equilibration with the atmosphere, generating the low O2

saturation values reported by Gordon and Huber (1990) and used by Duteil et al. (2013). Future studies that

rely on oxygen saturation in newly formed bottom waters should be careful to use values that are represen-

tative of surface waters in coastal regions where buoyancy loss leads to bottom water formation.

Second, to the extent that surface waters that form the precursor to Antarctic Bottom Water are undersatu-

rated in O2 with respect to equilibrium with the atmosphere, the implications for respiration rates in the

deep sea inferred from AOU are opposite those for CO2 storage. This distinction is not necessarily intuitive

so it is worthy of mention. Duteil et al. (2013) noted that respiration in the deep sea calculated using AOU

may be overestimated by as much as 25%, depending on the preformed O2 concentration assumed. While

this is true, it does not mean that the amount of respiratory CO2 stored in the deep sea is overestimated

by an equivalent amount. To the contrary, exactly the opposite situation arises. Because O2 equilibrates with

the atmosphere more than an order of magnitude more rapidly than does CO2 (Broecker & Peng, 1974), the

degree of disequilibrium for CO2 in newly formed bottom water will always be greater than for O2. Ito and
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Follows (2013) modeled this phenomenon, and for the conditions assumed in their model, they concluded

that air‐sea gas disequilibrium at the time of bottomwater formation amplifies the storage of CO2 in the deep

sea via the biological pump by as much as 70% above that inferred from AOU. We suspect that the O2 dis-

equilibrium assumed by Ito and Follows (2013) may be overestimated, for the reasons outlined above.

Nevertheless, the principle is sound. Therefore, if bottom water were formed during the LGP with an initial

O2 concentration well below that assumed based on saturation with the atmosphere at the salinity and

potential temperature of the water, then the CO2 storage would have been greater than inferred from multi-

plying AOU by the RQ as we did in forming our estimate of CO2 storage during the LGP.

Lastly, our estimate of the additional storage of CO2 in the deep sea during the LGP (up to 850 Pg C) encom-

passes the CO2 removed from the atmosphere and most of the wide range of estimates for carbon lost from

the terrestrial biosphere (Peterson et al., 2014; Peterson & Lisiecki, 2018). Oxidation of terrestrial OM on land

would have released this CO2 directly into the atmosphere. Under conditions of lower atmospheric pCO2

during the LGP, the ocean's “solubility pump” (Sarmiento & Gruber, 2006) would not have contributed sig-

nificantly to the transfer of this terrestrial CO2 to the deep sea. Rather, deep‐sea sequestration of this terres-

trial CO2must have been achieved by increased strength or efficiency of the biological pump, consistent with

our rough estimate of global lowering of the inventory of DO in the deep ocean during the LGP. Efforts to

map the areas of low BWO during the LGP (Jaccard et al., 2014; Jaccard & Galbraith, 2012), combined with

efforts to calibrate existing and new sedimentary proxies for oxygen, as well as efforts to model the sensitivity

of CO2 storage to varying oxygen levels, including the factors described above, will all improve the quanti-

fication of ocean CO2 storage during the LGP and our knowledge of the processes regulating it.

5. Summary

Reduced oxygenation of deep water in the Pacific Ocean during the LGP is a robust finding. Multiple inde-

pendent indicators point to lower oxygen in the deep Pacific Ocean. Preservation of phytoplankton lipid bio-

markers in equatorial Pacific sediments at a depth of ~4.2 km was approximately an order of magnitude

greater during the LGP compared to postglacial conditions. We interpret the greater preservation of algal

lipids to indicate that LGP bottom water oxygen levels were within the range 20–50 μmol/kg, between 118

and 148 μmol/kg less than today, and that DO levels belowmodern values occurred at all depths below about

1,000 m. Extrapolating globally, with large uncertainty due to the paucity of data, we estimate that global

ocean storage of carbon during the LGP exceeded modern levels by as much as 850 Pg C and that salinity‐

normalized alkalinity exceeded modern values by about 8%. Reorganization of ocean and atmospheric circu-

lation during the termination of the last ice age released this carbon to the atmosphere, accounting for the

deglacial rise in atmospheric CO2 (R. F. Anderson et al., 2009; Denton et al., 2010; Rae et al., 2018). Given

that essential information about the ocean carbon cycle and its sensitivity to climate change can be extracted

using reconstructed oxygen levels, it would be worthwhile for the paleoceanographic community to organize

an effort to develop more objective and quantitative proxies for paleo‐oxygen (Boyle, 1990). Given the sen-

sitivity of each proxy to multiple factors, a multiproxy approach is likely to be needed.
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