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[1] We review and synthesize the geologic record that
constrains the sources of sea level rise and freshwater dis-
charge to the global oceans associated with retreat of ice
sheets during the last deglaciation. The Last Glacial Maxi-
mum (�26–19 ka) was terminated by a rapid 5–10 m sea
level rise at 19.0–19.5 ka, sourced largely from Northern
Hemisphere ice sheet retreat in response to high northern lat-
itude insolation forcing. Sea level rise of 8–20 m from�19 to
14.5 ka can be attributed to continued retreat of the Lauren-
tide and Eurasian Ice Sheets, with an additional freshwater
forcing of uncertain amount delivered by Heinrich event 1.
The source of the abrupt acceleration in sea level rise at
�14.6 ka (meltwater pulse 1A, �14–15 m) includes contri-
butions of 6.5–10 m from Northern Hemisphere ice sheets,

of which 2–7 m represents an excess contribution above that
derived from ongoing ice sheet retreat. Widespread retreat of
Antarctic ice sheets began at 14.0–15.0 ka, which, together
with geophysical modeling of far-field sea level records, sug-
gests an Antarctic contribution to this meltwater pulse as
well. The cause of the subsequent Younger Dryas cold event
can be attributed to eastward freshwater runoff from the Lake
Agassiz basin to the St. Lawrence estuary that agrees with
existing Lake Agassiz outlet radiocarbon dates. Much of the
early Holocene sea level rise can be explained by Laurentide
and Scandinavian Ice Sheet retreat, with collapse of Lauren-
tide ice over Hudson Bay and drainage of Lake Agassiz basin
runoff at �8.4–8.2 ka to the Labrador Sea causing the 8.2 ka
event.

Citation: Carlson, A. E., and P. U. Clark (2012), Ice sheet sources of sea level rise and freshwater discharge during the last
deglaciation, Rev. Geophys., 50, RG4007, doi:10.1029/2011RG000371.

1. INTRODUCTION

[2] Ever since the landmark study of Fairbanks [1989] on
the last deglacial relative sea level (RSL) history from Bar-
bados, paleoclimatologists have debated the timing, rates,
and ice sheet sources of sea level rise (Figure 1). In partic-
ular, Fairbanks [1989] identified two intervals during the
last deglaciation where sea level rise accelerated, which he
termed meltwater pulses (MWPs) 1A and 1B, that occurred
at �14.6 and 11.3 ka, respectively [Bard et al., 1990]. What
became readily apparent, however, was that these two
intervals of more rapid ice sheet melting did not correspond

with periods of reduced Atlantic meridional overturning
circulation (AMOC) and a colder climate in the North
Atlantic region such as the Younger Dryas cold period from
�12.9 to 11.7 ka [Boyle and Keigwin, 1987; Broecker,
1990; McManus et al., 2004], which, if these events origi-
nated from Northern Hemisphere ice sheets, questioned the
commonly held hypothesis that increased meltwater dis-
charge to the North Atlantic reduced the AMOC [Birchfield
and Broecker, 1990; Manabe and Stouffer, 1995; Stocker
and Wright, 1991]. Alternatively, retreat of the Antarctic
Ice Sheet (AIS) may have contributed a significant compo-
nent of one or more of these MWPs [Clark et al., 1996;
Peltier, 1994], or the relationship between meltwater dis-
charge and AMOCmay not be as sensitive as climate models
suggest [Stanford et al., 2006; Tarasov and Peltier, 2005].
[3] A different mechanism that could explain reductions

in AMOC and North Atlantic cold events involves the
location of continental runoff discharge relative to regions
of deep water formation. In another landmark study building
on previous considerations [Johnson and McClure, 1976;
Rooth, 1982], Broecker et al. [1989] suggested that routing
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of North American runoff from the Mississippi River to the
St. Lawrence River (Figure 1) from retreat of the southern
Laurentide Ice Sheet (LIS) north of the Great Lakes reduced
AMOC and caused the Younger Dryas cold event. Such
routing events do not necessarily cause changes in sea level
and may have caused other deglacial AMOC reductions
[Clark et al., 2001; Obbink et al., 2010; Thornalley et al.,
2010]. This routing hypothesis with respect to the Youn-
ger Dryas (and other cold events as well) has been ques-
tioned based on interpretations of St. Lawrence salinity
proxies [de Vernal et al., 1996; Keigwin and Jones, 1995],
the southern LIS margin chronology [Fisher et al., 2009;
Lowell et al., 2009], and ice sheet model simulations
[Tarasov and Peltier, 2005], posing a fundamental problem
of what caused deglacial AMOC reductions if not MWPs or
routing events [Broecker, 2006; Steig, 2006].

[4] In the 23 years since the Fairbanks [1989] and
Broecker et al. [1989] studies, a large amount of new data
have become available that better constrain the timing and
magnitude of sea level rise as well as ice sheet margin and
runoff histories. Similarly, significant advances in climate
and ice sheet modeling allow for further testing of hypoth-
eses on the relationship between MWPs, runoff routing,
AMOC strength, and abrupt climate change. Here we review
the RSL records for the last deglaciation and the geologic
data constraining potential ice sheet sources of sea level rise,
focusing on periods of rapid sea level rise at �19 ka and
during MWP-1A, MWP-1B, and the early Holocene. We
also examine the history of meltwater discharge and fresh-
water routing for Northern Hemisphere and Antarctic ice
sheets and their relationship to periods of abrupt climate
change such as the Oldest and Younger Dryas cold events,
the Bølling and Allerød warm periods, and the 8.2 ka event.
[5] The term “eustatic” sea level has conventionally been

used to refer to a uniform global sea level change either due
to changes in the volume of water in the world oceans or net
changes in the volume of the ocean basins. Because these are
two separate controls on sea level (albeit a change in the
volume of water affects the volume of the ocean basin
through isostasy), however, referring to sea level change
without distinguishing between the controls is ambiguous.
Moreover, several factors cause regional sea level to differ
from the global mean on a range of time scales [Milne et al.,
2009], so the concept of a uniform rise of sea level is invalid.
In the Birch Lecture titled “Eulogy for eustasy” presented at
the 2009 AGU meeting, Jerry Mitrovica recommended that
the term “eustatic” no longer be used. We follow this rec-
ommendation, and we use instead the term global mean sea
level (GMSL) to refer to spatially averaged sea level that
reflects the combined signals of (largely) mass and basin
volume. To specifically identify the ice sheet volume con-
tribution to GMSL, we refer to ice-equivalent sea level
[Yokoyama et al., 2000].
[6] Of the various factors that contribute to regional sea

level variability on glacial-interglacial time scales, the glacial
isostatic adjustment (GIA) process had the largest influence
and caused sea level at nearly any location in the world’s
oceans to differ from the global mean during the last deglaci-
ation [Clark et al., 1978; Lambeck and Chappell, 2001;Milne
and Mitrovica, 2008] (Figure 2). RSL records thus cannot be
compared directly to each other without accounting for GIA
effects. We further illustrate this by comparing RSL at far-
field sites to ice-equivalent sea level derived from a model
(Figure 3a) [Bassett et al., 2005], which shows that RSL at
any particular site differs relative to each other as well as to
the global mean, particularly in the earlier half of the dela-
ciation. We then adjust the RSL data for GIA (Figure 3c)
using a model prediction of RSL for each site (Figure 3b)
[Bassett et al., 2005], which now shows good agreement
between the adjusted sea level data and ice-equivalent sea
level.
[7] This review discusses the major intervals or episodes

of sea level rise and freshwater discharge through the last
deglaciation, with a broad summary of geological data

Figure 1. Ice sheet extent at the LGM [Clark and Mix,
2002; Denton et al., 2010] with ice sheets discussed in text
labeled by their first initial. Ice also covers Greenland and
British Isles, but these are not labeled nor discussed as they
only contributed a small fraction of the sea level change
across the last deglaciation [Clark and Mix, 2002]. Also
shown are the LIS runoff outlets (arrows), portions of the
LIS discussed (numbered as follows: 1, James and Des
Moines lobes; 2, Green Bay, Lake Michigan, and Lake
Huron lobes; 3, New England; and 4, Canadian Arctic Archi-
pelago), and locations of relative sea level records (numbered
as follows: 5, Barbados; 6, Bonaparte Gulf; 7, Sunda Shelf;
8, New Guinea; 9, Tahiti; and 10, Ireland Coast).
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related to these episodes, an assessment of various hypoth-
eses derived from that data, and a suggestion for where
future progress might be made. We progress sequentially
through the deglaciation starting with the end of the Last
Glacial Maximum (LGM) and ending in the Holocene (refer
to Figure 3c). Section 2 discusses RSL records that provide
evidence for the first sea level rise from the LGM lowstand
at 19–19.5 ka. Section 3 discusses the interval from 19 to
14.6 ka when sea level appears to have risen gradually but
during which a major episode of ice discharge from the LIS
occurred, referred to as Heinrich event 1. Section 4 sum-
marizes the evidence for an episode of rapid sea level rise
referred to as MWP-1A, while sections 5–7 evaluate the
various lines of evidence that provide constraints on the
sources of and their contributions to this event. Section 8
discusses another interval of relatively gradual sea level
rise from �14–12.7 ka as well as episodes of freshwater
routing to the ocean from North America. Section 9 focuses
on the various hypotheses that have been proposed for the

Younger Dryas cold interval, most of which involve an
increase in freshwater flux either from routing or a flood.
Section 10 reviews the sea level rise during the Holocene as
well as episodes on increased freshwater flux from routing
or lake drainage, notably associated with the 8.2 ka cold
event. Section 11 provides a general summary as well as
recommendations for future research. We also include a
glossary of terms at the end of the manuscript.

2. ONSET OF SEA LEVEL RISE AT 19.0–19.5 KA

[8] Several sites have reported evidence for an abrupt rise
of sea level at �19–19.5 ka that terminated the LGM

Figure 2. Predicted total RSL change minus the model
eustatic (i.e., ice volume equivalent) component for a time
window extending from either (a) 21 ka or (b) 6 ka to the
present day. The zero contour marks where the total RSL
is equal to the model eustatic value, with red and blue colors
indicating sea levels that are above and below the eustatic
value, respectively. The darkest red and blue colors indicate
regions where the departure from eustatic sea level is greater
than 15 m (Figure 2a) and 5 m (Figure 2b) (these colors are
not shown on the color bar). Locations of sites referred to in
this paper are shown (Tahiti (Ta), Barbados (Ba), Sunda
Shelf (Su), Bonaparte Gulf (Bo), and Huon Peninsula
(Hu)). From Milne and Mitrovica [2008], copyright 2008,
with permission from Elsevier.

Figure 3. (a) Relative sea level data from 21.5 ka to 8 ka
from Bonaparte Gulf (cyan crosses) [Yokoyama et al.,
2000], Barbados (gray circles) [Peltier and Fairbanks,
2006], Tahiti (brick red diamonds) [Bard et al., 1996,
2010; Deschamps et al., 2012], New Guinea (pink triangles)
[Edwards et al., 1993; Cutler et al., 2003], and Sunda Shelf
(purple crosses) [Hanebuth et al., 2000, 2009]. Green line is
ice-equivalent sea level history from Bassett et al. [2005].
(b) Predicted RSL histories for Barbados (blue line), New
Guinea (magenta line), Sunda south (orange line), Sunda
north (purple line), Bonaparte (cyan line), and Tahiti (red
line) as compared to ice-equivalent sea level history (green
line). Reprinted with permission from Bassett et al. [2005],
copyright 2005, American Association for the Advancement
of Science, http://www.sciencemag.org. (c) RSL data from
far-field sites listed in Figure 3a after they have been
adjusted for the ice-equivalent sea level history (green line).
The numbers refer to the sections in this paper that corre-
spond with the intervals shown by vertical gray bars.
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lowstand. The onset of the deglacial sea level rise at this time
is consistent with the chronological constraints for onset of
deglaciation of most Northern Hemisphere ice sheets [Clark
et al., 2009] as well as sectors of the Antarctic ice sheets
[Heroy and Anderson, 2007; Smith et al., 2010;Weber et al.,
2011] between 19 and 20 ka. Based on more recently dated
corals from Barbados, however, Peltier and Fairbanks
[2006] disputed the existence of this rapid rise in sea level.
Here we review the sites where the event has been described

and assess those data that appear to be in conflict with the
event.

2.1. Barbados

[9] Fairbanks [1989] and Bard et al. [1990] reported the
first dates on corals from a Barbados core (core 9) drilled
into a submerged coral reef that suggested there may be a
rapid rise in sea level at�19 ka (Figure 4a). The dated corals
are the reef crest species Acropora palmata, which are
generally considered to live within 5–6 m of the water sur-
face, although they have been reported as living to depths of
17 m [Bard et al., 2010]. A simplistic interpretation of the
three samples of A. palmata from core 9 dated by U-Th is
that they indicate a rise of �5 m within �100 years followed
by another �3 m in �600 years. Because there were no
older samples of A. palmata available from the Barbados
cores (Figure 4a), however, the possible full amplitude of
sea level rise at this time remained unconstrained, as did the
possibility that sea level began to rise at an earlier time.
Moreover, given that the depth range of this species (5–6 m)
is within the amount of rise suggested by the vertical offset
between samples defining the initial rise, it is possible that
the actual sea level rise may have been less. On the other
hand, these species also have the potential to live at water
depths greater than 5 m, particularly during periods of sea
level rise [Neumann and Macintyre, 1985], indicating that
the actual sea level rise may have been greater.
[10] Additional dating of A. palmata samples from core 9

[Fairbanks et al., 2005; Peltier and Fairbanks, 2006] rep-
licated the three previous ages as well as supported the
suggestion that sea level rise was initially rapid and subse-
quently decelerated (Figure 4b). Nevertheless, the question
of how much sea level rose prior to 19 ka remained unre-
solved by these new dates. More importantly, however,
Peltier and Fairbanks [2006] also reported ages on A. pal-
mata from core 15 which suggested that sea level was�10 m
higher than suggested by the one sample (RGF 9-27-5)
constraining the start of the rise in core 9 (Figure 4b), leading
Peltier and Fairbanks [2006, p. 3326] “to rule out the
occurrence of any such sharp change of eustatic sea level
back to the conventionally assumed LGM age of 21 ka.”
[11] One possible explanation for this discrepancy in the

sea level history between 20 and 18 ka is that the Barbados
cores in question (cores 9 and 15) have experienced different
uplift histories. Because Barbados is located on an accre-
tionary prism at a convergent plate margin, it is subject to
significant but variable flexure as well as faulting [Taylor and
Mann, 1991], resulting in different amounts of uplift around
the island. Bard et al. [2010] proposed that this tectonic set-
ting may partly explain the amplitude of a younger episode of
rapid sea level rise first recognized at Barbados and referred
to as MWP-1B [Fairbanks, 1989] (see section 10.1.1).
In particular, Bard et al. [2010] found that there was little or
no expression of this event in their new more-complete sea
level record from Tahiti, whereas the Barbados record sug-
gested an amplitude of as much as 15 m. The event at Bar-
bados is defined by a core gap, however, with the beginning
of the event inferred from the youngest age in core 12 and the

Figure 4. Relative sea level (RSL) data from Barbados con-
straining the 19 ka sea level event. (a) U/Th ages on the coral
A. palamata from core 9 as published by Bard et al. [1990].
(b) U/Th ages on the coral A. palamata from core 9 published
by Fairbanks et al. [2005] (dark blue symbols), which
include replicates of those published by Bard et al. [1990]
(light blue) as well as new ages from cores 13 and 15.
(c) As in Figure 4b but now including the effects of a greater
uplift rate (�0.8 m kyr�1) applied to cores 13 and 15 (open
symbols) as compared to the standard uplift rate that is con-
ventionally applied (�0.34 m kyr�1) (see text). (d) U/Th ages
on the coralM. annularis reported by Fairbanks et al. [2005]
from cores 9 and 15. (e) As in Figure 4d but now including
the effects of a greater uplift rate (�0.8 m kyr�1) applied to
core 15 (open symbols) as compared to the standard uplift
rate that is conventionally applied (�0.34 m kyr�1) (see text).
(f) Summary of Barbados U/Th ages on the coral A. palmata
from core 9 with an uplift rate of�0.34 m kyr�1 and cores 13
and 15 with a higher uplift rate of �0.8 m kyr�1. Age uncer-
tainty is shown for all samples; where not visible, the uncer-
tainty is less than the symbol size.
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end of the event inferred from the oldest age in the shallower
core 7. Because cores 7 and 12 were drilled on opposite sides
of a possible offshore extension of a tectonic structure
mapped on the island (Figures 5a and 5c), Bard et al. [2010]
suggested that core 7 on the south side of the structure may
have experienced a higher uplift rate than core 12 on the north
side. Accounting for these different rates would reduce the
amplitude of MWP-1B at Barbados so as to be more con-
sistent with the Tahiti data.
[12] Such a scenario of differing uplift rates relative to the

presumed offshore tectonic structure could also explain the
otherwise apparent discrepancy in sea level at �19 ka sug-
gested from Barbados cores 9 and 15. Like the two cores used
to infer MWP-1B, cores 9 and 15 are found on different sides
of the possible seaward extension of the tectonic structure
(Figure 5a). Similarly, a greater uplift rate applied to the
south side of the presumed structure would not only reduce
the amplitude of MWP-1B so as to be more consistent with
the Tahiti data [Bard et al., 2010] but would also result in the
dated corals from core 15 drilled on the south side of the fault
to be at a similar paleo–sea level as suggested by those in
core 9, which was drilled to the north of the fault (Figures 4c
and 5c). Further support for differential uplift of these two
cores is suggested by comparing U-Th ages on the coral
species Montastrea annularis. Although this species has a
greater depth range (�20 m) than A. palmata, there is still a
distinct change in sample depth between the youngest sample
in core 9 dated at 22.16 � 0.12 ka and the oldest sample in
core 15 dated at 20.63 � 0.06 ka (Figure 4d), which largely
disappears when adopting the higher uplift rate for core 15
(Figure 4e).
[13] We note that one sample from core 13 collected from

the south side of the presumed tectonic structure (Figure 5a)
becomes anomalously deep when a higher uplift rate is applied
to it (Figure 4c). Given the consistency of all other Barbados
samples when applying this higher rate, we consider this one
sample to simply have lived at a water depth greater than 5 m.
[14] In summary, application of a larger long-term uplift

rate to Barbados cores on the south side of a presumed off-
shore extension of a known onshore tectonic structure would
not only make the Barbados sea level history be more con-
sistent with the Tahiti sea level record in constraining the
amplitude of MWP-1B [Bard et al., 2010] but also make for
a more consistent sea level history for the older part of the
record (23–18 ka) derived from the Barbados cores them-
selves. In particular, these data suggest that sea level rose 5–
10 m sometime between 19.5 and 18.8 ka (Figure 4f).

2.2. Bonaparte Gulf

[15] Yokoyama et al. [2000, 2001] reconstructed sea level
based on microfaunal assemblages in 10 sediment cores
collected from the Bonaparte Gulf on the continental shelf
adjacent to northwestern Australia. Unlike the Barbados
region, the Australian continental shelf is tectonically stable
as well as far removed from the direct loading effects of the
Northern Hemisphere ice sheets. Yokoyama et al. [2000,
2001] used faunal assemblages and sediment facies to dis-
tinguish four water conditions (with estimated water depths):

open marine (�20 m), shallow marine (�10 m), marginal
marine (<5 m), and brackish conditions (mean sea level
�3 m). From these associations, they argued that the LGM
lowstand, marked by marginal marine and brackish water
facies in the deeper water cores GC4 and GC5, was termi-
nated by a rapid sea level rise of 10–15 m at �19 ka, marked
by marginal marine facies in the shallower water cores GC6,
GC7, GC10, and GC11 (Figures 6a and 6b). In this regard,
the sea level rise at �19 ka suggested from Barbados corals
is likely the same event as identified at Bonaparte, with the
Bonaparte data first demonstrating that this event marked the
termination of the LGM lowstand.
[16] Shennan and Milne [2003] raised several issues with

the Bonaparte sea level reconstruction. First, they noted that
there must be hiatuses in the sediment cores, which would
complicate a presumed continuous sequence of changing sea
level inferred from vertical facies changes. As explained by
Yokoyama et al. [2003], however, this issue arose because of
an erroneous statement made in Yokoyama et al. [2000] that
no hiatuses occurred, which had been corrected and clearly
illustrated in Yokoyama et al. [2001]. Regardless of whether
hiatuses existed, however, the key to the sea level recon-
struction is the dated index points, i.e., establishing brackish
or marginal marine conditions at a given point in time,
similar to individual index points from corals. Second, by
inferring that all brackish water facies in all cores repre-
sented the LGM RSL, Shennan and Milne [2003] argued
that the reconstructed LGM RSL differed by up to 25 m
between deeper and shallower water cores. Yokoyama et al.
[2003] pointed out that this assumption is only valid if the
brackish water facies are dated to the LGM. Each of the
examples of the brackish facies discussed by Shennan and
Milne [2003] that indicate anomalously shallow LGM
RSLs were undated, however, whereas those brackish facies
that are dated, which are all from core GC5, consistently
indicate an LGM RSL of �120 to �125 m (Figure 6). The
undated brackish facies may thus represent any time that sea
level approached zero at a particular core location. Third,
Shennan and Milne [2003] noted that in core GC5, which is
the key core for constraining the LGM lowstand, a hiatus
before 21.3 ka followed by deposition of brackish water
facies indicates that the sea level rose earlier than 19 ka and
that the brackish water facies do not represent the LGM
lowstand. Clark et al. [2009], however, showed that a RSL
rise at Bonaparte Gulf would occur during a long-duration
(6 kyr) LGM in response to the antisiphoning effect associ-
ated with the GIA process. Fourth, Shennan and Milne
[2003] pointed out several inconsistencies in water depth
reconstructions, indicating that the water depth constraints
derived from the faunal analyses may need to be increased.
This is clearly apparent, for example, in Figure 6b, where a
number of sea level index points fall well below other index
points from Bonaparte cores as well as index points from
other far-field records. Yokoyama et al. [2003] acknowledged
that depth uncertainties for facies other than brackish water
may be larger than they first suggested. De Deckker and
Yokoyama [2009] further addressed these uncertainties for
core GC5. In particular, Shennan and Milne [2003] had
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argued that the original published results from core GC5
conflicted with a rapid sea level rise at 19 ka in showing that
the first dated sample of marginal marine facies after the
brackish facies suggested a much more gradual rise than
suggested by combining the dated sea level index points from
other cores. However, there is a significant thickness of
undated marginal marine facies below the dated horizon of
that facies, and thus, the intervening sea level history could
not be established from that one core. De Deckker and
Yokoyama [2009] conducted high-resolution microfaunal
analyses through this interval and found that fully marine
conditions appeared in the core at an interpolated age of
18.8 ka, thus substantiating the rapid sea level rise of 5–10 m
(when accounting for uncertainties in the faunal reconstruc-
tions) at �19 ka previously reconstructed from sea level
index points from several different cores [Yokoyama et al.,
2000, 2001].

2.3. Irish Sea

[17] Clark et al. [2004] described evidence from the
Kilkeel site, Northern Ireland, that suggested rapid rise of
sea level superimposed upon the isostatically uplifting coast

of the Irish Sea following early deglaciation of the Irish Ice
Sheet at >20 ka; deglaciation of the Irish Sea basin likely
began �1–2 kyr earlier [Bowen et al., 2002]. Early degla-
ciation of the Irish Sea coast was accompanied by a high
RSL due mainly to isostatic depression by the Irish Ice
Sheet. The marine limit on the western margin of the Irish
Sea Basin near Kilkeel is 30 m above sea level and formed
between �21 ka and 19 ka [McCabe et al., 2007].
[18] Following deglaciation of the Irish Sea coast at Kilk-

eel, eastward flowing rivers draining the Mourne Mountains
eroded several broad (�1 km wide) and deep (12–20 m)
channels into existing glaciomarine sediments. These chan-
nels were graded to a RSL equivalent to or lower than pres-
ent, indicating that the coast had isostatically emerged at least
30 m (the marine limit) by the time they had formed. Evi-
dence that sea level subsequently rose is suggested by thick
marine muds that now fill the erosional channels to a level
�10 m above sea level.Clark et al. [2004] dated five samples
of the foraminifera Elphidiun clavatum by accelerator mass
spectrometer (AMS) 14C that were collected at four levels
from the base to the top of the muds (Figure 7). The five ages
indicate nearly instantaneous sedimentation of the muds,
with radiocarbon ages at the base being statistically the same
(at 1s) as the radiocarbon age at the top of the sequence.
Applying a standard modern reservoir age correction of
400 years to these five samples results in a mean calibrated
age of 19.91 � 0.16 ka. Larger reservoir age corrections,
however, characterized the North Atlantic during the cold
stadial periods of the last deglaciation, with reservoir ages of
as large as 2000 years established for the Oldest Dryas
interval [Thornalley et al., 2011a; Waelbroeck et al., 2001].
Clark et al. [2004] thus proposed that the lower end of esti-
mates for cold period reservoir ages (1000 year correction
(DR = 600 � 200 years)) should be applied to the Kilkeel
radiocarbon ages, yielding a corrected mean age of 19.25 �

0.25 ka (the difference from Clark et al. [2004] reflects the
newer calibration IntCal09) (Figure 7). Hanebuth et al.
[2009] questioned the application of such a large reservoir
age to a shallow water site subject to surface mixing and far
from open Atlantic water masses. We note first that the
deglaciating Irish Ice Sheet was still contributing 14C-depleted
meltwater to the Irish Sea and thus likely contributing to a
higher reservoir age. Moreover, Thompson et al. [2011] used
paired terrestrial and marine radiocarbon ages to document a
reservoir age of�1000 years from shallow marine sediments
deposited along the Maine coast during the last deglaciation,
far from the open Atlantic, providing a direct analogue of this
effect.
[19] There are two possible ways to explain the sea level

history suggested from the Kilkeel stratigraphy. Both of these
involve initial isostatic emergence following deglaciation,

Figure 5. Details of core locations from Barbados. (a) Bathymetric map showing locations of cores 7, 9, 12, 13, 15, and 16
(reprinted with permission from Bard et al. [2010], copyright 2010, American Association for the Advancement of Science,
http://www.sciencemag.org). The dashed white line shows the hypothetical extension of a tectonic structure mapped on Bar-
bados (see Figure 5c), as proposed by Bard et al. [2010]. (b) Core logs from which samples were obtained [from Fairbanks,
1989]. (c) Map of Barbados showing tectonic structure from Taylor and Mann [1991] with possible offshore extension sug-
gested by Bard et al. [2010].

Figure 6. (a) Depth and age of samples from different
cores obtained from Bonaparte Gulf constraining the 19-ka
sea level event [Yokoyama et al., 2000]. (b) Depth and age
of samples from Bonaparte Gulf distinguished by their depo-
sitional facies (shallow marine is indicated by light blue,
marginal marine is indicated by green, and brackish is indi-
cated by dark green). (c) As in Figure 6a but for interval
22–12 ka. (d) As in Figure 6b but for interval 22–12 ka.
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causing a RSL fall so that rivers flowing across the Mourne
plain incised channels into glaciomarine sediments graded to
a RSL similar to present. Sea level may then have risen due to
renewed isostatic loading associated with an ice readvance or
due to ice sheet melting. We discount the first possibility
because there is no evidence for such a readvance, particu-
larly of the scale needed to reverse isostatic uplift following
the initial deglaciation. Instead, this early phase of deglacia-
tion is thought to have continued with widespread ice
sheet disintegration until the onset of an ice sheet readvance
at �18 ka [McCabe et al., 2005]. Moreover, it is highly
unlikely that any such renewed loading would cause such a
rapid sea level rise as suggested by the radiocarbon con-
straints for near-instantaneous sedimentation in the channels.
In support of a rapid ice-equivalent sea level rise, Clark et al.
[2004] noted that the cut-and-fill nature of the channels
suggests an erosional phase followed by a depositional
phase, and the orientation of the channel axes suggests ero-
sion by easterly flowing water draining the adjacent Mourne
Mountains. Clark et al. [2004] excluded a subglacial origin
for the channels because they are eroded into glaciomarine
sediments that were deposited subaqueously [McCabe, 1986].
The orientation of the channel axes perpendicular to the coast
indicates that if the channels were eroded subaqueously during
high RSL by a continuation of easterly flowing streams
draining the adjacent Mourne Mountains, then there should be
deltas deposited by these streams at the contemporaneous sea
level. The absence of any such deltas, however, suggests that
this did not occur. Clark et al. [2004] also excluded a sub-
aqueous origin because there is no a priori reason why sub-
aqueous processes would initially be erosional, followed by a
switch to processes that result in nearly instantaneous infilling
of the channels by sediments, particularly on low slopes and
at shallow water depths (�30 m). Clark et al. [2004] thus

concluded that a subaerial origin best explains the erosional
phase, which must have occurred after initial deglaciation of
the Kilkeel coast and subsequent isostatic emergence. Sub-
sequent rapid deposition of marine sediments in the channels
thus requires a rapid rise in ice-equivalent sea level to flood
the channels on what was otherwise still an isostatically
emergent coast. The timing of local deglaciation (>20 ka) and
the formation of the associated marine limit relative to the
timing of channel filling (�19 ka) provides sufficient time for
coastal emergence and subaerial channel erosion to occur.
[20] Although the reservoir age uncertainty introduces

uncertainty in the calibrated age of the sea level event at
Kilkeel, we emphasize four aspects that indicate that this
event is correlative to the 19 ka sea level event identified from
Barbados and Bonaparte. First, the Kilkeel stratigraphy
clearly establishes that the rapid sea level rise is from ice
sheet melting. Second, given the reservoir age uncertainties,
the event is clearly within the age range of the 19 ka event.
Third, the event has a similar amplitude (�10 m) as sug-
gested fromBarbados and Bonaparte Gulf sites, with regional
variability in amplitude between sites expected from gravi-
tational and rotational effects associated with rapid ice loss
[Clark et al., 2002;Mitrovica et al., 2001]. Fourth, there is no
other known event of rapid ice-equivalent sea level rise
within the possible age range of the Kilkeel event (18–20 ka).

2.4. Sunda Shelf

[21] Hanebuth et al. [2009] reported 11 14C ages on
organic matter from three cores that sampled sedimentary
facies on the Sunda Shelf of southeastern Asia interpreted as
recording shallow water, nearshore environments around the
time of the LGM. A barrier bar–tidal flat facies inferred from
seismic surveys suggested that sea level may have risen
�5 m during the LGM lowstand. Hanebuth et al. [2009] also
reconstructed a sea level rise of �10 m that they argued is
equivalent to the 19 ka event, although they suggest that it
may have occurred as early as 19.6 ka.
[22] Although the organic matter used for dating is terres-

trial and thus is not subject to uncertainties in the marine
reservoir age correction, the various materials dated (indi-
vidual pieces of wood, in situ peat layers, and organic-rich
bulk sediment) may have experienced either reworking or
postdepositional migration of dissolved organic components.
Hanebuth et al. [2009] argued that ages on wood and in situ
fibrous peat should provide the most reliable ages, whereas
reworking of plant remains on the Sunda Shelf has likely
produced organic microfibers which contributed to the
organic-rich bulk sediment, making them less reliable. In this
regard, they noted that ages on bulk sediments may be up to 4
kyr younger than corresponding peat layers. To assess the
possible impacts of postdepositional migration of dissolved
organic compounds on their 14C ages,Hanebuth et al. [2009]
treated samples with an acid-leach-acid step that separates
leachable from leach-resistant (“insoluble”) components.
[23] Here we assess the dating results for each of their

three cores with respect to constraining LGM sea level and a
19 ka event. In core 18726, there are two ages from the same
horizon (�116.6 m water depth) on organic-rich bulk

Figure 7. Calibrated radiocarbon ages on E. clavatum from
the Kilkeel site, Northern Ireland, constraining the 19 ka sea
level event [Clark et al., 2004]. Green symbols are ages cal-
ibrated with a delta R of 200 � 200 years and a 2s error,
with the mean age shown by a vertical dark green line and
the average 2s error shown by a box outlined in dark green.
Blue symbols are ages calibrated with a delta R of 600 �

200 years and a 2s error, with the mean age shown by a ver-
tical light blue line and the average 2s error shown by a box
outlined in light blue.
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sediment, one on the leachable component and one on the
insolubles. Although from the same horizon, they differ in
age by �1400 years (Figure 8a), and in the absence of any
independent means of evaluating the accuracy of either age,
we consider them unreliable. In contrast, two ages on wood
from the same horizon (�122.7 m water depth), one on the
leachable component and one on the insolubles, agree at 2s
(Figure 8a), thus providing a reliable constraint for relative
sea level at �20.2 ka. In core 18269, Hanebuth et al. [2009]
reported two horizons with two ages each. All ages were on
bulk sediment, and the differences between the ages on the
leachable component versus the insolubles again are signifi-
cant, with the leachables being consistently �1400 years
younger (Figure 8b). We thus also consider these as unreli-
able. In core 18305, Hanebuth et al. [2009] reported one age
on the insoluble fraction of bulk organic sediment from

�110.7 m water depth and two ages on wood from the same
horizon (�114.1 m water depth), one on the leachable frac-
tion and one on the insoluble fraction (Figure 8c). Given the
previously documented large uncertainties in bulk organic
sediment, we consider the bulk organic age in core 18305
unreliable. Because the two ages on wood only differ by
40 years at 2s, we consider them as likely recording the time of
relative sea level on Sunda Shelf at �19 ka.
[24] In summary, radiocarbon ages on wood with differing

treated fractions provide the only reliable ages for con-
straining relative sea level on Sunda Shelf at �122.7 m at
�20.2 ka and �114.1 m at �19 ka (Figure 8e). Hanebuth
et al. [2009] used these ages as well as those on bulk sedi-
ments to infer that sea level rose closer to 19.6 ka (Figure 8f),
but this conclusion cannot be supported given the unreli-
ability of the ages on bulk sediments. We also note that the

Figure 8. Calibrated radiocarbon ages constraining the 19 ka sea level event from Sunda Shelf
[Hanebuth et al., 2009]. (a) Data from core 18276. Triangles represent ages on bulk organic matter, and
squares are ages on wood macrofossils. (b) Data from core 18269. Triangles represent ages on bulk
organic matter. (c) Data from core 18305. Triangles represent ages on bulk organic matter, and squares
are ages on wood macrofossils. (d) Data from all three cores. Triangles represent ages on bulk organic
matter, and squares are ages on wood macrofossils. (e) The calibrated ages on wood macrofossils from
cores 18276 and 18305 that provide the most reliable constraints on relative sea level. (f) Interpretation
of the data by Hanebuth et al. [2009].
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inferred rise in relative sea level of �5 m during the LGM is
consistent with the antisiphoning effect also suggested from
the Bonaparte Gulf data [Clark et al., 2009].

2.5. Summary

[25] In Figure 9, we summarize the most reliable data on
the initial sea level rise from the LGM lowstand from the
four sites where it has been documented. When combined,
these data provide a robust scenario in supporting the orig-
inal argument by Yokoyama et al. [2000] that the LGM
lowstand was terminated by a rise of 5–10 m between 19.0
and 19.5 ka (Figure 9d), suggesting a rate of 8 mm yr�1 to
16 mm yr�1. In their compilation of ages constraining the
duration of the LGM of the global ice sheets, Clark et al.
[2009] found that nearly all Northern Hemisphere ice sheet
margins began to retreat from the LGM extents between
19 and 20 ka (Figure 10) in response to high northern lati-
tude summer insolation. Although these data did not con-
strain the rate of ice margin retreat, they clearly indicate that
the primary source of this initial rise of deglacial sea level
was from widespread retreat of Northern Hemisphere ice
sheets. However, there is now clear evidence that some
sectors of the Antarctic Ice Sheets also began to retreat at
this time [Heroy and Anderson, 2007; Smith et al., 2010;
Weber et al., 2011], but their contributions to sea level rise
relative to Northern Hemisphere ice sheets as well as the
cause of their retreat and any attendant impact on climate
remain unknown.

3. SEA LEVEL RISE AND FRESHWATER DISCHARGE
FROM 19.0 TO 14.6 KA

3.1. Sea Level and Ice Sheet Records

[26] By comparison to other intervals, there are few con-
straints on RSL rise from far-field sites for the interval

between the initial rapid rise at �19 ka and the onset of
another rapid rise beginning at �14.6 ka (MWP-1A)
(Figure 11a). The Barbados coral record is largely incom-
plete between �18.12 ka (RGF 9-20-2) and �14.54 ka
(RGF 9-13-3) [Fairbanks et al., 2005], with only one sample
(RGF 13-8-9) at�17.58 ka that has a large depth uncertainty
owing to the possibility of a tectonic correction (section 2.1).
The depth difference between the first core 9 sample fol-
lowing the 19 ka sea level event (RGF 9-23-5) and the first
core 9 sample preceding the start of MWP-1A at �14.6 ka
(RGF 9-13-3) (and accounting for the 5 m depth uncertainty
of A. palmata corals) suggests that RSL may have risen
between �18.78 and 14.54 ka by as little as 10 m (at 2.4 mm
yr�1) to as much as 20 m (at 4.7 mm yr�1), with an average
rate of 3.5 mm yr�1 (15 m rise) when using just the depth of
each sample.Figure 9. Summary of the data constraining the 19 ka sea

level event from (a) Barbados, (b) Bonaparte Gulf, (c) Sunda
Shelf, and (d) all data, including those from Kilkeel repre-
sented by mean age with a delta R of 600 � 200 years and
a 2s error (vertical red line and gray band centered on
19.25 ka) and a mean age with a delta R of 0 years and a
2s error (vertical red line and gray band centered on
19.9 ka). Age uncertainty is shown for all samples; where
not visible, the uncertainty is less than the symbol size.

Figure 10. (a) Summary of chronologies constraining the
duration of the Last Glacial Maximum for the primary global
ice sheets and, where there are sufficient data, sectors of
those ice sheets [Clark et al., 2009]. Each horizontal blue
bar represents the local LGM duration, with gray bar exten-
sions representing age uncertainties. The vertical blue bar
represents the LGM sea level lowstand, as constrained by
relative sea level data shown in Figure 10b. Notation for
the ice sheets and their sectors is as follows: West Antarctic
Ice Sheet (WAIS), Innuitian Ice Sheet (IIS), Laurentide Ice
Sheet (LIS) (with sectors for the Maritimes, New England,
the Ontario-Erie-Ohio lobe, the Lake Michigan lobe, the
Des Moines lobe, Mackenzie River lobe, and the northeast-
ern sector), the Cordilleran Ice Sheet (CIS) (with sectors east
and west of 138�W), the Barents-Kara Ice Sheet (BKIS), the
British-Irish Ice Sheet (BIIS), and the Scandinavian Ice Sheet
(SIS) (with northwestern, southwestern, and southern sec-
tors). (b) Summary of relative sea level data from Barbados
(blue) [Fairbanks et al., 2005], New Guinea (light blue)
[Cutler et al., 2003], Bonaparte Gulf (green) [Yokoyama
et al., 2000], and Sunda Shelf (orange and purple)
[Hanebuth et al., 2000, 2009].
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[27] Marginal marine facies (<5 m depth uncertainty) from
Bonaparte Gulf [Yokoyama et al., 2000] suggest that between
18.75 ka and 17.25 ka, relative sea level rose from as little as
2.5 m (at 2 mm yr�1) to as much as 12.5 m (at 8 mm yr�1),
with an average rate of 5 mm yr�1 when using just the depth
of each sample (Figure 11a).
[28] Radiocarbon ages on three samples from Sunda Shelf

constrain RSL between the youngest sample marking the
end of the 19 ka sea level event [Hanebuth et al., 2009] and
the oldest sample marking the start of MWP-1A at �14.6 ka
(Figure 11a) [Hanebuth et al., 2000]. These three ages are on
pieces of wood or macrofibers from coastal facies (shoreline,
tidal flat, and lagoonal) considered to be within 2 m of mean
sea level [Hanebuth et al., 2009], but since they are on
material that may be reworked, their significance should be
viewed with some caution. Taking these data at face value
suggests that between �19.1 and 16.7 ka, RSL rose from
as little as 4.9 m (at 2.0 mm yr�1) to as much as 12.9 m
(at 5.4 mm yr�1), with an average rate of 3.7 mm yr�1 when
using just the depth of each sample. From �16.7 ka to
15.1 ka, these ages suggest that RSL increased by at most
4.3 m (at 2.7 mm yr�1), with no increase also being possible.
RSL may then have risen 8.5 m between �15.1 ka and
14.6 ka (at 16 mm yr�1). The total possible maximum rise in
relative sea level recorded at Sunda between �19.1 ka and
14.6 ka is 20.8 m (at 4.6 mm yr�1), with an average of
18.8 m (at 4.2 mm yr�1).
[29] The Tahiti record has six ages that bracket the interval

from 16.08 ka (15R-1 W 13–20, 117 m water depth, 10 m
depth range) until the start of MWP-1A at �14.6 ka (three
samples at 105 m water depth, 5 m depth range) (Figure 11)
[Deschamps et al., 2012]. The large depth uncertainty (20 m)
on the 15.51 ka sample (17R-2 W 0–10) precludes its use
for any meaningful estimate of RSL change. These data
thus suggest that during this 1500 year interval, RSL rose
from as little as 2 m (at 1.3 mm yr�1) to as much as 17 m
(at 11.3 mm yr�1), with an average rate of 8 mm yr�1 when
just using the sample depths.
[30] In summary, the Barbados, Bonaparte, and Sunda

records suggest that between �19 ka and 14.6 ka, average
RSL rose by as little as 8.3 m (at 2 mm yr�1) to as much as
20.8 m (at 4.6 mm yr�1), corresponding to freshwater fluxes
of 0.02 Sverdrups (Sv) to 0.05 Sv over this �4400 year
interval. The younger Sunda ages and the Tahiti data suggest
the possibility that rates may have increased after 16.0 ka to
�12 � 4 mm yr�1.
[31] Area loss estimates for the LIS and Cordilleran Ice

Sheet (CIS) [Dyke, 2004] and for the Eurasian Ice Sheet (EIS)
(R. Gyllencreutz and J. Mangerud, written communication,
2010) demonstrate that these ice sheets, which were the two
largest in the Northern Hemisphere, contributed to sea level
rise during this interval (�19 ka to 14.6 ka) (Figure 11a). We
can derive an estimate of the contribution of these ice sheets
to sea level rise by using reconstructions of the LIS that
incorporated a realistic distribution of soft beds [Licciardi
et al., 1998] and of the EIS [Siegert and Dowdeswell,
2004]. Here the sea level contribution from 19 ka to
14.6 ka was�8 m as from the LIS and�7 m for the EIS. The

Figure 11. (a) Data constraining relative sea level between
19 and 14.5 ka. Blue circles are U/Th ages from Barbados
[Fairbanks et al., 2005], green symbols are calibrated 14C
ages from Bonaparte Gulf [Yokoyama et al., 2000], and
orange and purple symbols are calibrated 14C ages from
Sunda Shelf [Hanebuth et al., 2000, 2009]. Age uncertainty
is shown for all samples; where not visible, the uncertainty is
less than the symbol size. Also shown is combined area loss
of the Laurentide and Cordilleran [Dyke, 2004] and Eurasian
(R. Gyllencreutz and J. Mangerud, written communication,
2010) ice sheets (light blue line). (b) Time series of accumu-
lation rate from the EPICA Dronning Maud Land (EDML)
(dark blue) and EDC (light blue) ice cores [Lemieux-Dudon
et al., 2010]. (c) North Greenland Ice Core Project (NGRIP)
d18O record [Lemieux-Dudon et al., 2010]. (d) EDML d18O
record [Lemieux-Dudon et al., 2010] (blue) and sea surface
temperature record from core MD98-2181, tropical western
Pacific Ocean [Stott et al., 2007] (red). (e) Freshwater flux
anomaly associated with routing of continental runoff
through the Hudson River (filled blue time series) with age
uncertainties [Licciardi et al., 1999]. (f) Time series of ice-
rafted debris from core MD95-2024P (orange) [Hillaire-
Marcel and Bilodeau, 2000], core SU8118 (blue) [Bard
et al., 2000], and core VM23-81 (green) [Bond et al., 1999].
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sea level contribution for the CIS can be estimated first from
the well-established area-volume relationship for an ice sheet
on a hard bed (log[volume] = 1.23[log[area]� 1]) [Paterson,
1994] as 5.5 m. If we then account for the mountainous ter-
rain under the ice sheet, this is likely about 2.5 m. Tarasov
and Peltier [2006] simulated a combined LIS and CIS sea
level rise contribution of 14–15 m from �19 to 14.6 ka.
These estimates thus suggest that Northern Hemisphere ice
sheets contributed �17–18 m of sea level. For comparison,
the ICE-5 G model predicted �24 m from these three ice
sheets over this interval [Peltier, 2004]. These estimates
bracket the upper end of the estimates from the RSL records
(maximum is 20.8 m) (Figure 11a).
[32] A greater sea level contribution from the Northern

Hemisphere ice sheets than observed in the far-field RSL
records between 19 ka and 14.6 ka would require that the AIS
gained mass to balance the sea level budget. That this
occurred is supported by Antarctic ice core records which
show an increase in accumulation from �18 ka to 14.6 ka
[Lemieux-Dudon et al., 2010] (Figure 11b), which would
correspond to ice growth since melting margins would have
been absent under the colder LGM climate and assuming
there was no increased discharge from ice dynamics. One ice
sheet model that was forced with Antarctic temperatures
derived from ice core records simulated ice growth during the
deglaciation equivalent to 3.7 m of sea level [Huybrechts,
2002].
[33] Regardless of the amplitude of sea level rise from the

global ice sheets during this interval, the question remains as
to why Northern Hemisphere ice sheets retreated while at the
same time the AIS grew. In particular, the climate during this
time was characterized by a strong Northern Hemisphere
cooling (Figure 11c), referred to as the Oldest Dryas cold
interval, and Southern Hemisphere warming (Figure 11d).
These opposing climate changes are considered to be an
expression of the bipolar seesaw that occurred in response to
a reduction in the AMOC and associated meridional ocean
heat transport [Broecker, 1998; Clark et al., 2012; Crowley,
1992; Mix et al., 1986; Shakun and Carlson, 2010; Stocker
and Johnsen, 2003]. At the same time, sea surface tem-
peratures (SSTs) in the tropical Pacific Ocean increased
near-synchronously with the increase in Southern Hemi-
sphere temperatures (Figure 11d) [Lea et al., 2000; Stott
et al., 2007]. Hostetler et al. [2006] and Clark et al. [2007]
demonstrated that an increase in tropical Pacific SSTs had
a greater influence on the mass balance of Northern Hemi-
sphere ice sheets relative to a decrease in North Atlantic
SSTs, with the net effect being a negative mass balance and
corresponding sea level rise. The retreat of the Northern
Hemisphere ice sheets is thus an expected outcome associ-
ated with the deglacial forcing from an increase in Pacific
SSTs, particularly when combined with increasing high
northern latitude summer insolation and atmospheric green-
house gases during this interval. At the same time, Southern
Hemisphere warming occurred in response to the bipolar
seesaw and to increasing atmospheric greenhouse gases,
resulting in an increase in accumulation and corresponding
volume of the Antarctic ice sheets [Huybrechts, 2002].

3.2. Runoff Routing

[34] In addition to the freshwater flux from the melting of
ice sheets, the routing of North American runoff influenced
the flux delivered to the North Atlantic. Licciardi et al.
[1999] reconstructed the routing history of North American
runoff based on radiocarbon-dated constraints on fluctua-
tions of the LIS and on freshwater fluxes derived from ice
sheet and climate model simulations. The key routing events
early in the deglaciation between 19 ka and 14.6 ka involved
fluctuations of the southern LIS margin and the associated
routing of runoff between the Mississippi River and Hudson
River. During the LGM, the ice margin blocked drainage to
the east, and runoff from the southern LIS and surrounding
drainage basins was directed through the Mississippi River.
Following the LGM, the southern LIS margin began a
gradual retreat until �19.7 ka, when an interval of relatively
rapid and widespread ice margin retreat rerouted runoff of
several drainage basins from the Mississippi River to the
Hudson River, with a resulting increase in the freshwater
flux of 0.04 Sv (Figure 11e). Although well established from
stratigraphic relations in the Great Lakes region [Mörner and
Dreimanis, 1973], the chronological constraints on this inter-
val of ice retreat, referred to as the Erie Interstadial, remain
poor. Licciardi et al. [1999] concluded that the best constraints
were from radiocarbon ages from western New York for ice-
free conditions near the outlet to the Hudson River [Muller
and Calkin, 1993] and for the age of the subsequent ice
margin readvance during the Port Bruce Stadial that rerouted
runoff from the Hudson River back to the Mississippi River
at �18.7 ka [Fullerton, 1980; Licciardi et al., 1999].
[35] Following the Port Bruce readvance, the southern LIS

margin began renewed widespread retreat during the Mack-
inaw Interstadial, again rerouting runoff of several drainage
basins from the Mississippi River to the Hudson River, with
a resulting increase in the freshwater flux of 0.06 Sv
(Figure 11e). Radiocarbon ages from the Lake Michigan
[Monaghan and Hansel, 1990], Lake Huron [Gravenor and
Stupavsky, 1976], and Lake Erie basins [Barnett, 1985; Calkin
and Feenstra, 1985] constrain this eastward routing event to
have occurred from �16 ka until 15.2 ka (Figure 11e), when
the southern LIS margin readvanced during the Port Huron
Stadial, again rerouting runoff back to the Mississippi River.

3.3. Heinrich Event 1

[36] Heinrich layers are distinguished from other ice-
rafted debris (IRD) layers in the North Atlantic by their
lithologic signature indicating a dominant source from the
central regions of the LIS [Grousset et al., 2001; Gwiazda
et al., 1996; Hemming, 2004; Hemming et al., 1998], their
increasing thickness westward toward Hudson Strait
[Dowdeswell et al., 1995], and their rapid sedimentation rates
[McManus et al., 1998]. Each layer is also associated with a
large decrease in North Atlantic planktonic d18O that is
interpreted as a low-salinity signal derived from the melting
of the icebergs [Bond et al., 1992; Broecker et al., 1992;
Hillaire-Marcel and Bilodeau, 2000; Roche et al., 2004].
These characteristics are consistent with the hypothesis that
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Heinrich layers represent the episodic release of icebergs
associated with a surge from the Hudson Strait Ice Stream of
the LIS [Marshall and Koutnik, 2006], which are conven-
tionally referred to as Heinrich events [Broecker et al., 1992].
[37] Determining the age of Heinrich event 1 (H1) from

radiocarbon dating is subject to uncertainties in changing res-
ervoir ages during the last deglaciation associated with chan-
ges in the AMOC [Bard et al., 1994; Bondevik et al., 2006;
Waelbroeck et al., 2001]. Three records of H1 are shown in
Figure 11f. The chronologies for cores VM23-81 and SU8118
are based on radiocarbon, each with a standard 400 year res-
ervoir age correction, whereas the chronology for core MD95-
2024 is based on correlation of IRD layers in the corewith cold
periods in the Greenland Ice Sheet Project 2 (GISP2) ice core
that was confirmed through correlations with paleomagnetic
and cosmogenic nuclide records [Stoner et al., 2000]. Bard
et al. [1994] and Waelbroeck et al. [2001] demonstrated
that lower-latitude sites such as core SU8118 experienced
relatively constant reservoir ages through the deglaciation,
whereas higher-latitude sites such as core VM23-81 experi-
enced large changes in reservoir ages. We thus consider the
age of H1 as established from core SU8118 (�16.0–15.5 ka)
to be the most accurate one.
[38] The freshwater flux associated with H1 remains poorly

constrained, with estimates based on modeling results or
interpretation of IRD fluxes and marine d18O salinity signals
ranging from 0.6 to 15m of equivalent sea level rise over 200–
500 years [Alley and MacAyeal, 1994; Hemming, 2004;
MacAyeal, 1993;Marshall and Clarke, 1997]. Unfortunately,
H1 occurs at a time when there are few direct constraints on
RSL (Figure 11a), although if there were a substantial sea level
rise from H1 that was greater than 2 m, the relative sea level
record from Sunda Shelf suggests that it must have been fol-
lowed by a comparable sea level fall in order to return to the
level that existed prior to H1.
[39] Despite the widespread recognition that Heinrich

events played an integral role in global climate change [Cheng
et al., 2009; Denton et al., 2010; Toggweiler, 2008], the
mechanism for the ice sheet instability that caused Heinrich
events remains poorly understood, with corresponding uncer-
tainties in understanding their specific role in climate change.
Perhaps the most widely accepted mechanism involves an
internal thermal oscillation of the LIS (so-called binge-purge)
with a (tunable) time scale similar to the �7 kyr interval sep-
arating Heinrich events [MacAyeal, 1993]. In this regard,
Heinrich events are commonly thought to have triggered
abrupt climate change by causing a collapse of the AMOC
[Alley and Clark, 1999; Broecker, 1994; Ganopolski and
Rahmstorf, 2001; Menviel et al., 2008; Okazaki et al., 2010;
Timmermann et al., 2005], with attendant responses in tem-
perature, monsoons, and the carbon cycle playing a major role
in driving the last deglaciation [Anderson et al., 2009; Cheng
et al., 2009; Denton et al., 2010].
[40] Bond et al. [1993], however, disputed this mechanism

by pointing out that Heinrich events only occur following
prolonged cooling intervals in the North Atlantic region,
thus implicating a climatic trigger. Additional support for this
scenario came from the synchronization of Greenland and

Antarctic ice core records [Barbante et al., 2006; Blunier and
Brook, 2001; Blunier et al., 1998], which revealed that
Heinrich events not only occurred at cold times in Greenland
but also at times of peak warming in Antarctica known as
A events. This association cannot be coincidental and instead
strongly suggests that Heinrich events are an integral part of
the bipolar seesaw that produced the out-of-phase response
between the polar hemispheres, with the changes in the
AMOC that cause the seesaw somehow linked to, and pos-
sibly responsible for, Heinrich events [Clark et al., 2007;
Pisias et al., 2010].
[41] Based on simulations with a simplified global climate

model, Shaffer et al. [2004] first proposed that subsurface
warming that develops at intermediate depths in the North
Atlantic in response to a reduction or collapse of the AMOC
may trigger a Heinrich event by ice shelf collapse. Shaffer
et al.’s [2004] model simulations indicated that without an
active AMOC and cooling of the ocean interior by convec-
tion, downward diffusion of heat at low latitudes warms
subsurface waters to a depth of �2500 m, within the depth
range of the base of floating ice shelves that may have
existed along parts of Greenland and eastern North America.
Some of the heat accumulated in the subsurface is transported
poleward causing a temperature inversion in the northern
North Atlantic. Development of a subsurface warming fol-
lowing collapse of the AMOC is also clearly evident in other
models [Knutti et al., 2004; Liu et al., 2009; Stocker and
Johnsen, 2003; Stocker et al., 2007]. Flückiger et al. [2006]
also identified subsurface warming as possibly being
important but implicated the �1 m steric and dynamic sea
level rise that accompanies a collapse of the AMOC as the
primary trigger for Heinrich events, with subsequent sea
level rise associated with ice sheet surging acting as a posi-
tive feedback. Recent modeling, however, indicates that ice
sheets are likely to be immune to such small sea level forcing
[Alley et al., 2007], and sea level will fall adjacent to the ice
margin where mass loss is occurring, potentially stabilizing
retreat [Gomez et al., 2010, 2012]. Using a parameterized
conceptual model, Alvarez-Solas et al. [2010] also concluded
that subsurface warming could produce Heinrich-like events,
while Marcott et al. [2011] produced a Mg/Ca record on
benthic foraminifera from an intermediate depth site that
demonstrated subsurface warming at the same time as large
reductions in the AMOC, with temperature increasing by
approximately 2�C over a 1–2 kyr interval prior to a Heinrich
event. Recent observations from Antarctica suggest that such
oceanic thermal forcing would be particularly effective at
causing destabilization of ice shelves [Rignot and Jacobs,
2002] and attendant glacier surging [De Angelis and
Skvarca, 2003; Rignot et al., 2004; Scambos et al., 2004];
similar sensitivities have been identified at grounding lines of
Greenland outlet glaciers [Holland et al., 2008;Motyka et al.,
2011; Rignot et al., 2010].
[42] The role of subsurface warming implies that some

factor caused the AMOC to slow down prior to Heinrich
events and that Heinrich events were thus responses to, rather
than causes of, the shutdown of the AMOC. This conjecture
is consistent with the observation first made by Bond et al.
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[1993] that Heinrich events occur at the end of a long-term
cooling trend, which is likely caused by a reduction in the
AMOC and associated expansion of sea ice. Records of
benthic d13C [Zahn et al., 1997], Pa/Th [Hall et al., 2006;
Lippold et al., 2009; McManus et al., 2004], relative mag-
netic grain size [Stanford et al., 2006], oceanic D14C
[Mangini et al., 2010], and Nd isotopes [Gutjahr and
Lippold, 2011; Gutjahr et al., 2010] now clearly indicate
that the AMOC began to decrease up to 2000 years before the
Heinrich events. The reduction in the AMOC prior to H1 can
be attributed to the increased freshwater flux to the North
Atlantic Ocean derived from the widespread deglaciation of
Northern Hemisphere ice sheets that began with the initial
rapid rise of sea level at �19 ka [Clark et al., 2004, 2007;

Marcott et al., 2011; Stanford et al., 2011a] (Figure 10) and
continued thereafter (Figure 11a).

4. SEA LEVEL RISE DURING MWP-1A

4.1. Barbados

[43] Fairbanks [1989] first reconstructed the Barbados
record of deglacial sea level rise based on radiocarbon dates,
in which he identified the two periods of rapid sea level rise
referred to as MWP-1A and MWP-1B. Bard et al. [1990]
subsequently reported U/Th ages on Barbados samples that
replicated the structure seen in the Fairbanks 14C-based sea
level record, thus demonstrating that it was not an artifact of
the radiocarbon time scale, while at the same time improving
the accuracy and precision of the chronology. MWP-1A was
defined by the youngest age on A. palmata in core 9 (RGF 9-
8-2-1, 14.24 � 0.10 ka, �94.3 m) and the oldest age from
core 12 (RGF 12-21-10, 13.73 � 0.10 ka, �74.5 m)
(Figure 12a). Although the two cores lie on the same side of
the possible tectonic structure (Figure 5) and are thus not
subject to the depth uncertainties discussed in section 2, the
event is defined by a core break, rather than in a continuous
sequence from one core, which raised the question of whether
the event is an artifact of this break [Broecker, 1990].
[44] Fairbanks et al. [2005] redated samples reported by

Bard et al. [1990], finding good agreement when accounting
for newer U-Th decay constants [Cheng et al., 2000], as well
as dated additional samples that further resolved the sea level
record surrounding the event (Figure 12a). Following on
Fairbanks [1989] and Bard et al. [1990], Stanford et al.
[2006] assigned the start of the event to the youngest age
from core 9 previously dated by Bard et al. [1990] (RGF
9-8-2-1), which Fairbanks et al. [2005] redated to 14.08 �

0.08 ka, and assigned the end of the event to the oldest age
from core 12 previously dated by Bard et al. [1990] (RGF 12-
21-10), which Fairbanks et al. [2005] redated to 13.63 �

0.03 ka (Figure 12a).
[45] We point to two alternative scenarios that are equally

plausible in defining the timing of MWP-1A. The first is with
regard to an earlier onset for the event than 14.08 � 0.08 ka
[Stanford et al., 2006], which would make it consistent with
the onset age suggested from the two other records that
span MWP-1A (Sunda shelf and Tahiti, discussed below).
Deschamps et al. [2012] pointed out that the average rate of
rise before 14.54 ka (RGF 9-13-3) is slower than after that
time until 14.08 ka (RGF 9-8-2-1). Specifically, as discussed
in section 3, for the existing ages in core 9, the long-term
average rate of sea level rise from 18.78 ka (RGF 9-23-5) to
14.54 ka (RGF 9-13-3) is 3.5 mm yr�1, whereas between
14.54 ka and 14.08 ka (RGF 9-8-2-1), the rate increased to
11.8 mm yr�1 (Figure 12b), with the 14.54 ka age only pro-
viding a minimum-limiting age for the start of the accelera-
tion. Weaver et al. [2003] also noted that the youngest dated
sample of A. palamata (RGF 9-8-2), which is generally
considered as marking the start of the MWP-1A in the Bar-
bados record, is overlain by deeper water species Porites
astroides and A. cervicornis [Fairbanks, 1989], suggesting

Figure 12. Summary of the data constraining MWP-1A sea
level event. (a) U/Th ages on A. palmata corals from core 9
(circles) and core 12 (diamonds), Barbados, from Fairbanks
et al. [2005]. (b) As in Figure 12a except extended to
18.7 ka and showing the increase in rate of sea level rise at
least 14.54 ka. (c) Calibrated radiocarbon ages for relative
sea level data from Sunda Shelf compared to the Barbados
U/Th ages from cores 9 and 12 (blue circles and diamonds).
The Sunda data are on nonmangrove wood or macrofibers
(blue lines), mangrove fragments that are not in situ (orange
lines), and mangrove fragments that are in situ (purple lines)
[Hanebuth et al., 2000]. (d) U/Th ages on corals from Tahiti
[Bard et al., 1996, 2010; Deschamps et al., 2012] (red sym-
bols) compared to the Barbados U/Th ages from core 12
(blue symbols). (e) U/Th ages on corals from Papua New
Guinea [Edwards et al., 1993; Cutler et al., 2003]. (f) Pre-
dicted relative sea level histories from an Earth model
[Bassett et al., 2005]. Red is Huon Peninsula, New
Guinea, green is Bonaparte Gulf, blue is Barbados, light
blue is Sunda Shelf, and orange is Tahiti. Age uncertainty
is shown for all samples; where not visible, the uncertainty
is less than the symbol size.
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that the 14.08 ka horizon was already in the process of
drowning in response to rapidly rising sea level (Figure 5).
[46] During times of rapid sea level rise, coral reefs have a

known tendency to “keep up, catch up, or give up” depending
on the rate of sea level rise [Neumann and Macintyre, 1985].
The trends in sea level identified by dated samples from
core 9 suggest that the coral reef was able to keep up with sea
level rise until sometime after 14.08 ka, at which point it gave
up. Accordingly, Deschamps et al. [2012] suggested that the
acceleration in sea level rise that began at least at 14.54 ka,
with rates that were three times higher than those of the pre-
ceding 4200 years, is related to the start of MWP-1A. During
this phase of keep up, the A. palamata occupying the reef top
may have been living below their normal 5 m depth range, so
that the rate of 11.8 mm yr�1 is only a minimum, and it was
only after 14.08 ka that the rate of sea level rise exceeded the
ability of the corals to keep up, causing the reef to give up.
[47] The other possible scenario relates to the age of

the end of MWP-1A inferred from the oldest coral in core
12 (13.63 � 0.03 ka). Hanebuth et al. [2000] suggested that
this is a maximum-limiting age since older corals may not
have been sampled during coring and because there may be
a 200–300 year interval between the end of the rapid rise and
the time that corals could start to colonize the substrate
[Montaggioni et al., 1997]. As discussed below, these
arguments are consistent with the RSL record from Tahiti,
which places the end of MWP-1A at 14.3 ka [Deschamps
et al., 2012].
[48] Fairbanks [1989] first defined the amplitude of MWP-

1A from the Barbados cores as being 24 m in less than
1000 years, presumably on the basis of the 12.5 � 0.2 14C ka
BP age (RGF 9-13-3, 98.9 m corrected depth, 14.54 ka U-Th
age) in core RGF 9 and the 11.8 � 0.2 14C ka BP age (RGF
12-21-10, 74.5 m corrected depth, RGF 12-21-10, 13.63 �

0.03 ka) in core RGF 12, a number that was subsequently
widely adopted [e.g., Bassett et al., 2005; Clark et al., 2002;
Peltier, 1994, 2005]. Based on their revised age for MWP-1A
from new Tahiti data (section 4.3), which ended at �14.3 ka,
Deschamps et al. [2012] extrapolated the RGF 12 age-depth
data back to 14.3 ka and assigned that water depth (80 m) to
the end of the event. Then, by assigning the onset of the event
to sample RGF 15-5-3 (14.57 ka, 96.3 m water depth), they
derived an amplitude of �15 m. We note, however, that RGF
9-13-3, which is the same age (14.54 ka), occurs at a corrected
water depth of 98.9 m, suggesting an amplitude of �19 m.
Neither of these estimates accounts for uncertainties, but they
suggest that the amplitude is likely substantially less than the
24 m first inferred by Fairbanks [1989] [cf. Kopp, 2012].

4.2. Sunda Shelf

[49] Hanebuth et al. [2000] documented an episode of
rapid sea level rise on the Sunda Shelf that, in timing and
amplitude, confirmed the existence of MWP-1A. The record
is based on calibrated radiocarbon ages measured on organic
remains from shallow water (tidal flat, delta plain, and bay
lagoon) sediments. Many of the ages are on mangrove
remains, which grow at sea level, but because only three
of these samples were from in situ mangrove roots, all

remaining samples are subject to the uncertainty of having
been reworked.
[50] Based on the version of the calibration software avail-

able at the time (Calib 4.0), Hanebuth et al. [2000] concluded
that MWP-1A occurred between 14.6 and 14.3 ka, with an
amplitude of�16 m (sample KIA-5981 at 96.3 m water depth
and sample KIA 5608 at 80.3mwater depth). By inferring that
the youngest coral in Barbados core 9 represents the start of
MWP-1A at 14.08 ka, Stanford et al. [2006] argued that the
Sunda chronology is likely too old given that the radiocarbon
ages are subject to larger uncertainties than U/Th ages, point-
ing specifically to [Stanford et al., 2006, p. 2] “corrections for
variable 14C reservoir ages.” All dated Sunda organic remains
are terrestrial, however, and thus do not require a correction for
14C reservoir ages. The ages do occur during a known radio-
carbon plateau, however, introducing some uncertainty in the
calibration.
[51] Figure 12c shows the Sunda ages recalibrated with

IntCal09 calibration curve [Reimer et al., 2009], including a
2s error for direct comparison with U/Th ages from Barba-
dos, which are also shown. The Sunda data suggest that
MWP-1A likely began at least at 14.6 ka, in agreement with
the acceleration seen in the Barbados data, consistent with the
hypothesis that the Barbados corals in core 9 were living in
increasingly deeper water as MWP-1A proceeded until they
gave up [Deschamps et al., 2012], as well as with the onset at
Tahiti (section 4.3). The mean of the youngest calibrated ages
then suggests the event ended by�14.3 ka, although the large
uncertainties on the ages and the possibility of reworking
cannot preclude a younger age of �13.9 ka. This age is older
than suggested by the oldest age from Barbados core 12,
which has been used to constrain the end of MWP-1A at
13.63 ka [Bard et al., 1990; Stanford et al., 2006], but is
consistent with Tahiti [Deschamps et al., 2012].
[52] Deschamps et al. [2012] evaluated the Sunda data from

a different perspective. Specifically, they hypothesized that
given the scatter and uncertainty in the 14C ages (Figure 12c),
MWP-1A was such an abrupt event that all the samples
between 80 and 100 m water depth could be considered to be
the same age. Based on this assumption, they averaged the 14C
ages of all samples occurring in this depth interval to derive a
mean age of 12.415 � 0.032 14C ka BP (1 SD, n = 17). This
mean age for MWP-1A in the Sunda shelf record is the same
as the onset of the Bølling (12.46 � 0.15 14C ka BP) as dated
in North Atlantic sediments [Bard et al., 1987]. Deschamps
et al. [2012] then used the IntCal09 calibration curve to com-
pute a mean calendar age of the Sunda MWP-1A as 14.18–
14.62 ka BP (1s interval), or 14.14–14.94 ka BP (2s interval).
They concluded that despite the large uncertainties, this age
interval does not overlap with that previously based on the
Barbados record [Peltier and Fairbanks, 2006; Stanford et al.,
2006] but is consistent with the timing based on their reas-
sessment of Barbados coral response to rapid sea level rise
(section 4.1) and from the new Tahiti record (section 4.3).

4.3. Tahiti

[53] Bard et al. [1996, 2010] reported a RSL record based
on samples from drill cores from the fringing reef of Tahiti.

CARLSON AND CLARK: SEA LEVEL RISE AND FRESHWATER DISCHARGE RG4007RG4007

15 of 72



The cores penetrated a hiatus in the carbonate sequence
which, based on U/Th dating, corresponds to sea level low-
stand prior to MWP-1A. The oldest age immediately above
the hiatus places a minimum-limiting age of 13.93� 0.06 ka
(Ta-P8-372) for the end of MWP-1A (Figure 12d), which is
older than suggested from Barbados but in good agreement
with the Sunda Shelf record.
[54] Deschamps et al. [2012] extended the Tahiti RSL

record back to 16.1 ka by drilling cores from the fringing fore
reef slope. They proposed that the best constraint for the
onset of MWP-1A is from three coral samples dated at 14.65
� 0.02 ka (15A-37R-1 W 19–28), 14.58 � 0.02 ka (24A-
10R-1 W 65–75), and 14.61 � 0.03 ka (24A-10R-1 W 98–
116) and occurring at a subsidence-corrected water depth of
105 m (Figure 12d). The two youngest samples are associated
with vermetids, indicating growth within 5 m water depth.
[55] The occurrence of MWP-1A in the Tahiti cores is

recorded by the next shallowest in situ corals from a subsi-
dence corrected water depth of 88 m and dated to 14.28 �

0.02 kyr BP (23B-12R-2 W 113–127) and 14.31 � 0.04 ka
(23A-13R-2 W 32–37). Deschamps et al. [2012] noted that
these coral samples, which are also associated with verme-
tids, are the first datable corals to colonize the preglacial
substratum after the MWP-1A sea level jump and thus
[Deschamps et al., 2012, p. 561] “provide the most robust
constraint on MWP-1A timing and clearly indicate that the
sea-level jump was complete before 14.31 kyr BP.” More-
over, these two ages lie on the extension of the general trend
suggested by samples from the onshore holes [Bard et al.,
1996, 2010] (Figure 12d), thus indicating a slower rate of
sea level rise after MWP-1A. Additional evidence in support
of a rapid sea level rise at this time is suggested by evidence
for a major change in reef development, whereby before
MWP-1A, reef growth kept pace with sea level, whereas after
the event, the reef experienced widespread deepening and
backstepping [Deschamps et al., 2012].
[56] Given the 5 m depth uncertainty on the samples asso-

ciated with the beginning and end of MWP-1A at Tahiti,
Deschamps et al. [2012] inferred a 17 m amplitude, with
lowest and uppermost bounds of 12 and 22 m accounting for
depth habitat. However, Deschamps et al. [2012] then con-
sidered two additional approaches to constraining the ampli-
tude. First, they evaluated the habitat zonation of the different
coral species recovered in the cores. Second, they applied
linear regression to the sea level data prior to and following
the event. From these two approaches, they concluded that the
12–22 m amplitude range was unrealistic and instead was
more likely 14–18 m, with a best estimate of 16–17 m for the
amplitude.

4.4. New Guinea

[57] Edwards et al. [1993] and Cutler et al. [2003]
reported RSL data from the Huon Peninsula, Papua New
Guinea (Figure 12e). The oldest sample for deglacial RSL
was 14.61 � 0.05 ka (KNM 46.7) at a relative sea level of
�79 m [Cutler et al., 2003]. In comparison to RSL data from
other sites, this sample may suggest that MWP-1A had
nearly terminated by this time (Figure 12). However,

a prediction from an Earth model that accounts for GIA
effects suggests that this sample may have lived during
MWP-1A [Bassett et al., 2005], although the prediction still
underestimates the RSL suggested by the sample. Cutler et
al. [2003] applied two criteria to assess the possibility of
diagenetic alteration of the dated coral: the initial d234U
value and concordancy between 230Th and 231Pa ages. While
sample KNM 46.7 fulfills the first criterion, Cutler et al.
[2003] did not obtain a corresponding 231Pa age, so the
accuracy of this sample remains uncertain.

4.5. Summary

[58] The acceleration in RSL rise seen in the Barbados
record starting at least at 14.54 ka is in good agreement with
the start of MWP-1A at �14.6 ka suggested from the Sunda
Shelf and Tahiti records [Deschamps et al., 2012]. The
Sunda Shelf and Tahiti records both suggest an age of
14.3 ka for the end of MWP-1A. The amplitude at all three
sites is on the order of 16–19 m, with poorly defined
uncertainty that is nevertheless likely within this range.
Clark et al. [2002] predicted that sea level rise at Tahiti,
where the amplitude (�16 � 2 m) is the best constrained of
the three sites, would be 10–20% greater than the ice-
equivalent contribution (section 7). Accordingly, this sug-
gests that the ice-equivalent contribution was substantially
less than 24 m as first inferred by Fairbanks [1989], and it
now seems more likely that it was on the order of 14 m
[Deschamps et al., 2012]. A continuation of the ongoing
long-term sea level rise of �8 mm yr�1 (section 3) during
the 300 year duration of MWP-1A suggests that the anom-
alous ice-equivalent sea level rise in excess of this long-term
rate was �11.5 m.
[59] Stanford et al. [2011b] combined the deglacial RSL

data sets and used Monte Carlo methods to account for the
uncertainties in the data. They then applied a spline to the
data, accounting for all uncertainties, to derive a global sea
level curve. From this, they concluded that MWP-1A
occurred between 14.3 and 12.8 ka (although they also state
that sea level rise began to accelerate at �14.6 ka and that
MWP-1A [Stanford et al., 2011b, p. 201] “started at around
the time of the Bølling warming (14.6 ka)”). They also
concluded that the event had a much broader structure than
the more abrupt jump inferred from Barbados and Sunda
records (the new Tahiti results were not available), with a
maximum rate of rise at 13.8 ka.
[60] We note that the spline fit smoothes the sea level jump

that is clearly present in the Sunda and Barbados data that
have previously been used to define MWP-1A [Fairbanks,
1989; Hanebuth et al., 2000]. Stanford et al. [2011b] did
not address the misfit with Barbados samples that fall above
their envelope but argued that because the four samples from
Sunda that fall above their sea level envelope are the only
data from cores 18308-2 and 18309-2, they are out of strati-
graphic order. S. A. Marcott et al. (Comment on: Sea-level
probability for the last deglaciation: A statistical analysis of
far-field records, submitted toGlobal and Planetary Change,
2012) argued that there is no a priori explanation why being
the only samples from these cores would cause them to be out
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of stratigraphic order, particularly when their ages overlap
with the ages from the samples that are at greater depths in
the other cores that have been used to define MWP-1A at
Sunda.
[61] Marcott et al. (submitted manuscript, 2012) ran the

same spline function used by Stanford et al. [2011b] individ-
ually through Sunda and Barbados RSL data as well as
through the new Tahiti data, treating the uncertainties in the
same way as Stanford et al. [2011b]. The spline captured the
abrupt MWP-1A event in Tahiti and Barbados, where there is
a clear jump between data points marking the event, but
smoothed the Sunda MWP-1A data, as in Stanford et al.
[2011b]. From this, Marcott et al. (submitted manuscript,
2012) concluded that because polynomials such as splines are
by definition smoothing functions, for a noisy data set such as
the combined RSL data used by Stanford et al. [2011b], a
spline function is unable to capture an event that is well defined
from the stratigraphy but where there is significant noise on
the data, such as at Sunda or in the combined RSL data.

5. MWP-1A: GEOLOGICAL CONSTRAINTS
ON A SOURCE FROM THE NORTHERN HEMISPHERE

[62] Due to its large size, the LIS was originally assumed
to be the sole source of MWP-1A [Fairbanks, 1989; Peltier,
1994]. Other studies have suggested that the CIS and EIS
also contributed to MWP-1A because of evidence for retreat
of these ice sheets around the timing of MWP-1A and sug-
gested that the entire MWP can be explained by Northern
Hemisphere ice sheet retreat [Peltier, 2004, 2005; Tarasov
and Peltier, 2005]. Here we review the geologic record of
these ice sheets to assess their potential contributions to
MWP-1A and place these comparisons in the context of ice
sheet model results. We also summarize the various pub-
lished estimates for sea level rise spanning the MWP-1A
event (Table 1). None of these estimates reflect the shorter
duration (�300 years) for MWP-1A now established from
Tahiti, and so in section 5.3, we scale the estimates based on
this new duration. In addition, we assume that the ongoing
long-term sea level rise prior to MWP-1A that was estimated

for each of the individual approaches discussed here con-
tinued through the event. We then subtract this from the total
rise associated with the MWP-1A interval to derive the
amount of anomalous sea level rise that occurred during
MWP-1A in excess of this long-term rise. It is this anoma-
lous rate that presumably reflects the ice sheet response to
the mechanism(s) responsible for triggering MWP-1A.

5.1. North American Ice Sheet Contributions

[63] The terrestrial record of the LIS is constrained by
radiocarbon dates along its southern, eastern, and northern
margins around the time of MWP-1A, which can be com-
pared with marine records of runoff through the various
outlets of the LIS. Following the Mackinaw Interstadial
(�16.5–15.2 ka), the southern LIS margin readvanced dur-
ing the Port Huron Stadial (�15.2–14.1 ka) (Figure 13)
[Hansel and Mickelson, 1988], which encompasses the time
of MWP-1A. Port Huron Stadial moraines are traceable from
the James lobe in South Dakota to the Lake Huron lobe
around Lakes Erie and Ontario and are well constrained by
maximum-limiting 14C dates from organic material under-
lying and in till from the advance and by minimum-limiting
14C dates overlying the deposited till [Clayton and Moran,
1982; Dyke, 2004; Dyke and Prest, 1987; Mickelson et al.,
1983]. In some cases, the ice advance caused highstands of
proglacial lakes in the Great Lakes basins that indicate the
presence of ice in the basin and can be dated by organic
material preserved in beach deposits [e.g., Hansel and
Mickelson, 1988].
[64] In South Dakota, the James lobe readvance occurred

after 14.2 � 0.5 ka (12.18 � 0.36 14C ka BP, GX-5611),
whereas the Des Moines lobe readvance in Iowa occurred
after 14.7 � 0.5 ka (12.61 � 0.25 14C ka BP, ISGS-641)
(Figure 14a) [Bettis et al., 1996; Clayton and Moran, 1982].
In Wisconsin, the Green Bay lobe readvanced after 15.6 �

0.5 ka (12.97 � 0.20 14C ka BP, WIS-2293) [Maher et al.,
1998], and the Lake Michigan lobe readvanced after 16.6
� 0.2 ka (13.47 � 0.13 14C ka BP, ISGS-1378) [Licciardi et
al., 1999]. The Lake Huron lobe also readvanced after 15.7
� 0.8 ka (12.92 � 0.40 14C ka BP, W-430) [Licciardi et al.,

TABLE 1. Estimates of Northern Hemisphere Ice Sheet Contributions to MWP-1A
a

Study Method Ice Sheet Duration (years) Sea Level Contribution (m) Anomaly (m)

Licciardi et al. [1998]b flow-line ice sheet LIS 1300 5.6 to 6.6 3.1 to 4.3
Peltier [2004] ICE-5G LIS 500 16.5
Carlson [2009] d18O runoff LIS 500 4.4 to 5.3
Carlson et al. [2012] GCM–surface mass balance LIS 500 5.8 to 8.0 1.9 to 3.9
This studyc ice area-volume LIS 800 5.7 to 7.3 3.5 to 4.9
Tarasov and Peltier [2006] ice sheet model LIS/CIS 500 6.3 to 9.8 4.5 to 7.6
Tarasov et al. [2012]d ice sheet model LIS/CIS 500 9.4 to 13.8 5.4 to 8.8
Gregoire et al. [2012] ice sheet model LIS/CIS 500 9 3 to 4
Peltier [2004] ICE-5G CIS 500 3.6
Carlson et al. [2012] and this studyc ice area-volume CIS 800 1.0 to 1.4 0.4 to 0.6
Peltier [2004] ICE-5G SIS/BKIS 500 4.6
Siegert and Dowdeswell [2004] ice sheet model SIS/BKIS 500 1.0 to 2.0 0
This studyc ice area-volume SIS/BKIS 1000 4.1 to 5.7 �1.1 to +1.1

aNote the different time intervals over which these volumes are computed.
bAges modified to match the new dates of Dyke [2004].
cResults based on area maps of Dyke [2004] and the DATED Project.
dNote that this study excluded LIS/CIS MWP-1A contributions that were less than 7 m.
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1999]. Advance of the Lake Michigan lobe caused the
Glenwood and Calumet high lake levels in the Lake Michi-
gan Basin that lasted from at least 14.8 � 0.7 ka (12.65 �

0.35 14C ka BP, W-140) to after 14.3 � 0.5 ka (12.22 �

0.35 14C ka BP,W-161) (Figure 14a) [Hansel andMickelson,
1988]. Highstands of Lakes Erie and Ontario also show that
ice was present in these basins from at least 15.5 � 0.5 ka
(12.90 � 0.20 14C ka BP, I-3175) to 13.9 � 0.1 ka (12.10 �

0.10 14C ka BP, W-861) [Fullerton, 1980; Licciardi et al.,
1999; Muller and Calkin, 1993].
[65] The southern LIS margin retreated from its maximum

Port Huron Stadial position (Figure 13) in South Dakota
before 13.9� 0.3 ka (12.03� 0.21 14C ka BP, S-553) and in
Iowa before 13.9 � 0.3 ka (12.03 � 0.20 14C ka BP, W-354)
(Figure 14a) [Bettis et al., 1996; Clayton and Moran, 1982],
with both lobes retreating north into Minnesota prior to
14.0 � 0.1 ka (12.14 � 0.09 14C ka BP, ETH-32334)
[Lepper et al., 2007]. In Wisconsin and farther east, the Two
Creeks Forest grew on top of till deposited during the Port
Huron Stadial and constrains ice retreat to before 14.0 �

0.1 ka (12.11 � 0.07 14C ka BP, Beta-11558) for the Green
Bay lobe and 13.9 � 0.1 ka (12.04 � 0.06 14C ka BP, ETH-
8273) for the LakeMichigan lobe (Figure 14a) [Kaiser, 1994;
Larson et al., 1994; Licciardi et al., 1999; Mickelson et al.,
2007]. Rech et al. [2012] dated mollusk shells from just
below the Two Creeks Forest Bed but above lake sediment
indicative of Lake Michigan lobe presence in the lake basin
and obtained ages of 13.9� 0.1 ka (12.09� 0.07 14C ka BP,
AA-83095) to 14.4 � 0.3 ka (12.39 � 0.07 14C ka BP,
AA-83097). However, these shells grew on a Paleozoic car-
bonate terrane and thus likely contain some amount of 14C-
dead carbon from the underlying sediment largely composed
of the local carbonate bedrock, which would shift ages older
than their true age. The ice margins of the Green Bay and
Lake Michigan lobes retreated �100 km during the waning
phase of the Port Huron Stadial at 14.5–14.0 ka [Dyke, 2004;
Hansel and Mickelson, 1988; Licciardi et al., 1999]. Farther
west, the retreat distance of the Des Moines and James lobes
was greater, with the ice margin at the Big Stone Moraine
250–300 km north of the Port Huron maximum extents
before �14.0 ka (Figure 13) [Clayton and Moran, 1982;

Lepper et al., 2007]. The Lake Huron lobe began to retreat as
indicated by the termination of the high lake stand in Lake
Ontario after 13.9� 0.1 ka (12.10� 0.10 14C ka BP, W-861)
[Licciardi et al., 1999; Muller and Calkin, 1993] with
northward retreat by >50 km out of the St. Lawrence Valley
before 13.4 � 0.1 ka (11.53 � 0.09 14C ka BP) and 13.0 �

0.1 ka (11.05 � 0.09 14C ka BP, WW-5383) (Figure 14a)
[Rayburn et al., 2011; Rodrigues, 1992]. The relatively lim-
ited amount of retreat of the southern LIS margin during
MWP-1A constrained by this well-documented chronology
thus suggests little contribution from this portion of the LIS to
MWP-1A.
[66] The southeastern LIS margin is well dated by the

New England varve chronology that is supported by several
cosmogenic radionuclide 10Be boulder ages. The New Eng-
land varve chronology is anchored by six 14C dates during
the period of MWP-1A and indicates �130 km of northward
margin retreat at 14.5–14.0 ka from the Perry Mountain
Moraine to the Littleton Moraine at 0.26–0.60 km yr�1

(Figure 14b) [Balco et al., 2009; Ridge, 2003, 2004] (http://
geology.tufts.edu/varves/NAVC/navcdeglac.asp). Retreat rates
prior to �14.5 ka were slower than during MWP-1A at
<0.1 km yr�1 but continued at a similar rapid rate after
MWP-1A (0.30–0.70 km yr�1). Farther north, the LIS
remained on the coast of Labrador during MWP-1A, showing
little change in its position [Clark et al., 2003; Dyke, 2004],
which may reflect a potential increase in precipitation over
this portion of the LIS in response to Bølling warming [Carlson
et al., 2012]. The deposition of IRD from LIS calving in
the Gulf of St. Lawrence and Hudson Strait also remained
low during MWP-1A, implying little change in the dynamics
of the marine terminating portions of the eastern LIS [Andrews
and Tedesco, 1992; Bond et al., 1999; Keigwin and Jones,
1995]. From these constraints, we conclude that the eastern
LIS did not contribute significantly to MWP-1A.
[67] Southern LIS meltwater during the Port Huron Stadial

was predominately routed southward through the Mississippi
River [Licciardi et al., 1999] (section 3.2), which is recorded as
a planktonic d18O decrease of �0.6‰ and surface water d18O
of seawater (d18Osw; temperature-corrected d18O) decrease of
�0.3‰ in the Gulf of Mexico (Figure 15d) [Aharon, 2006;

Figure 13. Map of southern LIS margin positions around the time of MWP-1A [Dyke, 2004]. Blue line is
maximum extent during the Port Huron Stadial. Red line is a recessional ice margin position during the Port
Huron Stadial. Black is the ice margin extent during the subsequent Two Creeks Interstadial. LIS lobe
names are also indicated as is the routing of meltwater during the Port Huron Stadial [Licciardi et al., 1999].
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Flower et al., 2004]. Benthic d18Odecreases aswell by�2.2‰
(Figure 15e), suggestingmeltwater entering the Gulf ofMexico
as a hyperpycnal flow [Aharon, 2006; Marchitto and Wei,
1995]. Aharon [2006] suggested that these Gulf of Mexico
planktonic and benthic d18O decreases recorded 12.2–14.4 m
of equivalent sea level rise, but he did not include the impact of
low d18O values from LIS meltwater in his calculations. Using
a runoff-ocean mixing model, Carlson [2009] found that when
reduced runoff d18O from LIS meltwater was accounted for,
these d18O decreases reflected ≤2.7 m of equivalent sea level
rise from meltwater discharge down the Mississippi River
during MWP-1A. Note, however, that the decreases in plank-
tonic d18O and d18Osw occur over a significantly longer interval
than MPW-1A, only decreasing at �12.9 ka, and therefore,
hypopycnal meltwater discharge down the Mississippi River
was not anomalous duringMWP-1A relative to later discharge.
[68] Planktonic d18O also decreased by �0.7‰ off of the

eastern runoff outlets (Hudson and St. Lawrence Rivers) of
the LIS [Keigwin et al., 2005], which, if interpreted to reflect
increased meltwater discharge, would be equivalent to
≤2.1 m of sea level rise [Carlson, 2009]. Subsequent recon-
structions of water temperature using Mg/Ca in planktonic
foraminifera, however, found that the d18O decrease was due
to �1.6�C of warming in the northwestern Atlantic during
the Bølling [Obbink et al., 2010]. After removing the effects
of this warming, d18Osw increases by 0.7–0.8‰ during
MWP-1A (Figure 15c), suggesting a reduction in meltwater
discharge to the North Atlantic through the Hudson and
St. Lawrence Rivers and further implying a small contribu-
tion from this portion of the LIS to MWP-1A. Eastern outlet
d18Osw subsequently decreased after �14.2 ka by �0.8‰,
but this reflects the retreat of the southern LIS during the
latter part of the Port Huron Stadial (Figure 13) and routing of
its meltwater runoff eastward as the eastern Great Lakes
deglaciated during the Two Creeks Interstadial [Clark et al.,
2001; Licciardi et al., 1999; Obbink et al., 2010].
[69] After advancing to its LGM extent at �29 ka, the

northern margin of the LIS in the Canadian Arctic Archi-
pelago began to deglaciate around the time of MWP-1A
[Dyke, 2004; England et al., 2009]. Radiocarbon dates on
marine shells related to the marine limit from Melville and
Banks Islands indicate deglaciation of McClure Strait prior
to 14.1 � 0.2 ka BP (740 year reservoir corrected to 12.18 �
0.03 14C ka BP, UCIAMS-24770) and 14.0 � 0.1 ka BP
(740 year reservoir corrected to 12.26 � 0.10 14C ka BP,
TO-11308), respectively (Figure 14a) [England et al., 2009].
However, ice remained farther south on Victoria Island until
�13.3 ka, as indicated by the oldest marine limit of 13.3 �

0.1 ka BP (740 year reservoir corrected to 11.46 � 0.10 14C
ka BP, GSC-3511) (Figure 14a) [Dyke, 2004]. Similarly, the
coast of mainland Arctic Canada south of the archipelago
has a marine limit of 13.3 � 0.2 ka BP (740 year reservoir
corrected to 11.45 � 0.16 14C ka BP, AECV-643Cc) [Dyke,
2004]. Together, these marine limits suggest only deglacia-
tion of the outer islands of the Canadian Arctic Archipelago
during MWP-1A. The breakup of ice on these outer islands
before �14.0 ka is further reflected in increased carbonate
IRD deposition in the Arctic Ocean [Darby et al., 2002], a

Figure 14. Northern Hemisphere ice sheet records span-
ning MWP-1A. (a) Radiocarbon dates that constrain the
advance and retreat of the southern LIS during the Port
Huron Stadial (blue maximum limiting on advance, red min-
imum limiting on retreat, and green showing lake level high-
stands and thus ice advanced in the lake basin) for the Lake
Huron lobe (LHL), the Lake Michigan lobe (LML), Green
Bay lobe (GBL), Des Moines lobe (DML), and James lobe
(JL). Also shown are minimum-limiting dates for northwest
LIS retreat in the Canadian Artic Archipelago. (b) Distance
south for the southeast SIS relative to its extent at the Youn-
ger Dryas (black with symbols and uncertainties based on
10Be dated moraines) [Rinterknecht et al., 2006] and dis-
tance north for the southeast LIS margin relative to southern
Connecticut dated by the New England varve chronology
(blue line) [Ridge, 2003, 2004]. (c) Percent of the area
remaining of the LIS (red), CIS (green), and SIS/BKIS (light
blue) [Dyke, 2004; R. Gyllencreutz and J. Mangerud,
DATED Project unpublished data, 2010]. (d) Relative sea
level records. Squares are coral sea level data (red from
New Guinea, light green from Tahiti, and black from Barba-
dos) [Edwards et al., 1993; Bard et al., 1996; Peltier and
Fairbanks, 2006; Deschamps et al., 2012]. Crosses are man-
grove sea level data from Sunda Shelf (red are in situ, and
dark green are not in situ) [Hanebuth et al., 2000]. Depth
and age range are indicated for relative sea level data. Gray
bar denotes the range in timing and duration of MWP-1A.
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decrease in planktonic d18O by 0.7–0.8‰ [Poore et al.,
1999], and an increase in Ba/Ca [Hall and Chan, 2004]
(Figure 15b), indicative of increased iceberg and meltwater
discharge. Modeling of the d18O decrease suggests that
≤0.5 m of sea level rise equivalent meltwater was discharged
to the Arctic Ocean from LIS retreat during MWP-1A
[Carlson, 2009].
[70] Estimates of the total LIS contribution to MWP-1A

vary widely. Because of its size, Peltier [1994] assumed that
all of the sea level rise originated from the LIS. Although no
explanation was provided, Peltier [2004, 2005] revised this
assumption with a contribution of 16.5 m equivalent sea level
rise from the LIS and another 3.6 m equivalent sea level rise
from the adjacent CIS, with the remainder coming from EIS
(Figure 16a and Table 1). In their Bayesian ice sheet

modeling experiments, Tarasov and Peltier [2005, 2006]
modeled combined LIS and CIS contributions to MWP-1A
of 8.1 � 1.8 m equivalent sea level rise (Figure 16a and
Table 1). More recently, Tarasov et al. [2012] modeled a
larger combined LIS and CIS MWP-1A contribution of
11.6 � 2.2 m of equivalent sea level rise. Gregoire et al.
[2012] used a one-way coupling of an ice sheet and climate
model to simulate a combined LIS and CIS contribution of
�9 m, assuming that the separation of the LIS and the CIS
in their model corresponded with MWP-1A. The above
discussed geologic records do not support the larger end of
these assumed or dynamically modeled North American ice
MWP-1A contributions. The area lost strictly from the LIS
during MWP-1A (Figure 14c) [Dyke, 2004] equates to a sea
level rise equivalent volume of 4.3 � 0.5 m [Carlson, 2009]
assuming an ice surface in equilibrium [Paterson, 1994],
which was likely not the case during deglaciation. If ice on
the eastern Canadian Arctic Archipelago and the Innuitian Ice
Sheet are included [Dyke, 2004], the sea level rise contribu-
tion increases to 6.5� 0.8 m. We note, however, that the LIS
area lost during MWP-1A is not anomalous relative to the
following millennium (Figure 14c). Applying the same
approach to the CIS area lost (Figure 14c) [Dyke, 2004] sug-
gests a MWP-1A contribution of 1.2 � 0.2 m of sea level rise
from this ice sheet, but this is likely an overestimate due to the
underlying mountainous terrain [Carlson et al., 2012]. The
aforementioned decreases in d18O adjacent to the LIS outlets
imply that ≤5.3 m equivalent sea level rise was discharged
from the LIS during MWP-1A [Carlson, 2009]. Equilibrium
flow line ice sheet modeling reconstructed a LIS mass loss of
5.6–6.6 m equivalent sea level rise between 15.4 and 14 ka
[Licciardi et al., 1998]. Similarly, modeling of the surface
mass balance response to Bølling warming simulated a 2.9 �

1.0 m sea level rise contribution in 500 years in response to the
warming, which was in addition to an ongoing sea level rise
contribution of 4.0 � 0.8 m in 500 years, yielding a total
MWP-1A contribution of 6.9 � 1.1 m from LIS surface
ablation minus precipitation [Carlson et al., 2012].
[71] The largerMWP-1A contributions fromNorth America

in many of the model simulations by Tarasov and Peltier
[2005, 2006] and Tarasov et al. [2012] may result from their
simplified climate forcing [Tarasov and Peltier, 2004]. Spe-
cifically, Tarasov and Peltier [2004] stated that “The use of a
single climate proxy index based upon the Greenland Summit
d18O record together with the above-defined ”phase factor’ is
highly unlikely to allow us to capture the complexities of
deglacial climate change over NA [North America]” (p. 366).
They added that “The use of a downstream paleorecord (GRIP
d18O) as a proxy for the time dependence of the climate forc-
ing is a significant limitation of the current analyses” (p. 378).
This suggests that there is considerable uncertainty in any
attempt to associate a centennial-scale response of their ice
sheet model to an actual climate change such as the centennial-
scale Bølling warm period.Marshall and Clarke [1999] used a
similar climate forcing scheme but did not attempt to correlate
any individual melting event with a climate event because of
the serious limitations in the use of the Greenland Ice Core
Project (GRIP) d18O record as a proxy for climate forcing. In

Figure 15. Runoff records duringMWP-1A. (a) Norwegian
Sea planktonic (solid) and benthic (open symbols) d18O
[Lehman et al., 1991; Dokken and Jansen, 1999]. (b) Arctic
planktonic d18O (blue) and Ba/Ca (purple) [Poore et al.,
1999; Hall and Chan, 2004]. (c) d18Osw from adjacent to
the LIS eastern runoff outlets [Obbink et al., 2010]. (d) Gulf
of Mexico (GOM) planktonic d18Osw [Flower et al., 2004].
(e) GOM benthic d18O [Aharon, 2006]. (f) Relative sea level
data. Squares are coral sea level data (red from New Guinea,
light green from Tahiti, and black from Barbados) [Edwards
et al., 1993; Bard et al., 1996; Peltier and Fairbanks, 2006;
Deschamps et al., 2012]. Crosses are mangrove sea level data
from Sunda Shelf (red are in situ, and dark green are not in
situ) [Hanebuth et al., 2000]. Depth and age range indicated
for relative sea level data. Gray bar denotes the range in tim-
ing and duration of MWP-1A.

CARLSON AND CLARK: SEA LEVEL RISE AND FRESHWATER DISCHARGE RG4007RG4007

20 of 72



particular, the Summit Greenland ice core d18O records may
not be directly related to temperature and precipitation over
North America because changes in Greenland ice core d18O
may be in response to changes in the LIS height and extent
[LeGrande and Schmidt, 2009].
[72] Scaling of the GRIP d18O record across the entire LIS

may also overestimate the degree of warming into the Bølling
because the Summit Greenland ice cores exhibit the largest
degree of warming into the Bølling relative to the rest of the
Northern Hemisphere [Shakun and Carlson, 2010]. The
Tarasov and Peltier [2004, 2005, 2006] and Tarasov et al.
[2012] climate forcing has �14�C of abrupt Bølling warm-
ing. This is likely larger than occurred along the southern
margins of the LIS where pollen records indicated the Bølling
to be cooler than the subsequent Allerød period [Gill et al.,
2009; Gonzales and Grimm, 2009; Grimm et al., 2009]. In
contrast, Carlson et al. [2012] used the climate forcing from
the fully coupled National Center for Atmospheric Research
general circulation model (GCM) transient simulation that
successfully simulated changes in AMOC, Greenland, and
North Atlantic climate during the Oldest Dryas and Bølling
[Liu et al., 2009]. This model transient simulation captured
the �10�C of mean annual warming over Greenland at the
Bølling [Severinghaus and Brook, 1999] but simulated <4�C
of summer warming along the southern margin of the LIS.
The significantly larger Bølling warming in the Tarasov and
Peltier [2004, 2005, 2006] and Tarasov et al. [2012] climate
forcing can explain, at least in part, the larger MWP-1A
contribution they simulate from the LIS relative to other
estimates and simulations.
[73] A comparison between reconstructed and modeled ice

streams of the LIS [Stokes and Tarasov, 2010] indicated that
subglacial till viscosity in the Tarasov and Peltier [2005,
2006] model was increased prior to MWP-1A, thus allowing
ice to thicken and increase in volume, with subsequent ice

discharge during the MWP upon a prescribed weakening of
the till viscosity [Tarasov et al., 2012]. According to Stokes
and Tarasov [2010, p. 2], “The location of fast ice flow is
not prescribed but evolves freely when basal ice approaches
the pressure melting point, subject to calibrated temporal
controls for Heinrich events 1 and 2 and meltwater pulse 1a
(i.e., two calibration parameters control a temporary increase
in regional subglacial till viscosity for a few thousand years
prior to these events with return to baseline viscosities at
24 ka (H2), 17.1 ka (H1) and 14.5 ka (Mwp1-a)).” Tarasov
and Peltier [2005, 2006] also applied the same method of
forcing for Heinrich events in their model. Their model cli-
mate forcing (GRIP d18O), however, is quite different for
Heinrich events and MWP-1A as the former occurred during
cold stadials whereas the latter was during the Bølling warm
period. Similarly, sea level rise occurred over millennia
during Heinrich events [Clark et al., 2007; Hemming, 2004;
Siddall et al., 2008], whereas MWP-1A is defined by a
centennial-scale jump in sea level [Fairbanks, 1989]. The
very different climate states and sea level changes between
Heinrich events and MWP-1A suggests that a change in till
viscosity is unlikely to be a common contributing forcing for
both MWP-1A and Heinrich events.
[74] While Tarasov et al. [2012] did not use a till viscosity

forcing during MWP-1A, this suite of simulations allowed
for uncertainties in the LIS margin chronology of Dyke
[2004] of �1000 years during the deglaciation up to 9 ka,
when the uncertainty decreased to �500 years. While some
of the LIS margin locations during the last deglaciation may
have an uncertainty of �1000 years, during MWP-1A the
southwest to eastern LIS margins are well mapped and dated
(see above discussion), and an uncertainty of �1000 years is
an overestimate. Radiocarbon-dated marine limits constrain
the northern LIS margin during MWP-1A and have uncer-
tainties of less than �1000 years. The �1000 year margin

Figure 16. MWP-1A contribution estimates from Northern Hemisphere ice sheets (blue, SIS that
includes the BKIS; green, CIS; red, LIS; and purple, LIS + CIS). (a) Contribution to sea level rise around
the time of MWP-1A (see duration over which the volume is integrated in Table 1). (b) Anomalous sea
level rise around the time of MWP-1A relative to the preceding interval of ice sheet retreat.
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uncertainty will bias the simulations of Tarasov et al. [2012]
to larger LIS MWP-1A contributions because the greater LIS
retreat that occurred during the Allerød after �14 ka (see
section 8 and Figure 14c) may be included as part of the
Bølling and thus contribute to MWP-1A. Southern LIS
margins advanced just prior to MWP-1A and were therefore
more retracted 1000 years prior to MWP-1A, also allowing
for a greater MWP-1A contribution than if a more realistic
margin uncertainty were employed. We note that in screen-
ing their ice sheet model simulations, Tarasov et al. [2012]
apply an initial filter that excludes simulations that have a
LIS + CIS MWP-1A contribution of <7 m of equivalent sea
level rise and penalize simulations for final analysis that
have a contribution of between 7 and 9.5 m, which further
biases their results toward larger MWP-1A contributions
from the LIS than if this initial screening and penalization
was not employed. Given the above discussion of the
existing data on the LIS, we suggest that the geologic record
does not support such filtering.
[75] Gregoire et al. [2012] forced an ice sheet model of

the LIS and CIS with transient deglacial climate from a
GCM that had ICE-5 G topographic boundary conditions.
They simulated a peak in LIS and CIS melting at �11.5 ka
due to the separation of the LIS and CIS and attendant
increase in ablation area. The resulting sea level rise was
�9 m over �500 years, with a sea level rise anomaly of 3–
4 m (Figure 16) of which at least one third was sourced from
the CIS. Gregoire et al. [2012] suggested that the separation
of the LIS from the CIS may be concurrent with MWP-1A
rather than at 11.5 ka as their model simulated. However, the
oldest minimum-limiting 14C date from the center of the
confluent LIS and CIS margins indicates that these two ice
sheets had largely separated before 17.0 � 0.2 ka (13.97 �

0.17 14C ka BP, TO-2742) [Clague and James, 2002; Dyke,
2004]. Other minimum-limiting 14C dates imply that CIS
retreat did accelerate during MWP-1A (Figure 14c) [Clague
and James, 2002; Dyke, 2004], although its sea level rise
contribution may be overestimated in Gregoire et al.’s
[2012] ice sheet model, insofar as it does not resolve the
high-relief topography of the Canadian Cordillera.
[76] In summary, multiple lines of geological and modeling

evidence point to a LIS MWP-1A contribution of 6–8 m with
an additional contribution from the CIS of <1 m, which agrees
with the lower end of the Tarasov and Peltier [2006] and
Tarasov et al. [2012] dynamic ice sheet model results and the
dynamic ice sheet model results ofGregoire et al. [2012] if the
CIS and LIS separation occurred later than suggested by
existing ice margin constraints [Dyke, 2004] (Figure 16a and
Table 1). We note that the middle to higher end of the Tarasov
and Peltier [2006] and Tarasov et al. [2012] simulations may
contain potential biases that lead to larger LIS + CISMWP-1A
contributions than supported by the geologic record. We also
emphasize that a significant fraction of this contribution
represents ongoing sea level rise at rates similar to those before
and after the event, with the anomalous sea level rise con-
tributions from the LIS and CIS to MWP-1A being a smaller
volume (Figure 16b and Table 1).

5.2. European Ice Sheet Contributions

[77] Tarasov and Peltier [2005] and Peltier [2005] sug-
gested that a large contribution to MWP-1A came from the
Barents-Kara Ice Sheet (BKIS) part of the EIS complex,
stating that [Tarasov and Peltier, 2005, p. 662] “Given the
inferred collapse of the Barents Sea ice sheet during this
interval [the Bølling]…, it follows that a substantial fraction
of the remaining contribution to mwp-1a is due to Eurasian
sources.” However, we suggest that this was a misunder-
standing by these authors in using the radiocarbon versus
calibrated year chronology for the disintegration of the
BKIS. One record of the demise of the BKIS comes from the
�1.0‰ decrease in planktonic d18O adjacent to the BKIS
[Jones and Keigwin, 1988] and throughout the Norwegian
Sea [Karpuz and Jansen, 1992] that occurred 15.0–14.0 14C
ka BP (19.0–18.5 ka BP in calibrated years). This timing is
supported by minimum-limiting radiocarbon dates overlying
till within the BKIS LGM margin, which indicate that the
onset of BKIS retreat occurred prior to 19.5 � 0.1 ka
(440 year reservoir corrected to 16.44 � 0.08 14C ka BP,
Beta-71988), whereas minimum-limiting radiocarbon dates
from well within the BKIS LGM margin of 15.7 � 0.3 ka
BP (13.25 � 0.14 14C ka BP, Tua-183) to 14.0 � 0.2 ka BP
(12.70 � 0.12 14C ka BP, AA-9458) indicate a significantly
reduced ice sheet by this time [Landvik et al., 1998].
Applying a larger reservoir correction of up to 1000 14C years
to these records still does not shift the dates young enough for
the BKIS to be a significant source of MWP-1A. Conse-
quently, much of the BKIS deglaciation occurred prior to
MWP-1A, and it therefore could not have made a significant
contribution to this event.
[78] The history of the Scandinavian Ice Sheet (SIS) part of

the EIS complex during MWP-1A is constrained by cosmo-
genic radionuclide and radiocarbon dates. Along its southeast
margin, the SIS readvanced to the Pomeranian Moraine prior
to MWP-1A with subsequent retreat beginning at 14.6 �

0.3 ka based on 10Be ages on moraine boulders (Figure 14b)
[Rinterknecht et al., 2005, 2006, 2007], corresponding to the
start of MWP-1A. Ice only retreated �100 km north, how-
ever, before depositing the Middle Lithuanian Moraine prior
to 13.6� 0.3 ka [Rinterknecht et al., 2006, 2007], suggesting
little contribution from this sector of the SIS to MWP-1A.
Cosmogenic and radiocarbon dates indicate that subse-
quent retreat of the southeastern SIS accelerated, retreating
�500 km north in �600 years (Figure 14b) [Rinterknecht
et al., 2006], after the end of MWP-1A. Although the
southwestern and western SIS margins retreated <50 km
during MWP-1A [Boulton et al., 2001], 10Be boulder and
bedrock dates suggest that some thinning occurred during
MWP-1A, with decreases in ice surface elevation of 350–
500 m between �16.5 and 11.0 ka [Brook et al., 1996;
Goehring et al., 2008; Linge et al., 2006]. Planktonic and
benthic d18O records from the adjacent Norwegian Sea show
0.4–0.5‰ and 0.2–0.5‰ decreases, respectively, at 14.5–
14.0 ka (Figure 15a) [Dokken and Jansen, 1999; Lehman
et al., 1991; Koc and Jansen, 1994], which may reflect SIS
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retreat during MWP-1A. Alternatively, this signal may
record warming of the Norwegian Sea due to invigoration of
the AMOC at the onset of the Bølling [McManus et al., 2004;
Praetorius et al., 2008]. For example, Karpuz and Jansen
[1992] documented coincident Norwegian Sea surface
warming of 2–4�C, which could explain all of the observed
planktonic d18O decrease and which could also have influ-
enced the benthic record by advection of the warmer water
mass to depth [Skinner et al., 2003].
[79] The new compilation of the EIS area through the last

deglaciation by the Digital Atlas of the Eurasian Deglacia-
tion (DATED) Project (http://www.gyllencreutz.se/dated.
html; R. Gyllencreutz and J. Mangerud, personal communi-
cation, 2010) shows that although these ice sheets retreated
during MWP-1A, the rates of retreat were similar to rates
prior to MWP-1A (Figure 14c). Scaling the area loss to ice
volume [Paterson, 1994] suggests a sea level rise contribu-
tion from the EIS of 4.9 � 0.8 m between �15 and 14 ka,
which is essentially the same as the preceding sea level rise
contribution of 4.9 � 1.8 between �16 and 15 ka (Figure 16
and Table 1). These values agree with dynamic ice sheet
model results that suggest 1–2m of sea level rise from the SIS
and BKIS between 14.5 and 14 ka at rates that are similar to
the preceding 1 kyr (Figure 16 and Table 1) [Siegert and
Dowdeswell, 2004].

5.3. Summary

[80] To summarize, our estimates for the sea level con-
tributions of the LIS (6–8 m), the CIS (<1 m), and the SIS
(1–3 m) suggest a combined Northern Hemisphere sea level
contribution of 7–12 m over a 500–800 year period spanning
MWP-1A. The contribution to this amount (7–12 m) above
ongoing ice sheet retreat rates is, however, only 3–8 m of ice-
equivalent sea level rise (Figure 16 and Table 1). Because the
event is now constrained to have been 300 years in duration
[Deschamps et al., 2012], however, these amounts should be
reduced by 40% to give 4–7 m for the total during MWP-1A
and 2–5 m above ongoing ice sheet retreat rates. Accord-
ingly, Northern Hemisphere ice sheets may have contributed
at most 50% of the ice-equivalent sea level rise associated
with MWP-1A (14 m total, 11.5 m anomalous), with the
majority of this coming from the LIS.

6. MWP-1A: GEOLOGICAL CONSTRAINTS
ON A SOURCE FROM ANTARCTICA

[81] In evaluating possible ice sheet sources for MWP-1A,
Clark et al. [1996] were unable to identify any clear evidence
that supported the prevailing argument for a substantial
Northern Hemisphere contribution [Fairbanks et al., 1992;
Keigwin et al., 1991; Peltier, 1994], with ice sheet models
suggesting�3 m of sea level sourced from the LIS [Licciardi
et al., 1998]. They thus concluded that the AIS was the only
other plausible source, acknowledging that there were no
high-resolution records available at the time to test that
hypothesis. Since that time, a number of studies have con-
structed chronologies of AIS deglaciation, largely based on
terrestrial records, with the majority of the work concluding
that the AIS did not contribute significantly to MWP-1A,

with most mass loss occurring afterward [Ackert et al., 1999,
2007; Baroni and Hall, 2004; Conway et al., 1999; Harris
and Beaman, 2003; Licht, 2004; Mackintosh et al., 2011;
Smith et al., 2010]. Nevertheless, there is also evidence for a
change in AIS volume at the time of MWP-1A [Bassett et al.,
2007; Heroy and Anderson, 2007; Price et al., 2007], and as
discussed in section 7, geophysical modeling of far-field sea
level records indicates that the geographic signature of the
non-ice-equivalent sea level component of MWP-1A is most
consistent with a contribution from the AIS [Bassett et al.,
2005; Clark et al., 2002].
[82] In this section, we assess the chronological constraints

that have been used to argue against a significant AIS con-
tribution to MWP-1A. Although these data have significantly
improved our understanding of the timing of the last degla-
ciation, we find that there is considerable uncertainty in the
history of grounding line retreat, and little is known about the
timing of ice surface lowering prior to the Holocene.

6.1. Issues in Developing Antarctic Geochronologies

6.1.1. Radiocarbon
[83] Two factors contribute to potentially large uncertain-

ties in radiocarbon-based chronologies derived from marine
sediments from the Antarctic continental shelves. The first is
that the reservoir age of dissolved inorganic carbon (DIC) in
the surface mixed layer in the Southern Ocean is much older
than that of other oceans due to exchange with 14C-depleted
deep water and to the presence of sea ice which suppresses
CO2 exchange between the atmosphere and the ocean
[Gordon and Harkness, 1992]. Most reservoir ages measured
on twentieth century prebomb specimens range from 1000 to
1700 years, with the range likely representing some combi-
nation of vital effects and spatial variability in upwelling of
deep waters [Berkman and Forman, 1996; Ohkouchi and
Eglinton, 2008]. An average value of 1300 � 100 years is
commonly used for the reservoir age [Berkman and Forman,
1996], but the larger measured range becomes important
when trying to establish chronologies at centennial resolu-
tion. Moreover, this correction is based only on samples from
the early twentieth century, but it may have changed through
time, especially during the deglaciation in association with
large changes in ventilation and upwelling [Anderson et al.,
2009], sea ice extent [Shemesh et al., 2002], and ice sheet
meltwater fluxes [Domack et al., 1989].
[84] The second factor is that because carbonate fossils are

rare in Antarctic marine sediments, many constraints on
deglaciation from the continental shelf are based on radio-
carbon of the bulk acid insoluble organic (AIO) carbon
fraction sub–ice shelf sediments. AIO 14C ages from surface
sediments, however, are consistently older than the�1300 year
reservoir age in modern DIC, with a range in any given
region of as much as 26,000 14C years that largely reflects
reworking of older organic matter [Andrews et al., 1999b;
Harris and Beaman, 2003; Licht et al., 1999; McKay et al.,
2008; Ohkouchi and Eglinton, 2008]. Corresponding age
corrections for each core site are conventionally established
by subtracting the age of the AIO at the modern sediment-
water interface [Andrews et al., 1999b; Domack et al., 1999;
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Harris and Beaman, 2003; Licht and Andrews, 2002;
Mackintosh et al., 2011], but given the large spatial vari-
ability in the age of surface sediments, this makes the highly
uncertain assumption that the amount of reworked organic
matter has remained the same at each core site through time.
AIO 14C ages obtained from diatomaceous mud or ooze that
may overlie sub–ice shelf sediments are more reliable
[Domack et al., 1999] and closely constrain the timing of the
transition to open marine conditions, but they only provide
limiting ages for grounding line retreat, and even these have
been documented as containing old reworked carbon
[Leventer et al., 2006; Mackintosh et al., 2011].
[85] Ohkouchi and Eglinton [2008] found that radiocarbon

ages of solvent extractable, short-chain fatty acids isolated
from surface sediments of the Ross Sea, Antarctica, are con-
sistent with 14C ages of the modern dissolved inorganic carbon
reservoir age and that the radiocarbon ages of these fatty acids
increase progressively with core depth. In contrast, as sug-
gested from all previous work onAIO,Ohkouchi and Eglinton
[2008] found that radiocarbon ages of bulk organic matter in
the corresponding sediments are substantially older. These
results suggest the possibility of significant improvements in
developing future radiocarbon chronologies of Antarctic con-
tinental shelf sediments.
[86] Another important chronological constraint on degla-

ciation of the Ross Sea sector of theWest Antarctic Ice Sheet
(WAIS) is based on radiocarbon dating of lacustrine benthic
algal mats [Bockheim et al., 1989; Hall and Denton, 2000;
Stuiver et al., 1981]. Two issues may affect the reliability of
these ages for constraining deglaciation. The first is that algal
mats can grow in any standing body of water. When they are
found in stratigraphic association with a former shoreline
feature, in particular perched deltas associated with an ice-
dammed lake, then they are likely contemporaneous with the
former lake level, and their ages constrain the time of thicker
ice responsible for damming the lake. In contrast, algal mats
can also grow in small, ephemeral ponds that can form on
former glaciated surfaces, and radiocarbon ages on the algal
mats thus provide only limiting minimum ages for the
underlying deposits. Bockheim et al. [1989] documented this
latter case from 14C ages measured on algal mats collected
from the late Quaternary surfaces associated with deglacia-
tion of the Hatherton and Darwin Glaciers in the Transan-
tarctic Mountains. In particular, they found that not all ages
were in stratigraphic order with elevation above the present
ice surface, indicating that algal mats had grown at different
times regardless of the initial time of deglaciation.
[87] An additional factor that introduces uncertainty in

radiocarbon dating of algal mats is the potential that the lake
water in which they lived had a reservoir age [Stuiver et al.,
1981]. Doran et al. [1999] attempted to systematically
identify the 14C ages of various carbon pools in the Antarctic
Dry Valleys. The 14C age of DIC of surface waters from three
different lakes ranged from modern to 2100 years, while the
age of DIC of bottom waters was as old as 10,000 years.
Doran et al. [1999] also measured the 14C age of glacial ice
(7430 years) and of the DIC of stream water draining from
the glacier (570 years), suggesting that the stream had largely

equilibrated with the atmosphere. A 14C age of an algal mat
growing in a pool of the stream, however, dated to 1700 years,
possibly suggesting a strong modern 14C gradient between
surface waters and the deeper waters of the pool. Stream water
was modern by the time it reached a lake, as were algal mats
living in that water. Hall and Henderson [2001] reported res-
ervoir ages of�3600 years and�18,000 years based on paired
dating of lacustrine carbonates by 14C and U/Th, with the
older age associated with carbonates deposited near the for-
mer grounding line of the Ross Sea ice sheet in the lake.
Hendy and Hall [2006] found that most reservoir ages on
water at the surface and at depth of two lakes in the Dry
Valleys were 1900–2600 years, with one age on water adja-
cent to Taylor Glacier being 15,450 years. Algal mats from
seasonally ice-free areas adjacent to the shoreline (moats)
dated from 580 to 3600 years.
[88] Doran et al. [1999] and Hendy and Hall [2006] iden-

tified two possible explanations for these variable reservoir
ages: (1) a source of old water from glaciers, which subse-
quently gets younger by exchange with the atmosphere if it
drains as surface water but otherwise retains a significant res-
ervoir age if it melts directly into the lake, and (2) aging of
water that resides in the lake but is isolated from the atmo-
sphere due to density stratification or ice cover. Based on the
results reported by Doran et al. [1999], Hall and Henderson
[2001, p. 567] concluded that “One key finding has been that
algal mats growing on deltas located at the lake edge yield
modern ages, as do streams entering the lakes. The present
consensus drawn from this recent work is that radiocarbon
ages of algae from deltas should be valid, but dates of material
from deeper locations in the lakes probably will suffer from a
reservoir effect which will vary both in space and time.” The
subsequent results by Hendy and Hall [2006], however,
clearly demonstrate that algal mats from moat regions are
subject to large reservoir ages. During the last glaciation, lakes
in several Dry Valleys were much larger likely due to an
increase in the meltwater contribution from glaciers and
grounded ice in the Ross Sea [Stuiver et al., 1981]. Because
many of these ice masses were directly in contact with these
lakes [Hall and Denton, 2000], their contributions to the 14C
balance in the lakes would have been greater, thus potentially
increasing the reservoir age of the lakes.
6.1.2. In Situ Cosmogenic Nuclides
[89] Because of the extremely low erosion rates and the

high cosmogenic nuclide production rates associated with the
cold, dry, and high-latitude Antarctic environment, surface
exposure dating with in situ cosmogenic nuclides provides a
means of developing late Quaternary chronologies with
potential centennial-scale resolution for events during the last
deglaciation [Stone et al., 2003]. Brook et al. [1995, 1993]
developed the first such Antarctic glacial chronologies from
the Dry Valleys in the Transantarctic Mountains. Several
studies have since evaluated the last deglaciation of Antarc-
tica with surface exposure dating, including the East Ant-
arctic Ice Sheet [Fink et al., 2006; Mackintosh et al., 2007],
the Antarctic Peninsula [Bentley et al., 2006], and West
Antarctica [Ackert et al., 1999, 2007; Bentley et al., 2010; di
Nicola et al., 2009; Johnson et al., 2008; Oberholzer et al.,
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2003; Stone et al., 2003]. Whereas Brook et al. [1995, 1993]
sampled boulders from glacial moraines, many subsequent
studies have applied the so-called “dipstick” strategy of
sampling single erratics along a vertical transect of a nunatak
to constrain the history of ice sheet surface lowering. Here we
discuss several general issues that these studies have revealed
in using surface exposure dating in Antarctica.
[90] The first issue is inheritance. Figure 17 illustrates this

problem by showing data from six studies that derived a
history of ice surface lowering during the last deglaciation.
Most of the samples are clearly older than the last deglaci-
ation and are thus typically identified as outliers due to
inheritance, but such decisions are not always straightfor-
ward when sample ages fall within the last glacial interval.
This issue is further exacerbated by the fact that in many of
these studies, only one erratic is sampled from any given
location. Multiple independent measurements of the age of a
single surface, however, are needed to identify anomalous
samples due to issues such as inheritance. In particular, these
anomalous samples may differ from the true age by only a
few hundreds to thousands of years, as evident from the
populations shown in Figure 17, which becomes significant
when attempting to constrain events of the last deglaciation.
Inheritance is also a widespread problem in many regions of
the Arctic [Briner et al., 2005; Marsella et al., 2000; Miller

et al., 2006] and likely reflects transport by less erosive cold-
based ice that fails to remove cosmogenic nuclides from
previous exposure [Kelly et al., 2008].
[91] A related issue in applying surface exposure dating to

the deglacial history of Antarctic is the identification and
interpretation of vertical zonation of a landscape according
to differences in rock surface weathering. The significance
of these so-called weathering zones to ice sheet history in
Scandinavia and the eastern Canadian Arctic has been
debated for over a century, with the upper limit of any given
weathering zone interpreted as either a former ice surface
[Boyer and Pheasant, 1974; Ives, 1978; Nesje and Dahl,
1990] or an englacial change in basal thermal regime from
nonerosive cold-based ice above to erosive warm-based ice
below the limit [Sugden, 1977; Sugden and Watts, 1977].
Surface exposure ages from upper weathered zones on Baffin
Island [Briner et al., 2005, 2006; Miller et al., 2002] and
Fennoscandia [Fabel et al., 2006; Goehring et al., 2008],
however, have now conclusively demonstrated that the limit
marks an englacial thermal boundary, whereby the upper,
more weathered surface was covered by cold-based, largely
nonerosive ice at the LGM. Recent work from Antarctica
has similarly used exposure ages to demonstrate that highly
weathered rock surfaces were preserved beneath cold-
based ice during the last glaciation [di Nicola et al., 2009;
Mackintosh et al., 2007; Stone et al., 2003; Strasky et al.,
2009; Sugden et al., 2005].

6.2. Regional Reconstructions of Antarctic
Deglaciation

[92] In the following, we assess regional reconstructions
of the deglacial history of the WAIS and East Antarctic Ice
Sheet (EAIS) and their constraints on the ice sheet contri-
bution to sea level. We begin by establishing the timing of
the local LGM since this is important to understanding the
timing of the sea level contribution of Antarctica during the
last deglaciation, with particular emphasis on MWP-1A.
6.2.1. Ross Sea: Last Glacial Maximum
[93] Marine geological studies in the central and eastern

Ross Sea demonstrate that grounded ice extended across the
shelf toward the shelf edge at the LGM. Shipp et al. [1999]
described a young unconformity covered by till, indicating
advance of grounded ice across the shelf. Further evidence is
provided by swath bathymetry and side-scan sonar records
which show ice contact features on the shelf such as mega-
scale glacial lineations and grounding zone sedimentary
wedges that document grounded ice during the LGM
[Anderson et al., 2002; Shipp et al., 1999]. The maximum
extent of the LGM grounded ice margin is generally placed at
or near the edge of the continental shelf in the eastern and
central Ross Sea and either north [Anderson et al., 2002;
Shipp et al., 1999] or south [Licht et al., 1996] of Coulman
Island in the western Ross Sea.
[94] Several lines of evidence constrain the timing of the

initial LGM advance of WAIS in the inner Ross Sea as
occurring between 31 and 28.5 cal ka (Figure 18). Reworked
marine shells in glacial deposits on Ross Island and at the

Figure 17. Cosmogenic nuclide data from glacial erratics
exposed following the last deglaciation of Antarctica.
(a) Data from Stone et al. [2003]. (b) Data from Ackert
et al. [1999]. (c) Data from Bentley et al. [2006]. (d) Data
from Mackintosh et al. [2007]. (e) Data from Bentley et al.
[2010]. (f) Data from Hein et al. [2011].
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mouth of Taylor Valley indicate ice-free conditions from
31.2 � 0.2 ka (28,160 � 390 14C yr BP, UGA 6795) to
43.7 � 1.0 ka (40,900 � 1460 14C yr BP, AA 14058)
[Dochat et al., 2000; Hall and Denton, 2000]. These con-
straints on the timing of ice-free conditions are in excellent
agreement with 14C ages on fossil penguin eggshells at
Cape Hickey on the western Ross Sea coast (30.8 � 0.2 ka
(27,170 � 250 14C yr BP, NZA 20905) to 45.3 � 1.1 ka
(43,010 � 1400 14C yr BP, BETA 204545)) [Emslie et al.,
2007]. The youngest shell and guano ages also constrain a
limiting maximum age for the initial LGM advance as
occurring after �31 cal ka. Licht and Andrews [2002]
reported a 14C age on reworked benthic foraminifera which
suggested that grounded ice advanced to its maximum extent
on the outer continental shelf sometime after 16.8 � 0.3 ka
(14,970 � 135 14C yr BP, AA 23222).
[95] Additional constraints on the timing of maximum

grounded ice in the Ross Sea come from dating of proglacial
lakes that were dammed by lobes of ice that projected part-
way up the Dry Valleys that are now open to the Ross Sea.
The largest such lake (Lake Washburn) formed in Taylor

Valley when a grounded ice lobe filled the mouth of the
valley [Stuiver et al., 1981]. The 14C age on the oldest delta
that formed in glacial Lake Washburn (28.6 � 0.3 ka
(23,800 � 200 14C yr BP, QL-1708)) [Hall and Denton,
2000] thus provides a limiting minimum age for the onset
of the local LGM. When the lake was at its largest, it
extended up valley into the Lake Bonney basin and period-
ically reached a maximum elevation of 347 m, as indicated
by dated deltas in the Lake Bonney basin [Hall et al., 2010]
(Figure 19). Although there is no discussion of what con-
trolled this maximum elevation, we note that it is the same as
the maximum elevation of the moraine on Hjorth Hill
deposited by the grounded ice that dammed the lake [Hall
and Denton, 2000], suggesting that when the lake filled to
this level, it may have drained along the ice margin across
Hjorth Hill. At this point, we hypothesize that the lake may
have rapidly eroded its spillway and caused the rapid drops
in lake level identified from shoreline features in the Taylor
Valley [Hall et al., 2010] (Figure 19).
[96] Extensive radiocarbon dating on benthic algal mats

associated with proglacial lake sediments in the Taylor
Valley and on adjacent Hjorth Hill provides key constraints
on the termination of the LGM in the Ross Sea [Hall and
Denton, 2000; Stuiver et al., 1981]. In this case, the dating
provides information on ice margin retreat associated with
thinning of the grounded ice sheet in McMurdo Sound.
(1) The youngest 14C age (14.9 � 0.3 ka (12,665 � 120 14C
yr BP, AA 20667)) constraining the time of the LGM ice
margin at the Hjorth Hill moraine provides a limiting max-
imum age for retreat from the moraine. (2) Two 14C ages on
algae that grew in a local glacial lake that formed following
initial ice margin retreat from the Hjorth Hill moraine pro-
vide limiting minimum ages for this retreat (15.0 � 0.3 ka
(12,708 � 102 14C yr BP, AA 13576) and 15.0 � 0.2 ka
(12,739 � 91 14C yr BP, AA 17342)). (3) Lacustrine
deposits occur in a stream exposure cut into the moraine
deposited by the LGM ice margin on the floor of Taylor
Valley, with a 14C age on algal mats requiring deglaciation
from the moraine before 14.7 � 0.2 ka (12,476 � 97 14C yr
BP, AA 17333). (4) Glaciolacustrine sediments containing
dropstones occur along the distal side of the valley floor
threshold moraine, indicating that the ice margin was at the
moraine [Hall and Denton, 2000]. The youngest 14C age
from this unit (14.4 � 0.8 ka (12,270 � 500 14C yr BP,
QL 1794)) provides a limiting maximum age for retreat from
the moraine. These dating constraints thus suggest that the
termination of the LGM in this region occurred between
14.4 and 15.0 ka based on the youngest limiting maximum
14C age for ice margin retreat (14.4 � 0.8 ka; QL 1794) and
the oldest limiting minimum 14C age for ice margin retreat
(15.0 � 0.3 ka; AA 13576).
[97] Brook et al. [1995] sampled erratics from four loca-

tions on the terminal moraine of Ross Sea drift that was
deposited by grounded ice in the McMurdo Sound region
[Denton and Marchant, 2000]. While the distribution of
3He, 10Be, and 26Al cosmogenic ages suggests that inheri-
tance is a problem at three locations, the ages from the Blue
Glacier location are in good agreement, with a mean age of

Figure 18. Compilation of calibrated 14C ages used to iden-
tify the time of the local last glacial maximum for the Ross
Sea area, West Antarctica. Calibrated 14C ages are shown as
1s range, with red symbols indicating ages that constrain
there to be no ice at that time and location and blue symbols
indicating limiting (maximum or minimum) ages that are
stratigraphically associated with evidence for ice at the site.
The horizontal blue bar with gray bars above and below
represents the time of the LLGM and associated error, respec-
tively. The calibrated 14C ages (blue symbols) in the gray out-
lined box labeled TVLmx are on organic matter (algae) in
sediments associated with high lake levels in Taylor Valley
that require the WAIS ice margin to be at its maximum
extent. The calibrated 14C ages (blue symbols) immediately
to the right of the gray outlined box are on organic matter
associated with sediments that indicate an ice margin near
the mouth of Taylor Valley but not at its maximum extent.
Data from Hall and Denton [2000] and Denton and
Marchant [2000]. Modified from Clark et al. [2009].
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12.8 � 2 3He ka (n = 5) and individual ages on the same
boulder of 14� 2 3He ka, 14� 2 10Be ka, and 16� 2 26Al ka.
Moreover, the moraine at this location abuts against an ice
contact delta, which has algae dated to 14.2 � 0.1 ka
(12,330 � 50 14C yr BP, QL 1146) [Stuiver et al., 1981].
Insofar as we interpret in situ cosmogenic ages from mor-
aines as dating the timing of ice retreat, this result is also in
good agreement with the initial age of deglaciation sug-
gested from the radiocarbon chronology in Taylor Valley.
6.2.2. Ross Sea: The Last Deglaciation
[98] The marine record of deglaciation of the Ross Sea is

established by using the characteristic stratigraphic succes-
sion reflecting grounding line retreat as represented by the
transition from subglacial facies to sub–ice shelf facies to
open marine facies [Anderson et al., 2002; Domack et al.,
1999]. AIO 14C ages obtained from the diatomaceous mud
or ooze that comprises the open marine facies provide the
most reliable dating [Andrews et al., 1999b; Domack et al.,
1999; Licht et al., 1996] and thus closely constrain the tim-
ing of the transition from sub–ice shelf to open marine
conditions but as such provide only limiting minimum ages
for grounding line retreat, with estimated uncertainties of at
least �500 years [Andrews et al., 1999b].
[99] Based on AMS 14C ages on AIO from open marine

sediments above the transition from subglacial sediments
and assuming a 1200 year reservoir age correction, Licht
et al. [1996] concluded that deglaciation of the Victoria
Land coast near the Drygalski ice tongue occurred sometime
before 13.3 � 0.1 ka (11,440 � 80 14C yr BP, CAMS
12581) and that the ice edge had retreated back to Ross
Island sometime before 7.5 � 0.1 ka (7830 � 60 14C yr BP,
AA 11876). By subtracting the age of surface sediment
rather than the reservoir age, Licht and Andrews [2002]
subsequently revised the minimum age for deglaciation of
the Drygalski Trough from 13.3 � 0.1 ka to 11.1 � 0.1 ka.
[100] Domack et al. [1999] obtained 14C ages on AIO from

marine cores that were corrected for the age of the AIO at the
sediment-water interface of each core. Although the ages
were measured on samples from the full range of sediment
facies, Domack et al. [1999] only used those ages from
diatomaceous mud and ooze facies, which then only

constrain the timing when open marine conditions became
established. Accordingly, they argued that open marine
conditions were established in the western Ross Sea by at
least 13.0 � 0.1 ka (11,060 � 95 14C yr BP, AA 17360) in
outer Drygalski Trough, by 11.3 � 0.1 ka (9850 � 95 14C yr
BP, AA 17368) in inner Drygalski Trough off Cape
Washington, and by at least 6.2 � 0.1 ka (5480 � 65 14C yr
BP, AA 17370) east of Ross Island at Granite Harbor.
Licht and Andrews [2002] were unable to construct a reliable
deglaciation chronology for the central Ross Sea because the
AIO 14C ages on postglacial sediments were all apparently
older than the age of deposition. Licht [2004] summarized
the published 14C ages on AIO in Ross Sea sediments. We
note that although the timing of events is similar to that
reconstructed by Domack et al. [1999], since it is largely
based on the same ages, the interpretation of events is dis-
tinctly different. Domack et al. [1999] correctly recognized
that the sediments from which the AIO ages were obtained
represent open marine conditions and thus provide only
limiting minimum ages for deglaciation, whereas Licht
[2004] interpreted the ages to directly constrain “ice sheet
retreat,” from which she concluded that the ice sheet in the
Ross Sea “is unlikely to have been a substantial contributor”
to MWP-1A.
[101] Based on AIO 14C ka ages from cores collected from

near Ross Island, corrected for the age of surface sediments
at each core site, McKay et al. [2008] concluded that the
grounding line had retreated from its 11.3 � 0.1 ka position
in outer Drygalski Trough [Domack et al., 1999] to Ross
Island by 11.7 � 0.1 ka (10,096 � 85 14C yr BP, NZA
18140), or considerably earlier than previously inferred
[Conway et al., 1999; Domack et al., 1999; Licht, 2004], and
suggested that this rapid retreat may have contributed to
MWP-1B.
[102] Radiocarbon ages from Taylor Valley and adjacent

Hjorth Hill also provide key constraints on deglaciation of
ice in McMurdo Sound following the LGM [Stuiver et al.,
1981; Hall and Denton, 2000]. Of the 18 radiocarbon ages
obtained on algae from proximal positions relative to the
terminal Hjorth Hill moraine, 16 fall within the range of ages
constraining the age of the moraine, and 2 are younger. Most
of the ages contemporaneous with moraine formation are
from stratified sediments that may have been overridden,
suggesting small fluctuations of the ice margin [Hall and
Denton, 2000]. The two critical 14C ages with respect to
deglaciation (12.7 � 0.1 ka (10,794 � 148 yr BP, AA
17329) and 12.8 � 0.1 ka (10,945 � 80 yr BP, AA 20671))
are each on algal layers associated with recessional moraines
that are within 500–700 m of the terminal moraine on Hjorth
Hill. Hall and Denton [2000] described these algal layers as
having colonized the surfaces of the recessional moraines,
with the samples coming from 15 to 20 cm depth in fine
laminated sand. They inferred that the algal layers are
“integral parts of the moraines and therefore date their for-
mation,” and thus concluded that the ice margin remained
close to its maximum position until at least 12.8 cal ka
[see also Mackintosh et al., 2011]. We note, however, that
as documented by Bockheim et al. [1989] for similar

Figure 19. Calibrated 14C ages on organic matter (algae) in
deltas associated with high lake levels in Taylor Valley [Hall
et al., 2010]. Green symbols are from Fryxell Basin, and
blue symbols are from Bonney Basin.
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stratigraphic relations elsewhere in the Dry Valleys, algae
that grew in local ponds on the surface of recessional mor-
aines only provide limiting minimum ages for the moraines
rather than dating their formation. We thus conclude that the
position of the ice margin on Hjorth Hill at the time of algal
growth associated with these two ages is unknown.
[103] The other constraint on deglaciation from Taylor

Valley comes from the ages of proglacial lake deltas in
Taylor Valley, with their continued existence requiring ice at
the mouth of the valley to hold up the lakes. Dates on algal
mats from deltas suggest that glacial Lake Washburn in
Taylor Valley underwent substantial lake level fluctuations
following its inception at more than �28.5 cal ka [Hall
et al., 2010]. With respect to the youngest lake level fluc-
tuation, Hall et al. [2010] reported one date of 13.4 � 0.2 ka
(11,560 � 240 yr BP, QL-1937) on one delta at 347 m, with
the first older delta at 45 m dated at 13.4 � 0.1 ka (11,562 �
115 14C yr BP, AA 14041) and the first younger delta at
69 m dated at 13.4 � 0.1 ka (11,542 � 85 14C yr BP, AA
18915), indicating that the lake nearly filled the Taylor
Valley and then drained within perhaps decades (Figure 19).
We note, however, that as first recognized by Stuiver et al.
[1981], the only way the lake could have filled completely
was if the ice dam was at its maximum extent on Hjorth Hill,
yet all other dating constraints on the ice margin summarized
above indicate that the margin had retreated from its maxi-
mum position �500–1500 years earlier [Denton et al., 1989;
Hall and Denton, 2000] and could not have readvanced to its
maximum extent without obliterating the older ages. Hall
et al. [2010] did not provide any details on the strati-
graphic relation of the dated algal mat to the high delta, but
additional dating constraining this extraordinary lake level
oscillation is necessary to replicate this result. Until then, we
assume the dating of this high delta is in error.
[104] If we exclude the 13.4 ka age on the high-elevation

delta, radiocarbon ages on Taylor Valley deltas suggest that
the lake level permanently dropped to altitudes mostly below
�80 m after 14.2 � 0.4 ka (12,250 � 260 14C yr BP, AA
17314) (14C age on youngest high-elevation delta) and
before 14.0 � 0.1 ka (12,140 � 90 14C yr BP, QL 1707)
(14C age on oldest low-level delta after permanent drop)
(Figure 19), which is consistent with the timing for onset of
retreat of the ice margin from its maximum extent on Hjorth
Hill and on the floor of Taylor Valley. There is one delta at
128 m dated to 13.7 � 0.1 ka (11,820 � 70 14C yr BP, QL
1576) [Hall and Denton, 2000] that may suggest a brief
oscillation of the ice margin to cause the lake to partly fill
at this time, but the remaining 31 dated deltas (with the
exception of the high delta at 347 m) constrain lake levels to
have remained at or below 80 m after 14.2 � 0.4 cal ka until
<9.4 � 0.1 ka (8340 � 120 14C yr BP, QL 993) (youngest
delta age) [Stuiver et al., 1981; Hall and Denton, 2000].
[105] A long-standing interpretation for the existence of

this lower lake well after onset of deglaciation is that it
required grounded ice at the mouth of Taylor Valley and that
its final drainage constrains retreat of the grounding line in
the Ross Sea south of the valley mouth [Stuiver et al., 1981;
Denton et al., 1989; Conway et al., 1999; Hall and Denton,

2000; Mackintosh et al., 2011]. We suggest an alternative
hypothesis whereby the drop in the lake level to �80 m at
�14.2 � 0.4 ka represents the passage of the grounding line
south of the valley and that the ice dam required for the
maintenance of this lake following this drop was associated
with the freeboard of an ice shelf. An ice sheet model sim-
ulation of the last deglaciation of the Ross Sea demonstrated
that the ice shelf proximal to the grounding line was suffi-
ciently thick (order of 900–1000 m) to sustain a freeboard of
>80 m [Pollard and DeConto, 2009]. We thus conclude that
the lake level at �80 m does not uniquely constrain the
existence of grounded ice at the mouth of Taylor Valley until
late in the deglaciation, with an ice shelf providing the dam
for the lake being an equally viable hypothesis.
[106] Several additional lines of evidence have been used

to reconstruct the timing of ice retreat in the western Ross
Sea. Dochat et al. [2000] reported 15 radiocarbon ages from
raised marine beaches on Cape Bird, which is on the western
side of Ross Island. Of these, 11 are <4.0 � 0.1 ka (4885 �

95 14C yr BP, UGA 6809), while 4 ages are older, including
an age on collagen from an abraded (reworked) penguin bone
of 11.1� 0.1 ka (11,039� 74 14C yr BP, AA 15331).Dochat
et al. [2000] argued that these four ages are anomalous,
whereasMcKay et al. [2008] suggested that the 11.1� 0.1 ka
penguin bone may be reliable and indicates earlier open
waters at this location.
[107] Hall and Denton [1999], Hall et al. [2004], and

Baroni and Hall [2004] obtained multiple radiocarbon ages
on raised marine beaches from sites north of Ross Island on
the Scott and Victoria Land coasts, from which they con-
structed RSL curves of local emergence. Hall and Denton
[1999] and Hall et al. [2004] focused on the southern Scott
Coast between Cape Roberts and Marble Point. Although the
elevation of the marine limit decreases southward along this
coast, raised beaches of same age are at the same elevation
along the coast, suggesting an equal amount of uplift. Stuiver
et al. [1981], Hall and Denton [1999], and Hall et al. [2004]
attributed the trend in the marine limit elevation to a pro-
gressive delay in beach formation as the ice shelf retreated
southward but noted that the age of the marine limit at Cape
Roberts (�7.4 ka, �6.3–6.6 14C ka) closely constrains the
age of grounded ice retreat from the Scott Coast. Farther
north, Baroni and Hall [2004] developed the postglacial RSL
history for Terra Nova Bay. They found that the age of
the marine limit was several hundred years older (�8.0 ka,
�7.2 14C ka) than the Scott Coast, which they argued was
consistent with a slow southward retreat of the grounding line
during the middle Holocene. Baroni and Hall [2004, p. 377]
concluded that “the presence of a significant amount of ice
remaining in the Ross Sea embayment in Holocene time
lessens the chance that Antarctica contributed significantly to
meltwater pulse 1A.”
[108] Baroni and Orombelli [1994] reported radiocarbon

ages of 11.7 � 0.5 ka (11,325 � 360 14C yr BP, GX 16925)
and 13.6 � 0.5 ka (13,070 � 405 14C yr BP, GX 18483) on
penguin guano from Cape Hickey on the Scott coast, sug-
gesting significantly earlier deglaciation than in any other
reconstruction. Hall et al. [2004] further examined the
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integrity of these and other old ages on penguin guano from
Cape Hickey. First, they redated the older sample (13,070 �

405 14C yr BP) as 12,250 � 50 14C yr BP (OS 27351)
(12.8 � 0.1 ka, using a 1300 year reservoir age), which
suggests agreement at 2 sigma. Redating of another sample
and dates on a split of another sample, however, suggested
that other old ages on penguin guano may be problematic.
Hall et al. [2004] suggested that relict carbon may be the
source of the problem and noted in support of this that
stronger sample pretreatment yielded younger ages. Never-
theless, the younger pretreated guano ages are still consid-
erably older than the age of final deglaciation suggested from
the RSL records and are instead similar to the deglaciation
age suggested by McKay et al. [2008]. There is currently no
direct evidence to discount them.
[109] Hall et al. [2004] suggested one scenario for recon-

ciling these records in which early grounding line retreat is
followed by several thousand years of an ice shelf occupying
the coast and inhibiting beach formation. In this scenario, the
age of the marine limit records the retreat of the front of the
ice shelf rather than the grounding line. On the other hand,
Hall et al. [2004] argued that this scenario is inconsistent
with their RSL records; if deglaciation had occurred earlier,
they would not expect to see the upper, steep part of their
curve. As noted by Hall et al. [2004], however, there are few
constraints on the shape of the upper (older) part of the curve.
Moreover, as discussed below, glacial isostatic modeling that
evaluates an early and rapid thinning of Ross Sea grounded
ice associated with MWP-1A provides good agreement with
the RSL data from the Ross Sea coast [Bassett et al., 2007].
[110] Hall et al. [2004, p. 260] also argued that deglaciation

“could not have occurred significantly earlier because ice still
occupied McMurdo Sound as late as 8300 14C years BP,” as
suggested by the lake levels in Taylor Valley at �80 m, and
“postglacial shells in McMurdo Sound dated so far are all
younger than 6600 14C years BP. Older shells would be
expected had deglaciation commenced prior to that time.”
As we have discussed, however, an ice shelf could have
dammed the lakes in Taylor Valley, and final retreat of the ice
shelf front would have allowed beach formation along the
Scott coast and deposition of postglacial shells in McMurdo
Sound at 6.2 � 0.2 ka (6670 � 200 14C yr BP, QL 191, with
1300 year reservoir age), consistent with the interpretation
that the age of the marine limit on the southern Scott coast
�7.4 ka represents retreat of the ice shelf front.
[111] Conway et al. [1999] used the age of the marine limit

on the Scott coast [Hall and Denton, 1999] and the age of
lakes in the Dry Valleys that were dammed by ice in the Ross
Sea [Hall and Denton, 2000] to reconstruct grounding line
retreat. In their figure showing grounding line retreat during
deglaciation, they inferred the grounding line was at Cape
Ross on the Scott Coast at �7.4 cal ka (�6.5 14C ka), which
is based on the age of the marine limit on the coast as deter-
mined from the RSL curve [Hall and Denton, 2000]. In the
text, however, Conway et al. [1999] suggested that retreat
occurred sometime between 9.4 cal ka (8.3 14C ka), which
corresponds to the youngest delta formed in a glacial lake in
the Taylor Valley dammed by grounded Ross Sea ice [Hall

and Denton, 2000], and the marine limit, which represents
the time of open marine conditions. In any event, this result
indicates an age for grounding line retreat from theMcMurdo
Sound region that is 2000 to 3000 years younger than sug-
gested from the age of marine sediments near Ross Island
[McKay et al., 2008] and 3000 to 7000 years younger than
suggested from the penguin remains at Cape Hickey.
6.2.3. Deglaciation of the WAIS Interior
[112] Several studies have used in situ cosmogenic nuclides

measured in erratics from different elevations in a given
region to constrain the history of lowering of the WAIS sur-
face during the last deglaciation. Ackert et al. [1999] inter-
preted a lateral moraine on the flanks of Mount Waesche in
Marie Byrd Land as being a composite landform, with the
morphology of the upper part suggesting an older age than
the lower part. Of course, the upper part must have been
deposited before the lower part, so the question is whether
there is a significant age difference. From their cosmogenic
3He ages, Ackert et al. [1999, p. 278] concluded that “in
general, the exposure ages increase with distance from and in
elevation above the ice margin.” Excluding outliers, the mean
of the cosmogenic 3He ages from the lower part of the
moraine suggests deposition at 10.0 � 0.6 ka. There are a
number of pre-LGM 3He ages from the upper part of the
moraine, but one age (10.5� 0.1 ka) on the highest-elevation
sample is the same (within error) as the mean age of the lower
part of the moraine, and another sample also has a post-LGM
age (16.1 � 0.3 ka), indicating that the entire moraine was
deposited after the LGM. For reasons that are unclear, how-
ever, Ackert et al. [1999] concluded that the lower part of the
lateral moraine marks the maximum limit of the WAIS sur-
face on Mount Waesche (45 m above present), although they
then suggested that the young age (10.5 ka) on the sample
from the upper moraine suggests that the WAIS surface may
have been 85 m higher [Ackert et al., 1999, p. 279] “during
the last ice sheet high stand.” In any event, Ackert et al.
[1999] concluded that because thinning of the ice surface
began at�10 ka, the WAIS could not be a primary source for
MWP-1B much less MWP-1A. Because there are no data to
suggest that the flanks of Mount Waesche above the moraine
remained unglaciated during the LGM, however, the actual
elevation of the ice surface prior to �10 ka is unconstrained,
and an equally plausible interpretation is that the moraine is a
recessional feature formed during deglaciation from a thicker
LGM WAIS.
[113] Based on 10Be ages on erratics from several nunataks

in coastal mountains of Marie Byrd Land west of Mount
Waesche, Stone et al. [2003] constrained 700 m of surface
lowering of the WAIS over the last 10,000 years. All of the
nunataks were covered by ice during the LGM, and Stone
et al. [2003] concluded that the LGM ice sheet in this sec-
tor of WAIS may have been 1200 to 1500 m higher than
present, similar to the ice sheet reconstruction by Denton
and Hughes [2002]. In addition, Stone et al. [2003] found
several pre-LGM age samples that came from upper elevation
weathered surfaces that show no evidence of glacial erosion.
Because their data demonstrate that these surfaces were
covered by ice during the LGM, Stone et al. [2003, p. 100]
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interpreted “the weathered surfaces, and the old glacially
transported cobbles resting on them, as having survived gla-
ciation beneath thin, cold based ice… and that the old ‘ages’
are artifacts of prior cosmic-ray exposure.”
[114] Sugden et al. [2005] elaborated on the nature of the

weathered surfaces described by Stone et al. [2003]. Of par-
ticular note are the following observations: There is an altitu-
dinal zonation in preservation of glacial erosional landforms,
with lower-elevation surfaces showing clear signs of glacial
erosion, intermediate surfaces showing erosional landforms in
“imperfect or embryo form,” and the highest summits showing
no signs of glacial erosion. In particular, the summit surface of
Mount Rea (Figure 20a) has upstanding tors of granite bed-
rock, weathering pits up to 30 cm deep, tafoni on some steeper
slopes, and rock surfaces [Sugden et al., 2005, p. 325] “that are
covered by a fragile layer of loose but not yet displaced crys-
tals” (Figures 20c and 20d). Similar altitudinal zonation occurs
on other peaks in the region. Sugden et al. [2005] also reported
a decrease in the density of erratics with altitude. As shown by
Stone et al. [2003], however, the cosmogenic data clearly
demonstrate that all summits in the areas were covered by ice
prior to 10.4 ka, indicating that weathered summit surfaces
[Sugden et al., 2005, p. 331] “are protected by cold-based ice
during glacial periods.”
[115] Ackert et al. [2007] argued that a trimline separating

a highly weathered bedrock surface above from a surface
below with glacial erratics recorded the maximum vertical
extent of the WAIS in the Ohio Range near the WAIS divide
(Figure 20b). In particular, Ackert et al. [2007] described
evidence of this trimline as “granite bedrock exposed on the
escarpment, and the nunataks exhibits cavernous weathering
pits, with areas between pits reduced to delicate centimeters
thick structures (tafoni). Along the escarpment face, up to
150 meters above the present day elevation of WAIS, the
delicate tafoni have often been broken off, leaving sharp
edges. We interpret a transition from surfaces that preserve
the delicate tafoni, to those lacking it as a trimline that
records the maximum highstand of the WAIS” (p. 2). Ackert
et al. [2007] also interpreted the existence of a moraine on a
bench on Discovery Ridge based on scattered granite erratics
(Figure 20e), and argued that because the erratics are
restricted to near the edge of the bench, “the ice margin
barely overtopped the bench” (p. 3). Of the 45 samples of
glacial erratics measured for cosmogenic 3He, only two
suggested no inheritance (supported by joint 10Be ages). The
elevations of the two ages (12.5 � 0.9 ka and 10.5 � 0.7 ka)
are within 30 m of the inferred paleo–ice surface. From these
results, Ackert et al. [2007] concluded that because the
trimline formed at �11.5 ka, with �120 m of ice surface
lowering since, the WAIS could not have been a primary
source for MWP-1A.
[116] The interpretation by Ackert et al. [2007] for limited

excess ice and late deglaciation in the Ohio Range hinges
entirely on the interpretation that the trimline represents a
former upper ice surface. As summarized above, however,
Stone et al. [2003] and Sugden et al. [2005] demonstrated
that identical features used by Ackert et al. [2007] to argue
against ice coverage above the trimline (i.e., weathering pits,

tafoni, and rare erratics) (Figure 20) were covered by cold-
based (nonerosive) ice during the LGM in coastal mountains
of Marie Byrd Land. Additional studies from the Antarctic
[Mackintosh et al., 2007; di Nicola et al., 2009; Strasky et al.,
2009] and the Arctic [Miller et al., 2002; Briner et al., 2005;
Goehring et al., 2008] have similarly shown that such trim-
lines record englacial thermal boundaries, with upper, highly
weathered bedrock surfaces preserved beneath nonerosive
cold-based ice. We also question whether the distribution of
erratics on the bench on Discovery Ridge (Figure 20e) is a
moraine marking an ice limit on the bench. A moraine is
conventionally defined as a constructional feature, whereas
the feature shown by Ackert et al. [2007] appears to simply
be a scattering of erratics on a bedrock bench. We thus con-
clude that an equally plausible interpretation of the trimline in
the Ohio Range is that it represents an englacial thermal
boundary, such as documented by Stone et al. [2003] and
Sugden et al. [2005] for nearly identical landscapes on Marie
Byrd Land, and that the mean age of the two erratics (11.5 ka)
records the time of first exposure of the landscape after some
unknown amount of ice thinning.
[117] Bromley et al. [2010] and Todd et al. [2010] reported

on the glacial geology and chronology of deposits from the
Reedy Glacier, which is a large outlet glacier of the EAIS
that drains through the southern Transantarctic Mountains
into the WAIS �1300 km south of Hjorth Hill. Similar to
other EAIS outlet glaciers [Bockheim et al., 1989; Denton et
al., 1989; Denton and Marchant, 2000], the Reedy Glacier
thickened during the last glaciation, with maximum thick-
ening occurring down glacier in response to thickening of
the WAIS. Changes in the vertical surface of the glacier thus
monitor changes in WAIS surface elevation. 10Be ages on
erratics associated with the limit of deposits from the last
glaciation (Reedy III drift) suggest that the Reedy Glacier
was at its thickest between 17.0 � 1.5 ka and 14.1 � 1.3 ka
and then thinned rapidly, as indicated by ages of 14.4 �

1.3 ka, 13.4 � 1.2 ka, and 13.2 � 1.2 ka from samples
�100 m lower than the maximum ice limit [Todd et al.,
2010]. Todd et al. [2010] extrapolated the paleoglacier
slope during the LGM to the mouth of the glacier where it
merges with WAIS some 60 km down glacier by assuming
that the surface slope from 7.5 ka, for which they have
greater spatial control, was the same. In doing so, they rec-
ognized that the 7.5 ka surface slope was likely steeper than
the glacial maximum slope and thus constrained the eleva-
tion of WAIS at that location to be at least 1060 m, or
>500 m higher than present (Figure 21); Bromley et al.
[2010] reached a similar conclusion. This elevation is
�600 m lower than the elevation in the Denton and Hughes
[2002] reconstruction of the LGM WAIS for this region,
which was constrained at this location by Mercer’s [1968]
reconstruction from the limit of Reedy drift (T. Hughes,
personal communication, 2011), but the topographic maps
used by Mercer [1968] were incorrect (B. Hall, personal
communication, 2011). On the other hand, the reconstruc-
tion by Todd et al. [2010] is significantly higher than the
reconstruction inferred by flow line modeling in Ackert et al.
[2007]. There is nothing to prevent the extrapolated surface
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Figure 20. (a) Mount Rea, Sarnoff Mountains, Marie Byrd Land, showing the rolling upper surface on
which there are tors, with ice-molded slopes at lower altitudes on the massif flanks [from Sugden et al.,
2005]. (b) Oblique air photograph of Darling Ridge, Ohio Range, showing an inferred trimline based
on vertical differences in rock weathering [from Ackert et al., 2007]. (c) The surface of a tor on Mount
Rea, Marie Byrd Land [from Sugden et al., 2005]. Cosmogenic nuclides ages show that this surface
was covered by nonerosive, cold-based ice during the last glaciation. (d) An erratic lodged in a weathering
pit on a tor from an upper surface of the Sarnoff Mountains, Marie Byrd Land [from Sugden et al., 2005].
Cosmogenic nuclides ages show that this surface was covered by nonerosive, cold-based ice during the
last glaciation. (e) Scattered erratics on a bedrock bench on Discovery Ridge, Ohio Range [from Ackert
et al., 2007]. Ackert et al. [2007] interpreted the erratics to be a moraine, with the inferred ice limit on
the bedrock bench shown by the dashed line. Figures 20a, 20c, and 20d reprinted from Sugden et al.
[2005], copyright 2005, with permission from Elsevier.

CARLSON AND CLARK: SEA LEVEL RISE AND FRESHWATER DISCHARGE RG4007RG4007

31 of 72



slope from being nearly zero, however, in which case the
surface elevation of WAIS would be �1400 m, or 300 m
lower than the Denton and Hughes [2002] reconstruction in
this region. Mercer [1968] and Denton et al. [1989] recon-
structed similar near-zero surface slopes for the distal por-
tions of the Reedy Glacier as well as other EAIS outlet
glaciers draining into WAIS during the LGM. Indeed,
Bromley et al. [2010] recognized that the thickening of
Reedy Glacier was time transgressive, such that maximum
ice thickness occurred earlier near the mouth than at the head
of the glacier, resulting in a shallower surface slope than
used in their extrapolation. As such, Bromley et al. [2010]
considered the former ice surface to have been 1100–
1400 m.
[118] The Siple Dome ice core provides an additional

constraint on LGM WAIS interior elevation and its subse-
quent lowering history. Waddington et al. [2005] used a
time-dependent one-dimensional ice flow model constrained
by the observed age-depth relationship from Siple Dome to
reconstruct LGM surface elevations that were at most 200–
400 m higher than present. Price et al. [2007] used a two-
dimensional, full-stress, thermomechanical flow band model
to investigate ice thickness histories. Their “favored” model
suggested that nearly all of the deglacial thinning (350 m)
occurred between 15 ka and 14 ka.
[119] The isotopic (dD and d18O) records from the Siple

Dome ice core and the Taylor Dome ice core bordering the
Ross Sea show an abrupt event at �15 ka that, at face value,
suggests an abrupt warming. Mulvaney et al. [2000] pro-
posed an alternative age model for the Taylor Dome record,
however, that suggests that more gradual warming occurred
up until 14.5 ka, similar to other Antarctic ice cores, partic-
ularly the newer TALDICE core 550 km north of Taylor
Dome [Stenni et al., 2011]. Based on nitrogen and argon
isotopes measured in the Siple Dome ice core, Severinghaus
et al. [2003] concluded that there was an interval of ablation

and resulting firn removal or low-to-no accumulation at
15 ka, suggesting that there is a short (<500 year) hiatus in
the record at this time that makes the event appear more
pronounced [Brook et al., 2005]. Severinghaus et al. [2003]
suggested that this event may be related to a similar low-
accumulation event that produced the isotopic signal at
Taylor Dome. Although these interpretations remain uncer-
tain, it appears that the event at both ice core sites represents
some combination of warming and low-to-no accumulation
at �15 ka, which may reflect ice surface lowering or some
regional climate change induced by rapid ice surface low-
ering at this time [Price et al., 2007].
[120] Siddall et al. [2012] used four WAIS ice core records

(Byrd, Siple Dome, Taylor Dome, and Talos Dome) to
evaluate elevation changes simulated in three different ice
models for the last deglaciation. The ICE-5 G model [Peltier,
2004] has 17 m of excess sea level equivalent in the LGM
Antarctic ice sheets, with the largest fraction distributed over
WAIS, and onset of deglaciation occurring 12 ka. Bassett et
al. [2007] used the model of Antarctic deglaciation from
Huybrechts [2002], which has �20 m of excess sea level
equivalent in the LGM Antarctic ice sheets, again with the
largest fraction being distributed over WAIS. Bassett et al.
[2007] then altered the timing of mass loss from the origi-
nal deglaciation history, with one ice history having rapid
retreat and thinning of WAIS at �14 ka to simulate a con-
tribution of 14 m to MWP-1A, and another in which rapid
deglaciation did not begin until 10 ka. Siddall et al. [2012]
then computed the equivalent isotope (dD) signal that
would be produced for the elevation changes simulated by
the three different ice models. In all three cases, Siddall et al.
[2012] found that the predicted deuterium histories substan-
tially overestimated (100–200%) the observed records at the
Byrd, Siple Dome, and Talos Dome sites, indicating that the
modeled thinning may be an order of magnitude too large.
There was reasonable agreement between the Bassett et al.

Figure 21. Present and reconstructed former longitudinal surface profiles of Reedy Glacier. Reprinted
from Bromley et al. [2010]. Copyright 2010, with permission from Elsevier. Reconstructions are based
on the upper limits of deposits at the glacier margins. Symbols denote the sites used in each reconstruction.
Deposits of the local last glacial maximum are referred to as Reedy III. Bromley et al. [2010] extrapolated
the profiles down glacier (dashed lines) to estimate surface elevations at the confluence of Reedy Glacier
and Mercer Ice Stream.
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[2007] model for a large contribution to MWP-1A and the
Taylor Dome record, but as discussed above, this record may
be compromised.
6.2.4. Deglaciation of Other WAIS Sectors
[121] Johnson et al. [2008] used seven single cosmogenic

ages to constrain the thinning history of the WAIS in the
Pine Island Bay region, on the Amundsen Sea coast. Their
oldest exposure age is also their highest, coming from within
12 m of the summit of the sampled nunatak, and suggests
that the nunatak was covered by ice at the LGM. The LGM
ice surface was thus at least 334 m higher than present, and it
first became exposed at 14.4 � 1.5 10Be ka.
[122] Denton et al. [1992] mapped a widespread erosional

trimline throughout the Ellsworth Mountains which they
interpreted to reflect a former ice surface that was 800 to
>1000 m higher than present, although they could not dis-
count an englacial thermal boundary for its origin. Denton
et al. [1992, p. 419] also described just one glacial drift unit
(Ellsworth drift) as occurring between this trimline and the
present ice surface, with “no surface weathering differences
or widespread morphologic breaks. Instead, [this] drift
shows relatively uniform surface morphology and weathering
characteristics over this entire elevation range.” They also
described unweathered bedrock with well-preserved striations
from elevations just above the present ice surface to just below
the trimline. They inferred a LGM age for this trimline in part
based on the similarity in weathering characteristics of the
Ellsworth drift and those developed in Ross Sea drift that have
a known LGM age, but in the absence of numerical dating
methods, Denton et al. [1992] could not exclude an older age.
[123] Bentley et al. [2010] distinguished a zone of less

weathered drift and bedrock from a higher zone of more
weathered drift and bedrock within the limits of the Ells-
worth drift mapped by Denton et al. [1992], who did not
identify such a distinction. Bentley et al. [2010] reported that
in some places, a moraine is found at the upper limit of the
lower drift, indicating that the limit marks an ice margin.
They obtained 65 10Be ages from the lower drift and 4 10Be
ages from the upper drift. Of the 65 ages from the lower
drift, all but 11 were considered to be too old due to inher-
itance of 10Be from previous exposure (Figure 17). Two
10Be ages (15.4 � 1.4 ka, 15.1 � 1.3 ka) indicate that
deglaciation from the moraine at the drift limit began at
�15 ka, and the ice surface subsequently slowly lowered to
its present elevation by 1–2 kyr. The four ages from the
upper drift are all >380 ka, and based on the greater degree
of weathering of the drift and bedrock, Bentley et al. [2010]
interpreted material above the limit as being substantially
older than that below and stated that the limit of the lower
drift thus represents the LGM position of the WAIS surface
in this region. Given that the LGM ice sheet was at most
480 m thicker than present, Bentley et al. [2010] concluded
that the Weddell sector of the ice sheet made little contri-
bution to global sea level rise, including MWP-1A. They
referred to two other lines of evidence in support of thinner
ice in the Weddell Sea basin, including an unpublished ice
core record and two cosmogenic ages on bedrock surfaces
from the Shackleton Range that, however [Fogwill et al.,

2004, p. 267], “cannot rule out the possibility that the
mountain has been covered intermittently for short periods
by cold-based ice.”
[124] Clark [2011] pointed to the possibility that the upper

more weathered zone with old erratics had been preserved
by cold-based LGM ice, as has been documented from
elsewhere in Antarctica [Stone et al., 2003; Sugden et al.,
2005] and the Arctic [Briner et al., 2005, 2006; Goehring
et al., 2008]. In support of this are four 10Be ages reported
by Todd and Stone [2004] from the upper weathered surface
described by Bentley et al. [2010] (range from 41 � 3 to
67 � 5 ka) that, given the likelihood of inheritance in these
samples (e.g., Figure 17), provide plausible support for
thicker LGM ice in this region. Clark [2011] thus proposed
that thicker, cold-based LGM ice may have covered the
upper, more highly weathered surface prior to 15 ka and that
the 15 ka moraine represents a recessional phase during
deglaciation after the LGM. A similar scenario has been
established for the eastern Canadian Arctic, where unweath-
ered glacial deposits and bedrock at lower elevations are
separated from more highly weathered deposits and bedrock
above by a well-defined moraine system, yet because 10Be
ages demonstrate that the upper surface was covered by cold-
based ice at the LGM [Briner et al., 2005, 2006], the moraine
system must have formed during deglaciation.
[125] Bentley et al. [2011] replied by acknowledging that

although Clark’s argument cannot be ruled out, they reem-
phasized that they were unable to find unweathered erratics in
the more weathered upper zone, such as those found in other
localities that established overriding by cold-based ice. They
also argued that if the depositional regime depositing mor-
aines today has remained the same, all the glacial deposits
they described were formed from supraglacial debris on
marginal blue ice areas, and similar processes should have
left similar deposits if thicker ice had thinned to the limiting
moraine dated to �15 ka. We note, however, that the char-
acteristics of the glacial debris below the limiting moraine
described by Bentley et al. [2010, p. 412] are typical of sub-
glacial deposition: “continuous layer of drift that is domi-
nated by fresh, unweathered clasts, with rarer weathered
clasts. The drift is lithologically diverse… Many clasts are
striated or faceted.”
[126] We agree with Bentley et al. [2011] that the absence

of unweathered material above their limit “raises the diffi-
culty of interpreting negative evidence.” We conclude that
the discrepancy between the observations by Denton et al.
[1992] for no weathering break up to their mapped higher
trimline as opposed to the description by Bentley et al. [2010]
of a weathering break well below the Denton et al. [1992]
trimline remains a critical, unresolved question in the inter-
pretation of LGM ice volume for this region that requires
additional field investigation.
6.2.5. Deglaciation of the Antarctic Peninsula
Ice Sheet
[127] Heroy and Anderson [2007] established a robust

chronology of ice margin retreat of the Antarctic Peninsula
Ice Sheet (APIS) across the adjacent continental shelf based
on 14C ages measured on carbonate fossils, thus avoiding the
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large uncertainties associated with AIO ages. Ice margin
retreat from its LGM extent on the shelf began at >18.2 ka,
in good agreement with another study of APIS margin
retreat based on 14C ages measured on carbonate fossils
[Smith et al., 2010]. Expressed as a percentage of it maxi-
mum extent relative to the present-day margin, the ice mar-
gin then retreated gradually (�10%) until �14 ka, when it
retreated �30% in a few hundred years, suggesting that the
APIS contributed to MWP-1A [Heroy and Anderson, 2007].
The rate of ice margin retreat subsequently decelerated, and
the margin reached the inner shelf at �10 ka.
[128] Other studies have suggested that deglaciation from

the Antarctic Peninsula shelf began at <12 ka based on the
age of marine sediments from the inner shelf [Mackintosh
et al., 2011], but the APIS margin extended to the shelf
edge during the LGM [Heroy and Anderson, 2007; Smith et
al., 2010], indicating that the inner shelf sites only record
the final deglaciation and thus have no bearing on the onset of
deglaciation from the shelf edge that occurred at least 7 kyr
earlier.
6.2.6. EAIS: Deglaciation of Mac.Robertson Shelf
and Land
[129] Leventer et al. [2006] reported 11 14C ages from a

core (JPC43B) taken in a trough (Iceberg Alley) that is
incised into the Mac.Robertson Shelf off the current EAIS
margin. Five ages were on carbonate material, and six were
on AIO matter; Leventer et al. [2006] applied a reservoir age
of 1700 � 200 years based on the radiocarbon age of surface
sediments from nearby and regional box cores and karsten
cores [Mackintosh et al., 2011]. Age models based on the two
types of dates show that AIO ages in the core are older than
the carbonate ages. The lowest 4.83 m in the core is com-
prised of diatom-rich laminated sediments, which Leventer
et al. [2006] interpreted as varves deposited in a calving
embayment that formed in the trough. The notion of the
existence of a calving bay is critical with respect to associ-
ating the timing of deposition of the laminated sediments
with deglaciation and was based on a conceptual model
developed by Domack et al. [2006, p. 138] for a trough
(Palmer Deep) on the continental shelf off the Antarctic
Peninsula, as follows: “We hypothesize that with the addition
of basal water to the till system beneath the outer Hugo Island
Trough, flow of the Palmer Deep (PD) outlet accelerated.
With acceleration of drainage, via the PD ice stream, surface
elevations of the surrounding ice sheet would have decreased,
leading eventually to thinner ice within the ice stream and its
drainage. Such a lowering of ice surface elevations following
maximum conditions, when coupled with rising eustatic sea
levels, would have provided sufficient instability to increase
rates of calving. Hence, we envision a situation where calving
bay reentrants were created along the entire front of the PD
ice stream during deglaciation.”
[130] The two (AIO) ages in the core from the basal dia-

tom-rich laminated sediments suggest that they were depos-
ited at 11.6� 0.3 ka (11,770� 45 14C yr BP, CAMS 99090).
Based on the assumption that the conceptual model of a
calving bay developed for the Antarctic Peninsula could be
applied to the Mac.Robertson Shelf, Leventer et al. [2006]

interpreted these sediments as having been deposited in a
calving bay. On this basis, they interpreted these ages as
constraining the age of onset of deglaciation from this
shelf, from which they concluded that this margin of the
EAIS did not contribute to MWP-1A. Seismic surveys,
however, indicate that there is an additional �6 m of post-
glacial sediment above a glacially scoured surface, suggest-
ing that the age for deglaciation inferred by Leventer et al.
[2006] is only a minimum-limiting age. Mackintosh et al.
[2011] evaluated this issue by deriving an initial age for
deglaciation from this core based on the following assump-
tions: (1) the 6 m of postglacial sediments below the depth of
core penetration were deposited in the same way as the
laminated sediments from the base of the core and (2) those
sediments were deposited at the same rate as the sampled
laminated sediments.Mackintosh et al. [2011] thus concluded
that the 6 m of underlying sediments were deposited in
�100 years, so that initial age of deglaciation was �11.7 ka.
[131] Mackintosh et al. [2011] also reported 13 14C ages

from a core (JPC40) in the next trough to the east of Iceberg
Alley on the Mac.Robertson Shelf. All ages were on AIO
matter, and Mackintosh et al. [2011] used the same reservoir
age as for JPC43B (1700 � 200 years). The base of the core
penetrated �2.4 m of glacial sediments. These are overlain
by 47 cm of rhythmically laminated sediments, similar to
those in JPC43B that Leventer et al. [2006] interpreted to
have also been deposited in a calving bay, which are then
overlain by laminated biosiliceous ooze. The AIO 14C age
on the basal glaciogenic unit (25,230 � 100 yr BP) is clearly
too old, whereas the two ages from the laminated biosilic-
eous ooze are out of stratigraphic sequence and are older
than the two from the underlying rhythmically laminated
sediments. Of the five AIO 14C ages from this section,
Mackintosh et al. [2011] considered only the two from the
rhythmically laminated sediments as reliable, citing their
higher total organic content and diatom abundance as sup-
port for this selection. On this basis, they concluded that
deglaciation at this site occurred at 14.0 � 0.2 ka (13,895 �

40 14C yr BP, CAMS 134392). On the basis of this age and
that from JPC43B, as well as dates from elsewhere discussed
below, Mackintosh et al. [2011] concluded that the initial
retreat of the EAIS margin on the Mac.Robertson Shelf may
have coincided with MWP-1A but that [Mackintosh et al.,
2011, p. 201] “most ice loss occurred significantly later.”
[132] Mackintosh et al. [2007] reported 21 10Be ages from

several ranges of the Framnes Mountains that protrude above
the EAIS in Mac.Robertson Land, immediately adjacent to
the Mac.Robertson Shelf. In three of the ranges, Mackintosh
et al. [2007] identified an upper limit of unweathered erratics
that occurs �250 m above the present ice surface, whereas
unweathered erratics were traced to the summits in the
Masson Ranges (north and central) 350 m above the present
ice surface, suggesting that ice overtopped these ranges.
Mackintosh et al. [2007] interpreted the boulder limit as
marking a former ice limit because its slope, as derived from
Mount Henderson and Mount Horden, mimics the present-
day ice surface profile. We note, however, that the Masson
Ranges, where the unweathered boulders continue to the
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summits >350 m above the present ice surface, occur
between the two ranges used by Mackintosh et al. [2007] to
derive a former ice surface slope �250 m above the present
ice surface. Moreover, the Masson Ranges intersect the
present ice surface at the same elevation (between 600 and
800 m) as the David Range, where Mackintosh et al. [2007]
also reported a boulder limit 250 m above present ice sur-
face. This raises the question of why an ice surface should be
>350 m higher over the Masson Ranges, yet be restricted to
250 m up ice, down ice, and immediately to the west in these
other ranges. In this regard, the boulder limit identified by
Mackintosh et al. [2007] may not be defining a former ice
surface and may instead mark a former thermal limit or a
change in basal debris transport, possibilities which they also
suggested.
[133] Of the 21 10Be ages, Mackintosh et al. [2007] dis-

counted the 6 oldest as being too old due to inheritance and
used the remaining 15 single-boulder ages to constrain the
history of ice surface lowering during the last deglaciation.
We summarize their results in Figure 22, which shows the
10Be ages from each of the five ranges sampled. At Mount
Henderson (Figure 22a), two ages constrain �200 m of
thinning between 8.9 and 6.6 ka. Two ages from the Central
Masson Ranges and Dunlop Peak suggest �300 m of ice
surface lowering over the past �9.5 ka (Figure 22c).
Mackintosh et al. [2007] concluded that the ice surface in the
Brown Range has not been more than 160 m higher than
present in the last �23 ka and has thinned 60 m in the last
�13 ka (Figure 22d). In doing so, Mackintosh et al. [2007]
accepted a single boulder age of 22.9 � 1.2 ka as being free
of inherited 10Be. Although this sample also had a concordant
26Al age, older samples with concordant 10Be/26Al ages (35–
65 ka) are clearly too old due to inheritance, indicating that
this index does not necessarily preclude inheritance. Instead,
given that the majority of published cosmogenic ages in
Antarctica exhibit some amount of inheritance (Figure 17),
replicating this age with multiple samples from the same site,
as is the conventional practice in most studies using cosmo-
genic nuclides for surface exposure dating [Gosse and
Phillips, 2001], is required. Finally, in excluding a 6.9 ka

age at 900 m,Mackintosh et al. [2007] inferred�350m of ice
surface lowering between �12 and 7 ka in the North Masson
Range, with �250 m of that lowering occurring between
12 and 10 ka (Figure 22b). They considered an alternative
interpretation whereby including the 6.9 ka age indicated that
most surface lowering occurred after 7 ka but discounted this
because it implied that [Mackintosh et al., 2007, p. 553] “the
remaining six samples with ages older than ca. 7 ka were
deposited with a varying initial or inherited component of
cosmogenic nuclides.” We suggest an additional scenario
whereby gradual surface lowering occurred between 12 and
7 ka and the two ages �10 ka at �650 m are too old due to
inheritance. There is no independent, objective means to
distinguish between these three scenarios, but we note that
similar vertical age distributions with relatively small age
differences (hundreds to thousands of years) among samples
at similar elevations are common in other Antarctic data sets
(Figure 17), where the protocol involves selecting the youn-
gest erratic at any elevation to derive the ice thinning history
[Stone et al., 2003; Bentley et al., 2010].
[134] Mackintosh et al. [2007, p. 553] concluded that their

reconstructed ice surface for 12–13 ka, which is based on a
single age of 13.1� 0.7 ka in the Brown Range (Figure 20d)
and a single age of 12.0� 0.7 ka in the North Masson Range
(Figure 20b), “is smaller than that predicted by recent ice-
sheet models [Denton and Hughes, 2002;Huybrechts, 2002],
which show ice as much as 1000 m thicker than present in
this area.” We note, however, that the modeled ice surface
referred to is for the LGM and is thus not necessarily directly
comparable since the reconstructed surface may represent
one that has lowered since the LGM. This is particularly the
case given the uncertainties in using a boulder limit to con-
strain an ice surface and in using single boulder ages to
constrain chronologies where inheritance is a significant
problem.
[135] In drawing the comparison to modeled LGM ice

surfaces, Mackintosh et al. [2007, p. 553] noted that “The
models simulate thicker ice because they assume that the
EAIS advanced �100 km to the continental shelf margin
during the LGM. Seaward extension of our reconstructed ice-
surface profile for this time period indicates that the EAIS
could not have advanced more than 10–15 km to the edge of
the inner continental shelf, where significant deepening
occurs.” Mackintosh et al. [2007], however, refer to the date
from core JPC43B (11.6 ka) [Leventer et al., 2006] as support
for a late deglaciation age, thus neglecting the fact that this
core was obtained from within 20 km of the continental shelf
edge, far seaward of their postulated limit. In a subsequent
paper using these same cosmogenic dating results to con-
strain ice history,Mackintosh et al. [2011] concluded that the
maximum ice sheet extent at the LGM was in fact located
near the edge of the continental shelf, some 100 km offshore.
[136] In noting that their results on the timing of deglaciation

(12–13 ka) are similar to the Leventer et al. [2006] chronology
for deglaciation of the Mac.Robertson Shelf at�11.6 ka based
on core JPC43B, Mackintosh et al. [2007, p. 553] concluded
that the EAIS “is unlikely to have been a major contributor” to
MWP-1A. As summarized above, however,Mackintosh et al.

Figure 22. Cosmogenic ages on glacial erratics from the
Framnes Mountains in Mac. Robertson Land, East Antarctica
[Mackintosh et al., 2007]. (a) Henderson Range. (b) North
Masson Range. (c) Central Masson Range and Dunlop Peak.
(d) Brown Range.
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[2011] subsequently found that deglaciation of the shelf began
earlier, at �14 ka, based on new AIO 14C ages from core
JPC40, and thus modified their conclusion as [Mackintosh
et al., 2011, p. 201] “although the initial retreat of the EAIS
may have coincided with MWP 1a (within dating uncertain-
ties), most ice loss occurred significantly later.” The chrono-
logical basis for concluding that most mass loss occurred
significantly later is (1) the age of �11.7 ka established by
extrapolating to the base of the unsampled 6 m of postglacial
sediments at the site of core JPC43B (summarized above) and
(2) the cosmogenic data from Mackintosh et al. [2007]. With
respect to the cosmogenic data, a key constraint is derived
from the data from the North Masson Range (Figure 22b),
from which Mackintosh et al. [2007, 2011] concluded that
�200 m of surface lowering occurred between�12 and 10 ka.
As we have summarized above, however, the constraint on the
height and age of the ice surface prior to 12 ka is highly
uncertain, being based on a boulder limit and a single cos-
mogenic age. Moreover, Mackintosh et al. [2011] noted that
recent work on the sea level high-latitude 10Be production rate
from Putnam et al. [2010] may be more applicable to the high
southern latitudes than the production rate used inMackintosh
et al. [2007]. In using the new production rate, Mackintosh
et al. [2011] recalculated the critical 10Be age of 12.0 �

0.7 ka as 14.1 � 0.7 ka, using the CRONUS-Earth age cal-
culator (http://hess.ess.washington.edu), which is the standard
for computing exposure ages.Mackintosh et al. [2011, p. 198]
thus concluded that they “cannot completely rule out the
possibility that deglaciation of both troughs [on Mac.Robert-
son Shelf] began at�14 kyr ago.”This result is consistent with
the calibrated AIO 14C age of 11.6 ka from the base of core
JPC43B being a minimum-limiting age and would imply that
the initial emergence of the North Masson Range occurred at
�14 ka, assuming the validity of the single boulder age with
the revised production rate.
6.2.7. Constraints From Antarctic Relative
Sea Level Records
[137] Bassett et al. [2007] approached the question of an

early and rapid AIS deglaciation associated with MWP-1A
by using a GIA model to compute the near-field Antarctic sea
level history for two scenarios, one in which MWP-1A was
produced entirely from the Northern Hemisphere and one in
which there was a dominant contribution from the AIS.
Bassett et al. [2007] used the model of Antarctic deglaciation
from Huybrechts [2002] but altered the timing of mass loss
from the original deglaciation history, with one ice history
having rapid deglaciation beginning at10 ka and another in
which rapid retreat and thinning of WAIS occurred at�14 ka
to simulate a contribution of 14 m to MWP-1A. The former
scenario would most closely correspond to the mid-Holocene
deglaciation and retreat of the grounding line in the Ross Sea
as interpreted by Baroni and Hall [2004] and Hall et al.
[2004] from the Ross Sea RSL records, which are the best
RSL records from Antarctica. In contrast, the latter scenario
would test the hypothesis of whether AIS deglaciation asso-
ciated with MWP-1A can be accommodated by the observed
RSL histories. For both scenarios, there is a sea level rise at
the Ross Sea sites associated with the Northern Hemisphere

melting until this region deglaciates, after which there is a sea
level fall resulting from the isostatic uplift. The combined
effect of these two processes is a sea level highstand, which
occurs earlier in the AIS source model and thus results in a
more gradual sea level fall during the middle to late Holocene
than is the case for the Northern Hemisphere source model.
Bassett et al. [2007] concluded from this preliminary analysis
that the more gradual sea level fall predicted by the Antarctic
source model is more consistent with the data than the larger
and steeper fall predicted by the Northern Hemisphere source
model.
[138] As discussed in section 6.2.3, Siddall et al. [2012]

used four WAIS ice core dD records to evaluate elevation
changes simulated in the two Bassett et al. [2007] models.
Siddall et al. [2012] found that the predicted dD histories
substantially overestimated (100–200%) the observed records
at the Byrd, Siple Dome, and Talos Dome sites, indicating that
the modeled thinning may be an order of magnitude too large.
There was reasonable agreement between the Bassett et al.
[2007] model for a large contribution to MWP-1A and the
Taylor Dome record, but as discussed above, this record may
be compromised.
6.2.8. Synthesis
[139] The extensive geochronological constraints on the

Ross Sea drainage system provide a record of this sector of
the WAIS during the last glaciation that is comparable to the
best dated records of the Northern Hemisphere ice sheets.
In particular, these data establish that the last advance of
grounded ice in the Ross Sea toward its LGM extent occurred
at �30 cal ka (Figure 18). There is similarly considerable
information on the timing of the last deglaciation of the Ross
Sea. The most reliable AIO 14C ages from the Ross Sea are on
sediments deposited in open marine conditions and thus only
provide limiting minimum ages for ice shelf retreat [Domack
et al., 1999], although even these ages are subject to con-
siderable uncertainties. In any event, they do not directly
constrain the timing of grounding line retreat. The radiocar-
bon-dated record from Taylor Valley has provided one of the
best dated records from Antarctica for the timing of the LGM
and last deglaciation. The combination of dates constraining
the onset of retreat of the ice margin from its terminal
moraine on Hjorth Hill and the highstand of glacial Lake
Washburn has long been used to infer the onset of deglacia-
tion at �14.5–15.0 cal ka [Stuiver et al., 1981; Denton et al.,
1989], but the persistence of a lower lake level (<80 m) until
�9.3 cal ka and the two ages from recessional moraines on
Hjorth Hill have been used to argue that the ice margin
retreated slowly [Hall et al., 2000; Mackintosh et al., 2011]
and that grounded ice remained in the mouth of Taylor Valley
until final lake drainage sometime after 9.3 cal ka [Denton
et al., 1989; Conway et al., 1999]. Along the Scott coast to
the north of Taylor Valley, the age of the marine limit has
been used to constrain the timing of retreat of the grounding
line as occurring after 7.4 ka [Conway et al., 1999;Hall et al.,
2004].
[140] We suggest an alternative hypothesis whereby the

two ages on Hjorth Hill are simply limiting minimum
ages for deglaciation and that ice thinned rapidly and the
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grounding line of the Ross Sea ice sheet retreated to the south
of the valley at �14.4–15.0 ka, causing the lake to lower to a
level (�80 m) dammed by an ice shelf (Figure 19). The AIO
ages constraining open marine conditions (6.2 ka near Ross
Island) [Domack et al., 1999], the age of marine limit on the
Scott coast (7.4 ka) [Hall et al., 2004], and ages on raised
marine shells in McMurdo Sound (6.2 ka) [Stuiver et al.,
1981] are all then consistent with the retreat of the ice shelf
front, rather than the grounding line, as occurring during the
early to middle Holocene.
[141] Elsewhere, the best constraints on onset of deglacia-

tion and associated lowering of the WAIS surface come from
the Siple Dome ice core, which suggests �350 m of ice
surface lowering between 14 and 15 ka [Price et al., 2007],
and deposits from the margin of the Reedy Glacier, which
suggest at least 150 m of ice surface lowering also between
14 and 15 ka [Bromley et al., 2010; Todd et al., 2010]. Cos-
mogenic ages from mountains on the Amundsen Sea coast
suggest that nunataks first emerged followingWAIS thinning
there at 14.4 � 1.5 10Be ka [Johnson et al., 2008]. Cosmo-
genic ages from the Ellsworth Mountains suggest that the
Weddell Sea sector of WAIS began to thin from a moraine
�15 ka [Bentley et al., 2010]. We suggest that these cosmo-
genic data do not uniquely constrain the LGM ice surface
from having been thicker [Clark, 2011], with cosmogenic
ages reported by Todd and Stone [2004] supporting this
possibility. In addition, there remains a discrepancy in iden-
tifying a weathering limit below the trimline mapped by
Denton et al. [1992] that needs to be resolved. In this regard,
Clark [2011] proposed an alternative hypothesis whereby
LGM ice was at the upper trimline mapped by Denton et al.
[1992] with subsequent thinning to the moraine dated by
Bentley et al. [2010] at �15 ka.
[142] Radiocarbon ages on carbonate fossils from the

continental shelf off the Antarctic Peninsula suggest that ice
margin retreat from its LGM extent on the shelf began at
>18.2 ka [Heroy and Anderson, 2007; Smith et al., 2010],
with an acceleration in retreat at �14 ka, when it retreated
�30% in a few hundred years [Heroy and Anderson, 2007].
[143] How well constrained is the timing of deglaciation of

Mac.Robertson Shelf and the adjacent Mac.Robertson Land?
We first point to the uncertainty in the assumption that the
conceptual model of a calving bay developed from the Ant-
arctic Peninsula shelf also applies to theMac.Robertson Shelf
in order to explain the deposition of the rhythmically lami-
nated sediments. We note that a similar facies (laminated
diatomaceous ooze, subtle grading in distinct centimeter-
scale intervals, and high TOC) is common in troughs devel-
oped on the floor of the Ross Sea, where Domack et al.
[1999] interpreted it as having been deposited in open
marine conditions following retreat of the ice shelf front.
Second, the key dates for constraining deglaciation in both
cores fromMac.Robertson Shelf are on AIO matter, which in
other Antarctic marine sediments have large uncertainties,
particularly with respect to the assumption that the age of
surface sediments can be used to correct for the effect of old
organic matter. In fact, Leventer et al. [2006, p. 8] dismissed
AIO 14C ages from a core off the Wilkes Land margin of the

EAIS because of the “difficulties based on the presence of
reworked organic material,” although the problems do not
appear to be any greater in this area than for sites elsewhere
where dates are accepted and may be even less, as suggested
by data in Harris and Beaman [2003]. Third, the calibrated
AIO age of 11.6 ka from core JPC43B is only a minimum
age; there are 6 m of underlying postglacial sediments that
have no constraints on age or sedimentation rate. Fourth, the
cosmogenic data do not uniquely constrain LGM ice surface
elevations, and given the high probability of inheritance,
single-boulder ages without replication are highly uncertain.
Mackintosh et al. [2011] have also highlighted the uncer-
tainties in high southern latitude production rates [Putnam
et al., 2010], which become critical when trying to establish
millennial-scale resolution. We conclude that the hypothesis
by Mackintosh et al. [2007, 2011] for the timing and rate of
deglaciation of the Mac.Robertson sector of the EAIS being
substantially after MWP-1A requires additional chronologi-
cal constraints to be validated. In the meantime, the existing
uncertainties in the chronology mean that a scenario for sig-
nificant deglaciation of this margin coincident withMWP-1A
cannot be excluded.
[144] These lines of direct evidence for Antarctic ice sheet

thinning and retreat at the time ofMWP-1A are consistent with
geophysical modeling of the nonglobal mean component of the
sea level rise during MWP-1A which suggests a large if not
dominant source from Antarctica [Clark et al., 2002; Bassett
et al., 2005; Deschamps et al., 2012] (see section 7). In eval-
uating local RSL records from the Ross Sea, Bassett et al.
[2007] also found that the more gradual sea level fall pre-
dicted by the Antarctic source model is generally more con-
sistent with the data than the larger and steeper fall predicted by
the Northern Hemisphere source model, although the imposed
ice thinning histories for WAIS used in the model are likely
overestimated [Siddall et al., 2012].
[145] To summarize, one common signature in nearly all

the records discussed here is for either the onset of or
acceleration in deglaciation of all three Antarctic ice sheets
between 14 and 15 ka (Figure 23). We thus conclude that
although rates of deglaciation remain poorly constrained, the
widespread signature of ice sheet retreat at 14–15 ka is
consistent with an important contribution of the Antarctic ice
sheets to MWP-1A.

7. FINGERPRINTING AND GIA MODELING
OF THE SOURCE OF MWP-1A

[146] In the originally published ICE-4G model [Peltier,
1994], all of MWP-1A was sourced from the LIS
(Figure 24a). A negligible amount of sea level rise came from
the EIS, but that contribution was part of ongoing deglacia-
tion and not explicitly associated with MWP-1A. In particu-
lar, Peltier [1994, pp. 198–199] stated that “The period of
rapid sea level rise following the Y-D [Younger Dryas] is
thought to be dominated by the disintegration of the Antarctic
ice sheet. Because the marine ice sheets on the Barents and
Kara seas are constrained to disappear rapidly following the
LGM, the only viable source of the meltwater that is required
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to effect the rapid rise of sea level that precedes the Y-D is the
Laurentian ice sheet… The main modification that I have
made to the ICE-3G model in order to produce ICE-4G
was therefore to incorporate a period of rapid Laurentide
collapse.”
[147] In a subsequent comment, Edwards [1995] noted

that in comparing the ICE-4G prediction to the New Guinea
sea level record, Peltier [1994] did not correct the New
Guinea data for uplift rate (which Peltier [1994] also did not
do for Barbados, but since it has a lower rate, this was less of
an issue). Edwards [1995] pointed out that when compared
to the corrected sea level data from New Guinea, there was a
significant misfit between the New Guinea data and the
model prediction of the data (Figure 24b). Peltier [1995]
stated that this misfit was a “secondary aspect” of his study
and that perhaps the assumption of constant uplift rate at
New Guinea is wrong. Peltier [2002] invoked a similar
argument to explain the “extremely large” (�30 m) misfits
between his model predictions and post-MWP-1A sea level
data from New Guinea and Tahiti (Figure 24c).
[148] In looking at just the elastic solid Earth response as

well as the gravitational and rotational effects associated with
various possible mass loss scenarios for MWP-1A,Clark et al.
[2002] showed that the greatest difference between Sunda
Shelf and Barbados relative sea levels at the time of MWP-1A
(i.e., the only two records of MWP-1A at the time) was for a
LIS-only source, which was the basis for the ICE-4G scenario.
Specifically, a LIS source would deliver �80% of ice-equiv-
alent sea level at Barbados and�110% at Sunda. Accordingly,
if MWP-1A was 25 m ice-equivalent sea level (as assumed by
Peltier [2005]), then the Barbados sea level rise was 20 m
versus 27.5 m at Sunda Shelf, corresponding to a 7.5 m dif-
ference. The difference was less if an all–Northern Hemi-
sphere source was invoked (�90% versus 110%, or 5 m
difference for a 25 m ice-equivalent sea level event) and was
least if the source was from the AIS (10%, or 2.5 m). Clark
et al. [2002] suggested that the sea level constraints from
Sunda Shelf and Barbados ruled out the large sea level dif-
ference associated with a LIS-only source.
[149] Further insight into identifying a source of MWP-1A

was provided by Bassett et al. [2005], who used a GIA model
through the deglaciation to look not only at the gravitational
and rotational responses but also the full viscoelastic solid
Earth response in sea level records following MWP-1A. The
strength of this study was that the Tahiti and New Guinea
records as well as Sunda and Barbados were now available
for comparison to model predictions. When using an ice
history like ICE-4G (an all-LIS source for MWP-1A), Bassett
et al. [2005] found similar misfits in sea level histories at
Tahiti and Sunda as well as the one at New Guinea that
Edwards [1995] had first pointed out (Figure 24d). They
noted that other work indicated that the lower mantle vis-
cosity used in the nominal model was likely too low and
showed that increasing it to 4 � 1022 Pa s reduced the misfit,
but not entirely, and that further increasing it did not reduce
the misfit any further. Bassett et al. [2005] next increased the
contribution from the AIS to MWP-1A, with a compensating
decrease in contribution from the Northern Hemisphere, and

Figure 23. Summary of Antarctic records showing a signal
of deglaciation between 15 to 14 ka (vertical gray bar).
(a) Ages constraining deglaciation. Diamonds are calibrated
radiocarbon ages, and squares are cosmogenic exposure
ages. The cyan square from Mac. Robertson Land is from
Mackintosh et al. [2007], whereas the light blue square is
the same age but with a different production rate from
Putnam et al. [2010], as discussed by Mackintosh et al.
[2011]. The two cosmogenic ages from the Weddell Sea are
from Bentley et al. [2010]. The cosmogenic age from the
Amundsen Sea is from Johnson et al. [2008]. The four cali-
brated radiocarbon ages from Hjorth Hill are from Hall and
Denton [2000]. (b) Calibrated radiocarbon ages on carbonate
constraining the retreat of the Antarctic Peninsula ice sheet
margin across the continental shelf, expressed as relative
to maximum extent (100%) [Heroy and Anderson, 2007].
(c) Cosmogenic exposure ages constraining thinning of the
Reedy Glacier surface [Todd et al., 2010]. (d) Calibrated
14C ages on organic matter (algae) in deltas associated with
high lake levels in Taylor Valley [Hall et al., 2010]. Green
symbols are from Fryxell Basin, blue symbols are from Bon-
ney Basin. (e) dD record from Siple Dome ice core [Brook
et al., 2005]. (f) d18O record from Taylor Dome ice core
[Steig et al., 1998].
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found that the misfit was further reduced. Statistically, a 15 m
AIS source with 8 m from the Northern Hemisphere
(6 m from the LIS) provided a better fit than a 5 to 10 m AIS
source (assuming a 23 m ice-equivalent sea level contribu-
tion) (Figure 24d). Similar results were shown for an all–
Northern Hemisphere source (similar to LIS-only source) and
a global ice sheet source (improved fit, but still misfits with
New Guinea and Sunda that are resolved by increasing the
AIS contribution to 15 m).
[150] In addressing the “hemispheric origins” of MWP-1A,

Peltier [2005, pp. 1661–1662] stated that “the model of
MWP1a that is embodied in the ICE-4G deglaciation history
of Peltier [1994, 1996] is one which appears to deliver pre-
dictions of the amplitude of this event at Barbados and on the
Sunda Shelf that are not sufficiently different so as to enable
the difference to be employed to determine the geographical
source(s) of the meltwater responsible for this episode of rapid
sea level rise. One reason for this may have to do with the
distributed nature of the northern hemisphere source assumed
in the ICE-4G model.” In Peltier [2005, Figure 5], contribu-
tions to MWP-1A include 4.6 m from the EIS and 3.6 m from
the CIS as well as 16.5m from the LIS, whichPeltier [2005, p.
1662] stated that “This characteristic of the ICE-4G deglacia-
tion model has not been described previously.” As summa-
rized above (Figure 24a), what Peltier [1994] had originally
described for ICE-4G is that the LIS was “the only viable
source.”Moreover, as Peltier [1994] had originally identified,
the BKIS had already deglaciated, and the geological record
shows that the CIS could not have contributed 3.6 m of sea
level equivalent at 14 ka [Clague and James, 2002]. It thus
appears that Peltier [2005] uses a different ICE-4G history
than the one that was originally published. Taking these results
at face value, his “best” model results in a 7 m difference
between Barbados and Sunda for a 25 m ice-equivalent sea
level event, similar to what was found inClark et al. [2002] for
a LIS-only source. Because the geological records indicate that
the ice sheet scenario used by Peltier [2005] is incorrect (no
BKIS contribution possible and CIS contribution over-
estimated), the only remaining contributor for a substantial
Northern Hemisphere sourcemust be the LIS. Assuming that a
similar response would apply for a LIS-only source as inClark
et al. [2002], the difference between Sunda and Barbados
would be >7 m. Because of the amplification of the Sunda
Shelf response relative to Barbados, such a response would
cause the amplitude of the Sunda sea level to be greater than at
Barbados, in contrast to the data, given uncertainties in the sea

level records (section 4). Finally, we note that the post-MWP-
1A predictions in Peltier [2005] continue to show the same
model misfit to the Sunda Shelf data, such as Bassett et al.
[2005] reproduced when assuming a Northern Hemisphere
ice source (Figure 24d).
[151] Based on a GIA model similar to that used by Bassett

et al. [2005] but now applied to the new Tahiti sea level data,
Deschamps et al. [2012] obtained results that agree well
with those found by Bassett et al. [2005], further supporting
a substantial contribution from Antarctica. They pointed to
the difficulty in constraining accurate amounts from these
models given the depth uncertainties in the RSL data but
suggested that [Deschamps et al., 2012, p. 563] “it is prob-
able that the AIS contributed at least half of the �14 m
eustatic sea level rise observed during this event.”
[152] In summary, both fingerprinting studies [Clark et al.,

2002] and GIA models [Bassett et al., 2005; Deschamps
et al., 2012] support a substantial contribution of the AIS to
MWP-1A. We note that Clark et al. [2002] based their
analysis on a longer duration, and thus higher amplitude
(25 m), definition ofMWP-1A than has now been established
from the Tahiti sea level record [Deschamps et al., 2012]
(section 4). With this new assessment of the ice-equivalent
sea level amplitude associated with MWP-1A (�14 m) and
the newly assessed RSL amplitudes at Barbados (16–19 m),
Sunda (16 m), and Tahiti (16–17 m),Deschamps et al. [2012]
concluded that the similarity of all three RSL amplitudes with
respect to the ice-equivalent sea level confirmed the conclu-
sion by Clark et al. [2002] that precluded a sole contribution
of the LIS. Given that the BKIS, SIS, and CIS contributed
little if anything to MWP-1A (section 5), the remaining sce-
narios to explain similar RSL amplitudes at these three sites
require an important Antarctic contribution. We agree with
Deschamps et al. [2012] that the depth uncertainties in the
RSL data preclude a robust conclusion from these models as
to howmuch the AIS contributed but that it was substantial is
supported by the likely contribution from the LIS derived
from geological constraints and ice sheet models (section 5),
which only account for �50% or less of the MWP-1A ice-
equivalent sea level rise.

8. ALLERØD SEA LEVEL RISE AND ITS SOURCES

[153] Following the end of MWP-1A, RSL records suggest
7–10 m of sea level rise over the next �1 kyr (i.e., 7 to
10 mm yr�1) [Edwards et al., 1993; Bard et al., 1996;

Figure 24. (a) Global sea level rise in the ICE-4G model of Peltier [1994], including contributions from individual ice
sheet complexes (A, Antarctica; E, Eurasian; and N, North American) and their total (T). Reprinted with permission from
Peltier [1994]. Copyright 1994 American Association for the Advancement of Science, http://www.sciencemag.org.
(b) Comparison of ICE-4G model sea level predictions for New Guinea and Barbados with the relative sea level data from
those localities, showing the mismatch between model and data at New Guinea. Reprinted with permission from Edwards
[1995]. Copyright 1995 American Association for the Advancement of Science, http://www.sciencemag.org. (c) Compari-
son of ICE-4G model sea level predictions for New Guinea and Tahiti with the relative sea level data from those localities,
showing the mismatch between the model and data. Reprinted from Peltier [2002]. Copyright 2002, with permission from
Elsevier. (d) Comparison of sea level predictions with relative sea level data at five far-field sites (locations given in the
plots), with varying contributions (0–20 m) of Antarctic ice to meltwater pulse 1A [Bassett et al., 2005]. Note the significant
mismatch between model and data at New Guinea, Tahit, and Sunda when there is no contribution from Antarctica and the
improved agreement as the Antarctic contribution increases.
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Peltier and Fairbanks, 2006], an interval of time encom-
passing the Allerød Warm Period from �14.0 to 13.0 ka.
The southern and southeastern LIS retreated rapidly during
the early part of this interval as suggested by the growth
of the Two Creeks Forest (Figure 13a). The southeastern
LIS margin also retreated rapidly with New England and
the St. Lawrence Valley deglaciating during the Allerød
[Rodrigues, 1992; Ridge, 2003, 2004; Rayburn et al.,
2011]. This retreat led to the deglaciation of the eastern
Great Lakes and eastward routing of LIS runoff for much of
the Allerød that is recorded by decreased d18Osw adjacent to
the eastern outlets after �14.2 ka, with the small fluctua-
tions in d18Osw explained by minor ice margin fluctuations
in and out of the eastern Great Lakes (Figure 14c) [Licciardi
et al., 1999; Clark et al., 2001; Obbink et al., 2010]. The
southwestern margin of the LIS also retreated rapidly during
the Allerød, with the initial development of Lake Agassiz at
�14 ka [Clayton and Moran, 1982; Dyke, 2004; Lepper
et al., 2007]. This continued retreat of the southern LIS
through the Allerød routed more of its meltwater east-
ward (Figure 1) [Licciardi et al., 1999], which would explain
declining AMOC strength and gradual North Atlantic cool-
ing leading up to the Younger Dryas [Clark et al., 2001;
Obbink et al., 2010]. Southwestern LIS meltwater was still
routed through the Mississippi River, and this rapid retreat is
reflected in peak deglacial d18Osw depletions in the Gulf of
Mexico at �13.8 and 13.4 ka (Figure 14d) [Flower et al.,
2004]. The eastern margin of the LIS may have begun to
retreat during the Allerød as suggested by cosmogenic radio-
nuclide dates on moraines in northeast Labrador [Clark et al.,
2003], whereas the northern LIS margin continued its gradual
retreat that began in the preceding Bølling (Figure 13a) [Dyke,
2004].

[154] Using the ice area-volume scaling method Paterson
[1994], the area lost by the LIS at 14.0–13.0 ka would be
equivalent to 10.9 � 1.3 m of sea level rise, while the CIS
may have added up to 1.1� 0.1 m of sea level rise equivalent
volume. The combined estimated volume of 12 � 1.3 m
agrees with the ICE-5 G estimate of 11 m [Peltier, 2004] but
is much larger than dynamic ice sheet model estimates of
4.5� 0.3 m to 2.9 � 0.2 m of sea level rise from the LIS and
CIS [Tarasov and Peltier, 2006]. The LIS area estimate is
also larger than steady state flow line model results of 4.0–
3.4 m of equivalent sea level rise from the LIS [Licciardi
et al., 1998]. The discrepancy between the area-volume and
ice sheet model estimates may arise from overestimates of the
ice volume in the LIS regions that were deglaciated during
the Allerød by the Paterson [1994] method. This area-volume
scaling does not account for the smaller volume of ice
contained in the southern to southwestern LIS margins that
had low ice surface slopes due to an underlying deformable,
low-friction sediment substrate [Clark, 1992] relative to the
predominately hard bedded AIS and GIS from which the
scaling method was developed [Paterson, 1994].
[155] Retreat of the southeastern SIS margin accelerated

during the Allerød, retreating �500 km north (Figure 13b)
[Rinterknecht et al., 2006]. Although not as well dated, sig-
nificant thinning continued along the southwestern SIS
margin [Goehring et al., 2008], and outer fjords may have
deglaciated during this period [Boulton et al., 2001]. Based
on the DATED estimates (Figure 13c), the combined EIS
contributed 3.6 � 0.4 to 2.3 � 0.3 m of equivalent sea level
rise at 14–13 ka, which agree well with dynamic ice sheet
model values of �3 m of sea level rise sourced from the EIS
during the Allerød [Siegert and Dowdeswell, 2002, 2004].
These estimates from the LIS and EIS thus suggest that much
to all of the sea level rise that occurred during the Allerød can
be explained by retreat of Northern Hemisphere ice sheets.

9. NORTH AMERICAN FRESHWATER DISCHARGE
AND THE YOUNGER DRYAS COLD EVENT

[156] The Younger Dryas cold event (12.9 � 0.1 to 11.7 �
0.1 ka) [Rasmussen et al., 2006] has long been viewed as the
canonical abrupt climate change event [Alley, 2000; Broecker,
2003]. Johnson and McClure [1976] and Rooth [1982]
hypothesized that the forcing of this event was northward
retreat of the LIS out of the Great Lakes region that allowed
the routing of Lake Agassiz runoff from theMississippi River
(southern outlet) to the St. Lawrence River (eastern outlet)
(Figure 1). Rooth [1982] suggested that the attendant fresh-
ening of the North Atlantic caused a reduction in AMOC
strength with cooling of the regional climate. Such a change
in the location of freshwater runoff does not necessarily
require a change in the rate of ice sheet retreat and would
explain why sea level rise was minimal during a period of
reduced AMOC (Figure 25) [Fairbanks, 1989; Clark et al.,
2001; Bard et al., 2010]. Subsequent radiocarbon dating of
sediment cores from the Gulf of Mexico confirmed the
abandonment of the southern outlet at the start of the Youn-
ger Dryas [Broecker et al., 1989; Flower et al., 2004],

Figure 25. Younger Dryas and relative sea level. (a) NGRIP
d18O [Svensson et al., 2008]. (b) Relative sea level data (circles
are from Tahiti [Bard et al., 1996, 2010], squares from Barba-
dos [Peltier and Fairbanks, 2006], and diamonds from New
Guinea [Edwards et al., 1993]). Age uncertainty is shown
for all samples; where not visible, the uncertainty is less than
the symbol size.
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consistent with this hypothesis, but planktonic d18O records
from the St. Lawrence estuary did not show a contempora-
neous, large d18O decrease, which suggested that another
forcing mechanism was required for the Younger Dryas
[Keigwin and Jones, 1995; de Vernal et al., 1996].
[157] More recently, emphasis for the cause of the Younger

Dryas has switched from the routing of freshwater to a short
(<1 year) flood that is assumed to have occurred from the
abrupt lowering of Lake Agassiz as a lower outlet opened
[Broecker, 2006; Lowell et al., 2009; Tarasov and Peltier,
2005; Teller et al., 2002, 2005; Lowell et al., 2005; Peltier
et al., 2008]. Radiocarbon dates from the eastern Lake
Agassiz outlet, however, have been interpreted as indicating
that deep, erosional “flood” canyons were not open until well
after the start of the Younger Dryas [Teller et al., 2005;
Lowell et al., 2005, 2009]. Moreover, minimum-limiting
radiocarbon dates that constrain the use of the southern outlet
have also been interpreted to indicate abandonment several
hundred years after the start of the Younger Dryas [Fisher,
2003; Fisher and Lowell, 2006; Fisher et al., 2008], calling
into question the flood hypothesis and eastward routing as
the cause of the Younger Dryas. Teller et al. [2005] sug-
gested that the northern outlet via the Mackenzie River
opened at the start of the Younger Dryas, although the
minimum-limiting radiocarbon record for this outlet can be
interpreted as indicating an opening well after the end of
the Younger Dryas [Lowell et al., 2005; Fisher et al.,
2009]. The Lake Agassiz outlet chronology suggested by
Lowell et al. [2005, 2009] and Fisher et al. [2008, 2009]
has no outlet for the western Canadian Plains and Lake
Agassiz during the Younger Dryas, with the Moorhead Low
phase of Lake Agassiz suggested to be from enhanced
evaporation. The evaporation rates required to sustain this
low lake level, however, would be an order of magnitude
greater than the highest evaporation rates anywhere on Earth
and are thus untenable, requiring the existence of an outlet
for Lake Agassiz lower than the southern outlet [Carlson
et al., 2009a]. Alternatively, in their Bayesian ice sheet mod-
eling study, Tarasov and Peltier [2005, 2006] suggested that
an abrupt, several centuries long melting of the northern LIS
into the Arctic Ocean might have been the trigger for the
Younger Dryas, which would not require either the northern
or eastern outlets to be open at the start of the Younger Dryas.
[158] Because of these conflicting observations, interpreta-

tions, and ice sheet model simulations of LIS retreat and runoff,
we assess the terrestrial and marine data that constrain the LIS
history during this interval as well as place the ice sheet model
simulations in the context of their climate forcings and AMOC
responses. We do not discuss the bolide impact hypothesis for
the Younger Dryas [Firestone et al., 2007] because the evi-
dence presented in support of the bolide hypothesis has not
proven reproducible [Marlon et al., 2009; Surovell et al., 2009]
and Younger Dryas–like events are observed during earlier
deglaciations [Carlson, 2008, 2010].

9.1. Relative Sea Level During the Younger Dryas

[159] One of the first objections to a freshwater forcing
hypothesis of the Younger Dryas was that it occurred during

a period of minimal sea level change relative to before and
after the event, raising the question as to how a reduced
meltwater flux could explain the reduction in AMOC
(Figure 25b). MWP-1A occurred at least 1000 years before
the cold event and sea level rise accelerated after �11.4 ka
during what has been called MWP-1B [Bard et al., 1996,
2010; Edwards et al., 1993; Fairbanks, 1989]. Estimates of
the rate of sea level rise during the Younger Dryas range
from 5.6 � 0.4 mm yr�1 to 10.4 � 1.7 mm yr�1, whereas
the preceding 1 kyr had rates between �10.9 mm yr�1 and
12.4 � 1.1 mm yr�1 [Bard et al., 2010]. These sea level
records imply that global ice sheet retreat slowed during the
Younger Dryas [Bard et al., 2010], perhaps in response to
regional cooling, but did not cease. Furthermore, they also
indicate that a different mechanism than increased meltwater
discharge to the oceans is required to explain this cold event,
although elevated Northern Hemisphere ice sheet meltwater
discharge during the Allerød (Figures 14 and 15) may have
preconditioned the North Atlantic for the freshwater discharge
that triggered the Younger Dryas [Weaver et al., 2003].

9.2. Radiocarbon Age Control on Lake Agassiz Runoff
Outlets

[160] Radiocarbon dates provide several constraints on the
timing of occupation and abandonment of Lake Agassiz
outlets. Basal radiocarbon dates from lake cores allow a
minimum estimate of ice retreat and thus can provide a
minimum estimate of when an outlet was open, whereas
dates from organic material reworked in glacial sediment
provide a maximum age for glacier advance to cover an outlet.
Radiocarbon dates from channel gravel may constrain the
timing of when the outlet was occupied or record channel
abandonment with subsequent sediment slumping and
reworking. Radiocarbon dates from terrestrial organic matter in
beaches provide a maximum age of beach formation, whereas
in situ terrestrial dates on lake sediment provide a minimum-
limiting age for lake level fall and outlet abandonment.
9.2.1. The Southern Outlet Record
[161] The age of Lake Agassiz southern outlet abandon-

ment was originally derived from a 14C age on wood in beach
sediment recording a drop in lake level below the southern
outlet, presumably from the opening of a lower outlet, at 12.9
� 0.3 ka (10.96 � 0.30 14C ka BP, W-723) (Figure 26c)
[Moran et al., 1973], in good agreement with the onset of the
Younger Dryas (Figures 26a and 26b). Fisher and Lowell
[2006] questioned the validity of this date in constraining
the abandonment of the southern outlet, however, suggesting
that two radiocarbon dates from an alluvial fan in the south-
ern outlet spillway provided better age control (red bars in
Figure 26c) [Fisher, 2003]. These two dates are from a drill
core into an alluvial fan built into the southern outlet spillway
[Fisher, 2003], with a date of 12.6 � 0.1 ka (10.68 �

0.06 14C ka BP, AA-37029) in gravel overlain by a date of
12.8 � 0.2 ka (10.87 � 0.17 14C ka BP, AA-37030) in mud,
which Fisher [2003] interpreted as constraining abandon-
ment of the southern outlet at the start of the Younger Dryas.
Assuming that the alluvial fan gravel records water flow
through the outlet, Fisher and Lowell [2006] interpreted the
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lower gravel and radiocarbon date therein (AA-37029) as
indicating that the southern outlet was active until after
12.6 � 0.1 ka (10.68 � 0.06 14C ka BP, AA-37029), and
thus, the southern outlet was occupied until after the start of
the Younger Dryas.
[162] The Fisher and Lowell [2006] and Fisher et al.

[2008] argument depends on the interpretation of the gravel
unit containing AA-37029 as being a direct deposit of Lake
Agassiz overflow water rather than a reworked deposit fol-
lowing abandonment of Lake Agassiz overflow water.
Because the drill core is in an alluvial fan built into the
spillway, however, it seems unlikely that runoff from a large
lake into the spillway of the highest lake outlet would be
transporting large boulders and gravel as there is no obvious
source for the coarse bed load. Instead, we suggest that the
alluvial fan and incorporated organic materials were depos-
ited after spillway abandonment, with slumping of the glacial
sediments that make up the channel walls providing the coarse
material deposited in the alluvial fan. An alternative hypothesis
for these two dates, therefore, is that they provide minimum-
limiting constraints on southern outlet abandonment.
[163] Fisher et al. [2008] also disregarded the oldest in situ

root date of 12.6 � 0.1 ka (10.71 � 0.08 14C ka BP, ETH-
32674) on lake sediment exposed upon abandonment of the
southern outlet, which placed the drop in lake level to before

12.6 � 0.1 ka (Figure 26c). Specifically, Fisher et al. [2008,
p. 1129] stated that this date “appears to be anomalously old;
240 radiocarbon years older than the nearest root in strati-
graphic context, nearly 200 radiocarbon years older than the
oldest piece of wood, older than the maximum age for
closing the southern outlet [Fisher, 2003; Fisher and Lowell,
2006], and thus is rejected.” These authors chose another in
situ root date of 12.4 � 0.2 ka (10.47 � 0.08 14C ka BP,
ETH-32671) as a minimum-limiting constraint on the lake
level drop. First, wood from �12.6 ka does exist on Lake
Agassiz sediment, such as the originalMoran et al. [1973] wood
date of 12.9� 0.3 ka (10.96� 0.30 14C ka BP,W-723). Second,
Fisher et al. [2008] rejected this date based on their interpreta-
tions of the aforementioned radiocarbon dates from the
southern outlet of Fisher [2003]. We suggest that an in situ
date should hold more validity in constraining a lake level
drop than a reworked date from a drill core in an ambiguous
depositional setting [Fisher, 2003]. Comparison between the
two dates from the southern outlet drill core (AA-37029 and
AA-37030) that we suggest provide a minimum timing of
outlet abandonment and the wood (W-723) and in situ root
(ETH-32674) dates that constrain a drop in Lake Agassiz
level with high-resolution, well-dated proxy records of the
Younger Dryas (North Greenland Ice Core Project (NGRIP)
and Hulu Cave d18O) [Svensson et al., 2008; Wang et al.,
2001] indicates good agreement between the abandonment
of the southern outlet, the beginning of the Moorhead low-
stand, and the onset of the Younger Dryas (Figure 26).
9.2.2. The Eastern Outlet Record
[164] Unlike the southern outlet of the western Canadian

Plains, the location of the eastern outlet is more ambiguous
and likely shifted through the last deglaciation as the LIS
margin retreat exposed successively isostatically depressed
lower outlets [Leverington and Teller, 2003; Teller et al.,
2005]. Teller et al. [2002] suggested that a large flood
would accompany the opening of the eastern outlet, which
would presumably form a deep canyon [Broecker, 2006].
Lowell et al. [2005, 2009] and Teller et al. [2005] identified
several erosional canyons near Lake Nipigon feeding into
Lake Superior from the northwest (Figure 27) that could be
the drainage route if deglaciated by the start of the Younger
Dryas [Lowell et al., 2005, 2009; Teller et al., 2005]. Far-
ther south of these canyons, Teller et al. [2005] also rec-
ognized five other incised outlets that could have carried
Lake Agassiz runoff eastward once deglaciated (Figure 27).
[165] Lowell et al. [2009] attempted to constrain the reces-

sion of the LIS margin across this region using a series of lake
cores with minimum-limiting radiocarbon ages. Based on their
chronology, they postulated that the eastern outlet would have
been through a low pass, which they mapped as having seg-
ments of the Steep Rock Moraine on both sides and being
overlain by the Brule Moraine (Figure 27). This pass is also
the headwaters of the Shebandowan Outlet of Teller et al.
[2005], and the Brule Moraine does not overlay the lowest
part of the outlet/pass. The Steep Rock Moraine has a mini-
mum-limiting date of 12.3 � 0.2 ka (Figure 26c) (10.40 �

0.12 14C ka BP, ETH-31429). The oldest minimum-limiting
age for the Brule Moraine of 12.0� 0.2 ka (10.25� 0.08 14C

Figure 26. Radiocarbon constraints on the Lake Agassiz
outlets compared with the (a) NGRIP and (b) Hulu Cave
d18O records [Wang et al., 2001; Svensson et al., 2008] com-
pared with (c) radiocarbon dates that constrain Lake Agassiz
outlets. Southern outlet blue dates are minimum limiting for
lake level drop [Fisher et al., 2008]; red dates are from the
gravel layer in the southern outlet [Fisher, 2003]. Eastern
outlet dates are minimum limiting and arranged to progress
northward with associated moraine or outlet indicated
[Lowell et al., 2009]. Northern outlet dates are from a gravel
layer (green) [Smith and Fisher, 1993] or minimum limiting
(blue) [Fisher et al., 2009]. Gray bar denotes the timing of
southern outlet abandonment.
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ka BP, ETH-31430) is located tens of kilometers behind the
moraine (Figure 27). In front of these two moraines, the old-
est minimum-limiting macrofossil date is 12.5 � 0.1 ka BP
(10.55 � 0.08 14C ka BP, ETH-28939). We note that in
identifying eastern outlets across the continental divide,
Lowell et al. [2005, 2009] did not account for isostatic uplift.
As mentioned above, Teller et al. [2005] identified multiple
potential eastern drainage routes for Lake Agassiz after cor-
recting topography for differential isostatic uplift since degla-
ciation, two of which are south of the Brule Moraine (North
Lake and Flatrock Lake Outlets) (Figure 27). The Steep Rock
Moraine is absent from these two outlets [Lowell et al., 2009].
[166] Based on these minimum-limiting dates, Lowell et al.

[2009, p. 1597] postulated that “these ice margin reconstruc-
tions would not allow meltwater sourced in the Hudson Basin
to drain into the Atlantic basin until after Younger Dryas
time.” This interpretation is based on the assumption that their
minimum-limiting dates closely track ice margin recession
with no readvances. An ice margin readvance following retreat
would likely erode any organic material accumulated in the
overrun lakes and relying only on minimum-limiting radio-
carbon dates will only record an unknown temporal lag fol-
lowing the last retreat of ice from a region [Carlson et al.,
2009a; Teller and Boyd, 2006; Teller et al., 2005]. Indeed,

Lowell et al. [2005, p. 372] acknowledged this possibility,
stating in regards to dating the opening of the eastern outlet
that “an alternative interpretation has been that recession
from a glacial re-advance associated with Younger Dryas
cooling is being dated, not the original deglaciation.” Lowell
et al. [2009], however, assumed a simple ice margin retreat
pattern, neglecting the possibility of an ice readvance that
overrode and covered the eastern outlet [Lowell et al., 2005;
Teller et al., 2005; Teller and Boyd, 2006; Carlson et al.,
2009a]. One such well-documented readvance of the Supe-
rior lobe across Lake Superior occurred during the Younger
Dryas occurred just to the west of their study area [Clayton,
1984; Lowell et al., 1999].
[167] A close examination of their lake core records further

highlights the difficulty in actually dating the timing of ice
retreat with minimum-limiting basal lake radiocarbon dates.
For example, the critical basal dates for the Lowell et al.
[2009] chronology are from their Sunbow Lake (�12.3 ka,
ETH-31429) and Crawfish Lake (�12.0 ka, ETH-31430)
records (Figure 27). Because these lake cores only penetrated
sand and laminated silt, it is likely that there is the well-
known lag between deglaciation and the accumulation of
organic material in a lake [Wright, 1972, 1981]. Moreover,
these sediments are not unique to ice marginal environments

Figure 27. Digital elevation map in feet of the LIS eastern outlet near Thunder Bay. Calibrated radiocar-
bon dates from Lowell et al. [2009] are plotted along with the bulk age from Rattle Lake at �13 ka. Teller
et al. [2005] identified eastern outlets that could drain Lake Agassiz during the Younger Dryas
(black lines). From south to north: North Lake, Flatrock Lake, Matawin River, Shebandowan, and
Savanne. Moraines mentioned in text are denoted by dashed red lines.
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in this region, as suggested from the Salo Lake core where
there are multiple layers with grain sizes up to gravel occur-
ring >1 m above the basal date of �17.1 � 0.2 ka (14.05 �

0.10 14C ka BP, ETH-30180), further suggesting some
unknown interval of time between ice retreat and the basal
age.
[168] Radiocarbon dates from Bear Cub Lake that provide

the minimum-limiting constraint for ice retreat north of the
eastern outlets (Figure 27) are in reverse stratigraphic order
outside the uncertainty of radiocarbon measurements, indi-
cating that another lag exists between the arrival of vegetation
to a region after deglaciation and when a lake actually pre-
serves a datable macrofossil. The lowest radiocarbon date in
Bear Cub Lake core is 11.4� 0.2 ka (9.97� 0.08 14C ka BP,
ETH-28940), significantly younger than the oldest radiocar-
bon date of 12.5 � 0.1 ka (10.55 � 0.08 14C ka BP, ETH-
28939) that is �30 cm higher in the core. Consequently, the
organic material dated at �12.5 ka resided on the landscape
for >1000 years before being deposited in Bear Cub Lake
above the organic material dated at �11.4 ka. Evidence of
this lag is further seen in the basal radiocarbon dates from
different lakes on the samemoraine that range over thousands
of years, indicating a variable timing in the onset of organic
material accumulation in any given lake (Figure 27). Finally,
regional cooling during the Younger Dryas may have slowed or
halted the northward migration of the boreal forest [Shuman
et al., 2005], introducing another lag in the arrival of vege-
tation to a region following deglaciation. This additional lag
may be reflected in the significant decrease in the number of
basal radiocarbon dates in this region from the Younger
Dryas interval (Figure 27) [Lowell et al., 2009].
[169] Lowell et al. [2005, 2009] also argued that radiocar-

bon dates in front of a moraine provide a maximum-limiting
age for deposition of that moraine. However, these moraine
distal dates provide no actual stratigraphic control on the
moraine and just represent a minimum-limiting age unless
the date underlies proglacial sediment that is associated with
the moraine. Therefore, a basal age from a lake in front of the
moraine cannot be interpreted as necessarily older than the
moraine, which is clearly indicated by the numerous basal
radiocarbon dates in front of Steep Rock/Brule Moraines that
are younger than the oldest minimum-limiting date on or
behind these moraines.
[170] Given these caveats with minimum-limiting radiocar-

bon dates, we present a deglacial chronology for the eastern
outlets that strictly interprets the radiocarbon dates in terms of
their stratigraphic location (i.e., only a minimum-limiting age
constraint) and also accounts for isostatic depression of the
landscape [Teller et al., 2005]. The oldest minimum-limiting
date for northward retreat from the Vermillion Moraine is
13.9 � 0.1 ka (12.00 � 0.09 14C ka BP, ETH-28945)
(Figure 26c). The minimum-limiting date from near the North
Lake Outlet indicates that this outlet was ice free before 12.5�
0.1 ka (10.55� 0.08 14C ka BP, ETH-28939), confirming that
Lake Agassiz runoff could drain eastward near the start of the
Younger Dryas (Figure 26). Interestingly, just south of this
outlet and the Steep Rock Moraine, there is the aforemen-
tioned gap in radiocarbon ages, with all basal dates younger

than 11.5 � 0.2 ka (10.00 � 0.08 14C ka BP, ETH-28946),
suggesting conditions not conducive to the accumulation of
organic material in small lakes, possibly reflecting overflow of
Lake Agassiz runoff. Continued northward recession of the
LIS margin would have exposed the Flatrock Outlet prior to
12.3 � 0.2 ka (10.40 � 0.12 14C ka BP, ETH-31429), allow-
ing sustained eastward discharge of Lake Agassiz runoff.
Ice margin retreat north of the Brule Moraine before 12.0 �

0.2 ka (10.25� 0.08 14C ka BP, ETH-31430) would open the
even lower Matawin River, Shebandowan, and Savanne Out-
lets that would continue to drain Lake Agassiz eastward
(Figure 27). Therefore, the current minimum-limiting radio-
carbon chronology for the eastern Lake Agassiz outlets sup-
ports the original routing hypothesis of the Younger Dryas
[Johnson and McClure, 1976; Rooth, 1982; Broecker et al.,
1989]. We note that the retreat/drainage chronology pre-
sented here is also supported by preliminary cosmogenic
boulder ages from the eastern outlets that indicate that the LIS
margin was north of the outlets around Thunder Bay by the
start of the Younger Dryas and had retreated to Lake Nipigon
by the end of the Younger Dryas [Kelly et al., 2009].
9.2.3. The Northern Outlet Record
[171] Assuming that the southern outlet was abandoned at

the start of the Younger Dryas [Moran et al., 1973; Broecker
et al., 1989] and that the eastern outlet was still closed until
near the end of the Younger Dryas based on minimum-lim-
iting 14C dates, Teller et al. [2005] suggested that Lake
Agassiz freshwater was routed to the Arctic Ocean during the
Younger Dryas. In contrast, based on minimum-limiting
radiocarbon dates from the northern outlet, Lowell et al.
[2005] and Fisher et al. [2009] argued that freshwater could
not have drained north until 11.3 � 0.1 ka (9.85 � 0.07 14C
ka BP, ETH-30590) to 11.0� 0.2 ka (9.67� 0.08 14C ka BP,
ETH-30175) (Figure 26c). In doing so, they assumed that
these dates date immediate deglaciation, which we argued
above is unlikely, and that they did not consider older wood
radiocarbon dates reworked in fluvial gravels from the
northern outlet. Carlson et al. [2007b] suggested there may
have been a short-lived northward routing of water during
the Younger Dryas based on a radiocarbon date of 12.1 �

0.5 ka (10.31 � 0.29 14C ka BP, GX-5301-II) in fluvial
gravels [Smith and Fisher, 1993], in agreement with two
additional radiocarbon dates from the gravel layers [Teller
and Boyd, 2006] and a light d18O anomaly in the Arctic
Ocean at �12 ka [Andrews and Dunhill, 2004] (Figures 28b
and 28c).
[172] More recent research on the Mackenzie River delta

identified a gravel layer overlying eroded aeolian sand, sug-
gesting a flood event; fluvial sand overlies the gravel layer
[Murton et al., 2010]. Optically stimulated luminescence
(OSL) dates on the lower aeolian sand units range from
13.4 � 0.9 ka to 12.7 � 0.8 ka (Figure 28c), although the
oldest OSL date could be 17.5 � 1.1 ka depending on the
age model used to calculate its age [Murton et al., 2010].
Two ages on the overlying fluvial sand are 11.9� 1.0 ka and
11.8 � 1.0 ka. Murton et al. [2010] averaged the seven OSL
dates from the lower sand unit and assumed that the erosion
event and gravel deposition occurred shortly after 13.0� 0.2 ka.
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They attributed this flood to northward routing of Lake Agassiz
water and proposed that it was the trigger for the Younger
Dryas.
[173] The timing of this erosion event as inferred by

Murton et al. [2010] assumes that deposition of the aeolian
sediments below the erosion layer only slightly preceded the
erosion event. Because the OSL dates on the aeolian sedi-
ment are distributed over an area of >100 km2 and are most
likely not from the same stratigraphic horizon, they should
not be averaged together. Averaging assumes that these ages
are all “geologically” the same and the uncertainty in the
dating method is what makes their ages appear different.
Second, the erosion event prior to the deposition of the gravel
removed an unknown amount of aeolian sand, which also
removes “time.” Based upon the stratigraphic sequence of
aeolian sand deposition, erosion, gravel deposition, and flu-
vial sand deposition, we suggest that the age of the erosion
event is more likely close to the age of the overlying fluvial
sand layer, the deposition of which should have closely fol-
lowed the waning of the flood. This interpretation thus places
the flood event closer to 11.9 � 1.0 ka to 11.8 � 1.0 ka.
Within the errors of the OSL dates, our suggested timing of
the flood corresponds with the three radiocarbon dates that
imply the opening of the northern outlet of Lake Agassiz at

�12 ka [Smith and Fisher, 1993; Teller and Boyd, 2006], the
decrease in planktonic d18O at �12 ka off the mouth of the
Mackenzie River [Andrews and Dunhill, 2004] (Figure 28),
and the routing of Lake Agassiz water away from the eastern
outlet at �12 ka potentially from the opening of the northern
outlet [Carlson et al., 2007b].
9.2.4. Summary of the Terrestrial Radiocarbon Outlet
Records
[174] We conclude that the Lake Agassiz southern outlet

was abandoned before 12.6 � 0.1 ka (ETH-32674) or
12.9 � 0.3 ka (W-723), in good agreement with runoff
records from the Gulf of Mexico [Broecker et al., 1989;
Flower et al., 2004] and the onset of the Younger Dryas at
�12.9 ka in well-dated climate records (Figure 26) [Wang
et al., 2001; Rasmussen et al., 2006; Svensson et al., 2008].
The opening of the eastern outlet is not directly dated but
occurred before 12.5 � 0.1 ka (10.55 � 0.08 14C ka BP,
ETH-28939). Further northward retreat of the ice margin
would have continued to open isostatically depressed outlets,
allowing eastward drainage of Lake Agassiz freshwater until
readvance of the Lake Superior lobe closed the outlet at the
end of the Younger Dryas [Clayton, 1984; Lowell et al.,
1999]. There is also geologic evidence that Lake Agassiz
runoff may have been briefly routed northward at �12 ka
[Carlson et al., 2007b].

9.3. Rapid Melting of the Northwestern Laurentide
Ice Sheet

[175] Another suggested cause of the Younger Dryas is that
abrupt retreat and thinning of the northwestern LIS dis-
charged meltwater to the Arctic Ocean that slowed the
AMOC [Tarasov and Peltier, 2005, 2006]. This hypothesis
stems from ice sheet model simulations rather than geologic
data. The Tarasov and Peltier [2005, 2006] transient degla-
cial LIS model simulation produced an �0.09 Sv increase in
LIS Arctic discharge at 13.0–12.7 ka. In contrast, previous
modeling studies did not produce a significant Arctic dis-
charge from LIS melting until after the Younger Dryas
[Licciardi et al., 1999;Marshall and Clarke, 1999]. Tarasov
and Peltier [2005] attributed this difference to the presence of
a large Keewatin Dome in their simulations, although a
Keewatin Dome existed in the two earlier simulations
[Licciardi et al., 1998, 1999; Marshall and Clarke, 1999].
[176] As discussed previously (section 5.1), there are large

uncertainties in the climate forcing used in the Tarasov and
Peltier [2004, 2005, 2006] ice sheet model. Furthermore,
their climate forcing includes two additional scaling factors
that enhance precipitation up to 3.5 � over the Keewatin
Region between 30 and 10.6 ka to create and destroy a large
Keewatin Dome, the latter of which is notably right around
the time of the Younger Dryas. Tarasov and Peltier [2004,
p. 366] argued that their use of precipitation enhancement
factors was consistent with a high Keewatin Dome that
“diverted the jet stream southward, and baroclinic instability
along the southern margin of the ice sheet thereafter enhanced
regional precipitation.” However, fully coupled GCM experi-
ments for the LGM indicated a reduction in precipitation over
a high Keewatin Dome, not an enhancement, with decreasing

Figure 28. Arctic Younger Dryas records. (a) NGRIP d18O
[Svensson et al., 2008]. (b) Planktonic d18O from near the
mouth of the Mackenzie River [Andrews and Dunhill,
2004]. (c) Optically stimulated luminescence (OSL) ages
from the Mackenzie River delta that constrain the age of
the erosion and gravel deposition event. Black symbols pre-
date the event, and purple symbols postdate the event (note
the 1s error bars) [Murton et al., 2010]. Green bar is the
radiocarbon date from the northern outlet of Lake Agassiz
[Smith and Fisher, 1993]. Blue bars are minimum-limiting
radiocarbon dates for opening of the northern outlet [Fisher
et al., 2009]. (d) Radiocarbon constraints on the advance
(red) and retreat (blue) of the M’Clintock/MClure Ice Stream
in the Canadian Arctic [Dyke, 2004].
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precipitation at higher altitudes [Braconnot et al., 2007; Otto-
Bliesner et al., 2006]. Further information on the effects of
these two parameters and the timing and manner of their
manipulation is needed to fully assess the Tarasov and Peltier
[2005, 2006] model results. We also note one apparent ambi-
guity in their results, however, whereby their model produces
an increase in LIS discharge to the Arctic Ocean from melting
when the cooling from the Bølling warm period to the Youn-
ger Dryas in their climate forcing (GRIP d18O) (Figure 25)
would presumably reduce melting.
[177] Following Tarasov and Peltier [2005, 2006], Stokes

et al. [2009] attempted to correlate flow patterns for a
paleo–ice stream (M’Clintock/MClure Ice Stream) in the
Canadian Arctic with the deglacial ice margin record for the
region reconstructed by Dyke et al. [2003]. From this corre-
lation, they suggested that glacial geologic evidence existed
in support of an Arctic freshwater forcing of the Younger
Dryas. The authors estimated that �80,000 km3 of ice was
discharged to the Arctic between �13.0 and 12.7 ka. This
volume of ice, however, is small (�0.2 m of sea level rise)
and constitutes a freshwater forcing of �0.007 Sv for
300 years, which climate models demonstrate is too small to
have caused a >1000 year reduction in the AMOC and the
Younger Dryas cold event [Liu et al., 2009; Stouffer et al.,
2006]. The correlation between flow patterns and ice mar-
gins is also difficult because of the unknown time lag
between formation of flow pattern lineations and retreat of
the ice margin over the lineations. Moreover, the timing of
this ice stream event, which is constrained by maximum- and
minimum-limiting radiocarbon dates [Dyke, 2004], does not
support a forcing of the Younger Dryas cold event. Seven
radiocarbon dates underlying till deposited during the ice
margin advance indicate advance after 12.7 � 0.2 ka
(10.66 � 0.16 14C ka BP, GSC-403), with two minimum-
limiting radiocarbon dates indicating retreat before 12.1 �

0.3 ka BP (10.29 � 0.15 14C ka BP, S-2591) (Figure 28d)
[Dyke, 2004]. Thus, this ice stream event occurred after
the start of the Younger Dryas and ended in the middle of the
Younger Dryas, indicating that meltwater discharge from the
advance could not have caused the Younger Dryas.
[178] To summarize, the hypothesis of an Arctic LIS

meltwater trigger for the Younger Dryas comes from a tran-
sient ice sheet model simulation [Tarasov and Peltier, 2005,
2006], but it has yet to be supported by terrestrial evidence.
As such, the ice sheet model is only as good as its climate
forcing, which Tarasov and Peltier [2004] suggested was a
“significant limitation.” In any event, the above discussed
relative sea level records argue against a meltwater forcing of
the Younger Dryas because the rates of ice sheet retreat slo-
wed rather than accelerated during the event (Figure 25)
[Bard et al., 2010].

9.4. North American Runoff Records During
the Younger Dryas

[179] Runoff records from North American outlets provide
a continuous record of relative discharge and potentially the
sources of freshwater. The most common proxy used is
planktonic d18O, which is often interpreted to reflect the input

of more 18O-depleted terrestrial freshwater [Broecker et al.,
1989; Keigwin and Jones, 1995; de Vernal et al., 1996;
Andrews and Dunhill, 2004]. If changes in water temperature
occur at the same time, they will diminish or amplify a given
d18O signal, but these can be accounted for with independent
temperature estimates, resulting in a signal of the salinity-
dependent d18O of seawater (d18Osw) [Flower et al., 2004;
Carlson et al., 2007b; Obbink et al., 2010]. Other planktonic
foraminifera proxies, such as d13C, provide independent
evidence of the amount of terrestrial freshwater being dis-
charged to the ocean [Carlson et al., 2007b; Polyak et al.,
2000]. Proxies that are specific to a given bedrock terrain
type/age are also useful as they track the water source region
[Carlson et al., 2007b]. These various proxy records can be
converted into discharge estimates with a mixing model if the
ocean and freshwater end-member values and the ocean
fluxes are known [Aharon, 2003, 2006; Carlson et al.,
2007b; Carlson, 2009; Obbink et al., 2010].
9.4.1. The Southern Outlet
[180] Broecker et al. [1989] dated a Gulf of Mexico plank-

tonic d18O increase of �3‰ at �12.9 ka, or the start of the
Younger Dryas, which they interpreted as a signal of the rout-
ing of Lake Agassiz water away from the southern outlet. After
accounting for global ice volume effects, higher-resolution data
suggest that this increase is�1.8‰ (Figure 29d) [Flower et al.,
2004; Leventer et al., 1982]. With the removal of the temper-
ature effect on d18O, the d18Osw increase is �1.9‰ [Flower
et al., 2004]. The timing of this increase is well constrained
by radiocarbon dates placing it between 13.2 � 0.2 ka
(11.29 � 0.21 14C ka BP, ETH-number not reported) and
12.5 � 0.2 ka (10.51 � 0.16 14C ka BP, ETH-4769), with
linear interpolation between the dates indicating a midpoint
of �12.9 ka [Broecker and Andree, 1988; Broecker et al.,
1989; Flower et al., 2004].
9.4.2. The Eastern Outlet
[181] A planktonic d18O decrease of 0.5–0.7‰ found in

cores near the mouth of the St. Lawrence River was inter-
preted to be too small to be the signal of runoff routed from
the Gulf of Mexico [Keigwin and Jones, 1995; de Vernal
et al., 1996]. However, these studies neglected the effects
of both global ice volume and temperature on planktonic
d18O. Upon removal of the ice volume effect, planktonic
d18O decreases by 0.8–0.9‰ at the start of the Younger
Dryas (Figure 29c) [Carlson et al., 2007b; Obbink et al.,
2010]. Although there is no direct Mg/Ca-temperature
record from the planktonic foraminifera during the Younger
Dryas due to the compromised relationship between Mg/Ca
and temperature from the input of Mg-rich water [Carlson
et al., 2007b], there are several lines of evidence that indi-
cate mixed layer cooling of the St. Lawrence estuary during
the Younger Dryas. de Vernal et al. [1996] used dinoflagel-
late cysts to reconstruct an 8–10�C cooling of the upper 30 m
of the water column during the Younger Dryas. Foraminifera
census data suggest a cooling of �5–7�C down to the pyc-
nocline [Keigwin and Jones, 1995] at�100 m water depth in
the St. Lawrence estuary [Dickie andTrites, 1983].Using themore
conservative pycnocline cooling of �5�C, the corresponding
d18Osw decrease in the St. Lawrence estuary is �1.8‰, in
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agreement with the concurrent increase in Gulf of Mexico
d18Osw [Flower et al., 2004]. The larger temperature cooling
reconstructed from dinoflagellate cysts results in a greater
decrease in d18Osw [Carlson et al., 2007b], but this is likely
an overestimate.
[182] Planktonic d13C records also indicate an increase in

freshwater discharge through the St. Lawrence at the onset of
the Younger Dryas. An�0.4‰ decrease in d13C indicates an
increase in the discharge of terrestrially derived freshwater
(Figure 29b) [Carlson et al., 2007b], which derives its dis-
solved inorganic carbon predominately from plant biomass
(d13C of approximately�11 to�25‰) [Mook, 1972; Polyak
et al., 2000]. Benthic faunal assemblages further indicate

freshening of the Champlain Sea at 13.2–12.9 ka [Rayburn
et al., 2011], whereas Champlain Sea mollusk d18O show a
2–3‰ decrease reflecting increased freshwater discharge
[Brand and McCarthy, 2005]. The deposition of the gray,
silty Wilmette Bed contemporaneous with an ostracode d18O
decrease of �6‰ in Lake Michigan indicates Lake Agassiz
inflow near or at the start of the Younger Dryas and provides
additional support for eastward routing of Lake Agassiz
[Colman, 2007; Colman et al., 1994].
[183] Carlson et al. [2007b] used three independent geo-

chemical tracers (planktonic DMg/Ca, U/Ca, and 87Sr/86Sr)
of freshwater sources that showed the addition of Lake
Agassiz runoff to the St. Lawrence Basin at the start of the
Younger Dryas. The increases in both Mg and U relative to
Ca observed in the St. Lawrence estuary reflect the arrival
of western Canadian Plains freshwater, which has Mg and
U concentrations 6–10 and 10–20 times higher than the
St. Lawrence system, respectively [Carlson et al., 2007b;
Chabaux et al., 2003; Yang et al., 1996]. Similarly, the
Canadian Shield bedrock contained within the Lake
Agassiz basin and the water that drains it are significantly
more radiogenic than the bedrock of the St. Lawrence system
[Wadleigh et al., 1985], and thus, the observed increase in
87Sr/86Sr further confirms the arrival of western Canadian
Plains freshwater. The 87Sr/86Sr record is also supported by
87Sr/86Sr measurements on Champlain Sea mollusk shells
that show an increase in radiogenic Sr during the Younger
Dryas [Brand and McCarthy, 2005]. An estuary mixing
model that included inputs to the river end-member of all the
bedrock terranes within the St. Lawrence and Lake Agassiz
Basins suggested that the initial increase in discharge of
�0.06 Sv was required to explain these three independent
changes in estuary geochemistry [Carlson et al., 2007b],
in agreement with earlier estimates from ice sheet–climate
model results [Licciardi et al., 1999] and of sufficient mag-
nitude to cause a reduction in AMOC strength [Clarke et al.,
2009; Liu et al., 2009; Meissner, 2007; Meissner and Clark,
2006; Stouffer et al., 2006]. Discharge peaked at �12.6 ka
with a maximum base flow increase of �0.12 Sv from the
routing of Lake Agassiz runoff. A subsequent reduction in
discharge was attributed to the northward routing of Lake
Agassiz at �12 ka (section 9.2.3), with a final discharge
increase to�0.06 Sv for the remainder of the Younger Dryas
[Carlson et al., 2007b].
[184] In their reply to the comment of Carlson and Clark

[2008], Peltier et al. [2008] questioned the conclusions of
Carlson et al. [2007b] based upon the sea surface salinity
(SSS) record reconstructed from dinoflagellate cysts that
did not show a decrease in SSS during the Younger Dryas
[de Vernal et al., 1996]. We note, however, that a more recent
assessment of the dinoflagellate cyst transfer function meth-
odology found that SSS explains only 2.4% of the variability
in the modern distribution of dinoflagellates once the influ-
ence of temperature and sea ice are removed, indicating
that this approach cannot reconstruct SSS [Telford, 2006].
Furthermore, dinoflagellates are euryhaline, and a distinct
sensitivity to SSS has only been found below 12 practical

Figure 29. d18O (ice volume corrected) and d13C records
for the outlets of the LIS and the North Atlantic. (a) Five
records from the Greenland-Iceland-Norwegian (GIN) Sea
(Fram Strait is indicated by open symbols, and Norwegian
Sea is indicated by closed diamonds) [Dokken and Jansen,
1999; Nørgaard-Pedersen et al., 2003]. (b) The d13C record
from the St. Lawrence estuary [de Vernal et al., 1996].
(c) High-resolution d18O record (blue) and stacked d18O
records (dark blue) from St. Lawrence estuary [Keigwin
and Jones, 1995; Keigwin et al., 2005]. (d) The d18O record
from the Gulf of Mexico [Flower et al., 2004]. (e) Three-
point smoothed North Atlantic planktonic d18O records that
have been normalized to their mean: Bermuda Rise, GPC5
and GGC5; Iberian Margin, MD95-2042 and MD99-2334;
North Atlantic, CHN82-20; Northeast Atlantic, ODP Site
980 and MD01-2461; Orphan Knoll, HU91-045-094; Eirik
Drift, MD99-2227; Rockall Trough, DAPC2; and Iceland,
V29204. Gray bar denotes the timing of the Younger Dryas
[Rasmussen et al., 2006].
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salinity units (psu) [Dale, 1996]. Thus, it is not surprising that
the dinoflagellate cysts do not suggest any significant SSS
change during the Younger Dryas because the St. Lawrence
Estuary SSS was well above 12 psu, as indicated by the
presence of planktonic foraminifera.
[185] Peltier et al. [2008] also suggested that the use of the

dinoflagellate cyst temperature record to calculate d18Osw

and DMg/Ca was incorrect because the two planktonic
foraminifera species used (N. pachyderma (s) and G. bul-
loides) live deeper than the photic zone habitat of dino-
flagellates. Carlson et al. [2007b] specifically pointed out
that both foraminifera live deeper than dinoflagellates and
noted that the calculations using this temperature proxy likely
overestimate mixed layer cooling. Carlson et al. [2007b] also
noted the independent evidence for atmospheric [Mott et al.,
1986] and thermocline cooling of the St. Lawrence estuary
during the Younger Dryas [Keigwin and Jones, 1995] and
support the use of a temperature correction to the Mg/Ca
and d18O records. Furthermore, the deeper dwelling species,
N. pachyderma (s), can live in temperatures ranging between
17 and 0�C and salinities between 36.0 and 32.5 psu
[Hilbrecht, 1996], which is within the likely range of tem-
peratures and salinities of the St. Lawrence estuary before
and during the Younger Dryas [de Vernal et al., 1996].
Peltier et al. [2008] pointed out that N. pachyderma (s)
occupies the pycnocline. In the St. Lawrence estuary, this is at
�100 m depth [Dickie and Trites, 1983], which is �4 times
closer to the surface of the ocean than in the Labrador Sea and
only slightly shallower than the modern Arctic habitat of 100
to 200 m water depth [Hillaire-Marcel and de Vernal, 2008].
Therefore, in the St. Lawrence estuary, N. pachyderma (s) is
more sensitive to changes in sea surface temperatures than in
the open ocean. In any event, these criticisms are irrelevant
because using a more conservative temperature estimate for
the Younger Dryas still results in a large decrease in d18Osw.
[186] Peltier et al. [2008] additionally questioned the use

of U/Ca as a freshwater tracer but did not provide insight
into how this is not a proxy for the arrival of U-rich water.
As Carlson et al. [2007b] discussed, the gradual increase in
U/Ca during the Younger Dryas is due to increasing dis-
charge and also the exponential relationship between col-
loidal release of U during freshwater discharge into saline
water [Swarzenski et al., 2003]. They also included the
modern U and Ca concentrations of the St. Lawrence River
in the calculations of the river end-member concentrations
and noted that U is 10 to 20 times more concentrated in
western Canadian Plains freshwater when compared to the
St. Lawrence River (see above) [Chabaux et al., 2003].
Peltier et al. [2008] also criticized the Sr isotope proxy and
the discharge calculations derived there from but again did
not provide a justification. As noted above, Carlson et al.
[2007b] included the local bedrock Sr isotope ratios and Sr
concentrations in their modeling of the river end-member
Sr isotope ratios and noted that the western Canadian Shield
has heavier Sr isotope ratios than the igneous/metamorphic
terranes in the St. Lawrence River Basin [Wadleigh et al.,
1985].

9.4.3. The Northern Outlet
[187] Following on the modeling results of Tarasov and

Peltier [2005, 2006], several studies have claimed to have
found paleoceanographic evidence that supports an Arctic
freshwater forcing of the Younger Dryas [Peltier, 2007;
Peltier et al., 2006, 2008; Polyak et al., 2007]. However,
paleoceanographic data in support of an Arctic source of
freshwater at the start of the Younger Dryas at �12.9 ka are
scarce to nonexistent [Carlson and Clark, 2008].
[188] Poore et al. [1999] recorded a light planktonic d18O

anomaly in the Beaufort Gyre of the Arctic Ocean concurrent
with an increase in planktonic Ba/Ca [Hall and Chan, 2004],
but these are dated between �14.5 and 13.6 ka, well before
the onset of the Younger Dryas (Figure 14b), and are more
likely related to meltwater discharge during MWP-1A
[Poore et al., 1999; Hall and Chan, 2004]. Hillaire-Marcel
et al. [2004] presented three planktonic d18O data points
that may be from the Younger Dryas time period, but their
age model is constrained by two radiocarbon dates at
�13.1 ka and �7.5 ka, and these three data points actually
show heavier d18O during the period inferred to be the
Younger Dryas and thus at face value argue against an Arctic
freshwater forcing. Likewise, Hanslik et al. [2010] did not
find any Arctic planktonic d18O decreases between �13.8 to
10.2 ka, regardless of the reservoir age applied. Andrews and
Dunhill [2004] found a relatively brief (�300 year duration)
d18O decrease off the mouth of the Mackenzie River at
�11.5 ka, at the end of the Younger Dryas. Using a revised
reservoir age from Dyke [2004] still places the light d18O
anomaly well after the start of the Younger Dryas (Figure 28b)
[Carlson et al., 2007b]. On the Chukchi Margin, Polyak et al.
[2007] identified a light d18O anomaly at �12.6 ka but did
not use an additional regional reservoir correction [Dyke,
2004] which, when accounted for, places the anomaly at
�12.1 ka. These authors also identified an earlier and larger
d18O decrease dated at �13.7 ka, which is still prior to the
Younger Dryas after accounting for an additional reservoir
effect [Dyke, 2004]. Darby et al. [2002] documented an ice
rafting event in the Arctic Ocean at�15.0 ka. Spielhagen et al.
[2005] recognized a light planktonic d18O anomaly at�12.9 ka
in the Laptev Sea, which they attributed to the release of
freshwater from an ice-dammed lake routed through the Lena
or Yana Rivers of northeastern Russia, specifically noting that
this event was not related to Lake Agassiz discharge or the LIS.
Spielhagen et al. [2005] also indicated that they used a 400 year
reservoir age, and when the more recent reservoir age of Björck
et al. [2003] was used, the light d18O anomaly occurred well
within the Younger Dryas rather than at the start. We empha-
size that reservoir ages for radiocarbon dates in the Arctic
Ocean are relatively well known, and thus, it is highly unlikely
that these paleoceanographic data can be shifted to the onset of
the Younger Dryas by the application of a larger reservoir age
[Dyke, 2004]. For example, after accounting for an even higher
reservoir age, as has been suggested for the Norwegian Sea
[Björck et al., 2003], these light d18O anomalies and ice rafting
events still occur at least 350 14C years prior to the start of the
Younger Dryas.
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[189] In contrast, Not and Hillaire-Marcel [2012] docu-
mented an increase in detrital carbonate deposition in the
sand and silt fraction during the deglaciation in the central
Arctic Ocean. Based on their chronologic assumption of a
1400 year reservoir age, Not and Hillaire-Marcel [2012]
placed this detrital carbonate event during the Younger
Dryas and argued that it represented increased discharge of
Lake Agassiz runoff through the Mackenzie River to the
Arctic Ocean following Murton et al. [2010]. However, this
linkage depends solely on the assumed reservoir age, for
which there is little constraint. Hanslik et al. [2010] pro-
duced the radiocarbon chronology for the core, and a stan-
dard reservoir age of 400 years dates the detrital carbonate
event to �14 ka. This event in the core is concurrent with a
low in planktonic foraminifera concentration. If one assumes
that this low is due to Younger Dryas cooling rather than,
say, dilution from detrital carbonate deposition, then it can
be correlated to the Younger Dryas and suggests an addi-
tional reservoir age of 1000 years [Hanslik et al., 2010]. In
addition to the conundrum of attributing the foraminifera
concentration low to cooling rather than dilution, a similar
decrease in planktonic foraminifera concentration occurs
15 cm higher in the core, well after the Younger Dryas. This
demonstrates that the assumption of low foraminifera con-
centration corresponding to hemispheric cold events is
incorrect and suggests that the assumed additional 1000 year
reservoir age used by Not and Hillaire-Marcel [2012] is too
large and that this detrital carbonate event does not corre-
spond to the Younger Dryas. Indeed, as we discussed in
section 9.2.3, the Murton et al. [2010] Mackenzie River
erosion event likely occurred well after the start of the
Younger Dryas, arguing against the detrital carbonate source
suggested by Not and Hillaire-Marcel [2012]. It seems more
likely that the detrital carbonate layer records the breakup of
the LIS on the Canadian Arctic Archipelago that started
before �14.1 ka and was completed before �13.3 ka (see
section 5.1 and Figure 14a) [Dyke, 2004; England et al.,
2009], which is recorded in multiple Arctic Ocean cores as
detrital carbonate layers [Darby et al., 2002] as well as
decreased in planktonic foraminifera d18O and increased in
Ba/Ca (Figure 15b) [Poore et al., 1999; Hall and Chan,
2004]. Stokes et al. [2009] also suggested greater ice
streaming and iceberg discharge during this event relative to
the small readvance that occurred during the Younger Dryas.
[190] Multiple sediment cores collected from Fram Strait,

through which Arctic freshwater would presumably pass to
affect AMOC, do not show a planktonic d18O decrease
during the Younger Dryas (Figure 29a) [Nørgaard-Pedersen
et al., 2003], nor does d18Osw significantly decrease off of
southern Greenland in the pathway of Arctic freshwater
discharged through Fram Strait [Holliday et al., 2007;
Winsor et al., 2012], refuting the Arctic forcing hypothesis.
The highest-resolution planktonic d18O record from the
Norwegian Sea also does not show any significant change
during the Younger Dryas (Figure 29a) [Dokken and Jansen,
1999]. Conversely, Maccali et al. [2012] documented an
increase in detrital 206Pb/204Pb in one sample from central
Fram Strait. No radiocarbon dates are near enough in the

core to constrain the age of the sample beyond that it is of
deglacial age. Maccali et al. [2012] therefore assumed that
the age of the increase corresponded with the detrital car-
bonate event of the Not and Hillaire-Marcel [2012] study
using their age model, along with an ash layer several cen-
timeters above the sample that they suggest to be Vedde Ash
from �12.1 ka. With an assumed Younger Dryas age based
on these correlations, Maccali et al. [2012] suggested that
this detrital event reflected detrital rainout from icebergs
discharged from the Arctic due to northward LIS drainage.
The LIS source was based on two river sediment Pb analyses
from the Red and Mackenzie Rivers [Millot et al., 2004].
However, as we discussed, the chronology of Not and
Hillaire-Marcel [2012] is dependent on the assumed reser-
voir age, and existing data suggest that the detrital carbonate
layer is older than the Younger Dryas. The ash layer has no
published geochemical record that would identify it as the
Vedde Ash. Likewise, with only one tephra and no closely
constraining radiocarbon dates, it is not possible to docu-
ment a tephra as the Vedde Ash because at least four wide-
spread tephras with the same chemistry as the Vedde were
erupted from Katla during the deglacial period [Lane et al.,
2012], with the potential for even more tephras [Thornalley
et al., 2011a]. Thus, without more precise radiocarbon age
constraints or the documentation of these four major erup-
tions, the age of this tephra can only be constrained to the
deglacial period. We would note that an ice rafting event has
previously been documented in Fram Strait at �14 ka, to
which this detrital event may correspond [Darby et al.,
2002]. Alternatively, the higher Th/Zr ratio of this sample
from Maccali et al. [2012] relative to other samples in the
core used to document a detrital flux is equivalent to the
Th/Zr ratios of late Holocene samples from a core in eastern
Fram Strait, where the higher Th/Zr ratios reflect the inflow
of Atlantic waters. The 206Pb/204Pb ratio for this one sample
is the same as those from the late Holocene multicore record
and plots in the same 206Pb/204Pb-208Pb/206Pb isotope space,
which could mean that the anomalous sample in central
Fram Strait possibly reflects a greater incursion of Atlantic
waters into central Fram Strait during the deglacial period
relative to modern.
9.4.4. Summary of Runoff Records
[191] In Figure 29e, we summarize 11 ice volume corrected

planktonic d18O records that span the North Atlantic and are
of high enough resolution to assess changes in d18O during
the Younger Dryas, in addition to the above discussed
records from the Norwegian and Greenland Seas and the Gulf
of Mexico (Figures 29a and 29d). None of these records show
a decrease in d18O at the start of the Younger Dryas. In fact,
the only d18O decrease observed in the North Atlantic at the
start of the Younger Dryas is adjacent to the St. Lawrence
estuary (Figure 29c), confirming this as the source of the
freshwater discharge that caused the Younger Dryas. We
would note that no decreases are observed near Iceland and
farther north into the Nordic Seas, in conflict with the Arctic
freshwater forcing hypothesis. We conclude that the existing
LIS runoff records support the original routing hypothesis as
the cause of the Younger Dryas.
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9.5. Floods, Ice Discharge, and Routing Effects
on AMOC

[192] As noted in section 1, much attention as of late has
been given to the hypothesis that a short-lived flood or ice
discharge event caused the Younger Dryas rather than a
sustained, yet smaller-magnitude routing event. The length of
the Younger Dryas flood is estimated to be ≤1 year in dura-
tion based on modern glaciological observations and hydro-
logical modeling [Teller et al., 2002; Clarke et al., 2004],
with estimated 1 year fluxes of 0.54–1.08 Sv; a longer
duration simply reduces the flux accordingly. The modeled
increase in Arctic LIS discharge is �300 years in duration
with a flux of �0.09 Sv [Tarasov and Peltier, 2005, 2006].
On the other hand, the eastward routing of Lake Agassiz
runoff spans the Younger Dryas with estimated discharge
increases of �0.07 Sv based on ice sheet–climate model
results [Licciardi et al., 1999] and 0.06 to 0.12 Sv based on
four independent geochemical runoff proxies [Carlson et al.,
2007b]. For comparison, a 1 year flood with a flux of 1 Sv is
equivalent to 3.15 � 1013 m3 of freshwater, whereas a
1200 year routing event with a flux of 0.07 Sv is equivalent to
2.65 � 1015 m3 of freshwater, or two orders of magnitude
larger than a flood.
9.5.1. Floods
[193] Despite the focus on identifying a flood at the start of

the Younger Dryas, floods of an even larger magnitude than
suggested for the Younger Dryas fail to cause the 1200 year
long reduction in AMOC strength as has been reconstructed by
proxies [McManus et al., 2004; Praetorius et al., 2008;
Robinson et al., 2005]. In one Earth system model of interme-
diate complexity (EMIC) with a full ocean GCM, a Younger
Dryas flood failed to affect the AMOC [Meissner and Clark,
2006]. In fully coupled GCMs, a 5 to 8 Sv flood either pro-
duces only a 40 year reduction in AMOC strength [LeGrande
and Schmidt, 2008; LeGrande et al., 2006] or produces no
AMOC reduction [Clarke et al., 2009]. Models thus indicate
that a flood is most likely not the cause of the Younger Dryas,
and a longer-duration freshwater forcing is required to explain
the event.
9.5.2. Rapid Ice-Discharge Events
[194] A centuries-long ice discharge event would presum-

ably cause a longer AMOC reduction [Tarasov and Peltier,
2005]. In this regard, Peltier et al. [2006] used a fully cou-
pled GCM to simulate the effects of an Arctic freshwater
forcing from a 300 year long increase in meltwater/iceberg
discharge from the LIS. To cause a reduction in AMOC
strength, however, the authors required a significantly larger
freshwater forcing to the Arctic than suggested by the
Tarasov and Peltier [2005, 2006] ice sheet model. In par-
ticular, Peltier et al. [2006] applied a forcing of 1 Sv for
100 years (equivalent to 8 m of sea level rise) to the Arctic
Ocean and produced a 300 year reduction in AMOC. Given
this relationship between Arctic discharge, duration and the
AMOC response, a volume of freshwater equivalent to 32 m
of sea level would have to be discharged into the Arctic
Ocean to explain the 1200 year long Younger Dryas AMOC
reduction. This scenario is negated, however, because sea

level rose <5 m during the Younger Dryas (Figure 25b)
[Tarasov and Peltier, 2005; Bard et al., 2010]. The actual
meltwater forcing of Tarasov and Peltier [2005, 2006] was
�0.09 Sv for only 300 years, which, according to the fully
coupled GCMs, is too short to explain the 1200 year event
[Clarke et al., 2009; LeGrande and Schmidt, 2008; LeGrande
et al., 2006; Liu et al., 2009; Otto-Bliesner and Brady, 2010;
Peltier et al., 2006; Stouffer et al., 2006].
[195] We note that suggestions of an iceberg discharge event

from Hudson Strait as the forcing of the Younger Dryas
[Broecker et al., 2010; Thornalley et al., 2011b] also fall under
these constraints. While there is clear evidence for increased
iceberg discharge during the Younger Dryas, iceberg dis-
charge began after the start of the Younger Dryas [Andrews
and Tedesco, 1992; Bond et al., 1997; Hillaire-Marcel and
Bilodeau, 2000]. Furthermore, the volume of icebergs dis-
chargedmust be <5m of equivalent sea level rise (Figure 25b),
and thus a freshwater forcing of <0.05 Sv, assuming that the
entire Younger Dryas sea level rise was sourced only from
Hudson Strait. As this assumption is clearly wrong and only a
fraction of the Younger Dryas sea level rise was sourced from
Hudson Strait ice, the actual freshwater forcing from this ice-
berg discharge event is likely too small to have caused the
Younger Dryas AMOC reduction.
9.5.3. Routing Events
[196] In contrast to these shorter freshwater forcings, an

EMIC with a full ocean GCM simulated an �30% reduction
in AMOC strength for the duration of the Younger Dryas
when forced with 0.07 Sv of freshwater for 1200 years
through the St. Lawrence [Meissner and Clark, 2006], in
agreement with the magnitude of AMOC reduction indicated
by AMOC proxies [McManus et al., 2004; Robinson et al.,
2005]. The same EMIC was also forced with the time vary-
ing St. Lawrence discharge estimates of Carlson et al.
[2007b] (0.06 to 0.12 Sv) [Meissner, 2007], reproducing
not only the magnitude of the AMOC reduction but also the
centennial-scale structure of the event, with a century-long
increase in AMOC at�12 ka [Carlson et al., 2007b; Eltgroth
et al., 2006; McManus et al., 2004]. In fully coupled GCMs
(with or without glacial boundary conditions), a freshwater
discharge of 0.1 Sv to the North Atlantic produces an �30%
reduction in AMOC strength that persists for the duration of
the freshwater forcing [Stouffer et al., 2006; Clarke et al.,
2009; Liu et al., 2009].
9.5.4. Summary of Freshwater Delivery Mechanisms
[197] In summary, climate model simulations refute claims

that because incised channels near the eastern outlet (pre-
sumably from floods) were not open until after the Younger
Dryas, another mechanism is needed to explain the event
[Lowell et al., 2005, 2009; Teller et al., 2005; Steig, 2006;
Tarasov and Peltier, 2005, 2006; Peltier et al., 2008]. Instead,
they show that a flood is inconsequential to the forcing of the
Younger Dryas, rather requiring a sustained discharge of
freshwater to the North Atlantic to suppress AMOC and cause
a millennia-long cold event like the Younger Dryas [Liu et al.,
2009; Singarayer and Valdes, 2010; Valdes, 2011]. The lack
of an identifiable large incised channel from a flood therefore
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does not preclude eastward routing as the forcing of the
Younger Dryas. Freshwater may have just drained east
through the less incised yet still substantial outlets identified
by Teller et al. [2005] [Carlson and Clark, 2008]. Based on
these climate model simulations, the routing of freshwater to
the St. Lawrence remains the only known forcing mechanism
that can explain the timing, magnitude and duration of the
Younger Dryas cold event.

10. HOLOCENE ICE SHEET RETREAT
AND SEA LEVEL RISE

[198] At the start of the Holocene 11.7 ka [Rasmussen
et al., 2006], most of the remaining �60 m of global sea
level rise [Fairbanks, 1989; Bard et al., 1990] (Figure 30b)
came from retreat of the LIS, SIS, and AIS, with model
estimates suggesting that the LIS contributed 25–35 m
[Carlson et al., 2008; Licciardi et al., 1998; Peltier, 2004;
Tarasov and Peltier, 2004] and the SIS contributed 3–5 m
[Boulton et al., 2001; Siegert and Dowdeswell, 2004] of sea
level rise. Sea level rise was not constant, with a possible
meltwater pulse (MWP-1B) at �11.3 ka [Fairbanks, 1989;
Bard et al., 1990] and two possible periods of increased sea
level rise at �9.0–8.5 ka [Cronin et al., 2007] and �7.6 ka
[Bird et al., 2007; Blanchon and Shaw, 1995; Cronin et al.,
2007; Horton et al., 2005; Yu et al., 2007], indicating inter-
vals of rapid ice sheet retreat. The final abrupt climate event
recorded by Greenland d18O occurred at �8.2 ka (the 8.2 ka

event) [Alley et al., 1997], likely from a reduction in AMOC
strength [Ellison et al., 2006; Kleiven et al., 2008]. In this
section, we review the sources of these increases in the rate of
sea level rise, the locations of meltwater discharge, and their
effect on climate.

10.1. Sources of Holocene Sea Level Rise

10.1.1. MWP-1B and Its Sources
[199] Fairbanks [1989] defined MWP-1B in the Barbados

coral record as an abrupt �13 m rise in sea level in
<500 years (>2 cm yr�1 of sea level rise) at�11.3 ka [Bard et
al., 1990]. This sea level rise occurred at a break between two
cores, the top of one core dated at�11.4 ka (core 12) and the
bottom of the second at �11.1 ka (core 7) (Figures 5b and
30b). The first Tahiti coral records suggest that there may
have been an acceleration of sea level rise at �11.3 ka,
though this was not statistically different from a constant rate
sea level rise spanning 11.5 to 10.2 ka [Bard et al., 1996].
Three new Tahiti coral records show acceleration in relative
sea level rise after the Younger Dryas but not an abrupt jump
in sea level (Figure 30b) [Bard et al., 2010]. Bard et al.
[2010] suggested that part of the discrepancy between the
Tahiti and Barbados coral records could arise fromMWP-1B
being at a break in the Barbados cores. The two Barbados
cores that constrain MWP-1B lie on different sides of a
tectonic structure extending seaward of Barbados (Figure 5)
and thus may be subject to different uplift rates (see dis-
cussion in section 2.1), which Bard et al. [2010] proposed
would explain the larger increase in RSL at Barbados rela-
tive to Tahiti. Sea level rise thus likely accelerated in the
early Holocene but did not constitute a large MWP like
MWP-1A.
[200] Peltier [1994, 2004] assumed a predominant AIS

source for MWP-1B (Figure 24a), although the justification
for this assumption is not provided. The existing chronology
for the AIS is limited to only a few locations (see section 6 for
further discussion), however, precluding confirmation of
the Peltier [1994, 2004] assumption. Cosmogenic dating
records for the EAIS may indicate increased thinning during
the early Holocene with attendant sea level rise contributions
[Mackintosh et al., 2007] (Figure 22), although the actual
amount of thinning is small (50 to 200 m) and likely too
gradual and too late, thus not constituting the rapid and large
sea level rise required for MWP-1B in the Peltier [1994,
2004] model. In contrast, cosmogenic dating records for the
WAIS suggest ice sheet retreat and thinning accelerating only
after �7 ka and continuing until present [Stone et al., 2003],
arguing against a large MWP-1B contribution. We note,
however, that these land-based chronologies of the AIS are
localized to the available nunataks, which may not reflect the
behavior of the entire ice sheet nor constrain the ice sheet
chronology prior to the exposure of the nunataks.
[201] Conway et al. [1999] also suggested an acceleration

of ice retreat in the Ross Sea after �7 ka, but this assumed
that the Ross Sea radiocarbon dates constrain grounding line
retreat. As we discussed previously (section 6.2.2), however,
these ages may just as likely date retreat of the ice shelf edge
with retreat of the grounding line occurring significantly

Figure 30. Holocene ice sheet volume and relative sea
level. (a) Ice sheet contributions. Blue line is the LIS
[Carlson et al., 2008], red line is the SIS [Boulton et al.,
2001], and purple line is the AIS (this study). AIS volume is cal-
culated by the remainder between the LIS, SIS, and ice-equiva-
lent sea level. Vertical lines indicate estimated volume error
(12% for the LIS and SIS and 17% for the AIS). (b) Relative
sea level: circles are from Tahiti [Bard et al., 1996, 2010],
squares are from Barbados [Peltier and Fairbanks, 2006], dia-
monds are from New Guinea [Edwards et al., 1993], and blue
lines are from Fleming et al. [1998]. Age uncertainty is
shown for all samples; where not visible, the uncertainty is
less than the symbol size. Ice-equivalent sea level is denoted
by the gray line [Clark et al., 2009].

CARLSON AND CLARK: SEA LEVEL RISE AND FRESHWATER DISCHARGE RG4007RG4007

52 of 72



earlier, perhaps during MWP-1A. Other attempts have been
made to constrain the behavior of the marine portion of the
AIS [Licht et al., 1996; Domack et al., 1999; Mackintosh
et al., 2011], but the resulting chronologies are limited by
several factors (section 6.1.1). For example, the most reliable
radiocarbon ages can only be assigned to the onset of marine
sedimentation, providing only a minimum age for the retreat
of the grounding line. Furthermore, the highly variable cor-
rections for the radiocarbon age of the AIO carbon fraction
that is commonly used for dating lead to highly uncertain
chronologies [Anderson et al., 2002]. Given these uncer-
tainties, we conclude that there are insufficient data to con-
strain the contribution of the AIS to MWP-1B.
[202] The existing SIS chronology for the Holocene is

based largely on the varve records from Sweden and Finland
from the Baltic Sea/Ice Lake [Cato, 1985; Fromm, 1985],
several minimum-limiting radiocarbon dates on bulk organic
matter and macrofossils from northern Sweden [Andersen,
1981; Karlen, 1979], and cosmogenic radionuclide dates
from northern Sweden [Stroeven et al., 2011]. The oldest
macrofossil radiocarbon date on wood from northern Sweden
places deglaciation of this region ice-free before 9.5� 0.2 ka
(8.48� 0.16 14C ka BP, ST-4507) [Karlen, 1979]. Using this
date and the well-documented extent of the SIS at the end of
the Younger Dryas [Andersen et al., 1995; Boulton et al.,
2001], the SIS contributed 3–5 m of sea level rise over 1.5–
2.0 kyr (Figure 30a) at a rate of 0.2–0.3 cm yr�1, thus con-
stituting only a small fraction of the sea level rise following
the Younger Dryas. These data are of insufficient resolution
to constrain changes in the rate of SIS retreat or determine if
retreat accelerated during MWP-1B, but any such contribu-
tion to MWP-1B must have been small.
[203] We suggest that the majority of the increase in the rate

of sea level rise following the Younger Dryas was sourced
from the LIS, with a minor component from the SIS, though
not at rates that would constitute a MWP. Following a read-
vance of the southern LIS margin during the Younger Dryas
[Lasalle and Elson, 1975; Lasalle and Shilts, 1993; Lowell
et al., 1999], the LIS began to retreat [Dyke, 2004], contrib-
uting to a sea level rise of 0.4–0.9 cm yr�1 from 11.5 to
10.0 ka [Peltier, 2004; Tarasov and Peltier, 2006; Carlson et
al., 2008]. Combining the LIS contribution with the SIS
contribution of �0.2 cm yr�1 explains much of the sea level
rise of the early Holocene of �0.7 cm yr�1 (Figure 30). The
range in LIS volume estimates and retreat rates allows for an
AIS contribution to the initial increase in sea level rise fol-
lowing the Younger Dryas of 0–2 m, thus largely ruling out
the hypothesized AIS source for MWP-1B (Figure 30a).
10.1.2. Increases in the Rate of Holocene
Sea Level Rise
[204] Following MWP-1B, coral records suggest that

Holocene sea level rise averaged �1 cm yr�1 for the
remainder of the main phase of deglaciation (until �6 ka)
(Figure 30b) [Fairbanks, 1989; Edwards et al., 1993; Bard et
al., 1996; Fleming et al., 1998]. Higher-resolution RSL
records suggest two periods of increased rates of sea level
rise (herein referred to as “sea level events”) between �9.0
and 8.5 ka [Cronin et al., 2007; Hori and Saito, 2007] and

�7.6 ka [Bird et al., 2007; Cronin et al., 2007; Yu et al.,
2007], with the latter rise possibly recorded by some coral
communities [Blanchon and Shaw, 1995]. As the SIS had
deglaciated by �9.0 ka [Karlen, 1979; Andersen, 1981;
Boulton et al., 2001], the only two possible sources for these
sea level events are the LIS and AIS.
[205] Cronin et al. [2007] documented the �9.0 ka sea

level event in the Chesapeake Bay with a rate of >1.2 cm yr�1

of RSL rise and suggested a LIS source, concurrent with
infilling of incised valleys in Southeast Asia at 9.0–8.5 ka
[Hori and Saito, 2007]. The precise increase in the rate of
GMSL rise above the �1 cm yr�1 early Holocene average
may be difficult to determine from the Chesapeake Bay
record; gravitational adjustment from LIS melting would
reduce RSL rise relative to GMSL rise by >80% while
ongoing rebound would cause gradual RSL rise [Kendall
et al., 2008], but the latter would not cause an abrupt
increase in RSL rise. Thus, the increase in the rate or RSL is
likely a shorter-lived event imprinted on ongoing GIA. The
LIS margin chronology [Dyke, 2004] indicates rapid retreat
along the southwestern and northwestern margins at �9.0 ka
(gray bars in Figure 31) [Carlson et al., 2008, 2009c], leading
up to the collapse of ice over Hudson Bay at�8.5 ka [Barber
et al., 1999]. Based on the change in LIS area, Carlson et al.
[2008] estimated a LIS sea level rise contribution of�1.3 cm
yr�1 at 9–8.5 ka, explaining much of the 9 ka sea level event
and in agreement with the ice sheet model results of Licciardi
et al. [1998] and Gregoire et al. [2012]. Alternatively,
another ice sheet model [Tarasov and Peltier, 2006] and an
Earth model [Peltier, 2004] predict slower and earlier maxi-
mum LIS sea level contributions at �11.5–10 ka of up to
�0.9 cm yr�1 and �11.0–10.0 at �0.8 cm yr�1, respectively.
These two model results do not agree, however, with Labrador
Sea records that indicate decreased d18O and d18Osw beginning
at 10–9.5 ka with minima at �9 ka (Figures 31b–31d)
[Andrews et al., 1999a; Hillaire-Marcel and Bilodeau, 2000;
Hillaire-Marcel et al., 2007; Keigwin et al., 2005]. The timing
of the d18O decrease supports a later peak in LIS retreat and a
significant LIS contribution to the 9 ka sea level rise event
[Carlson et al., 2008].
[206] The �7.6 ka sea level event has been documented in

near- [Cronin et al., 2007; Yu et al., 2007], intermediate-
[Blanchon and Shaw, 1995], and far-field [Bird et al., 2007]
RSL records, indicating an increase in the rate of sea level
rise to �1.0 cm yr�1 following a period of slower sea level
rise at �8.4–7.8 ka. Other intermediate- and far-field records
suggest rather sustained high rates of sea level rise at 0.8–
1.0 cm yr�1 up to 7.5–7 ka with no inflection points [Horton
et al., 2005; Törnqvist et al., 2004b, 2006]. This event was
originally attributed to the AIS, assuming a largely deglaci-
ated LIS [Blanchon and Shaw, 1995; Horton et al., 2005;
Cronin et al., 2007]. However, 10Be surface exposure ages
indicate that a large Labrador Dome of the LIS still remained
after the opening of Hudson Bay and could explain much of
the sea level rise for this event up to�7.6 ka when this dome
deglaciated [Carlson et al., 2007a]. Minimum-limiting
radiocarbon dates for the Keewatin Dome show deglaciation
prior to�7.2 ka, implying persistent ice up to�7.6 ka [Dyke,
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2004]. Given the extent of ice after the opening of Hudson
Bay, the LIS likely contributed�0.7 cm yr�1 [Carlson et al.,
2007a] to this interval of rapid sea level rise, suggesting an
AIS contribution of <0.3 cm yr�1 (Figure 30a).
10.1.3. Summary
[207] New coral records rule out a large MWP-1B and

rather indicate an increase in the rate of RSL at the end of the
Younger Dryas. Contrary to previous assertions [e.g.,
Peltier, 1994, 2004], the geologic record indicates that much
of the MWP-1B sea level rise was sourced from the LIS and

SIS rather than the AIS. Subsequent increases in the rate of
sea level rise at �9 ka and potentially at �7.6 ka were
mainly sourced from the LIS. The AIS may also have con-
tributed to the 7.6 ka sea level event.

10.2. The 8.2 ka Event

[208] The last abrupt climate event recorded in the Green-
land ice cores is the 8.2 ka event (Figure 31a). Alley et al.
[1997] first identified the �160 year long cold event in the
GISP2 ice core and attributed it to a slowing of the AMOC that
was subsequently supported by proxy records [Bianchi and
McCave, 1999; Ellison et al., 2006; Kleiven et al., 2008;
Oppo et al., 2003; Praetorius et al., 2008]. Klitgaard-
Kristensen et al. [1998] hypothesized that the drainage of
Lake Agassiz into the Labrador Sea from collapse of ice over
Hudson Bay caused the AMOC reduction. Barber et al.
[1999] showed that indeed Lake Agassiz drainage corre-
sponded with the 8.2 ka event after correcting for additional
reservoir effects on carbonate shell dates from the Hudson and
James Bay regions. The drainage of Lake Agassiz deposited a
red detrital carbonate layer in Hudson Strait [Kerwin, 1996]
that can be traced into the northwest Labrador Sea [Andrews
et al., 1999a; Hillaire-Marcel et al., 2007].
[209] Concurrent with the drainage of Lake Agassiz,

Törnqvist et al. [2004a] documented a 0.99–1.39 m jump in
RSL in Louisiana between �8.3 and 8.1 ka, which Li et al.
[2012] recently revised to a RSL jump of 0.1 to 0.56 m
between�8.3 and 8.2 ka. In the Netherlands, RSL jumped by
1.22–3.00 m between �8.5 and 8.2 ka [Hijma and Cohen,
2010]. After accounting for gravimetric effects for meltwa-
ter released from the LIS [Kendall et al., 2008], the amount of
GMSL rise increases to 0.8–2.2 m for Louisiana [Li et al.,
2012] and 1.6–3.9 m for the Netherlands [Hijma and
Cohen, 2010], or 0.09–0.25 Sv for 0.1 kyr and 0.06–
0.15 Sv for 0.3 kyr, respectively [Törnqvist and Hijma,
2012]. These increases in sea level likely reflect both the
drainage of Lake Agassiz and the discharge of ice as the LIS
deglaciated Hudson Bay [Törnqvist and Hijma, 2012;
Gregoire et al., 2012; Hoffman et al., 2012]. The potentially
larger rise in RSL in the Netherlands may reflect the longer
interval of rapid sea level rise and record the end of the 9 ka
increase in sea level rise.
[210] Several issues, however, still surround the 8.2 ka

event forcing. First, could a short-lived flood cause the cen-
tury- to centuries-long climate anomalies that surround the
event, or are additional climate forcings required, such as
reduced solar radiation [Alley and Ágústsdóttir, 2005; Bond
et al., 2001; Rohling and Pälike, 2005] or a longer-lived
freshwater forcing [Carlson et al., 2009b;Clark et al., 2001]?
Second, a freshwater signal has yet to be found in the Labrador
Sea during the event [Keigwin et al., 2005; Hillaire-Marcel
et al., 2007], questioning the Lake Agassiz freshwater dis-
charge path and if it would reach regions of convection and
slow AMOC [Condron and Winsor, 2011; Wunsch, 2010].
10.2.1. Lake Agassiz Flood and AMOC
[211] Estimates of the total Lake Agassiz flood volume

range from 1.6 to 15.0 � 1014 m3 [Barber et al., 1999;
Leverington et al., 2002; Li et al., 2012; Törnqvist et al.,

Figure 31. North Atlantic d18O and AMOC proxies.
(a) NGRIP [Svensson et al., 2008]. (b) Cartwright Saddle
d18Osw [Hoffman et al., 2012]. (c) Ice volume corrected
Orphan Knoll d18O [Hillaire-Marcel and Bilodeau, 2000;
Hillaire-Marcel et al., 2007]. (d) Laurentian Fan d18Osw

[Keigwin et al., 2005]. (e) Northeast Atlantic d18Osw

[Came et al., 2007]. (f) Northeast Atlantic sortable silt mon-
itoring Iceland-Scotland overflow strength at 1650 m water
depth [Praetorius et al., 2008]. (g) Northeast Atlantic sort-
able silt monitoring Iceland-Scotland overflow strength at
2850 m water depth [Bianchi and McCave, 1999]. (h) Eirik
Drift benthic d13C record of NADW volume at 3440 m water
depth [Kleiven et al., 2008]. Gray bars denote periods of
inferred rapid LIS retreat [Carlson et al., 2007a, 2008].
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2004a], which may also include contributions from the
breakup of the LIS over Hudson Bay. Using a glaciohy-
drologic model, Clarke et al. [2004] estimated that Lake
Agassiz drained in �0.5 years with an �5.0 Sv flood. Fully
coupled GCMs have failed, however, to produce the length
of the climate anomaly when forced only with the flood.
When forced with the 0.5 Sv flood discharge, one fully
coupled GCM produced the magnitude of the 8.2 ka event as
recorded by proxy records but not the centennial length of
the event [LeGrande et al., 2006; LeGrande and Schmidt,
2008]. Another GCM failed to show an AMOC response
to the flood forcing, requiring an additional freshwater
forcing [Clarke et al., 2009]. The UVic EMIC also showed a
similar response, where a 2.5 Sv flood for 1 year failed to
produce a long-lived reduction in AMOC strength [Meissner
and Clark, 2006].
[212] Clark et al. [2001] suggested that the routing of

western Canadian Plains freshwater that accompanied the
opening of Hudson Bay might provide an additional, longer-
lived freshwater forcing. Recent U/Ca geochemical runoff
records from Hudson Strait confirm the routing of western
Canadian Plains freshwater through Hudson Strait with a
discharge of 0.13 � 0.03 Sv for several hundred years
[Carlson et al., 2009b]. When forced with this smaller but
longer-lived routing discharge, both an EMIC and an
AOGCM produced a longer reduction in AMOC strength
[Meissner and Clark, 2006; Clarke et al., 2009], in agree-
ment with proxy evidence [Bianchi and McCave, 1999;
Oppo et al., 2003; Ellison et al., 2006; Kleiven et al., 2008;
Praetorius et al., 2008], and a longer climate anomaly [Alley
and Ágústsdóttir, 2005; Rohling and Pälike, 2005]. It thus
appears that the century-long routing of Lake Agassiz runoff
may have played a larger role in forcing the 8.2 ka event than
the short-lived flood [Clark et al., 2001; Clarke et al., 2009;
Carlson et al., 2009b].
10.2.2. Path of Lake Agassiz Runoff
[213] Despite evidence for a reduction in d18Osw in the

northeast Atlantic during the 8.2 ka event [Came et al., 2007;
Ellison et al., 2006; Thornalley et al., 2010], the pathway of
freshwater discharge from Hudson Strait to regions of deep
water formation in the Nordic and Labrador Seas has been
questioned based on the lack of a freshwater signal in the
Labrador Sea [Keigwin et al., 2005; Hillaire-Marcel et al.,
2007] and results of one high-resolution eddy-resolving
ocean-only model [Condron and Winsor, 2011]. The
MITgcm simulated that a 1 year, 5 Sv flood released from
Hudson Strait would hug the Labrador coastline and ulti-
mately end up in the subtropical gyre, where it would have
little to no impact on AMOC [Condron and Winsor, 2011].
Condron and Winsor [2011] did not test the impact of the
longer-lived associated routing event on AMOC [Carlson
et al., 2009b], which EMICs and fully coupled GCMs
have shown to be capable of forcing an 8.2 ka–like event,
rather than the flood [Meissner and Clark, 2006; Clarke
et al., 2009]. Condron and Winsor [2011] also only ran the
MITgcm for 10 years, which may be too short a period of
time for freshwater to reach deep water convection regions.
Moreover, another high-resolution eddy-resolving ocean

model that included a simplified atmosphere showed that
freshwater discharge through Hudson Strait would be trans-
ported to North Atlantic convection sites and slow AMOC
[Spence et al., 2008]. This latter study also demonstrated that
the AMOC response was insensitive to model resolution.
[214] A recent d18Osw record adjacent to the Labrador

Coast provides conclusive evidence for freshwater discharge
to the Labrador Sea during the 8.2 ka event [Hoffman et al.,
2012]. Western Labrador Sea d18Osw decreases by 0.7–
1.3‰ (Figure 31b), coincident with the deposition of detrital
carbonate and red sediment indicative of the discharge of
Lake Agassiz runoff into the Labrador Sea [Barber et al.,
1999; Kerwin, 1996]. This d18Osw decrease had been
masked in the planktonic d18O record by 3–4�C of contem-
poraneous cooling. The Lake Agassiz runoff d18Osw signal
can be traced eastward as it decreases in magnitude to
�0.4‰ in the northeast Atlantic near regions of deep water
convection [Came et al., 2007; Thornalley et al., 2009].
Water isotope enabled AOGCM simulations document this
path and thus confirm the drainage of Lake Agassiz and
attendant routing of runoff as the forcing of the 8.2 ka event
[LeGrande and Schmidt, 2008; Hoffman et al., 2012].
10.2.3. Early Holocene Runoff Routing
[215] Prior to the 8.2 ka event and the opening of Hudson

Bay, Lake Agassiz runoff and much of the LIS meltwater
were routed through the St. Lawrence River to the North
Atlantic [Carlson et al., 2009b; Licciardi et al., 1999], and
rerouting of this runoff to Hudson Strait would therefore
seem to not have much of an impact on AMOC [Clarke et
al., 2009]. Clarke et al. [2009] suggested that Lake Agas-
siz runoff might have entered the North Atlantic as a
hyperpycnal flow through the St. Lawrence prior to the
opening of Hudson Bay. However, this runoff is recorded as
decreased planktonic d18Osw near the Gulf of St. Lawrence
that subsequently increases by �1.0‰ (Figure 31d) when
runoff is routed to Hudson Strait at the start of the 8.2 ka
event (Figure 31b) [Keigwin et al., 2005; Carlson et al.,
2009b; Hoffman et al., 2012]. Because planktonic forami-
nifera record the pre–8.2 ka event discharge through the St.
Lawrence, Lake Agassiz runoff likely did not enter the ocean
as a hyperpycnal flow, which is further supported by sedi-
mentary records that show no change in sedimentology
when Lake Agassiz runoff is routed away from the Gulf of
St. Lawrence [Keigwin and Jones, 1995].
[216] We suggest one possible solution to this apparent

conundrum whereby the AMOC response to the routing event
depends on the location of deep water formation relative to the
discharge location of Lake Agassiz runoff. At the end of the
Younger Dryas, AMOC abruptly increased [McManus et al.,
2004; Praetorius et al., 2008]. Sortable silt records from the
northeast Atlantic suggest peak Iceland-Scotland Overflow
(North Atlantic Deep Water (NADW) component formed in
the Nordic Seas) strength at �10.8 ka with a subsequent
decline to a minimum at �8.5 ka (Figures 31f and 13g)
[Bianchi and McCave, 1999; Praetorius et al., 2008]. North
Atlantic benthic d13C from 3440 m water depth also shows a
reduction in NADW volume after �9.5 ka (Figure 31h)
[Kleiven et al., 2008]. We attribute this decrease in NADW to
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freshwater input from increased LIS retreat [Carlson et al.,
2008], the majority of which would have been routed
through the St. Lawrence Estuary (Figure 31d) [Licciardi
et al., 1999; Keigwin et al., 2005; Carlson et al., 2009c] and
advected in the North Atlantic Current to the Northeast
Atlantic where planktonic foraminifera record a decrease in
d18Osw at �9 ka (Figure 31e) [Came et al., 2007; Thornalley
et al., 2009]. With transport in the North Atlantic Current, it
is possible that LIS runoff may have had less of an effect on
convection in the Labrador Sea.
[217] We suggest that the subsequent breakup of ice over

Hudson Bay and the associated routing of Lake Agassiz runoff
to the Labrador Sea reduced deep water formation in the
Labrador Sea [Clark et al., 2001; Carlson et al., 2009b;
Hoffman et al., 2012] and caused the century-long 8.2 ka event
observed in the Greenland ice cores. Indeed, an AOGCM
simulation for 9 ka found that Greenland Summit precipitation
had an increased Labrador Sea source at the expense of the
present Asian source [LeGrande and Schmidt, 2009], making
Greenland ice core d18O records more sensitive to changes in
the Labrador Sea and also providing an explanation for why
Greenland d18O increases between 10 and 8.5 ka when
NADW strength is decreasing (Figure 31). The routed fresh-
water would still be capable of advection to the northeast
Atlantic and sustaining a reduction in NADW [LeGrande
et al., 2006; LeGrande and Schmidt, 2008; Hoffman et al.,
2012] as observed in proxy records [Bianchi and McCave,
1999; Kleiven et al., 2008; Praetorius et al., 2008]. NADW
strength and volume only starts to recover at �8 ka when
present North American freshwater routing is established
[Clark et al., 2001; Carlson et al., 2009b; Hoffman et al.,
2012] but do not reach mid-Holocene levels until �7 ka,
when the LIS was finally deglaciated (Figures 31f–31h)
[Carlson et al., 2007a]. Although it has been argued that
Labrador Sea convection did not begin until well after the
8.2 ka event [Hillaire-Marcel et al., 2001], this hypothesis
relied largely on SSS reconstructions by dinoflagellate cysts
which, as discussed previously (see section 9.4.2), are not able
to independently reconstruct SSS and are insensitive to chan-
ges in SSS above 12 psu [Dale, 1996; Telford, 2006]. There-
fore, we suggest that until independent Labrador Sea deep
water formation records become available, the timing of
changes in Labrador Sea convection remains uncertain.
10.2.4. Summary
[218] In summary, the 8.2 ka event is more complex than the

simple Lake Agassiz flood hypothesis would suggest and
likely resulted from a combination of factors. Rapid retreat of
the LIS up to the drainage of Lake Agassiz slowed the for-
mation of NADW in the Nordic Seas prior to the 8.2 ka event.
The subsequent flood and routing of much of the LIS melt-
water through Hudson Strait may have further reduced
NADW formation as well as Labrador Sea convection, caus-
ing the century-long cold event.

11. CONCLUSIONS

[219] We return to the primary question presented in the
introduction regarding the relationship between MWPs, ice

sheet retreat, runoff routing, and climate change in light of
the geological evidence presented here. We frame our con-
clusions in the context of unresolved questions and potential
future research directions.
[220] The Northern Hemisphere ice sheet contribution to

the initial sea level rise at �19–19.5 ka from its LGM low-
stand was likely responsible for the start of a prolonged
reduction of the AMOC [Clark et al., 2004, 2012; Liu et al.,
2009; Shakun et al., 2012; Stanford et al., 2011a]. While the
onset of Northern Hemisphere ice retreat that caused the
initial sea level rise from the LGM lowstand was likely due to
increasing high northern latitude summer insolation [Clark
et al., 2009], the cause of nearly coeval retreat of sectors of
the AIS remains to be fully explained [Weber et al., 2011].
Subsequent eastward routing of LIS meltwater followed by
H1 iceberg discharge sustained a reduction in the AMOC,
with the combined freshwater forcing and its impact on the
AMOC causing the Oldest Dryas cold event [Clark et al.,
2012]. Sea level rise of 8–20 m from �19 to 14.5 ka can
be attributed to continued retreat of the LIS and EIS, with
an additional freshwater forcing of an uncertain but likely
small amount contributed by H1. Existing model estimates
of the contributions of Northern Hemisphere ice sheets to
sea level during this interval bracket the upper end of the
estimates from the RSL records (maximum is 20.8 m),
suggesting that the AIS may have gained mass to balance
the sea level budget. In general, the volume contributions of
individual ice sheets to sea level change between 19.5 ka
and 14.6 ka, which are required to specify freshwater fluxes
and their entry points to the ocean, need to be better
determined.
[221] The geologic record of global ice sheets indicates

that MWP-1A had sources in both hemispheres, but our
understanding of what caused this event remains poorly
understood. Much of the LIS chronology during MWP-1A is
well constrained, and models have successfully reproduced
the climate changes from the Oldest Dryas into the Bølling.
An informative new approach to this issue would be to force
a dynamic/energy balance ice sheet model with the full cli-
mate forcing of the Bølling warming and require it to match
the known position of the LIS (and other ice sheets) to more
tightly constrain the Northern Hemisphere contribution to
this MWP. This would allow a more comprehensive con-
version of the geologic record of ice sheet extent and dis-
charge into a sea level rise estimate. Previous attempts at this
have not matched the actual extent of the LIS, used over-
simplified climate forcings, or included assumed dynamic
processes that are not supported by the geologic record.
[222] Current estimates of the AIS contribution to MWP-

1A largely depend on the difference between the Northern
Hemisphere contribution and the actual amount of ice-
equivalent sea level rise that occurred during this MWP.
Most estimates of Northern Hemisphere ice sheet contribu-
tions explain less than half of the total ice-equivalent sea
level rise (�14 m) during MWP-1A, requiring the remainder
to be sourced from Antarctic ice. Such a large Antarctic
contribution is consistent with GIA model studies that
examine the sea level response to ice mass changes at far-
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field RSL sites [Clark et al., 2002; Bassett et al., 2005;
Deschamps et al., 2012], but the uncertainties in these RSL
records need to be reduced before these approaches can yield
conclusive results [Deschamps et al., 2012]. A comprehen-
sive effort is also needed to directly date changes in the extent
of the AIS not only during the timing of MWP-1A but also
through the last deglaciation. Such an approach should
carefully assess the various assumptions now used to con-
strain ice limits, including that weathering limits define ice
sheet limits; that local valley lake level records constrain
grounding line locations; and that in the absence of other
field evidence, minimum-limiting marine dates are closely
related to ice margin locations.
[223] A smaller Northern Hemisphere contribution to

MWP-1A than inferred in previous studies may explain why
the AMOC remained relatively strong and North Atlantic
climate warmed during MWP-1A at the onset of the Bølling.
Some studies suggest that a large freshwater forcing in the
Southern Ocean at this time may in fact have helped trigger
the Bølling [Weaver et al., 2003], but not all models simu-
late this response [Stouffer et al., 2007], and additional
modeling is required to evaluate the impacts of freshwater
forcing of both oceans during MWP-1A.
[224] More rapid LIS retreat with increasing eastward

meltwater discharge after MWP-1A during the Allerød may
have gradually slowed the AMOC leading up to the Younger
Dryas cold event. At this point, all existing data suggest that
the most likely means of causing the Younger Dryas is
through the routing of LIS runoff through Lake Agassiz
eastward into the St. Lawrence River. Other hypotheses or
arguments against eastward routing have been based on ice
sheet models with poorly constrained climate forcings or
misinterpretations of geologic data or are inconsistent with
sea level constraints on meltwater discharge. Using cosmo-
genic nuclide ages to directly date when the ice margin
retreated from the multiple eastern outlets south of the
LIS would confirm hypotheses based on minimum-limiting
radiocarbon dates and more distal runoff records. Similarly,
directly dating when the northern LIS outlet opened is key to
understanding late deglacial runoff routing and AMOC/
climate evolution. In particular, the direction that LIS runoff
was routed at the end of the Younger Dryas is poorly con-
strained. Its identification would provide a critical constraint
for understanding the response of the AMOC and climate
system to changes in the North Atlantic hydrologic cycle.
[225] After the Younger Dryas, the geologic record indi-

cates that early Holocene increases in the rate of sea level rise
appear to be predominately sourced from Northern Hemi-
sphere ice sheets. However, the retreat of the AIS is poorly
constrained to unconstrained through this interval, and doc-
umenting its retreat history will be important for better
understanding the global sea level budget as well as for
placing current mass changes in the AIS in a longer-term
context. Meltwater from retreat of Northern Hemisphere ice
sheets may have slowed the AMOC, preconditioning the
North Atlantic so that when deglaciation of Hudson Bay
occurred, the associated final LIS routing event triggered the
8.2 ka event. Nevertheless, a significant remaining question

is why this large volume of freshwater that clearly discharged
to the North Atlantic had a smaller impact on the AMOC than
earlier freshwater discharge events. Future research should
focus on better constraining the location, timing, and volume
of freshwater discharge from the remaining Northern Hemi-
sphere ice sheets during the early to middle Holocene, which
will improve our understanding of the Earth system response
to cryospheric change under a climate state somewhat analo-
gous to the coming century. In particular, the Holocene retreat
chronology of the northwest sector of the LIS is at present
based only on minimum-limiting radiocarbon dates. Dating
when and at what rate this portion of the LIS retreated would
not only evaluate a potential source of Holocene sea level
rise but also aid in determining the impact that freshwater
discharge to Arctic Ocean has on the AMOC and climate.

GLOSSARY
10Be: A cosmogenic radionuclide isotope of beryllium.

The accumulation of 10Be in quartz can be used to date
how long a rock surface has been exposed to bombardment
by cosmic radiation, thus determining the time since ice
sheet retreat exposed the boulder or bedrock surface. Poten-
tial issues may arise if 10Be from previous exposure still
remains in the rock, which would make the apparent age
older than the true timing of ice margin retreat.

14C: A cosmogenic radionuclide isotope of carbon. It is
produced in the atmosphere from the replacement of a pro-
ton for a neutron in 14N. The decay of 14C in organic mate-
rial dates the time since the organic material died and ceased
to exchange carbon with the atmosphere or ceased to secrete
a carbonate shell from ocean water. Because of changes in
14C production and carbon reservoirs, it necessary to cali-
brate a 14C age to a calendar age.
8.2 ka event: The last abrupt climate event of the last

deglaciation. It was first defined in the Summit Greenland
GISP2 ice core d18O record and was likely caused by a reduc-
tion in Atlantic meridional overturning circulation strength.

87Sr/86Sr: The ratio of the radiogenic 87Sr isotope rela-
tive to stable 86Sr. In rocks it varies mainly as a function
of age, with higher ratios reflecting older rocks. It can be
used to track the source of runoff because stream 87Sr/86Sr
ratios reflect that of the underlying bedrock.
A events: Short for Antarctic events. These represent

the pattern of temperature change observed in Antarctic ice
cores during glacial periods, with gradual warming and cool-
ing occurring on multimillennia-long cycles. Peak warmth in
an A event corresponds with the abrupt warming observed in
Greenland ice core records.
Accelerator mass spectrometer (AMS): A technique

of mass spectrometry where ions are first accelerated before
separation, which allows the analysis of rare isotopes like
14C and 10Be.
Acid insoluble organic (AIO) carbon: The total

organic matter of sediments in which the sample is pre-
treated with acid to remove the carbonate fraction.
Allerød: A relatively warm period of the last deglacia-

tion in the Northern Hemisphere, originally defined by

CARLSON AND CLARK: SEA LEVEL RISE AND FRESHWATER DISCHARGE RG4007RG4007

57 of 72



European pollen records. It lasted from �13.9 to 12.9 ka and
occurred between the Older and Younger Dryas cold events.
Antarctic Peninsula Ice Sheet (APIS): A separate mass

of ice on the Antarctica peninsula.
AOGCM: Atmosphere-ocean general circulation model.
Atlantic meridional overturning circulation (AMOC):

The northward flow of warm salty surface waters in the Atlan-
tic basin. Subsequent cooling in the high latitude Nordic and
Labrador Seas results in the sinking of these cold-salty waters
and their southward return flow at depth. Perturbation of this
process is thought to result in Northern Hemisphere cooling
and Southern Hemisphere warming.
Barents-Kara Ice Sheet (BKIS): A portion of the Eur-

asian Ice Sheet located north of Europe in the Barents and
Kara Seas.
Benthic: A descriptor for bottom dwelling organisms in

the ocean, here used to denote the habitat of foraminifera.
Bipolar seesaw: The climate pattern caused by reduc-

tions in Atlantic meridional overturning circulation, with
Northern Hemisphere cooling and Southern Hemisphere
warming. Increases in meridional overturning result in an
opposite climate pattern.
Bølling: A Northern Hemisphere warm event of the last

deglaciation with an abrupt onset. Originally defined by
European pollen records and likely caused by an increase
in Atlantic meridional overturning circulation, it lasted from
�14.6 to 14.1 ka and occurred between the Oldest and Older
Dryas cold events.
British Irish Ice Sheet (BIIS): A small ice sheet over

the British Isles that at glacial maximums connected with
the larger Eurasian Ice Sheet.
Cordilleran Ice Sheet (CIS): An ice sheet in western

Canada and the northwest United States the resulted from
the coalescence of valley glaciers over the Canadian
Rockies. At glacial maxima, it abutted the larger Laurentide
Ice Sheet.
Cosmogenic nuclide date: An age determined by the

accumulation of a cosmogenic nuclide in a rock surface. In
the case of ice sheets, this accumulation reflects the period
since ice retreated, exposing the boulder or bedrock surface,
and thus dates the time of ice retreat. Complications include
the potential for nuclides persisting through the period of ice
cover if the ice sheet is not effective enough to erode and
remove the surface that contains these inherited nuclides
from previous exposure.
d
13C: A stable isotope of carbon, expressed as the ratio

to 12C relative to a standard and multiplied by 1000 (d nota-
tion). d13C can be used as a tracer of terrestrial runoff to the
ocean because stream d13C reflects ratios in terrestrial bio-
mass, which is significantly depleted relative to the ocean.
d13C also reflects the amount of nutrients in a water mass
and thus can be used as a proxy of the volume of deep waters
from northern and southern sources, with northern sources
having higher d13C values due to their young age and low
nutrient content.
D

14C: The amount of 14C in a reservoir relative to the
14C it should contain if in equilibrium with the atmosphere.

It can be used to date how long a water mass has been iso-
lated from exchange with the atmosphere.
d
18O: A stable isotope of oxygen, expressed as the ratio

to 16O relative to a standard and multiplied by 1000 (d nota-
tion). d18O is fractionated in the atmosphere with respect to
temperature and thus can be used as a temperature proxy in
ice core records. This can be complicated, however, by
changes in the source of moisture to the ice core site. In
the ocean, d18O is used in foraminifera calcite shells as a
proxy of temperature because it is fractionated during calcite
precipitation. These shells also record the d18O of the water
mass they are precipitating in, which reflects precipitation/
runoff/evaporative effects on the water mass. Thus, if the
temperature component is independently known, one can
calculate the d18O of seawater, which is a salinity proxy.
d18O is further affected by continental ice volume, which
preferentially accumulates 16O as ice grows.
Database on Eurasian Deglaciation Dates (DATED)

Project: A European project reconstructing the deglacial
history of the Eurasian Ice Sheet. Information is available at
http://www.gyllencreutz.se/research.html.
Dinoflagellate: A eukaryote that can occur in fresh and

saltwater conditions. Their speciation depends on the sur-
rounding environmental conditions, and thus, assemblages
of dinoflagellate remains (cysts) can be used to reconstruct
paleoceanographic climate, such as sea surface temperature.
Dissolved inorganic carbon (DIC): Component of

inorganic carbon that is dissolved in water.
East Antarctic Ice Sheet (EAIS): The much larger, east-

ern part of the Antarctic Ice Sheet.
EDC: EPICA Dome C.
Eurasian Ice Sheet (EIS): The amalgamated ice sheet

that covered northern Eurasia, consisting of the Barents-
Kara, Scandinavian, and British Irish Ice Sheets.
Foraminifera: Amoeboid protists that secrete a calcite

shell called a test. These shells can record past changes in
ocean conditions with d18O and d13C isotopes, temperature
in the shell Mg/Ca ratios, and other tracers of continental run-
off. Their speciation can also be used as a proxy of past environ-
mental changes. Surface dwelling foraminifera are referred to as
planktonic, whereas bottom dwellers are referred to as benthic.
Freeboard: The height of the surface of a less dense

mass resting in a more dense mass. In isostatic equilibrium,
is proportional to the ratio of the density of the less dense to
the more dense masses.
General circulation model (GCM): A computer

model of atmospheric or oceanic circulation. GCMs can also
be coupled together to form an Earth system model or atmo-
sphere-oceanic general circulation model.
Greenland Ice Sheet Project 2 (GISP2): The name of

the U.S. ice core recovered from Summit Greenland.
Glacial drift: A term that refers to sediment deposited

directly by an ice sheet or glacier.
Glacial isostatic adjustment (GIA): The isostatic

response of the solid Earth to a redistribution of surface mass
during glaciations. GIA includes both an elastic and viscous
component of deformation.

CARLSON AND CLARK: SEA LEVEL RISE AND FRESHWATER DISCHARGE RG4007RG4007

58 of 72



Greenland Ice Core Project (GRIP): The name of the
European ice core recovered from Summit Greenland.
Heinrich event: The time when a detrital carbonate

layer is deposited in the North Atlantic by icebergs that were
sourced from Hudson Bay.
Holocene: The geologic epoch of the last 11,700 years.
Hyperpycnal: A descriptor of water-saturated debris

flows that are denser than the surrounding medium (i.e.,
ocean water) and thus move along the ocean floor.
Ice-rafted debris (IRD): Refers to debris transported

into the ocean by icebergs discharged by a marine-terminating
ice sheet or glacier.
Inheritance: The incomplete erosion of a surface by ice

that was exposed during a previous ice-free period. This
results in a greater amount of cosmogenic nuclides in the
surface than would have accumulated during the period of
its most recent ice-free exposure, resulting in cosmogenic
ages that are too old.
IntCal09: The name of the 14C calibration data set

used to convert 14C years into calendar years (http://www.
radiocarbon.org/IntCal09.htm).
Interstadial: The term used to describe relatively warm

intervals on millennial time scales during the glacial periods.
They are usually associated with ice margin recession.
Isostasy: The state of gravitational equilibrium between

two masses of different densities.
Lake Agassiz: A large proglacial lake that formed along

the southwest margin of the Laurentide Ice Sheet.
Last Glacial Maximum (LGM): The interval of maxi-

mum global ice volume during the last glacial period. This
lasted from �26 to 19 ka, as indicated by a sea level
lowstand.
Laurentide Ice Sheet (LIS): The ice sheet that covered

much of Canada and extended down into the northern part
of central to eastern United States.
Lowstand: Low in relative or global mean sea level.
Meltwater pulses (MWPs): Abrupt jumps in ice-

equivalent of relative sea level of many meters on the
timescale of centuries.
Mg/Ca: The ratio of magnesium ions to calcium ions in a

foraminifera calcite shell, with units of mmol/mol. This is
used as a proxy of temperature but can also detect increased
discharge of Mg-rich waters to the ocean in estuarine
environments.
MITgcm: An ocean general circulation model developed

at the Massachusetts Institute of Technology.
North Greenland Ice Core Project (NGRIP): The

name of the European ice core recovered from northwest
Greenland.
North Atlantic Deep Water (NADW): Part of the

Atlantic meridional overturning circulation. It forms in the
Nordic and Labrador Seas due to loss of heat to the atmo-
sphere and subsequent sinking of the cooler/salty water mass
and flows southward at depth in the Atlantic Ocean basin.
Nunatak: A mountain peak that rises above an ice sheet

surface.

Oldest Dryas: A Northern Hemisphere cold event that
followed the end of the Last Glacial Maximum, lasting from
�18.5 to 14.6 ka.
Optically stimulated luminescence (OSL): A dating

technique that measures the excitement of electrons in a
crystal (usually quartz or feldspar), which determines the
time since the sediment was last stimulated by sunlight and
thus dates deposition of the sediment.
Ostracode: A class of small crustaceans. Their calcite

shells can be used to document water mass temperature
and salinity with d18O, similar to foraminifera shells.
Pa/Th: The ratio between 231Pa and 230Th in marine

sediments. In the North Atlantic, Th is scavenged by parti-
cles to the ocean floor at a faster rate than Pa. Thus, if Atlan-
tic meridional overturning circulation slows, there is a longer
interval for Pa to be scavenged and the Pa/Th ratio in sedi-
ments increases, making the Pa/Th a proxy of Atlantic
meridional overturning circulation strength.
Planktonic: A descriptor for near surface dwelling

organisms in the ocean, here used to denote the habitat of
foraminifera.
Practical salinity units (psu): The measure of water

mass salinity, with average ocean water being 35 and fresh-
water 0.
Relative sea level (RSL): The height of the ocean sur-

face at any given location, or sea level, measured with
respect to the surface of the solid Earth.
Reservoir age: The amount of decay that has occurred

to 14C in a water mass since its last equilibration with the
atmosphere, which needs to be accounted for in 14C dating
of marine carbonates because it will lead toward apparently
older ages. It is denoted by DR. Carbon supplied to water
from dissolved carbonate bedrock can also add to the reser-
voir age, requiring corrections for terrestrial carbonate dates
that are from samples on carbonate terranes.
Scandinavian Ice Sheet (SIS): The portion of the Eur-

asian Ice Sheet that resided over northern Europe and the
Baltic Sea.
Sortable silt: A proxy for local bottom current speed in

the ocean that analyzes the grain size distribution of the silt
size fraction. A coarser fraction denotes greater winnowing
of the finer fraction and thus faster bottom current speed.
Stadial: The term used to describe relatively cold inter-

vals on millennial time scales during the glacial periods.
They are usually associated with ice margin advance.
Sverdrups (Sv): A unit of discharge used to describe

ocean circulation magnitude volumes and rates, with units
of 106 m3 s�1.
TALDICE core: The name of a European ice core col-

lected from Talos Dome, Antarctica, as part of the Talos
Dome Ice Core Project.
TOC: Total organic content.
Trimline: A weathering limit in mountainous regions

that can denote former ice surfaces or a change in thermal
regime in a glacier/ice sheet from an erosive, wet bed to a
nonerosive, frozen bed.
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U/Ca: The ratio of uranium ions to calcium ions in a
foraminifera calcite shell, with units of mmol/mol. This is
used to detect increased discharge of U-rich waters to the
ocean in estuarine environments.
U/Th ages: Measures the accumulation of 230Th in a

calcium carbonate crystal matrix from the decay of 234U,
which allows for dating of the age of the aragonite-forming
organism (usually corals) or in a calcite speleothem.
UVic: University of Victoria.
Varve: A sediment layer deposited in one year, which

usually contains a distinct layering that reflects changes in
the seasonal cycle of the lake or marine setting.
West Antarctic Ice Sheet (WAIS): The smaller, west-

ern part of the Antarctic Ice Sheet.
Younger Dryas: A cold event during the last deglacia-

tion first defined by European pollen records. It followed
the Allerød warm period, with its end denoting the transition
into the Holocene, and lasted from �12.9 to 11.7 ka.
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