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Abstract

The isotopic composition of water in the atmosphere is influenced by how the water evaporated,
how it was transported, and how it formed in the cloud before falling. Because these processes
are temperature dependent, the isotopic ratios stored in glacial ice and other proxy sources have
been used as an indicator of pre-instrumental climate. There is uncertainty, however, as to
whether isotopic ratios should be interpreted as a proxy of local temperature, or as a broader
indicator of changes in how the vapor was transported. To better understand these processes, the
NASA GISS general circulation model (GCM) was used to examine two different types of

controls on the isotopic composition of moisture.

The first control was the large-scale circulation of the atmosphere. Over Europe, it was found
that 8'%0 is strongly controlled by a Northern Annular Mode-like pattern, detected in both the
GCM and for Europe’s high-quality precipitation 8'*O data. Over the southwest Yukon, it was
found that higher 8'°0 was associated with moisture transport from the south, which led to a re-

interpretation of the large mid-19th century 8'*O shift seen in the ice cores from Mt. Logan.

The second type of control was microphysical, relating to the way precipitation interacts with

vapor after it has formed. Using a GCM sensitivity experiment, the effects of ‘post-condensation

il



exchange’ were found to depend primarily on the proportion between the amount of upstream
precipitation that fell as rain and the amount that fell as snow, and at low latitudes, on the
strength of atmospheric moisture recycling. This led to a partitioning of the well-observed
correlation between temperature and precipitation §'*O into its initial and post-condensation
components, and a GCM-based interpretation of satellite measurements of the isotopic

composition of water vapor in the troposphere.
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Chapter 1
Introduction

1.1 Motivation

The first systematic measurements of oxygen isotope ratios in freshwater were made by
Friedman [1953] and Dansgaard [1954]. Even from sources as varied as stream water
and tap water, basic geographic differences could be seen in the measurements, such as
the isotopic depletion in high-latitude and monsoonal climates relative to warm
Mediterranean climates. To interpret the measurements, Dansgaard [1954] also identified
the evaporative and moisture transport processes that control the isotopic composition of
precipitation. The subsequent global-scale analysis of Craig [1961] emphasized the
strong linear relationship between the hydrogen and oxygen isotopic compositions of

precipitation at different locations across the globe.

It was from these analyses that terrestrial isotope paleoclimatology grew. The best-known
proxy sources are ice cores from Greenland and Antarctica, which were first extracted in
the late 1960s and early 1970s [Dansgaard et al., 1969; Johnsen et al., 1972], with the
longest core from Antarctica now providing an 800-kyr climate record over eight glacial
cycles [Jouzel et al., 2007]. The isotopic composition of water in the ice cores provides a
primary means of temperature reconstruction, with continually improving temporal
resolution. At millennial timescales, recent emphasis has been placed on understanding
the rapid Greenland warming during Dansgaard-Oeschger events coincident with the
onset of slow cooling in Antarctica [Blunier and Brook, 2001; EPICA, 2006]. Ice cores
have also been extracted at low latitudes from the Andes [Thompson et al., 1984] and the
Tibetan Plateau [Thompson et al., 1989]. In Canada, ice cores have been taken from the
eastern Arctic on the Devon ice cap on Devon island [Paterson et al., 1977] and in
western Canada, from Mt. Logan [Holdsworth et al., 1992; Moore et al., 2002; Fisher et
al., 2004; Rupper et al., 2004].



Ice cores are the best known isotopic archives, but there are many other natural terrestrial
archives that are useful for paleoclimatic reconstruction. Tree-ring cellulose was first
used as a natural isotopic archive in the 1970s [Epstein and Yapp, 1976; Gray and
Thompson, 1976, DeNiro and Epstein, 1979], and has since been used for mid-latitude
climate reconstructions for the late Holocene [McCarroll and Loader, 2004], showing,
for example, the wet 20th-century conditions over South Asia relative to the last
millennium [Treydte et al., 2006]. The oxygen isotope ratios in calcite deposits in cave
formations were first used as an isotopic archive by Hendy and Wilson [1968], and are
still widely collected [McDermott, 2004]. These provide an important long-term
terrestrial climate proxy in non-glaciated regions (eg. Wang et al. [2001]). With continual
improvements in sampling resolution, there is also growing potential for annual and sub-
annual reconstructions of climate over shorter timescales [Mattey et al., 2008]. These
records, together with those from ice cores having high accumulation rates, offer
significant opportunity for high-resolution, late Holocene reconstructions of climate,

particularly for more regional, non-local phenomena [Jones et al., 2009].

For all terrestrial sources, the isotopic composition of precipitation strongly influences
that of the isotopic archive. As such, a central topic of isotope paleoclimatology has been
to identify controls on the isotopic composition of precipitation. To first order, and over
longer time-scales in particular, variability in precipitation isotopes has been interpreted
as a temperature proxy, explained physically by Rayleigh distillation processes discussed
in Section 1.4. There remains considerable uncertainty, however, surrounding the extent
to which this distillation is controlled by the atmospheric circulation [Hoffmann et al.,
2006] and influenced by moisture recycling [Gat, 2000]. Stable water isotopes are also
recognized as having considerable potential as a general diagnostic of moist processes in

the atmosphere, although such application remains in its infancy [Sherwood et al., 2010].

The goal of my PhD research was to better understand controls on the stable isotopes of
water using an atmospheric general circulation model, focusing on the influence of the
atmospheric circulation and one specific microphysical process, namely, post-
condensation exchange between condensate and vapor. This chapter provides an

overview of isotopic definitions, fractionation processes, simple analytical models of



isotopic depletion, numerical climate models, and the specific objectives of the

dissertation.

1.2 Stable water isotopes in the hydrological cycle

There are two stable isotopes of hydrogen ('H and “H, or D) and three stable isotopes of
oxygen ('°0, 70, '®0) that exist naturally, with the lightest isotope of each element being
the most abundant. Molecules composed of different combinations of isotopes are called
isotopologues. Of the nine possible isotopologues of water, H,'®0 is the most common
(99.73098%), with HD'®0 and H,'®0 existing in much smaller, but still measurable
quantities (0.199978% and 0.031460%, respectively) [Sharp, 2007]. Following
convention in the geophysical literature, the term isotope is used in place of isotopologue

throughout this work.

Isotopic quantities are expressed as a ratio R of concentrations of the heavy, rare isotope
to the abundant, light isotope. Global average isotopic ratios for the two main rare
isotopes are D/H = 155.95 x 10 ®and '*0/'°0 = 2005.2 x 107, respectively [4raguas-
Araguas et al., 2000]. The stable isotope composition of water is now measured against
the International Atomic Energy Agency’s (IAEA) Vienna Standard Mean Ocean Water
(VSMOW), which is in fact based on freshwater, and expressed as the normalized
difference between the measured and VSMOW ratios using d-notation in units of permil

(%o). The oxygen isotope composition of a sample, for example, is expressed as:

S50 = [RSAMP — Rysow ]x 10° (1-1).

VSsmMow

Samples with lower, more negative 5'*O or 8D values have fewer of the heavy isotopes,
and are referred to as being more “depleted”. Occasionally, samples with higher, less
negative 8'°O values are referred to as being more “enriched”, although the term “less

depleted” is usually more appropriate.

The systematic collection of 8'*0 and 3D data in precipitation began in the early 1960s
under the IAEA’s Global Network of Isotopes in Precipitation (GNIP) programme,



described in Chapter 2. Mean seasonal precipitation 'O values are shown in Figure 1-1
for GNIP stations having at least five years of data. Several well-known features of the
global 8'*0 distribution can be seen immediately, which were surveyed regionally by
Rozanski et al. [1993]. There is a poleward tendency towards lower 3'*0, down to -30 %o
on the coasts of Antarctica and Greenland during their respective winters. There are also
continental gradients over Eurasia and North America, with lower values farther inland.
Over Europe, the predominant westerly flow from the Atlantic Ocean results in a more
unidirectional, eastward decrease in 5'%0 compared to North America, with its more
variable moisture source regions. These gradients are reduced during the summer, owing
to the contribution of moisture recycling by vegetation. Such continental gradients can
also be seen at low latitudes, for example in South America, where, even under tropical
conditions, there are lower values moving from the northeast coast on the Atlantic inland
to southwest, but where the effects of land-surface moisture recycling are even more

pronounced.

1.3 Evaporation, condensation and isotopic fractionation

Much of the observed precipitation 5'*O distribution in Figure 1-1 can be explained by
the differences in how the light and heavy isotopes of water evaporate and condense, and
how these differences manifest themselves during the transport of moisture. Thorough
reviews of the these processes are provided by Clark and Fritz [1997], Mook [2001],
Faure and Mensing [2005], Sharp [2007] and Horita et al. [2008].

Molecules within a liquid or vapor will have a distribution of speeds, and therefore of
kinetic energies. In a liquid, molecules having sufficient kinetic energy will break
through the surface tension of the liquid, moving across the liquid’s boundary layer into
the free air, constituting evaporation. Molecules in a gas will also have a distribution of
kinetic energies, and those with lower kinetic energy will get trapped by the surface
tension of liquid, constituting condensation. In a closed system with constant
temperature, dynamic equilibrium is reached when the rate of evaporation from the liquid
equals the rate of condensation from the vapor. In an open system, net evaporation occurs

when the rate of condensation from the vapor is exceeded by the evaporation rate from



the reservoir, for example from an open jar in a room with unsaturated air, or when an

unsaturated air mass is advected over a body of open water.

Evaporation and condensation are mass-dependent processes, which influences how
different isotopes of a substance change phase. In a liquid, water molecules with heavy
oxygen or hydrogen isotopes will have greater binding energies and lower diffusive
velocities, which causes them to evaporate less readily. As a result, when evaporation
takes place, the resulting vapor has fewer, by proportion, of the heavy isotopes than the
reservoir and a lower isotopic ratio R,. Conversely, the isotopic ratio R; of the reservoir
will increase due to the preferential escape of the light isotopes. At short time-scales, the
increase in the liquid is not significant for large reservoirs such as the ocean, but can be
significant for smaller lakes [Sharp, 2007]. Similarly, when net condensation occurs from
a vapor reservoir, there is a preferential transfer of the heavy isotope to the condensate,
resulting in fewer of the heavy isotopes in the vapor and more of the heavy isotopes in

the condensate.

This separation of the different isotopes during a phase change is called isotopic

fractionation. The extent of fractionation that takes place during evaporation from liquid

to vapor is expressed as the fractionation factor a!

/ 1[
o =— 1-2
Rv ( )

where R; is the isotopic ratio of the liquid, and R, the isotopic ratio of the vapor in
equilibrium with the liquid. Under equilibrium conditions, the fractionation factor for

vapor condensing to liquid is simply the inverse of that for liquid to vapor:

o =— (1-3).
a\/
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Figure 1-1. Seasonal precipitation 'O (%o) for all GNIP stations with at least five years of data. Seasonal 5'*0 means have

been arithmetically-weighted by precipitation amount.



In practice, fractionation factors are determined empirically from experiment and are
temperature dependent, with fractionation decreasing as temperature increases Stemming
from the seminal work of Craig and Gordon’s [Craig and Gordon, 1965], adjustments to
the equilibrium fractionation factors can be made for non-equilibrium conditions, namely
the evaporation of ocean water into unsaturated air [Merlivat and Jouzel, 1979] or the
deposition of vapor to ice in supersaturated conditions [Jouzel and Merlivat, 1984].
Further details of all isotopic fractionation processes are discussed in Chapter 2. The

Rayleigh model of isotopic distillation

Based on ideas presented a decade earlier, Dansgaard [1964] developed the first model
of isotopic composition of atmospheric moisture in terms of the progressive loss of heavy
isotopes through fractionation, as water is lost to condensation. Along the path of an
idealized, precipitating air parcel, the ratio R, of heavy to light isotope in the vapor

reservoir is described by
R =R [ (1-4)

where R, is the initial isotopic ratio of the vapor, f'is the fraction of original vapor

remaining, and « is the fractionation factor between phases [Gat, 1996; Mook, 2001].

Equation (1-4 is referred to as the Rayleigh distillation model of isotopic evolution, and is
the most important concept in isotope hydrometeorology. It can be derived by
considering a vapor reservoir that loses mass with the preferential removal of the heavy

isotope. Following Mook [2001], consider a reservoir with isotopic composition R,

R =4 (1-5)

where ¢; is the abundance of the heavy isotope species (H,'*O or HDO), and g is the
abundance of the light isotope (H,'°0). Assuming ¢ >> ¢, , the contribution of ¢; to the
total reservoir mass can be neglected. If small quantities dg; of the heavy isotope and dg

of the light isotope are removed, the isotopic composition of this condensate is given by



(1-6)

o === (1-7)

where « is known.

Beginning with an initial isotopic composition Ry and moisture content gy, we wish to
know the isotopic composition R of the reservoir when a fraction g/g, of the original

moisture remains. The change in isotopic composition dR, of the reservoir as moisture dg

is lost is given by

g, | dq, dq

d| 4 ig_%,

dR, _ [qj_dqq dqq’_l(ai_&j_R_ - (1-8)
dg  dq q’ q

which can be expressed as the initial value problem:

R 4 (4-1). (1-9)

R g

Integrating Eq. 1-9 from Ry to R, and gy to g gives:

h{Rr j =(a—1)In (ij (1-10)
R, 9

which is solved for R,.

(a-1)
&=R{ﬁq ~ R [ (-11)
9



where f = 45 the fraction of the initial moisture remaining.

9

Figure 1-2 shows the Rayleigh distillation of a cooling, precipitating moisture mass with
an initial vapor composition of 8'*0 = -10 %, typical of fresh evaporate from the ocean.
When condensate forms as liquid from the vapor reservoir, there is a ~ 10 %o enrichment
that occurs as a result of the heavy isotope condensing preferentially, indicated by the
difference between the black (vapor) and grey (condensate) distillation curves. As rainout
occurs with decreasing f, this preferential removal leads to a progressive depletion of
heavy isotopes in the vapor and also the subsequent condensate forming from it. When
the precipitation changes from rainfall to snow at 7= 0 °C, the fractionation factor
increases, resulting in a further offset between vapor and condensate. Over the remaining
moisture loss from snowfall, one can see that the increase in fractionation factor results in

more rapid depletion of the vapor reservoir and of subsequent condensate.

In interpreting modern isotopic observations with the Rayleigh model, a common
approach is to initialize the vapor composition R, from the precipitation at the coastal
boundary from which moisture over the continent is thought to originate, estimate the
moisture loss from observed vapor fields across a continental gradient, and finally,
estimate the isotopic composition of vapor and precipitation at a given measurement
location. This technique has been applied, for example, in interpreting observations over
Europe [Sonntag and Schoch-Fischer, 1985], Russia [Kurita et al., 2004] and China
[Araguas-Araguas et al., 1998]. Extending this approach, Salati et al. [1979] and
Rozanski et al. [1982] included an additional continental source from evapotranspiration
over the Amazon and Europe, respectively. At their most sophisticated, Rayleigh models
have been implemented in Lagrangian trajectory models driven by meteorological
observations from atmospheric reanalyses, which allows one to identify mean transport
pathways or atmospheric circulation features associated with enhanced isotopic depletion

[Helsen et al., 2004; Helsen et al., 2007; Sodemann et al., 2008].
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Figure 1-2. Isotopic composition of a precipitating air mass with vapor depleting
according to the Rayleigh model of Eq. 1-4, with an initial vapor composition of

-10 %o at T = 25 °C, following Clark and Fritz [1997].

The Rayleigh model also provides a physical basis for the isotopic ‘temperature effect’
[Dansgaard, 1964; Sonntag and Schoch-Fischer, 1985], the observed relationship
between mean annual precipitation 'O and surface air temperature. Physically,
precipitation 8'°0 and temperature are positively associated primarily through the latter’s
control of the saturation vapor pressure of water, and hence the f~term in the Rayleigh
model. The temperature effect was first described by Dansgaard [1964] in terms of the
positive relationship between mean annual precipitation 5'°O and surface temperature at

different locations. With the availability of two decades worth of data from the GNIP
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network, Rozanski et al. [1992] were the first to examine the temperature effect in its
temporal sense, by examining the relationship between monthly anomalies of
precipitation 8'%0 and surface air temperature for individual locations. Of the stations
considered, positive correlations were found over Europe, where the observation network
was most dense, and in Argentine Island off of the tip of South America at 65°S. Many
studies have subsequently examined the temporal relationship between precipitation 8'*0
and local temperature, along with other meteorological variables. Notably, Kurita et al.
[2004] conducted a 5-year sampling across Russia, which filled a major spatial gap in the
GNIP database, noted earlier by Rozanski et al. [1993]. Even for this short length of
record, they found a strong 7-8'*O relationship across pooled observations, outside of the

boreal summer.

One can see from Eq. 1-4 that the isotopic composition of precipitation reflects the entire
history (via f) of an air mass, and not just condensation conditions over the precipitation
site. While this complicates the use of 'O as a local temperature proxy, it also allows
for the possibility of isotopic evidence for broader circulation signatures. The first
examinations of circulation control on precipitation 8'*O focused on high-latitude
regions, specifically over Greenland. Barlow et al. [1993] found that over central
Greenland, higher dD was linked with the negative phase of the North Atlantic
Oscillation (NAO), which is associated with warmer, more southerly moisture transport
towards the ice core site, and therefore less isotopic distillation. This control was also
identified by Rogers et al. [1998] and recently re-examined [ Vinther et al., 2003;
Sodemann et al., 2008].

Circulation controls on precipitation isotopes have also been examined at low latitudes.
Over the Asian Monsoon region, numerous observational studies have identified a
reverse isotopic seasonality, with lower precipitation 8'*0 during the summer monsoon
despite warmer temperatures [Araguas-Araguas et al., 1998; Johnson and Ingram, 2004],
which is attributed to the strength of the monsoon via enhanced Rayleigh distillation. As
summarized by Vimeux et al. [2009], the Andean ice cores record El Nifio-Southern
Oscillation (ENSO) variability, with higher precipitation 5'*0 associated with El Nifio

conditions, but through an indirect mechanism. El Nifio conditions are associated with a
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weaker South American Summer Monsoon, which results in weaker upstream convective

rainout, and, consequently, the arrival of a less depleted vapor reservoir over the Andes.

1.4 Factors not accounted for in the Rayleigh model

Irrespective of their complexity, Rayleigh-based models assume the immediate removal
of condensate once it has formed, locking in the isotopic composition of the cloud water
[Jouzel et al., 1997]. In reality, there will be post-condensation exchange as raindrops fall
through layers below. Raindrops falling into unsaturated air will partially re-evaporate,
enriching the raindrop, but depleting the surrounding vapor [Dansgaard, 1954; Friedman
et al., 1962; Stewart, 1975]. Re-evaporation is often invoked as a possible cause of
disagreement between 8'°0 observations and simple model predictions [Brown et al.,
2008; Feng et al., 2009], or to explain uncertainty in a relationship between a climatic
variable of interest and precipitation 8'*O [Etien et al., 2008]. Also, droplet re-
evaporation was suggested as a possible cause of higher precipitation 8'*0 under low
humidity conditions in mid-latitudes [Araguas-Araguas et al., 1998; Gat, 2000; Stern and
Blisniuk, 2002; Danis et al., 2006]. Although the condensate will be enriched, the
evaporated vapor will be depleted relative to the surrounding vapor [Gedzelman and
Arnold, 1994]. As a result, subsequent rainfall from this air mass can be depleted, and can

result in lower precipitation 8'*O [Brown et al., 2008; Risi et al., 2008].

Raindrops falling into saturated layers will tend to equilibrate isotopically with the
surrounding vapor, which may be isotopically different than the vapor from which the
raindrops originally formed [Kavanaugh and Cuffey, 2003]. This is especially the case
over land during summer, when evapotranspiration from plants acts as a non-fractionated,
relatively un-depleted moisture source compared to open water. Gat [2000] suggests, for
example, that post-condensation exchange between precipitation and vapor, particularly
from the land surface, may effectively erase the isotopic signature of the original

condensate.
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1.5 Isotopic tracers in numerical climate models

Simple Rayleigh distillation models are limited in their ability to explain precipitation
8'%0 variability due to the absence of air mass mixing, post-condensation exchange, and
evaporative recharge [Hoffmann et al., 2000]. To better account for these processes,
efforts have been made to equip general circulation models (GCMs) of the atmosphere
with stable water isotope physics, recently reviewed by Sturm et al. [2010] and Noone

and Sturm [2010]. A list of such GCMs is provided in Table 1-1.

Stable isotope tracers were first incorporated into the Laboratoire de Météorologie
Dynamique (LMD) atmospheric GCM by Joussaume et al. [1984], who reproduced the
main global geographic patterns observed in precipitation §'*0, and the “spatial slope’
relationship between precipitation 3'*0 and surface temperature at different locations.
This was followed by inclusion of isotopic tracers in the NASA Goddard Institute for
Space Studies (GISS) I GCM by Jouzel et al.’s [1987]. Subsequently, the first forward-
modeling studies of precipitation 8'*0 under Last Glacial Maximum (LGM) conditions
were conducted [Joussaume and Jouzel, 1993; Jouzel et al., 1994], showing that
simulated differences between modern and glacial climates agreed reasonably well with
ice core data from Antarctica and Greenland. Using the GISS II GCM, but with the
addition of moisture source tagging, Charles et al. [1994] showed that in addition to
temperature, changes in atmospheric circulation could also induce an isotopic response.
For Greenland, they found that the relative contribution of high 5'*0 moisture from the
Atlantic increased under LGM conditions, which offset the decrease in 'O due to colder
temperatures. Cole et al. [1999] used the same model to identify the local temperature
effect, identifying a positive correlation between surface air temperature and precipitation

8'*0 anomalies over the extra-tropical continental interiors.
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Table 1-1. Summary of numerical climate models equipped with stable water

isotope tracers. Horizontal resolution is specified either in grid-point resolution

(latitude x longitude) or spectral truncation (with approximate grid-point

resolution). Biases discussed are all for annual mean precipitation 5'°0.

Base model Reference Horizontal Vertical
resolution levels
LMD Joussaume et al. [1984] 3.75° x 11.24° 11
GISS 1T Jouzel et al. [1987] 8° x 10° 9
ECHAM3 Holffman et al. [1998] T42 (2.8° x 2.8°) 19
T21 (5.6° x 5.6°)
ECHAM4 Werner et al. [2001] T30 (3.75 x 3.75) 19
Melbourne Noone and Simmonds [2002]  3.25° x 5.625° 9
GENESIS Mathieu et al. [2002] T31 (3.75° x3.75°) 18
GISS ModelE Schmidt et al. [2005] 4° x 5° 20
MPI REMO Sturm et al. [2005] 0.5° x 0.5° 19
ModelE-R Schmidt et al. [2007] 4° x 5° 20
NCAR CAM2 Lee et al. [2007] T42 (2.8° x 2.8°) 26
Scripps GSM Yoshimura et al. [2008] 2.5 %25 17
HadCM3 Tindall et al. [2009] 2.5° x 3.75° 19
LMDz Risi et al. [2010] 2.5° x 3.75° 19

The next generation of isotopically-equipped GCMs consisted of the ECHAM-3
[Hoffmann et al., 1998], ECHAM-4 [Werner et al., 2001], GENESIS [Mathieu et al.,
2002], GISS ModelE [Schmidt et al., 2005] and Melbourne University (MU) [Noone and

Simmonds, 2002], all distinguished from previous GCMs by their more sophisticated

cloud physics and generally higher resolution. With these higher-resolution models, there

was also increased effort to better understand the influence of atmospheric circulation on



precipitation §'*0. One important application was to resolve the difference between
Greenland LGM temperatures reconstructed from boreholes and from a classical,
spatially-calibrated 8'*O thermometer, which indicated temperatures 10K warmer than
from boreholes. Using ECHAM-4, Werner et al. [2000] found that a more zonal winter
flow under LGM conditions reduced the relative contribution of winter precipitation over
Greenland, leading to a “warmer’, more summer like signal in the ice core. Under modern
conditions, Werner and Heimann [2002] also found that lower 5'*0 values were
associated with a positive NAO phase, consistent with the observational studies described
in Section 1.4. These types of circulation controls have also been identified at lower
latitudes using GCMs; signatures of the El Nifio-Southern Oscillation (ENSO) were
found over South America by Vuille and Werner [2005] and across the tropics by Brown
et al. [2006] and Tindall et al. [2009], the influence of the strength of the Asian Monsoon
on 8'*0 values over the Tibetan Plateau was examined by Vuille et al. [2005b], and the
Indian Ocean Zonal Mode over East Africa was identified by Vuille et al. [2005a].

Arguably, the most state-of-the art application of GCMs to paleo-proxy interpretation is
the work of LeGrande and Schmidt [2009] using the GISS ModelE-R of Schmidt et al.
[2007], the first fully coupled atmosphere-ocean to be equipped with stable isotope
tracers. Previous comparisons of modeled precipitation isotopes between climatic states
compared single time-slice runs between modern and paleo conditions, typically LGM.
LeGrande and Schmidt [2009], conversely, conducted time-slice runs roughly every 1000
years apart from 9000 b.p. to present, showing good agreement with transient changes in

Asian speleothem §'°O.

With incremental development of isotopically-equipped GCMs now spanning twenty-five
years, it is instructive to see how model performance has changed over time, focusing on
Greenland given its ubiquity in the literature. In the pioneering work of Joussaume et al.
[1984], pronounced biases were present for Greenland, where a modeled January
minimum of —22 %o for §'*0 was much greater than the observed winter minimum of -40
%o. Using the GISS II GCM, Jouzel et al. [1987] found that modeled §'*O at Summit 3 %o
was too high over Greenland, but nevertheless was a considerable improvement, due, in

part, to their examination of all months of the year. Given the similar resolution of GISS

15



IT GCM and the LMD GCM of Joussaume et al. [1984], and in the similarities in isotopic
parameterizations between models noted by Jouzel et al. [1987], the improvement was

likely attributable to differences in the underlying physics of the two models.

Using ECHAM-3, Hoffinann et al. [1998] found that the modeled 'O was 8 %o too high
for Greenland at a spectral resolution of T21 (approximately 5.6° x 5.6°), which was
reduced to 2 %o for T42 (2.8° x 2.8°). Interestingly, Werner et al. [2002] found using
ECHAM-4 that an intermediate T30 (3.75 x 3.75) resolution produced bias of 5 %o, as
might be expected with successive versions of the same GCM. This was also comparable
to the results of Mathieu et al. [2002], who found a 4 %o bias with a similar resolution of
T31 (3.75° x3.75°). Using the HadCM3 model at 2.5° x 3.75° resolution, Tindall et al.
[2009] found that positive biases over Greenland and Antarctica were no more than 3 %o,
but remained higher at other ice core sites with more complex topography not as well
resolved by the GCM, namely the Andes and the St. Elias Mountains in Yukon and
Alaska. Although no direct, quantitative comparison was provided over Greenland,
Schmidt et al. [2005] showed that their small bias over Summit was not sensitive
(typically less than 1 %o) to different configurations of the GCM, ranging from the

inclusion of a gravity-wave drag scheme to different surface fractionation schemes.

Based on the studies discussed above, it may be tempting to infer that the accuracy of
modeled isotope values will be controlled primarily by model resolution, but the
relatively high-resolution simulation (T42, 2.8° x 2.8°) of Lee et al. [2007] still produced
a 5-10 %o bias over Greenland, and the 2.5° x 3.75° simulation with the LMDz model of
Risi et al. [2010] had a ~10 %o bias. These two studies are interesting because they
included more sophisticated schemes for the equilibration strength between falling
condensate and the surrounding vapor (discussed in detail in Section 2.2.6 and Chapter 5)
compared to previous models. In the case of Risi et al. [2010], the bias is comparable to
the original, much lower resolution LMD version of Joussaume et al. [1984]. This
illustrates the trade-off that arises in developing more sophisticated parameterizations for
subgrid processes, isotopic or otherwise. Such development is necessary however. It is

important to note that, as pointed out by Sturm et al. [2010], despite the variety of GCMs
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which have been equipped with isotope tracers, their isotopic parameterizations are

similar, and do not, in a sense, represent entirely independent models.

1.6 Dissertation goals

This dissertation had two main goals. The first was to examine circulation controls on
precipitation 8'%0 at mid-latitudes, for interpreting paleoisotopic archives and validating
the GCM. The second was to better understand the effects of post-condensation
exchange. The GISS ModelE GCM has been used for the work described here, the most

important aspects of which are discussed in Section 2.2.

1.6.1  Circulation controls on §'80 at mid-latitudes

Studies examining atmospheric circulation controls on precipitation 5'*O have focused on
either high- or low-latitudes, with little consideration of the mid-latitudes. The few
studies on the mid-latitude have been exclusively observational, such as that of Baldini et
al. [2008], which analyzed NAO controls over European precipitation 8'°0, or that of
Birks and Edwards [2009], which probed the influence of the Pacific North America
pattern (PNA) over precipitation 3'*0 in western Canada. The analysis of circulation
controls using GCMs at mid-latitudes remains to be done, particularly given the
increasing availability of non-ice core isotopic archives with high temporal resolution,
such as speleothems and tree-ring cellulose 5'*0. Successful modeling of present-day
controls is the first step towards more mechanistic attribution of isotopic variability to

different causes.

To this end, Chapter 3 of this dissertation was an examination of atmospheric circulation
controls on precipitation 8'*O over Europe. Europe has what is likely the world’s most
active speleothem and tree-ring isotope research communities, such as the European
Union’s ISONET network and Millennium projects (K. Treydte, pers. comm.). An
improved understanding of controls on precipitation 8'*0 over Europe contributes to
interpretation of these new isotopic archives. Europe also has the world’s most dense and
longest running network of precipitation isotope collection sites under GNIP: Figure 1-3
shows that of the 56 GNIP stations worldwide having at least 20 years of data, 27 are in
Europe. The GNIP station density of Europe therefore provides the best possible means
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with which to validate the mid-latitude atmospheric circulation controls on precipitation

8'%0 identified in a GCM. The material from this chapter is published in Field [Field].

The comparison in Chapter 3 of controls over European precipitation 8'*O between
observations and the GCM served to assess the accuracy of the latter. Having shown that
controls identified in the GCM over Europe are realistic, Chapter 4 is an application of
the GISS ModelE GCM to better understand controls on precipitation §'*O over the
Southwest Yukon. This region is at a higher latitude than the European domain, but is
also at the end of a major oceanic storm track, and would presumably have similar

isotopic controls. Of particular interest are the §'*O records from the Mt. Logan ice cores.

30°%s
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Figure 1-3. GNIP stations with at least 20 years of data.

The snow accumulation record from the Northwest (NW) Col ice core [Holdsworth et al.,
1992] has been used in reconstructions of past variability in the Pacific-North America
(PNA) pattern [Moore et al., 2002], and high snow accumulation years are associated
with more southerly moisture transport [Rupper et al., 2004]. The §'*0 record from the
ice core is also thought to be controlled primarily by changes in atmospheric circulation.
With the addition of a second ice core at the same elevation, Fisher et al. [2004]

interpreted a large mid-19" century shift towards lower 3'°O as indicating a more
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southerly moisture source. Using an analytical model with prescribed zonal and
meridional moisture source contributions, they proposed that lower §'*0 was associated
with a deeper Aleutian Low (AL) pressure system and more southerly moisture transport.
Owing to the greater moisture transport distance, a deeper AL would result in enhanced

isotopic depletion.

Although possible, any §'*0 drop caused by such a shift might be offset by warmer
source evaporation conditions and air mass pathways, both of which would be associated
with higher precipitation 8'*0. Furthermore, there is recent, independent proxy evidence
suggesting an opposite shift in circulation. D ’Arrigo et al. [2005] used tree-ring data from
the Pacific Northwest, the Yukon, Alaska and Siberia to reconstruct the North Pacific
Index (NPI) of Trenberth and Hurrell [1994]. Their analysis showed an 1850 increase in
the NPI, that is associated with a weaker AL, a switch opposite in direction to the
hypothesis of Fisher et al. Chapter 4 describes a GCM-analysis to better understand if
there are significant atmospheric controls on precipitation 8'*0 in this region. This

chapter is published in Field et al. [2010].

1.6.2 The effects of post-condensation exchange

The contribution of post-condensation exchange to precipitation 3'*O variability is
universally acknowledged as being important, but has not been quantified. It is still not
known at a global scale, for example, whether exchange between falling condensate and
ambient vapor tends to enrich or deplete precipitation, or how post-condensation
exchange affects climatic controls on precipitation 8'*0. In GCM studies, the modeled
temperature effect is attributed in a general sense to Rayleigh distillation [Hoffmann et
al., 1998], but, beyond that, little mechanistic understanding of this process is described,

including possible contributions from post-condensation exchange.

Indeed, as Helsen et al. [2007] and Masson-Delmotte [2008] stated, an inherent
disadvantage of isotopically-equipped GCMs is that their complexity makes it difficult to
isolate different fractionation processes. This is partly true, but it could be argued that this
reflects the way in which these GCMs have been used. The predominant approach in

GCM studies is to conduct a control simulation and identify any relationships between
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the modeled isotopes and a meteorological variable of interest. This approach is very
useful, and forms the basis for Chapters 3 and 4 of the dissertation. In terms of
understanding mechanistic controls on the isotopic composition of moisture, however, it
is not experimental in the sense of systematically controlling different processes. Even at
their most sophisticated (e.g. Lee et al. [2007]), a control identified through diagnosis of a
control simulation could be confounded with a more direct, underlying physical control.
It could be argued that the only way of determining the importance of a given process or
meteorological control is to run the model with its influence removed. Wright et al.
[2009], in contrast to previous studies, did take this experimental approach, conducting
sensitivity analyses with certain microphysical processes disabled, to determine the
influence of post-condensation exchange on the isotopic composition of vapor dD.
Chapter 5 of the dissertation is a GCM-based analysis of post-condensation exchange on
precipitation and vapor isotopes, following the approach of Wright et al. [2009]. A key
motivation for this work was the improved interpretation of new satellite-based
measurements of vapor isotopes in the troposphere [ Worden et al., 2007; Brown et al.,
2008; Frankenberg et al., 2009]. This chapter has been accepted for publication in the

Journal of Geophysical Research - Atmospheres as Field et al. [in press].
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Chapter 2
Data and model description

2.1 Data

2.1.1  The Global Network of Isotopes in Precipitation

The Global Network of Isotopes in Precipitation (GNIP) was initiated in 1958 by the
International Atomic Energy Agency (IAEA) in cooperation with the World
Meteorological Organization (WMO), and became operational in 1961 [4ggarwal et al.,
2005]. The initiation of GNIP was originally motivated by the potential for using
radioactive tritium (*H) as an environmental tracer following its excess supply produced
during atomic weapons testing. Subsequently, the systematic collection of the stable
isotopes of water was also recognized as being valuable for water resource management,

and for the interpretation of paleo-isotopic proxies.

The original GNIP was composed of 151 stations, growing to 220 in 1964, followed by a
steady decline through the 1970s, and a resurgence in the 1980s.. Most GNIP stations are
run in conjunction with WMO-level meteorological stations. The majority of data in the
GNIP database consists of monthly averages of *H, D and '*O concentrations in
precipitation, with limited event-based precipitation and vapor isotope data. Records also
include precipitation amount, surface air temperature, and humidity. The majority of

stations in the current GNIP database have between four and eight years worth of data.

Initially, isotopic samples from across the network were analyzed at a small number of
laboratories in the US and at the University of Copenhagen. Currently, 30-40% of
samples are analyzed at the IAEA’s Hydrology Section, with the remainder analyzed at

laboratories in contributing countries. Data analyzed at contributing countries are
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submitted to the IAEA and distributed through the Water Isotope System for Data

Analysis, Visualization, and Electronic Retrieval (WISER)I.

Sampling procedures are reviewed in Mook [2001] and IAEA [2006]. Precipitation is
sampled directly from the rain gauges at the meteorological stations. It is collected in
large (5 L) sealed collection containers, from which a 50 mL sample is taken at the end of
each month for analysis. The most important factor during sampling is that precipitation
from the gauge is transferred immediately to the collection containers and sealed to
prevent evaporation, which will lead to an enrichment bias in the precipitation sample. It
is also important that at the end of each month collection and sampling containers are
cleaned and dried to prevent isotopic contamination from month to month. Glass bottles
are ideal, but for samples that require transport to other laboratories, high-density

polyethylene containers are sufficient to prevent evaporative enrichment or exchange.

The isotopic composition of the samples is primarily determined using mass
spectrometry. Water samples are not analyzed directly in the mass spectrometer due to
the adhesion of water to the metal, which contaminates the analysis. For '*0 analysis, the
sample is equilibrated with CO,. A portion of the equilibrated CO, is then transferred to
the mass spectrometer, ionized, and accelerated through a magnetic field. The
isotopically different ions will have circular paths with different radii. Because the ions
have the same charge, the difference in radii is attributable solely to the difference in
mass between ions. lon collectors at different radii measure the abundance of isotopically

distinct 1ons, and hence the isotopic composition of the sample.

Long-term precision of samples at the IAEA is % 0.1 %o for 8'°0 and = 1 %o for 8D
[[AEA, 2006]. Contributing laboratories are responsible for the accuracy of their
measurements, but intercomparisons between laboratories are conducted regularly to
ensure consistency of measurements. A thorough quality-control analysis of the GNIP

database was conducted in 1992, including the removal of records where errors in

1 . . Lo
http://www-naweb.iaea.org/napc/ih/IHS resources_isohis.html

22



collection procedures were suspected. Currently, records are regularly examined for

consistency and screened for errors [[AEA, 2006].

2.1.2  Tropospheric Emission Spectrometer

To date, most observational isotope studies have focused on precipitation, owing to its
availability through the GNIP and its well-established measurement procedures. The
GNIP database contains vapor isotope data for only a small number of locations,
however, and upper-air vapor isotope data is limited to short-term and geographically-
limited aircraft campaigns [Ehhalt and Heidt, 1974; Rozanski and Sonntag, 1982;
Gedzelman et al., 2003]. Space-based techniques for measuring vapor isotopes were first
developed for the upper-troposphere and lower-stratosphere (UTLS), proving useful in
characterizing the water composition and exchange pathways in that region [Kuang et al.,

2003; Nassar et al., 2007; Steinwagner et al., 2007].

A major step was made recently with the development of HDO retrievals from the
Tropospheric Emission Spectrometer (TES) [Worden et al., 2006; Worden et al., 2007],
which represented the first satellite-based measurements of vapor isotopes throughout the
depth of the free troposphere. A preliminary comparison between the GCM and selected
TES measurements is performed in Chapter 5. The TES instrument is a Fourier transform
spectrometer measuring infrared emissions over the range 650-3050 cm™ [Beer et al.,
2001; Worden et al., 2006]. It was launched on board the Aura spacecraft in July 2004
and 1s in a sun-synchronous orbit with a 16-day repeating orbit track. The TES instrument
has a 5.3 x 8.4 km horizontal footprint at nadir, upon which HDO analyses to-date have

been based.

The TES HDO retrieval is based on lines in the 1150-1350 cm™ range, and has peak
sensitivity at 700 hPa, with a precision of 1% to 2%, which decreases at higher latitudes
[Worden et al., 2006]. The TES retrievals are performed using an optimal estimation
approach [Rodgers, 2000]. Given an estimate of the actual HDO profile, a forward
radiative transfer model can be used to generate the radiances as would be observed by
the instrument. In the TES retrieval, the actual atmospheric state is estimated such that

the difference between the radiances observed by TES and modeled radiance is
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minimized according to a least squares criteria. In the retrieval, a priori information is
provided by isotope fields generated by a version of the NCAR CAM equipped with
isotopic tracers using the approach of Noone and Simmonds [2002]. Due to a systematic
bias in line strength, a -5% correction is applied to the HDO concentrations, which results
in an additional 6D depletion of ~40-50 %o. The TES HDO estimates are now being used
to characterize tropospheric hydrology, including rainfall evaporation rates and moisture
attribution between land and ocean sources [Worden et al., 2007], upstream moisture
recycling [Brown et al., 2008], and long-range transport in the upper troposphere [Liu et
al., 2009]. ExampledD fields are shown in Figure 2-1, which shows the basic southward

migration of higher 6D during the boreal winter.

-50

0D (%)

- ;

-100

18 Jul 2005

-150

-50

18 Jan 2006

-150

Figure 2-1. TES oD estimates at 825 hPa for 18 July 2005 and 18 Jan 2006. These

are from the Version 003 product, and have been spatially-interpolated.

2.2 Stable isotope tracers in GISS ModelE
2.2.1  Overview of ModelE cloud physics

Isotopic processes in ModelE are computed in parallel to the model’s core moist

processes, and are therefore sensitive to their parameterization, which is reviewed in
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Schmidt et al. [2005]. A brief summary of ModelE’s cloud parameterization is provided
in this section to better understand implementation of the isotopic tracers, and, in

particular, the post-condensation exchange study in Chapter 5.

In ModelE, convective and stratiform cloud processes are modeled separately, but with
moisture exchange between the two. The convective scheme is described by Del Genio
and Yao [1993]. Convection occurs when a parcel at a given level is buoyant relative to
the layer above, with respect to a moist static energy criteria. At each level, there are two
updrafting plumes: one that remains undiluted, which is meant to represent the core of a
convective cell, and one that entrains environmental air. The amount of vertical mass flux
is determined iteratively such that neutral buoyancy at the cloud base is achieved, rather
than an assumed 50% of mass, as was the case in the earlier Model Il [Hansen et al.,

1983].

At each level after lifting and cooling, any excess moisture with respect to saturation
vapor pressure is condensed out of the vapor reservoir. In convective clouds, a fraction of
this condensate falls as precipitation, and a fraction is detrained into the large-scale
condensate reservoir, based on a separation of the condensate mass according to an
assumed Marshall-Palmer droplet size distribution and a critical droplet diameter above
which the droplet will fall out. Further details on this partitioning can be found in

Del Genio et al. [2005]. The convective scheme also includes explicit parameterization of
downdrafting plumes. Downdrafting is driven by mid-tropospheric entrainment of dry
and cool environmental air into the convective column, with condensate evaporation into
the unsaturated air causing further cooling. In ModelE, downdrafts are produced for
parcels rising more than one model level, at the first level for which an equal mixture of
plume and environmental air is negatively buoyant. The plume descends until neutral
buoyancy is achieved through warming. The downdrafts are assumed to have one third of

the mass of the combined mass flux of the updrafting plumes.

Large-scale clouds are modeled using the approach of Sundgvist [1978], where
condensation is driven by moisture convergence above a tunable relative humidity

threshold. Cells are divided into a clear and cloudy fraction, and presumed subgrid-scale
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mixing between the two reservoirs can result in condensate evaporation. Given the
uncertainty in the proportion of cloud areal fraction, downdrafting mass, and
simplifications inherent in representing droplet-size distributions, the condensate
evaporation rate is not well constrained [Del Genio et al., 1996], which is an ongoing
issue in cloud physics parameterizations in general (e.g. Bacmeister et al. [2006];

Maloney [2009]; Misra [2009]).

The isotopic tracers follow all moist cloud processes. The light H,'°O tracer follows the
prognostic water exactly. The heavy H,'*0 and HDO tracers also follow the prognostic
water, but subject to fractionation processes, primarily during phase changes. The
isotopic parameterizations in ModelE are based on experimentally-obtained fractionation
factors, and reflect the evolution of isotopically-equipped GCMs in earlier versions of the
NASA GCM Model II [Jouzel et al., 1987] and also the MPI-Hamburg ECHAM4
[Hoffmann et al., 1998].

In the following sections, a description of ModelE’s isotopic processes is given that is

meant to be applicable across different cloud parameterizations.

2.2.2  Equilibrium fractionation

Common to many fractionation processes in ModelE, at the surface and in the cloud, are
the equilibrium fractionation factors between liquid and vapor and between solid and
vapor. Majoube [1971a; b] provided what are still standard equilibrium fractionation

curves for phase changes between liquid and vapor and between solid and vapor. For

H,"®0, the equilibrium fractionation factor a! between vapor and liquid is given by

Ina! =1.137x10° /T* -0.4156/T —2.20667 10 (2-1)

and between vapor and ice by

Ina’ =11.839/T —0.028244 (2-2)
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where T is temperature in K. At 10 °C, for example, the fractionation factor between

liquid and vapor is o =1.01056262, and at -10 °C, the fractionation factor between solid

and vapor is slightly greater ater, =1.016018006 .

For HDO, the equilibrium fractionation factor between vapor and liquid is given by

Ina! =24.844x10° /T —76.248/T —52.61x10™ (2-3)

and between vapor and ice by

Ina’ =16.288x10°/T* —0.0934x10™°. 2-4

Fractionation between liquid and solid during freezing or melting in ocean or lake water

occurs at equilibrium and is not temperature-dependent [ Gat, 1996], with

a =1.0035 for '*0 and & =1.0208 for D. (2-5)

2.2.3 Isotopic exchange at the surface

Isotopic exchange occurs at the surface between the atmosphere and soil, vegetation, land
ice, sea ice, lakes and the ocean. Evaporation from open water is parameterized in
ModelE using a bulk transfer method (see Brutsaert [1975], for example) whereby the
evaporation rate is proportional to the diffusivity of the evaporating substance, the
ventilation, and the humidity gradient between the thin layer of vapor directly above the
surface of the open water and that above in the free atmosphere. Specifically, the

evaporation rate E (in kg/m*s) is given by
E=DpU(q,~q,) (2-6)
where D is a dimensionless diffusivity coefficient, p is density of moist air (kg /m’), U is

wind speed in the free atmosphere (m/s), g, is the specific humidity of a thin, saturated
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vapor layer at the liquid surface (g/kg), and ¢, is the specific humidity in the free
atmosphere (g/kg).

For the case of a heavy stable isotope, Eq. 2-6 is modified using the approach of Jouzel et
al. [1987] and Hoffmann et al. [1998], where the isotopic composition of the evaporate is
modeled as a separate tracer, but following the the same bulk transfer approach and
subject to different stages of isotopic fractionation. Using this approach, the evaporation

rate E; of the given isotopic species is given by
Ei = DlpU(qls - qi,a) (2'7)

where D; is the diffusivity coefficient specific to the isotopic species, g, is the isotopic
tracer concentration of the thin saturated vapor layer, and g, , is the tracer concentration

in the free-atmosphere.

This approach, whereby different water species are modeled using separate tracers, is
typical of isotopic GCM implementations. It is important to note, however, that it is
equivalent to the Craig and Gordon [1965] model, which captures the isotopic evolution
of surface evaporate. First, the isotopic concentration ¢;, in Eq. 2-7 is expressed in terms

of the specific humidity ¢, and the known isotopic ratio of the vapor R,:
Qi,a = qua *

Similarly, the isotopic concentration in the saturated layer g,  can be expressed in terms

of the isotopic concentration of the liquid reservoir R; and the equilibrium fractionation

factor through
R R
a, =—t=—L
RS qi N
q,
yielding
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Rl qs

aeq

Substituting these into Eq. 2-7 gives

R
E =D, pU(L—Rq,)

eq

The expresion for the isotopic composition of evaporate R, is obtained by taking the ratio

of the abundant and isotopic fluxes:

D[ (% - qua)
eq

D(q,-4,)

The ratio D%) represents the kinetic fractionation factor o, = D%) . In the context of the

Craig-Gordon model, rather than specific humidity ¢,, it is more common to use the

relative humidity 4, given by s = % . This leads to the simplified expression

R

a,

R =0, ————
e k (l—h)

which is found in Yoshimura et al. [2008], and equivalent to Eq. (15) in Horita et al.

[2008]. In ModelE, «,,is given by Eq. 2-1 and Eq. 2-3 depending on the isotopic species.
For the kinetic fractionation factor «,,, (WS), the two-regime approximation of Merlivat

and Jouzel [1979] (adopted in the iso-GCM work of Jouzel et al. [1987] and Hoffinan et
al. [1998] ) was used for e, (WS). For H,'*0, for a,, (WS) is given by:

0.994 WS <Tm/s
2 >={ 2-9)

1-(WSx0.285x107 +0.82x107°) WS >Tm/s
and for HDO, ¢, (WS) is given by
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0.99472 WS <Tm/s
i >={ 2-9)

1-(WSx0.2508x107 +0.7216x107) WS> Tm/s

Evaporation from bare soil and from the surface of vegetation (for example, a wet tree
canopy) is computed similarly to open water, but without kinetic fractionation, based on
the assumption that the surfaces are too rough or un-ventilated for kinetic fractionation to
be a significant factor. Transpiration from vegetation occurs for all water tracers, but
undergoes no fractionation, as has been well-observed experimentally [Zimmerman et al.,
1967; Gat and Matsui, 1991; Strong et al., 2007]. Isotopic tracers are conserved during
all surface exchanges, except for the ocean, which is considered as an infinite reservoir.In
the opposite direction, isotopic transfer during dew and frost formation occurs under
equilibrium, and is given by the fractionation factors in Eq. 2-1 through Eq. 2-4. Isotopic
exchange between water and overlying lake or sea ice also occurs under equilibrium

conditions, with fractionation factors given by Eq. 2-5.

224 Condensation

In ModelE, evaporation from the ocean is assumed to occur from a reservoir sufficiently
large that its mass remains unchanged. In the atmosphere, by contrast, condensation is
modeled explicitly as a transfer of mass between the vapor reservoir and the condensate.
The condensation rates are dependent on microphysics parameterizations and will vary

between GCMs, but in general can presumably be described by such a transfer of mass.

Fractionation during this condensation is implemented in ModelE as a Rayleigh
distillation occurring over a single time-step by computing the fraction of isotopic tracer
transferred from the vapor reservoir. Given the fraction of prognostic (isotopically light)
vapor fg transferred from the vapor reservoir to condensate, it is straightforward to show
from Eq. 1-4 that the fraction fg; of heavy isotope tracer transferred out of the vapor

reservoir to condensate is given by:

Ja,=1-(01-fqg)". (2-10)

30



To do this, let R, =v,,/v, be the initial composition of the vapor where v, is the initial
vapor isotope mass and v, is the initial prognostic vapor mass, and R, =v, /v be the
isotopic composition of the vapor after the condensate is removed. We express R, as the

result of a Rayleigh distillation, as in Eq. 1-4:

o
a-1 Vlio {VJ a
Vo \ Vo v VY
Vo

. v,
so that with R =+

fql-=v"°__v"= (V"J :1—(1] =1-(1- f4)".

Vapor to liquid condensation occurs under equilibrium conditions, and « is given by the

equilibrium fractionation factors in Eq. 2-1 and 2-3.

Vapor lost to deposition during ice crystal formation is also modeled as a Rayleigh
distillation, but with a further, kinetic effect due to the lower diffusivity of the heavy
isotopes. This effect is present only during supersaturation [Jouzel and Merlivat, 1984],
which is negligible under warm conditions [Jouzel et al., 1987]. As in Jouzel et al. [1987]

and Hoffman et al. [1998], the combined effective fractionation factor & is given by

a=a,n,,. (2-11)
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The equilibrium fractionation factor ,, is given by Eq. 2-2 or Eq. 2-4 . The kinetic

fractionation factor «,,, is given by

(2-12)

where D/D’ is the ratio of isotopic diffusivities for the light (D) and heavy (D) isotope
species, obtained from experiment [Merlivat, 1978]. For H2180, D/D’=1.0285 and for
HDO, D/D’ = 1.0251. The supersaturation factor S is given by S =1 - 0.003*7, with T in
°C following Hoffman et al. [1998].

ModelE allows for either liquid or solid-phase precipitation in a grid cell, but not
simultaneously. As such, the mixed-phase isotopic model of Ciais and Jouzel [1994] is
not implemented in ModelE, representing one specific instance in which representation of

isotopic processes is limited by the GCM’s cloud physics parameterizations.

2.2.5 Condensate evaporation

The isotopic composition of condensate will be modified during descent by re-
evaporation and equilibration. Re-evaporation is possible whenever condensate is
exposed to unsaturated air, which for ModelE can occur in both convective and large
scale clouds. In convective clouds, entrainment of dry environmental air into the
convective column will lead to unsaturated conditions and condensate evaporation. The
resultant evaporative cooling is also the primary driver of downdrafting and downward
transport of vapor. Re-evaporation can also occur in the unsaturated layer below
convective clouds. In large-scale clouds, sub-grid scale diffusion of cloudy air into clear
air also results in unsaturated conditions and condensate evaporation [Del Genio et al.,
2005]. The effects of condensate evaporation are parameterized, to varying degrees, in

most GCMs [Gaffen et al., 1997].

Fractionation will occur during condensate evaporation, with the evaporate being lower
in the heavy isotope, similar to what occurs during evaporation from the ocean. As with

condensation itself, condensate re-evaporation rates are parameterization-dependent, but
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can be described generally by a transfer of tracer from the condensate to the vapor
reservoir. The fraction fg; of isotopic tracer evaporated from the condensate is determined
from the fraction fg of prognostic condensate that evaporates, analogous to condensation

Eq. 2-10, but with fractionation in the opposite direction:
fa, =1-(- fa)*. @-13)

The fractionation factor « includes an equilibrium effect, and also a kinetic effect. The

effective fractionation is given by

o o (2-14)

aeﬁ" = eq " kin

. The ¢, term accounts for the different vapor-phase diffusivities of the heavy and light

isotopes across the humidity gradient between the saturated surface of the raindrop and

the surrounding air, and is given by:

a,RH
o, =
“ a,D(RH -1)+1

(2-15)

where RH is the prognostic relative humidity expressed as a fraction, and D is the
diffusivity ratio between heavy and light isotope. For H,'*O, D = 1.0164 and for HDO,
D =1.0145, following from Table 2 of Stewart [1975], and discussed in Hoffman et al.
[1998].

2.2.6  Condensate-vapor equilibration

Isotopic equilibration will occur between liquid raindrops and ambient vapor in saturated
conditions. Re-evaporation represents a net one-way transfer from the condensate to
vapor reservoir, with the heavy isotope subject to fractionation. Isotopic equilibration, in
contrast, represents a two-way isotopic exchange between vapor and liquid condensate.
Let R, =c,/c, be the isotopic composition of the condensate falling into vapor with

isotopic composition R, =v,,/v, . Given the prognostic vapor mass v and condensate

mass ¢ of the light water, we need to obtain the new masses ¢; and v; of the heavy isotope,
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such that isotopic equilibrium is achieved. Under equilibrium conditions, we have the

fractionation constraint, similar to Eq. 1-7

_ale_Gv_a, 2-16)
v./v vie v,

1 1

eq

where k =v/c . Throughout equilibration, the isotopic mass is conserved
C,+V,=CptVy,. (2-17)

Using Eq. 2-16, we can express v, in terms of ¢, and known quantities

¢ +-k=c,+v, (2-18)

aeq

and solve for ¢,

¢ = Cio Vi (2-19)
1+k/a,,
Similarly for v,, we can obtain
(2-20)
y, = Cio ' Vio
l+a, [k

Equilibration is a time-sensitive process, dependent upon the time for which a raindrop is
exposed to a given vapor layer, and on the size of the raindrop. Following Hoffmann et al
.[1998], it is assumed in ModelE that full equilibration occurs for large-scale condensate
and that 50% equilibration occurs for convective condensate, reflecting larger-diameter
raindrops in the latter [Schmidt et al., 2005]. This reduced equilibration for convective
condensate is different from Jouzel et al. [1987], in which full equilibration was assumed
for both large-scale and convective condensate. While less sophiscated than the

equilibration schemes of Lee et al. [2007] and Risi et al. [2010] (as noted in Section 1.6),
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these fixed equilibration rates have been tested across several GCMS and produce

reasonably accurate results.
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Chapter 3
Observed and modeled controls on precipitation 'O over

Europe: from local temperature to the Northern Annular
Mode

3.1 Introduction

Stable water isotopes provide an important means paleoclimate reconstruction from many
different sources such as ice cores, tree-cellulose, speleothems, and lake sediment
carbonate [Jones et al., 2009]. Across different proxy material, 5'*0 composition is
influenced strongly by precipitation falling over the region [Sonntag and Schoch-Fischer,
1985; Leng and Marshall, 2004; Lachniet, 2009], and a better understanding of the
controls on precipitation 8'*0 can improve interpretation of natural 5'*0O archives

influenced by the hydrological cycle.

The GNIP network is the primary means through which these controls have been
identified, and is most dense over central Europe (Figure 1-3), allowing for uniquely
detailed analyses of controls on regional 8'*0 over multiple decades. Pioneering studies
of controls on European §'°0 focused on the temperature effect [Rozanski et al., 1992].
The §'*0 composition of precipitation, however, reflects the entire history of an air mass
and so will also be influenced by non-local effects such as changes in transport pathway,
and, ultimately, changes in atmospheric circulation [Sonntag and Schoch-Fischer, 1985;
Jouzel et al., 1997; Araguas-Araguas et al., 2000]. Recently, the NAO was found to have
considerable influence on European precipitation 8'*0 during winter, with the positive
NAO phase being associated with higher precipitation 8'*0 [Baldini et al., 2008]. There
were also characteristic 8'*O signatures over Europe associated with the more general
NAM, identified through analyses with isotopically-equipped general circulation models
[Schmidt et al., 2007; Yoshimura et al., 2008]. Indeed, given its dominance of the NH
climate, considerable effort has gone into reconstruction of the NAO, but this has been
based largely on ice core 8'*O from Greenland [Rogers et al., 1998; Werner and

Heimann, 2002; Vinther et al., 2003], or on non-isotopic proxies over Europe such as
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tree-ring widths [Cook et al., 2002], speleothem band counting [Proctor et al., 2000], or
on combinations thereof [ 7rouet et al., 2009]. Much of this non-ice core proxy material
also contains a 8'*0 record, providing a complementary source of reconstruction

information [McDermott, 2004; Saurer et al., 2008; Lachniet, 2009].

The goal of this study was to better understand controls on European precipitation 3'°O,
motivated by an interest in improving interpretation of European 8'°0 paleoclimate
archives, and in assessing the performance of an isotopically-equipped GCM. There were
three key differences from previous analyses. Firstly, the differences in isotope-climate
relationships between seasons were considered explicitly. Many previous studies have
focused on the season for which controls are expected to be strongest or on annual data
[Rozanski et al., 1992; Vuille and Werner, 2005]. Examination of seasonally-selected
data is useful in identifying the strongest controls, but not all isotopic archives are
available with sub-annual resolution, and so it is important to understand what, if
anything, controls 8'*0 over all months of the year during which precipitation occurs.
Second, the spatial structure of controls on 8'*0 was examined, for comparison to local
temperature or pre-defined indices of circulation, such as those for the NAO, which may
not in fact be the primary control of precipitation 8'*0 composition over a given region.
Lastly, any controls on European §'*0 identified in the GNIP observations were

compared to those identified using the GISS ModelE GCM.

3.2 Data and model configuration

Isotopic data were obtained from the GNIP dataset. As noted above, compared to other
areas in the world, the GNIP network is considerably more dense over central Europe,
particularly over Germany, Austria and Switzerland. Only stations with at least 20 years
of data were included in the analysis here, similar to criteria used previously [Rozanski et
al., 1992]. There were 23 stations in the GNIP database that met these criteria (Table
3-1), which represented half of all such stations in the GNIP database. Figure 3-1 shows

the stations used in the analysis, with labels for selected stations.
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Table 3-1. Names and locations for GNIP stations used in the analysis. Latitude and

longitude are in decimal degrees.

Number of
Station Name Latitude Longitude Elevation (m) observations
BAD SALZUFLEN 52.1 8.7 100 199
BERLIN 52.5 13.4 50 261
BERN 46.9 7.5 511 276
BRAUNSCHWEIG 52.3 10.5 88 198
CUXHAVEN 53.9 8.7 12 200
EMMERICH 51.8 6.6 43 198
GARMISCH-PARTENKIRCHEN 47.5 11.1 720 201
GRIMSEL 46.6 8.3 1950 269
GRONINGEN 53.2 6.6 1 408
GUTTANNEN 46.7 83 1055 268
HOHENPEISSENBERG 47.8 11.0 977 257
KARLSRUHE 49.0 8.4 120 201
KOBLENZ 50.4 7.6 97 197
KONSTANZ 47.7 9.2 447 279
KRAKOW (WOLA JUSTOWSKA) 50.1 19.9 205 334
MEIRINGEN 46.7 8.2 632 269
REGENSBURG 49.0 12.1 377 190
STUTTGART (CANNSTATT) 48.8 9.2 315 378
THONON-LES-BAINS 46.2 6.3 385 416
TRIER 49.8 6.7 273 200
VIENNA (HOHE WARTE) 48.3 16.4 203 516
WASSERKUPPE RHOEN 50.5 10.0 921 201
WUERZBURG 49.8 9.9 259 200
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Figure 3-1. Map of GNIP stations used in the analysis, with labels for selected

stations. The black rectangle shows the analysis domain.

Relationships between 3'°O and climate were examined for individual stations, and also
for a regionally-averaged European 8'°0 record, following Rozanski et al. [1992]. To
construct the regional average, precipitation 8'°O values for reporting stations were
interpolated linearly to a 1° x 1° grid each month, and a regional mean &'*0 was
computed by weighting each grid cell by its interpolated precipitation amount. This way,
the regional 5'*O estimate accounted for the uneven spatial distribution of stations, and
also for variation in precipitation, to avoid bias towards drier locations, similar to
temporal precipitation-weighting used in calculating seasonal means [Vuille et al.,
2003b]. Confidence intervals (ClIs) for all estimated parameters were computed at a 95%

level using bootstrap re-sampling [Efron and Gong, 1983].

The spatial structure of atmospheric circulation controls on regional 'O was identified
by computing correlation maps from the NCEP/NCAR Reanalysis [Kalnay et al., 1996]
for several meteorological fields at the surface and in the mid-troposphere. Reanalysis

data were available at a 2.5° x 2.5° horizontal resolution, with 17 vertical levels at
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standard pressure levels. This approach followed the observational analyses of circulation
controls over Greenland 8'°0 [Rogers et al., 1998], Himalayan 8'°O [Vuille et al., 2005b]
and western North American 8'°O [Birks and Edwards, 2009].

These observational results were compared to those modeled using the NASA GISS
ModelE GCM [Schmidt et al., 2005]. The GCM has been shown to realistically simulate
8'%0 seasonality over representative European GNIP stations, and the main features of
variability at a global scale [Schmidt et al., 2005]. The model was run at a 4° x 5°
horizontal resolution with 20 vertical levels for 45 years starting in 1954, forced with
interannually-varying sea-surface temperature (SST) and sea-ice fields from the HadISST
1.1 dataset [Rayner et al., 2003], but with fixed greenhouse gas (GHG) concentrations,
similar to previous GCM studies [Vuille et al., 2003b]. The SSTs were prescribed from
observations to induce realistic interannual variability, but a free-running, un-nudged
atmosphere produces a somewhat independent realization from the data-constrained
reanalysis. This precludes direct comparison to observed 8'°0 trends and interannual
variability, but guards against the results being overly sensitive to the choice of period

analyzed.

3.3 Results

3.3.1 Mean climatologies

The GCM has been compared to observations at a global scale for basic climate
diagnostics [Schmidt et al., 2006] and isotopic quantities [Schmidt et al., 2005]. Focusing
more closely on Europe, we also compared spatial patterns of temperature, precipitation,
and precipitation 8'°0. For temperature (Figure 3-2), there were slight continental and
topographic gradients in the GNIP observations during DJF, with cooler temperatures at
greater distances from the North Sea eastward and into the Alps. There was some
indication of this cooling gradient in the GCM, but with temperatures near the North Sea
underestimated, which led to a cold bias of -2.3 °C in the GCM during DJF across the
domain (Table 3-2). Temperatures during JJA were generally overestimated in the GCM,
with an average bias of 2.5 °C across the domain. In both cases, this difference appeared

to be statistically significant, given that the estimated GCM means fell outside the 95%
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CI of the GNIP mean, and vice-versa. The GCM tended, therefore, to overestimate the

temperature seasonality observed in the GNIP data. In part, this reflects the paucity of

observations in the eastern region of the domain, which exhibited the greatest seasonality

in the GCM.

DJF

JJA

Seasonal Temperature (°C)

ModelE

1000~ 2000—"_ 3000

Elevation {m)

12°E 15%E 18°E 21

Figure 3-2. Seasonal temperatures (°C) at GNIP stations (left) and ModelE (right).

The main feature of the precipitation during both seasons is the increase from the

northern European plain from rates of ~2 mm/day to values double that in the Alps

(Figure 3-3). During DJF, there was a continental effect, with reduced precipitation

moving inland from 1.9 mm/day at Groningen to a minimum value of 1.1 mm/day in

Krakow. There was some indication of this continentality in the GCM, and also of the
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Table 3-2. Regional means for GNIP observations and ModelE GCM. Values in parentheses are 95% confidence intervals.

Temperature Precipitation
Months (°C) 95% CI (mm/day) 3"%0 (%0)  95% CI Years
All 9.3 (8.7,9.9) 2.2 (2.1,2.3) 9.1 (-9.3 8.8) 37
GNIP DIJF 1.0 (0.5,1.4) 1.9 (1.8,2.1) -11.5 (-11.911.1) 36
JJA 17.4 (17.2,17.7) 2.7 (2.6,2.9) -7.0 (-7.26.8) 39
All 9.0 (8.3,9.7) 1.8 (1.8,1.9) -8.6 (-8.98.3) 45
ModelE DJF -1.3 (-1.70.9) 1.8 (1.8,1.9) -12.6 (-12.8 12.3) 45
JJA 19.9 (19.6,20.2) 1.8 (1.7,1.9) -4.6 (-4.84.5) 45
All -0.3 -0.4 0.5
Bias
DJF -23 -0.1 -1.1
(ModelE - GNIP)
JJA 2.5 -0.9 2.4
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increasing precipitation of up to 3.0 mm/day in the Alps, and good agreement across the
domain as a whole, with a bias of only -0.1 mm/day in the GCM (Table 3-2). On average,
there were wetter conditions in JJA (2.7 mm/day), particularly in the Alps, which were
not captured across the domain in the GCM (1.8 mm/day). There was some increase in
precipitation in the northeast region of the domain, but the GCM failed to capture the
magnitude of the JJA increase in the Alps.

Seasonal Precipitation (mm/day)
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As with temperature, there were considerable spatial differences in precipitation 5'*0
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Figure 3-3. Seasonal precipitation (mm/day) at GNIP stations (left) and ModelE
(right).

seasonality (Figure 3-4). The DJF values ranged from -8 %o in the coastal Netherlands to

-13 %o in Krakow, and -15 %o at the high-elevation Swiss sites. In general, there was a
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sharp depleting effect with topography moving southward from the northern European
plain to the Alps. These continental and orographic gradients during DJF were captured
by the GCM, but with the precipitation §'*0 overestimated near the coast in the
northwest. Precipitation 8'*0 was higher during JJA, particularly at the inland and high-
elevation stations, and with a more even spatial distribution. In Groningen, for example,
the mean JJA 8'%0 of -6.5 %o was 2.6 %o greater than the DJF value, compared to a JJA
mean of  -7.2 %o in Krakow, which was -5.8 %o greater than the DJF 8'°0. The GCM
captured this seasonal difference, but almost universally overestimated the JJA §'%0,
regardless of distance from the coast or elevation. As with temperature, the GCM tended
to overestimate the seasonality of precipitation 8'°0, but this could be related to the

paucity of GNIP data in the northeast region of the domain.
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Figure 3-4. Seasonal precipitation 8"80 (%o) at GNIP stations (left) and ModelE
(right).

3.3.2  Local temperature controls on 3'0

The correlations between local temperature anomalies and §'®0 anomalies are shown in
Figure 3-5, at each station for the GNIP data, and in each grid cell for the GCM. There
were significant differences for correlations computed separately for each season. During
DIJF, the strongest correlation in GNIP data of » = 0.63 was at Vienna, with a median of

r = 0.38 across all stations, and six stations with correlations of » > 0.50.
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Figure 3-5. Correlation between monthly temperature and precipitation 5'*0
anomalies for GNIP stations (left) and ModelE (right). Numbers in GNIP boxes are
r x 100. White shading indicates p > 0.05. GNIP correlations are for 1963-2001, with

the record for each station varying within that period.

There was also a general, if uneven, tendency towards a stronger temperature effect
moving inland from the coast, which was better captured by the GCM compared to when
all months were considered (not shown). Correlations weakened during JJA, with
maximum correlation of » = 0.50 and median across stations of » = 0.27. The greatest
decrease in correlation with temperature occurred over the Netherlands and Germany, but
there were persistent positive correlations in Vienna and Krakow to the east, and over the

Alps to the south, the latter pattern being fairly well represented in the GCM.
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3.3.3  Spatial temperature controls on European 50

The high density of GNIP stations allowed for the analysis of the relationships between
regional average 8'°0 and temperature inside and outside of Europe. Figure 3-6 shows
the linear relationship between the European 8'°0 and temperature anomalies. As with
the individual station correlations, these regional relationships were dependent on season,
with a stronger correlation during DJF (» = 0.56) than JJA (» = 0.39). Whereas each
seasonal correlation fell outside of the other’s 95% confidence interval, this was not the

case for the regression slopes, which would not be considered statistically distinct.

Precipitation 8'*0 reflects the entire history of the air parcel from which the condensate
originated, and, in particular, the proportion of original moisture that rained out during
transit. This will in part be determined by cooling during sloped, cyclonic ascent, and
therefore by the temperature along the air parcel’s entire trajectory. To determine if the
temperature correlation extended outside of the European domain, correlation maps were
constructed between average European §'*0 and cell-by-cell surface temperature
anomalies for the observations and GCM (Figure 3-7). During DJF, there is an area of
strong positive correlation west of the analysis region with a southwest to northeast
orientation, with that in the observations extending further southward, and that in the
GCM more northward. At their strongest, the maximum values in the correlation field are
higher than those for strictly European temperature for both the observations (» = 0.67
compared to » = 0.57) and particularly for the GCM (» = 0.74 compared to » = 0.58). In
the case of the observations, this could partly be a function of the more heavily-
assimilated nature of the reanalysis data compared to the simple temperature averaging
across GNIP stations. But for the GCM, the temperature fields used for the local and
regional GCM correlations are the same, and so the stronger regional correlation likely

indicates a stronger, physical upstream influence.
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Figure 3-6. Regionally averaged temperature and 3'°O anomalies over central
European GNIP stations, with estimated line of best-fit and 95% prediction
intervals. Values in parentheses are 95% bootstrap confidence intervals for slope

and correlation.

The centre of positive temperature correlation over Europe formed the northern centre of
a dipole, with a corresponding centre of negative correlation over eastern North Africa.
The strength of this negative pole was surprisingly strong in the observations (» = -0.63),
nearly as strong as the main centre of positive correlation. There were also secondary

centres of negative correlation over Greenland and positive correlation over Siberia and
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the western Pacific, which were weaker in magnitude but robust in their spatial

coherence.

During JJA, the regions of positive correlation had contracted, and were weaker at their
strongest point. These maximum JJA correlations in the spatial field were still stronger,
however, than the JJA correlations between European §'°O and temperature strictly over
Europe, with maxima of » = 0.51 in the observations and » = 0.63 in the GCM. The
centres of negative correlation have also weakened and contracted during JJA, and the
northern pole has also shifted eastward, with good agreement in these changes between
GNIP and the GCM. Annual maps were also constructed (not shown), and as might be

expected, appeared as weakened versions of the DJF maps.
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Figure 3-7. Correlation between European 8'0 (in the black rectangle) and surface temperature for GNIP/Reanalysis (left)
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3.3.4  Atmospheric circulation controls on 3'0

The spatial extent and multi-centred structure of 7-3'°O correlations in Figure 3-7
suggests the influence of broad, circulation controls on 8'*0. Following Baldini et al.
[2008], Figure 3-8 shows the correlation between the NAO index [Jones et al., 1997] and
the monthly 8'*0 anomalies at each station for different seasons. There were pronounced
correlations during DJF between NAO and 8'%0 anomalies, with maximum and median
correlations across stations of » = 0.77 and » = 0.37, respectively. Statistically significant
correlations were largely absent during JJA, with a maximum of only » = 0.32 and a
median of » = 0.15. Of particular significance is the absence of significant positive
correlation across the high-elevation sites in the Alps, where significant temperature
correlations were found even during JJA. This suggests more local, exclusively
orographic mechanisms for the JJA temperature effect in the Alps, or, if one should exist,
a dominant circulation control other than the NAO. Similar seasonal changes were seen
for NAO and regional 5'°0 compared to individual stations. With all months, there was a
correlation of » = 0.34 between the NAO and regional §'*0, with correlations of » = 0.56
during DJF and » = 0.21 for JJA. This lower summer correlation likely reflects the
absence of any NAO influence on the high-elevation locations, in contrast to the

temperature effects present at the high-elevation sites during the summer.

It is unsurprising that such relationships exist, given that the NAO significantly
influences climate over Europe [Hurrell et al., 2003]. There is no a priori reason why the
NAO need be the dominant circulation control over European precipitation 3'°0,
however, given the complex set of factors that influence precipitation §'%0. It is possible
that other, distinct, circulation features more strongly influence European precipitation
8'%0 than the NAO. To assess whether this was the case, correlation maps were
constructed between regional European &'*0 and various meteorological fields
characterizing atmospheric circulation, similar to previous studies of 8'*O controls over
Greenland and Antarctica [Werner and Heimann, 2002; Schmidt et al., 2007], and low-
latitude ice core sites [Vuille and Werner, 2005; Vuille et al., 2005b].
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Figure 3-8. Correlations between the Jones et al. [1997] NAO index and monthly
anomalies of 5'°0 at GNIP stations, for different seasons. Numbers in GNIP boxes

are r x 100. White shading indicates p > 0.05.

Figure 3-9 shows correlation maps between monthly anomalies of the regional European
8'%0 and spatial fields of sea-level pressure (SLP) and surface winds. During DJF, there
were clear circulation controls over GNIP §'*0, characterized by a north-south dipole
centred over the analysis region. The dipole was NAO-like, but with centres of action
different than in standard NAO definitions, a point to which we return below. The centre
of the negative correlation pole has a minimum correlation of » = -0.58 and is centred

over eastern Scandinavia, arcing from Iceland to central Asia, and the centre of positive
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correlation has a magnitude of » = 0.72, and was located over the central Mediterranean
Sea. Thus, higher 8'*0 over Europe is associated with a broad low-pressure anomaly to
the north and a high-pressure anomaly to the south. Associated with the SLP dipole were
pronounced controls in surface flow indicated by the correlation vectors. There was a
positive correlation between 5'*O and southwesterly flow into the region, which formed
part of the anticyclonic flow around the positive centre and cyclonic flow around the

negative centre

This dipole structure was well captured in the GCM. The centre of the negative
correlation region was over the Norwegian Sea, west of that in the observations, but with
the same arc stretching from Iceland to Central Asia with a minimum correlation of

r =-0.67. The main positive correlation centre was located in an identical position over
the Mediterranean as for observations, with a maximum correlation of » = 0.69. The
southwesterly flow into the analysis region was also apparent, along with the cyclonic
and anticyclonic flow around the negative and positive correlation centres, respectively.
In both observations and the GCM, there were also correlation centres appearing outside
of the European sector, with negative correlation over much of the Arctic and extending

into Canada, and positive correlation centres over Bermuda and Hawaii.

As with the temperature controls, there were weaker circulation controls during JJA. The
maximum positive SLP correlation over the Mediterranean, for example, dropped to

r =0.38 and » = 0.36 for observations and GCM, respectively, with the signatures of all
DIJF correlation patterns contracting. Correlation maps were also constructed for all
months of the year (not shown), and, as would be expected, were simply weakened

versions of the DJF correlation maps.

During DJF, the main centre of positive Zsyy correlation in the observations was centred
identically to that in the SLP fields, with a maximum correlation of » = 0.75 (Figure
3-10). The region of negative correlation was centred in the high north Atlantic, and had
a more wave-like quality than the SLP correlation field, arcing around the positive
correlation centre to North Africa. The positive correlation centres over the Bermuda and

Hawaiian subtropical highs seen in the SLP correlations were also apparent in the Zsg
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correlations, and there were new positive correlation centres over the Arabian Sea and
Siberia, the latter of which could be linked with the Hawaiian correlation centre. These
features also appeared in the GCM, where the negative correlation centre also arced
around the Mediterranean, but with a greater concentration over the North Atlantic, and
also with the positive correlation centres in the subtropics and Siberia. In both the
observations and GCM, controls were characteristically weaker in JJA, but still with
moderate positive correlation centres over the Mediterranean and negative correlation

centres over the north Atlantic.

All surface and mid-tropospheric 8'*0 correlations are summarized in Table 3-3, with
selected correlations plotted in Figure 3-11 with 95% confidence intervals. Following the
Azores-Iceland definition of the station-based NAO index, correlations were also
calculated for a simple index based on the difference in SLP at the locations with
maximum and minimum correlations. When the uncertainty in the estimator is
considered, there is overlap in the range of the local (Tjocar) and regional maximum
temperature (Tregional) correlations for observations, but greater separation in the GCM
(Figure 3-11). Circulation-wise, there was a more robust separation between the NAO
index and the controls identified empirically from the SLP and Zs, fields. Overall, the
strongest and best-separated controls were at the centre of the positive Zsg, correlation
region (Z500,,.x) and the SLP difference index (SLPgifr), both of which were consistently
outside of the NAO correlation’s 95% confidence interval. This was followed by the
maximum regional temperature. In general, correlations were higher during DJF than
JJA, and also better-constrained in terms of their confidence interval width. In most
cases, correlations from the GCM were stronger than observed correlations, but not

outside of the latter’s confidence intervals.
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Table 3-3. Correlation summary for GNIP 3'30 observations and the ModelE GCM for: local surface temperature (Tioca),
maximum regional surface temperature (Tregional)y NAO for station data, SLP and Zs at the locations of minimum and

maximum correlations and for the difference of the two.

SLP Zsoo

Months Tiocat  Tregiona NAO Min Max  Max- Min Max
min

All 0.48 0.47 0.34 -0.47  0.55 0.58 -0.40 0.66
GNIP DJF 0.57 0.67 0.56 -0.58  0.72 0.72 -0.49 0.75
JJA 0.39 0.51 0.21 -0.32 0.38 0.43 -0.37 0.55
All 0.54  0.56 0.46 -0.52  0.59 0.63 -0.47 0.68
ModelE DJF 0.58 0.74 0.59 -0.67  0.69 0.78 -0.58 0.72
JJA 0.43 0.63 0.37 -0.38  0.36 0.52 -0.34 0.64

57



® (GNIP ® ModelE

2500, 1 DIJF e
7500 .. - y — e~ B
SLP i 1 e
SLP_ - e —
SLP_ .. 1 ——4i
NAO - l L r—
Tregional ] e
Tiocar 7 —%—
0 0.2 0.4 0.6 0.8 1
z500_. 1 JJA ——y
Z500,,;, - ! P —
SLP ;e : ° |
SLP_.. 1 L $ i
SLP_ .. - e |
NAO ! ° o {
Tegional N d— P
Tiocal ] T
0 0.2 0.4 0.6 0.8 1
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3.4 Discussion

3.4.1  Temperature controls

The local 7-5'%0 correlations over Europe identified here have been well observed in previous
observational studies [Rozanski et al., 1992], and consistently identified at mid-latitudes in
global-scale GCM analyses [Hoffmann et al., 1998; Cole et al., 1999; Noone and Simmonds,
2002; Schmidt et al., 2007]. The correlations computed from the GNIP observations were weaker
than previous studies, which was due to the use here of monthly anomalies in place of DJFM

averages [Baldini et al., 2008], and without the smoothing of Rozanski et al. [1992].

There were significant regional and seasonal variations in the 7-3'*0 correlations computed
across Europe. In general, annual 7-8'°0 correlations (not shown) were the combination of a
strong winter pattern and a weak summer pattern (Figure 3-5), with the exception of the high-
elevation regions, where strong summer correlations persisted, and further inland at Vienna and
Krakow, where weaker, but statistically significant, correlations persisted. The presence of JJA
correlations in these regions is likely due to Rayleigh distillation in the Alps due to the
orographic ‘altitude effect’ [Araguas-Araguas et al., 2000; Gat, 2000] and in Vienna and
Krakow due to their more distant location from the Atlantic Ocean, considered the dominant

moisture source over central Europe [Rozanski et al., 1982; Numaguti, 1999].

The weaker JJA T-8'%0 correlations are well-known at mid-latitudes, and have been attributed
almost universally to the influence of evapotranspiration, which acts as a non-fractionating
moisture source that obscures the depleting effects of Rayleigh distillation [Jacob and Sonntag,
1991; Fricke and O'Neil, 1999; Kurita et al., 2004; Peng et al., 2004; Lee et al., 2007]. Estimates
of moisture recycling vary depending on the data and approach used, but over Europe,
consistently show a significant increase in the ratio of moisture recycled over land during
summer compared to winter [Dirmeyer and Brubaker, 2007]. This is likely an important
contributor to the more enriched summer §'*0 over Europe and to the weakened 7-8'%0
correlations seen here. Related to this, it is also possible that within-atmosphere post-
condensation exchange between precipitation and vapor modifies or even erases initial 'O
signatures [Gat, 2000; Worden et al., 2007], particularly for liquid-phase precipitation that will
be more prevalent during the summer and lends itself more strongly to condensate-vapor

exchange than solid-phase precipitation [Friedman et al., 2002]. Statistically, the effect of these
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two processes is to reduce the variability of precipitation 8'*0 during the summer. This can be
seen in Figure 3-6, where the ranges of temperature and 5'*O anomalies are much smaller during

JJA than DJF, contributing to the weaker JJA correlation.

The GCM captured the basic range and seasonality of 7-8'%0 correlations across Europe, but did
only a modest job of capturing their spatial variation. This agreement in the overall range but
disagreement in the spatial pattern between model and observations over Europe is similar to
previous GCM results [Hoffmann et al., 1998; Noone and Simmonds, 2002]. During DJF, the
correlations over Germany were underestimated by the GCM, which, conversely, seemed to
overestimate the temperature effect further inland. During JJA, the GCM over-estimated the
temperature correlations over Germany, and underestimated them further inland. A possible
factor for this difference is the GCM’s JJA bias towards higher 'O seen in Figure 3-4. This
warm summer bias was observed in more detail for the entire annual cycles in Groningen and
Vienna [Schmidt et al., 2005], and is likely related to the GCM’s ~3 °C summer JJA bias over
Europe, seen in a more comprehensive model-observation comparison [Schmidt et al., 2006].
One feature that was captured, despite the GCM’s low topographic resolution, was the persistent
JJA temperature correlation over the Alps. While care should be taken in interpreting GCM
results over such a small region, this does illustrate the GCM’s ability to capture isotopic
relationships over regions with a single strong control, in this case orographic rainout, which is

consistent with the absence of strong NAO controls over the Alps during JJA.

These local temperature correlations were part of a broader pattern of positive temperature
correlation (Figure 3-7), which was better captured by the GCM than the within-Europe variation
in controls. The positive correlation centres extending outside of Europe reflect a Rayleigh-like
temperature control over condensation and 8'*0 distillation, and also, more simply, the spatial
covariation of temperature at synoptic scales. This covariation was exclusively the case for the
negative correlation centres positioned over eastern North Africa, weaker downstream positive
correlation centre over Siberia, and weak upstream negative correlation centre over Greenland.
Werner and Heimann [2002] identified a positive temperature correlation pattern over central
Greenland "0, but not as part of a multi-centred teleconnection like that seen here. That study
considered annual 3'*0, however, and broad temperature patterns associated with Greenland

880 might be identified with seasonal separation.
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34.2 Circulation controls

Following Baldini et al. [2008], a strong NAO control on 8'*0 was identified during DJF (Figure
3-8), and the analysis here helped to elucidate its physical structure. The strength of the surface
circulation controls was comparable to that of regional temperature, and was in fact stronger than
local temperature in both observations and the GCM. The correlation vectors at the surface
(Figure 3-9) also help to explain the 7-8'*0 correlations in Figure 3-7. Higher 'O was
associated with enhanced southwesterly flow to the north of the analysis region, which would be
associated with warmer temperatures, and less moisture distillation, resulting in higher §'*0
during precipitation events over central Europe. An additional factor could be that the moisture is
coming from more proximate sources than when transported over the high North Atlantic, and
therefore undergoes less depletion during transport. This interpretation follows from the
Rayleigh distillation model discussed in Section 1.4. But, as will be discussed in Chapter 5, the
actual mechanism relating the circulation controls to the temperature effect is likely related more
strongly to the effects of post-condensation exchange, and ultimately to the proportion of
precipitation falling as snow compared to that falling as rain. The circulation controls also help to
explain the strong dipole in temperature correlations in Figure 3-7. The elevated 8'°0 values over
Europe were associated with cooler temperatures over North Africa, which, in turn, were
associated with stronger northerly flow to the east of the Mediterranean centre of positive

correlation (Figure 3-9).

Despite the uncertainty in the estimated correlations, the strength of the anticyclonic circulation
over the Mediterranean was as strong a predictor of European 8'*0 as regional temperature,
which is perhaps surprising given the traditional focus on local temperature as the main
extratropical control over 8'0. Although the physical reasons for this require further
investigation, this could reflect the fact that circulation variability strongly captures transport
pathways, and therefore distillation distance, consistent with the argument of Schmidt et al.

[2007] that isotopic archives may be better interpreted in a non-local sense.

As was the case for local temperature, atmospheric circulation controls were stronger for DJF
than JJA, with the annual controls representing a strong winter signal muted by summertime
noise. This is almost universally the case for the extratropical teleconnection patterns themselves,
which are stronger during winter than summer, due to enhanced temperature gradients zonally

and between land and sea. This certainly applies to the NAO which, although unique among
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extratropical teleconnection patterns in being present during all seasons, is much stronger in
winter than summer [Hurrell et al., 2003]. It is argued that this seasonal difference in circulation
controls contributes to the reduced summer variability in, and correlation between, temperature

and 5'®0 over Europe, in addition to the buffering effects of continental moisture recycling.

3.4.3 Teleconnection signatures

The teleconnection signatures in the circulation correlation maps correspond to well-known
modes of NH variability. At the surface, the Mediterranean-North Atlantic dipole (Figure 3-9)
was NAO-like, and the distinct correlation centres for the Bermuda and Hawaiian high pressure
systems in the sub-tropics have also been associated with this leading NH mode of variability
[Wallace and Gutzler, 1981]. This is also the case for the negative correlation pattern spanning
the Arctic and extending over Canada. In combination, the signatures in the correlation maps are
in fact similar to those of the AO or NAM, a more general mode of NH variability of which the
NAO has been described as a regional expression [Thompson and Wallace, 1998; Thompson et
al., 2003]. Further evidence of a broader NH signature was seen in the mid-tropospheric
circulation controls. The transition from an NAO-like north-south dipole at the surface (Figure
3-9) to a more wave-like structure in the mid-troposphere (Figure 3-10) is remarkably similar to
the same vertical change seen between surface and mid-troposphere correlation maps between
the geopotential height and AO/NAM [Thompson and Wallace, 1998; Baldwin and Dunkerton,
1999]. This is also the case for the mid-tropospheric emergence of positive correlation centres
over Siberia and the Arabian Sea. Remarkably, European §'°O variability would appear to reflect
a complete spatial expression of the NAM, extending well beyond the Atlantic sector. This is
perhaps relevant in the context of the debate between whether the NAO is an independent mode

of climate variability, or a regional expression of the hemisphere-wide NAM [Wallace, 2000].

This analysis focused on the controls over §'°O for a specific region. From the opposite
perspective, Schmidt et al. [2007] identified the isotopic signature of the NAM by constructing
correlation maps between an SLP-based NAM index and precipitation 8'°O. In that study,
moderate positive correlations were observed across Europe, indicating an association between
higher 8'*0 and positive phase of their empirical orthogonal function (EOF)-defined mode. This,
in turn, is consistent with the positive phase of the NAO-like dipole in Figure 3-9. Similarly,
Yoshimura et al. [2008] considered the isotopic signature of the AO across the NH for the GNIP

observations and several isotopic GCMs, finding essentially the same signature. In both of these
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studies, the correlations were comparable to annual analyses (not shown), and weaker than for

our DJF analyses.

Despite the similarities to well-known teleconnection patterns, it should be emphasized that the
centres of action in the correlation maps here were different from those in standard definitions.
The SLP centres of action in Figure 3-9, for example, were well to the east of the standard Jones
et al. [1997] NAO index, which is based on the difference between sea-level pressure over the
Azores and Iceland. The EOF-based index of Trenberth and Paolino [1980], described in Hurrell
et al. [2003], shows a northern centre of negative correlation corresponding generally to those
identified here, but with the southern positive correlation centre located well to the west of the
positive centre over the Mediterranean in Figure 3-9. Furthermore, no improvements were gained
by using the Climate Prediction Centre NAO index based on the EOF-based approach of
Barnston and Livezey [1987].

3.4.4 Implications for paleoclimate reconstruction

The results of this study have implications for traditional interpretations of 8'*0 based on local
temperature, or on hemispheric modes of variability. First, the improvements in considering
regionally-averaged 8'O from GNIP rather than those at individual stations illustrates the utility
of combining multiple, targeted, isotopic archives across a given region. This technique has been
applied for Greenland ice cores [ White et al., 1997; Rogers et al., 1998] and for tree cellulose
[Treydte et al., 2007; Saurer et al., 2008] in reconstructing short-term climatic variability; further
8'%0 calibration and reconstruction efforts should emphasize this approach. With regional
averaging and seasonal separation, higher 8'*O over Europe was associated with warmer
temperatures, more southerly flow, and the positive phase of a hemisphere-wide mode of
variability very similar in structure to the NAM. These controls could be considered when
interpreting 8'®0 archives, such as tree-ring cellulose and speleothems, which are strongly

controlled by precipitation §'*O.

The NAM-like expression was identified through an empirical analysis of the controls, rather
than with a single circulation index and a priori assumption of the dominant control. Indeed, as
Hurrell et al. [2003] state, there is no single way of defining the NAO, and in general, isotopic
calibrations based on predefined circulation indices may, in a statistical sense, miss their target.
The spatial analysis here guards against any sensitivity to one particular definition, and illustrates
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the improvements that can be gained from allowing the controls over a region’s 3'°O to emerge
empirically, and for the possibility of non-local controls [Schmidt et al., 2007], which in this case
were consistently stronger than the local controls. Further, it has been suggested that
paleoclimatic reconstructions emphasize specific spatial patterns of temperature variability in
place of hemisphere-wide averages and spatial modes of atmospheric circulation in place of
single circulation indices [Jones et al., 2009], and the controls identified here contribute towards
such reconstructions. Isotopic archives in strongly correlated or anti-correlated regions could be
combined in a targeted fashion for reconstructions of hemisphere-wide modes of variability,
similar to what has been proposed in the tropics for the Andean and Himalayan ice cores
[Schmidt et al., 2007]. This could also be used to distinguish periods of hemisphere-wide
temperature change from more internally-driven re-organizations of circulation, or to examine

the temporal stability of a given teleconnection.

There were strong seasonal differences for both observations and the GCM in the temperature
and circulation controls, with both being strong in the winter and weak in the summer. This
underscores the improvements that can be gained by calibrating isotopic archives for different
seasons due to the varying strength of atmospheric circulation controls on precipitation §'*0, in
addition to the seasonally-varying influence of precipitation 8'*O on the particular archive. This
is possible with high-resolution sampling for select speleothems [Mattey et al., 2008] and tree-
rings [McCarroll and Loader, 2004], although the more complex fractionation processes in both
make climatic interpretation more difficult [ Fairchild et al., 2006]. But, conversely, given that
sub-annual resolution will not always be available, or summer precipitation 5'*O may dominate
the archive’s signal in the case of tree-ring cellulose, the best possible annual controls on §'*0

can be identified through the empirical approach used in this study.

3.5 Conclusions

In this study, an attempt was made to better understand the controls on European precipitation
8'%0 using GNIP observations and an isotopically-equipped GCM, motivated by interests in
improving interpretation of paleoclimatic proxies in the region and validating the GCM’s ability

to identify atmospheric circulation controls. The main findings of this study were as follows:
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1. Stronger temperature and circulation controls were identified for regional European 8'*0
compared to individual sites, illustrating the potential gains from considering multiple

isotopic archives.

2. Higher 8'°0 over Europe is associated with warmer temperatures, southerly flow, deep
anticyclonic circulation over the Mediterranean, and the positive phase of an NAM-like
mode of NH variability. Statistically, the regional temperature and large-scale circulation

controls were stronger than local temperature controls.

3. The annual controls over 8'*O are combinations of strong winter and weak summer
controls. In addition to continental moisture recycling, the weaker summer controls are

due to reduced variability in the summer circulation.

The GCM performed well in capturing the large-scale controls on European §'*0 observed in the
GNIP data, most significantly the structure of the NAM through the depth of the troposphere,
and the weaker controls on 8'*0 during the summer. In general, the performance of the GCM in
capturing these large-scale controls over Europe from observations should give us confidence in
using it to identify controls over less data-rich regions at mid-latitudes. Also, the GCM could in
theory be used to more mechanistically separate underlying controls on §'*0. In future studies,
for example, it would be interesting to separate the effects of evapotranspiration and atmospheric
moisture recycling from those associated with ‘pure’ Rayleigh distillation and changing
circulation through a series of source-tagging and sensitivity experiments. The local temperature
controls were not as well captured by the GCM due to its coarse resolution, and indeed, GCMs
are better suited to studies of large-scale controls on 8'0 [Vuille et al., 2005b]. It would be
worth examining the performance of the isotopically-equipped version of the regional circulation
model REMO [Sturm et al., 2005] in modeling the variation of local 8'*O controls within

Europe, or elsewhere.
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Chapter 4
A GCM-based analysis of circulation controls on 520 in the
southwest Yukon, Canada: implications for climate
reconstructions in the region

4.1 Introduction

The objective of this chapter was to better understand isotopic records from the southwest
(SW) Yukon region and any information they might contain about past atmospheric
circulation. In particular, a significant drop in mean 8'*0 occurred during the middle of
the 19th century in two separate ice cores extracted from Mt. Logan in the southwest
Yukon, immediately to the east of the Gulf of Alaska [Holdsworth et al., 1992; Fisher et
al., 2004], and in sediment carbonate 880 recovered from a lake also in the SW Yukon
[Anderson et al., 2005]. The 8'%0 record from the Northwest Col at 5340 m a.s.l. shows
this shift as a 2-3 %o depletion during the late 1840s (Figure 4-1). Using an analytical
model, Fisher et al. [2004] interpreted this shift as being caused by a stronger Aleutian
Low (AL) pressure system (I’ve re-defined the acronym, which I think is useful), which
brought moisture originating from more distant, southerly sources, and owing to this
greater distance, enhanced isotopic depletion. Stronger southerly moisture transport was
associated with increased snow accumulation at Mt. Logan [Moore et al., 2002; Rupper
et al., 2004], but whether this corresponds to a similar control on 8'*0 will depend

strongly on the degree of isotopic distillation during transport.

It is also difficult to reconcile this interpretation of the 8'*O shift with climate
reconstructions in the region during the 19th century. D ’Arrigo et al. [2005], for example,
used tree-ring samples ringing the North Pacific to reconstruct the strength of the AL
since the 17th century, identifying a significant mid-19th century weakening of the AL,
in disagreement with the interpretation of Fisher et al. [2004]. In this study we used an
isotopically-equipped GCM to better understand controls on the 'O composition of

precipitation in the SW Yukon, in order to better interpret isotopic archives in the region.
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Figure 4-1. The Mt. Logan Northwest Col annual 'O record from Holdsworth et al.
[1992].

4.2 Data and methods

Isotopically-equipped GCMs have been used to better understand controls on 8'*0 over
the polar ice sheets and other major ice-coring sites [ Werner and Heimann, 2002; Vuille
et al., 2003a], and in Chapter 3, GISS ModelE was shown to accurately capture
circulation controls over Europe. In this study, the same GISS ModelE configuration as
described in Section 2.2 was used. The choice of simulation period was arbitrary and, as
such, ours is an analogue study, similar to that of Edwards et al. [2001], where we
assume that any contemporary meteorological controls on precipitation 3'°0 are
persistent across time. Unlike the GCM, steady-state models such as that used in Fisher
et al. [2004] rely upon the balance between zonal and meridional transport being

prescribed in order to produce a realistic present-day climatology.
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Correlation maps were created between precipitation 8'°0 over the SW Yukon and sea-
level pressure and moisture flux in the spatial domain, similar to those in Chapter 3.
Moisture flux between 974 hPa and 909 hPa was computed as a vertically-integrated
quantity following Peixoto and Oort [1992]. As in Werner and Heimann [2002], we
considered the 8'°0 values spanning several grid points (58 to 64°N, 142 to 132°W)
rather than a single grid point. In calculating 5'*0 averages, monthly values were
weighted by precipitation amount, and we allowed for different seasonal controls by also
constructing correlation maps separately for the warm season (March through August)
and cool season (September through February). We also substituted surface temperature
and precipitation amount for precipitation 8'°0 over the SW Yukon, to understand

circulation controls on basic climate parameters.

Finally, we constructed correlation maps between mid-tropospheric moisture circulation
and vapor 8'*0 over the SW Yukon analysis region. Identifying controls on vapor §'*O
provided an additional check on controls on the moisture reservoir above the ice core site,
whose surrounding topography is only very coarsely resolved by the GCM. Moisture-
weighted, mean vapor 8'*0O was calculated between 760 and 470 hPa over the analysis
region, and correlated against the fields of moisture circulation between 760 and 470 hPa
and geopotential height at 630 hPa. For all meteorological fields, only correlations

significant at a 95% level are shown.

4.3 Results

Observed 5'®0 values at GNIP stations in the region were generally well-simulated by the
GCM (Table 4-1). At Barrow on Alaska’s North Slopes, the modeled DJF and JJA 80
means of -22.7 %o and -15.8 %o, respectively, were close to the observed means of -21.1
%0 and -14.7 %o. Modeled and observed values were also in good agreement for Bethel, in
the southwest corner of Alaska. The model did not capture the cold season depletion in
Whitehorse, or at the plateau of the two Logan drill sites (~ -32 %o), where the sharp
orographic rainout cannot be captured by the low topographic resolution of the GCM.
Further inland at Yellowknife in the NWT, however, the modeled DJF and JJA §'%0

means of -24.2 %o and -14.9 %o are in good agreement with the observed means of
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-25.1 %o and -16.8 %o0. We emphasize that any controls identified reflect those over the

SW Yukon in general, and not for a specific proxy site.

Table 4-1. Precipitation 8'%0 (%o) observed at GNIP stations and modeled with
GISS ModelE.

GNIP ModelE
Location Lat Lon DIJF  JJA DIJF JJA
Barrow, AK 71°17N  156°45W 21.1 -14.7 -22.7 -15.8
Bethel, AK 60°47N 161°45W -15.1 -11.0 -15.7  -12.1

Whitehorse, YK 60°43N  135°03W -23.8 -18.7 -18.3  -18.2

Yellowknife, NWT  62°27N  114°24W -25.1 -16.8 -242  -149

Annually, there is some evidence of control on SW Yukon precipitation 8'*O by
atmospheric circulation in the North Pacific (Figure 4-2a), with an indication of higher
8'%0 being associated with southerly flow and a negative SLP correlation over
southwestern Alaska. There is stronger evidence of control over vapor 8'°0 (Figure
4-2b), with an additional center of positive 630 hPa geopotential height correlation east of
the analysis region, which is associated with anticyclonic circulation and, given its
position, southeasterly flow into the analysis region. The strongest annual controls are on
precipitation amount (Figure 4-2¢) and temperature (Figure 4-2d). The negative
correlation pattern centered over the Gulf of Alaska associates a deeper AL with
enhanced precipitation and warmer temperatures over the analysis region. During the
warm season (Figure 4-3), the circulation controls are generally weaker than for the

annually-averaged cases.

69



.....

a) Precipitation §'30 b) Vapor §'%0

«a
=

o
o™

2

-] -
(YIS

=

i
' !::\'-. sy
2P e i aaa

120° 160°E 18PN

¢) Precipitation amount

I —

| '_-('2 e i
||| .

=]

L]

= -

=]

a

H
o |
k- |
4 B

a
5}

s @
o

=
=

I
@

120°W 07w

Figure 4-2. Annual circulation and moisture-flux correlation maps for: a)
precipitation 5'°0 b) mid-tropospheric vapor 5'%0 ¢) precipitation amount and d)
surface temperature over the SW Yukon, bounded by the black box. The colored
shading indicates the correlation between the climate parameter over the SW
Yukon and SLP (panels a, ¢, d) and geopotential height at 630 hPa (panel b). Vector
lengths indicate the correlation between the climate parameters over the SW Yukon
and moisture flux in each of the u and v direction, for surface (panels a, ¢, d) and

mid-tropospheric (panel b) moisture flux.

The circulation controls on precipitation 5'*O over the SW Yukon are much stronger
during the cool season (Figure 4-4a), with a strong association between higher
precipitation 'O and more southerly moisture flux around a deeper AL. The same
relationship appears for vapor 8'*0 in the mid-troposphere (Figure 4-4b), but as part of a
tripole, with a positive, anti-cyclonic center over western North America and a negative,
cyclonic centre over the eastern US. To varying degree across seasons, tropical Pacific
signatures appear in the SLP correlations, with higher 5'*0, and wetter and warmer
conditions over the SW Yukon, associated with positive pressure anomalies over the

western Pacific.
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a) Precipitation 8'%0 b) Vapor 830

Figure 4-3. Same as Figure 4-2, but for warm-season (March to August).

a) Precipitation §'%0 b) Vapor §'%0

Figure 4-4. Same as Figure 4-2, but for cool-season (September to February).

71



We note that similar cool-season controls on 8'*0 were identified using composite maps
(not shown). These composites were associated with a ~1.5 %o difference in low and high
8'%0 years over the SW Yukon, slightly less than the observed mid-19" century shift in

the ice core.

4.4 Discussion

Our results indicate that higher 8'*0 over the SW Yukon is associated with southerly
moisture flux into the region. This moisture flux, in turn, is associated with enhanced
cyclonic circulation around a deeper AL. In the mid-troposphere, our results indicate the
presence of the tripole-like control on vapor 8'°0 (Figure 4-4b) as well as a surface
feature related to the AL (Figure 4-4a). These features are similar to the PNA
teleconnection identified by Wallace and Gutzler [1981] whose surface expression is the
AL. Furthermore, the PNA-like structure of the correlation maps is consistent with the
controls identified by Birks and Edwards [Birks and Edwards, 2009] over Western
Canada. The positive SLP correlations across the western equatorial Pacific, although
less robust across seasons, are indicative of warm ENSO conditions. This relationship
between warm ENSO, a deeper AL and positive PNA is consistent with observational
studies [Trenberth and Hurrell, 1994] and controls on Mt. Logan snow accumulation

[Moore et al., 2002].

Seasonality is important in controlling 5'*0, due mainly to persistent features such as the
AL often being wintertime-only phenomena [ 7renberth and Hurrell, 1994]. The effects
of seasonality on 8'°0 controls was seen clearly over Europe in Chapter 3, and also for
Greenland, where a strong NAO signature was seen in winter months, but only weakly
during summer months [Rogers et al., 1998], due to the relative summer weakness of
North Atlantic features such as the Icelandic Low. Stronger wintertime circulation
controls were also observed in the Mt. Logan snow accumulation [Moore et al., 2002;

Rupper et al., 2004].

These seasonal differences have important implications for the analysis of ice core 5'°O,
which, in most studies, are conducted using annually-averaged data. In the case of the Mt.

Logan ice cores, the inclusion of weakly-controlled summer values in taking an annual
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average could mute any strong controls present during the winter. Use of a winter-only
8'*0 record from the ice core may lead to more consistent relationships between the
isotopic records and paleoclimate reconstructions from other sources such as AL strength
from tree-rings, and enhance reconstructions of winter-only teleconnections such as the

PNA using the ice core record.

In interpreting these circulation controls in a paleoclimatic context, we therefore found no
evidence that the 1840s to 1850s shift towards lower 8'°O values observed at Mt. Logan
and Jellybean Lake was associated with a strengthening of the AL. Rather, our results
suggest that the dominant effect of a deepened AL is to reduce isotopic depletion during
transport to the SW Yukon. Physically, the higher precipitation 5'*0 in the SW Yukon
under these conditions could be attributed to several processes, namely: enhanced
evaporative recharge or reduced rainout along a more southern path, increased mixing
with less isotopically-depleted air masses [Alley and Cuffey, 2001], or weaker isotopic
fractionation under warmer conditions. Although there is likely some entrainment of sub-
tropical moisture, the observational analysis of Zhu et al. [2007], for example, showed no
cyclones originating south of 30°N; the Fisher et al. [2004] association between stronger
AL with lower 8'®0 is possibly due to an unrealistically large contribution of tropical

moisture.

There is also the possibility that the mid-19th century shift can be explained not by a
change in the AL strength, but rather by a change in precipitation seasonality. While we
can not fully exclude this, we do note that the controls identified here are consistent with
the north Pacific circulation reconstruction of D Arrigo et al. [2005], and other types of
evidence during the mid 19th century. Observational analyses during the instrumental
period have shown that a stronger AL is also associated with warmer temperatures over
Alaska [Mock et al., 1998] and northwestern North America in general [Trenberth and
Hurrell, 1994], which was observed consistently in controls on temperature and
precipitation inferred from our GCM analysis. If a mid-19th century deepening of the AL
had occurred, it would have presumably been accompanied by warmer regional
temperatures, but independent paleoclimate records exist in the region which show no

such shift. Land-based glaciers in the Gulf of Alaska region underwent a period of
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advance during the last half of the 19th century in Southern Alaska, thought to indicate
persistently cooler temperatures [Calkin et al., 2001; Wiles et al., 2004]. In addition, tree-
ring based reconstructions of January-September temperature across the entire Gulf of
Alaska region showed a significant cold shift in the 1840s [Wilson et al., 2007].
Furthermore, there is an apparent increasing trend in the Logan 'O since the mid 20th
century, which, under the controls identified here, would be consistent with the trend

towards a deeper wintertime AL observed over the same period [Bograd et al., 2002].

4.5 Conclusions

Our GCM analysis of circulation controls on the SW Yukon §'*0, when considered
alongside other paleoclimatic evidence, suggests that the observed shift in the middle of
the 19th century was associated with a weakening of the AL and weakened southerly
moisture transport. An associated cooling in the Gulf of Alaska region would contrast
with the shift towards warmer conditions seen across much of the rest of the Arctic [Smol
et al., 2005], illustrating the importance of considering regional changes in paleoclimatic
reconstructions [Jones and Mann, 2004]. A similar phenomenon was found in modeling
the temperature difference between the late 17th and 18th centuries, when emergence
from the Maunder Minimum corresponded to a widespread winter-warming across the
Northern Hemisphere, with the exception of the Gulf of Alaska and North Atlantic
regions, which exhibited significant cooling [Shindell et al., 2001]. The Gulf of Alaska,
in particular, would appear to be a region where inter-decadal temperature changes are

frequently out of phase with those across the North American and Eurasian land masses.
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Chapter 5
The effects of post-condensation exchange on the isotopic
composition of water in the atmosphere

5.1 Introduction

Dansgaard [1954] identified three controls on the isotopic composition of atmospheric
moisture: the temperature of surface evaporation, the origin of the vapor, and the amount
of previous rainfall from the air mass. As discussed in Section 1.4, the subsequent
Rayleigh distillation model of Dansgaard [1964] is the most important concept in isotope
hydrometeorology, and explains much of the observed spatial variation in the isotopic
composition of precipitation. Rayleigh models have been widely used to interpret isotopic
observations, but regardless of their complexity, these models assume the immediate
removal of condensate once it has formed [Jouzel et al., 1997], locking in the isotopic
composition of precipitation. One factor complicating this assumption is the post-
condensation exchange (PCE) that occurs between condensate and vapor, as described in
Sections 1.5 and 1.8.2. Re-evaporation and atmospheric moisture recycling are often
invoked to explain deviations between 8'*O observations and simple Rayleigh-type
model predictions [Brown et al., 2008; Feng et al., 2009], or to explain uncertainty in a
relationship between a climatic variable of interest and 880 [Etien et al., 2008].
Furthermore, through the detailed diagnosis of an isotopically-equipped single column
convective model, Risi et al. [2008] identified PCE as the most important factor
contributing to the rainfall ‘amount effect’, the negative relationship between

precipitation amount and its isotopic composition [Rozanski et al., 1993].

The importance of PCE on the isotopic composition of precipitation at a global scale has
not been assessed, but significant steps have been made recently in understanding its role
on vapor isotopes, with analyses of vapor D measurements from satellites and
experiments using isotopically-equipped general circulation models (GCMs). Worden et
al. [2007] found that over the tropical lower troposphere, 6D measurements from the

Tropospheric Emissions Spectrometer (TES) satellite instrument were lower than would
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be expected from Rayleigh distillation. Using an idealized model of vapor isotopic
composition, Worden et al. [2007] were able to explain these observations using different
rates of rainfall re-evaporation. Brown et al. [2008] subsequently examined tropical
continental convection regions in detail, and suggested that the occurrence of overly
depleted 6D observations was attributable to intensive upstream moisture recycling.
Using experiments with an atmospheric GCM equipped with stable water isotope tracers,
Wright et al. [2009] found that with condensate evaporation and equilibration removed,
the D composition of vapor was enriched by up to 50 %o, constituting a non-negligible
proportion of vapor depletion attributable not to Rayleigh depletion, but rather to PCE,
consistent with the vapor recycling hypotheses used to explain the depleted TES

measurements.

Following these studies, the goal of this work was to further quantify the effects of PCE
on precipitation and vapor isotopes using the isotopically-equipped GISS ModelE GCM.
Many GCM-based studies have examined the relationship between 8'°0 and different
meteorological parameters, such as local temperature [ Hoffmann et al., 1998; Cole et al.;
Noone and Simmonds, 2002; Vuille and Werner, 2005; Schmidt et al., 2007], regional
moisture balance [Lee et al., 2007], or atmospheric circulation [ Werner and Heimann,
2002; Vuille and Werner, 2005; Schmidt et al., 2007, Field, 2010]. Although GCM-
based, these studies are similar to observational analyses in diagnosing controls on
isotopic composition from a control simulation, and not experimental in the sense of
systematically manipulating certain processes within the model, or by varying external

forcings.

5.2 Experimental design

The control run (CTRL) was that from Chapters 3 and 4, with all isotopic processes
enabled, and was comparable to the ModelE control runs of Schmidt et al. [2005] and
Wright et al. [2009]. The INIT run was an experimental simulation with atmospheric
fractionation occurring during initial condensation only, and without any fractionation
during PCE, namely equilibration or condensate evaporation, analogous to the “large-
scale with super-saturation” (LSC-SS) run of Wright et al. [2009]. As in that study, we

interpret the INIT run as a Rayleigh distillation model, but with realistic advection and
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mixing of moisture. We took a slightly different approach than the Wright et al. [2009]
experiments, where all tracer from re-evaporation was eliminated. In the INIT
experiment, tracers are transferred between reservoirs, and therefore conserved, but with
no fractionation and consequently with no isotopic signature left by PCE processes. As in
Wright et al. [2009], the changes are limited to off-line tracers, and core prognostic
quantities are identical across experiments, unlike ‘on-line’ re-evaporation experiments
[Bacmeister et al., 2006; Maloney, 2009] where changes to re-evaporation were applied
to the core prognostic processes and can affect the model’s dynamics through heat

exchange as water changes phase.

The analysis was limited to first-order isotopic quantities, and excluded the second-order
deuterium excess, which is not as well-simulated in ModelE. The analysis was focused
on 8'%0, but modeled 3D was examined when comparing results to recent observational
analyses of vapor dD. Direct comparison of the GCM results was made to precipitation
8'%0 observations from GNIP. From the GNIP stations, only stations with 5 or more
years worth of isotope data were used in the analysis. This GNIP data were supplemented
with other data for under-sampled regions which had sub-annual resolution. Over Russia,
recently available precipitation 8'*O data for 12 stations from Kurita et al. were
included. Data were also included for Greenland, at the Summit [ Hastings et al., 2004]
and NGRIP [Shuman et al., 2001] sites, and for Antarctica at South Pole [4ldaz and
Deutsch, 1967], Vostok [Ekaykin, 2003] and Law Dome [van Ommen and Morgan,
1997]. In total, there were data for 234 locations, 216 of which were from GNIP.

5.3 Results
5.3.1 Basic features of CTRL

The seasonal distributions of temperature and precipitation for CTRL are shown in Figure
5-1, both of which, as expected, were in good agreement with the moderate-resolution,
20-level (M20) simulations of Schmidt et al. [2006]. The annual mean surface air
temperature was 14.3 °C (14.4 °C in their M20), the precipitation rate was 3.0 mm/day
(2.96 mm/day in their M20), and the 847 hPa specific humidity ¢ was 6.3 g kg (6.5 g kg’
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'for their 850 hPa q). The mean annual precipitation 5'*O was -7.3 %o, compared to their -
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Figure 5-1. Seasonal surface air temperature and precipitation for CTRL.

Figure 5-2 shows the seasonal distribution of precipitation 8'*0 for CTRL. The least
depleted precipitation 'O occurs over the dry subtropical anticyclones, with values
close to 0. At low latitudes, the most depleted precipitation 5'°O is associated with heavy
rainfall (Figure 5-1), most notably the continental convective regions of northern South
America and southern Africa during the DJF wet season. In absolute terms, the most
depleted values occur over the polar ice caps, with a minimum of -61 %o over East
Antarctica during JJA, and -37 %o over Greenland during DJF. The greatest precipitation
8'%0 seasonality is observed over Greenland, Antarctica and the Eurasian and North
American continental interiors, where the seasonal changes follow those in surface
temperature (Figure 5-1). An exception to this seasonality is the Asian Monsoon region,

which is 6 %o lower during JJA than DJF, despite being 10°C warmer.

Seasonal vapor 8'°0 at the surface and in the mid-troposphere at 470 hPa are shown in

Figure 5-3. The gradients in surface vapor 8'°0 generally follow those of precipitation
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8'%0, but the precipitation is greater by an average of 10 %o, corresponding to the
enrichment that occurs as the vapor condenses. The mid-tropospheric vapor 8'*0 shows a
further depletion from the surface vapor, and sharper low-latitude gradients between dry
and humid regions. Throughout the troposphere, the vapor 8'%0 exhibits a similar

seasonal shift to that of precipitation &'*0, with increased depletion during the winter in

each hemisphere (Figure 5-4).
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Figure 5-3. Seasonal 8"%0 composition (%o) of surface (SFC) vapor and vapor at 470
hPa for CTRL.
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Figure 5-4. Mean zonal 5'°0 of vapor (%o) for CTRL. Contours show vertical
velocity ® (10 hPa/s), with dashed contours for upward motion (® < 0), and dotted

contours for downward motion (® > 0).

5.3.2 Changes in 50 in the absence of PCE

Figure 5-5 shows the difference in precipitation 8'*0 between INIT and CTRL. For DJF,
in the absence of PCE, there is an increase in precipitation 8'*0 over land at higher
latitudes and over ice-covered ocean, and a net decrease over open-ocean and low-
latitude land. Over land, the increases are relatively constant, reaching 7 %o over the
North American interior and 5 %o over the Eurasian interior. At low latitudes, there is an
inverse relationship between the magnitude of the decrease for INIT and precipitation
amount (Figure 5-1). The strongest decreases of up to 8 %o occurred over the dry,
subtropical anticyclones, and the weakest decreases over regions of heavy precipitation,

reasons for which are discussed in detail in Section 4.4.

For surface vapor 8'°0 (Figure 5-6) in INIT during DJF, there is an increase over land in
the extra-tropics, and a weaker increase over ocean. At low latitudes, there are stronger
increases in surface vapor 8'°0 in regions of heavy precipitation, which over land extend
into the mid-troposphere. In the mid-troposphere there is also a greater overall increase in
SH than in NH, and the weakest increase for INIT is across the northern subtropics

centred at 20°N.

80



18
Ad OPREC
INIT-CTRL

180w g W zew 60w o sE 120

Figure 5-5. Change in 3'*0 composition (%) of precipitation for INIT from CTRL.
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Figure 5-6. Change in vapor 8'*0 composition (%o) for surface vapor and vapor at

470 hPa for INIT from CTRL.

For JJA, the high-latitude precipitation 8'*0 increase in the NH has retreated poleward
(Figure 5-5), replaced with a net decrease over much of Eurasia and North America. In
several regions, however, the increase has become more pronounced. Over Greenland,
for example, the JJA increase is 14 %o, about twice the increase seen in DJF. The
precipitation 8'°0 increases in these regions are also seen in the 8'*O for surface vapor,
and in the case of the Tibetan Plateau, the increase extends into the mid-troposphere

(Figure 5-6). In the mid-troposphere in general, the mean vapor 8'*0 increase for INIT in
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the NH during JJA (8 %o) is stronger than the southern hemisphere (SH) increase in DJF
(6 %o0).

Figure 5-7 shows the zonal mean change in vapor 'O for INIT. The strongest increases
in vapor 8'°0 are in the extratropics, and shift seasonally with the warm season. The
smallest increases for INIT are in regions of strongest seasonal descent (20°N during
DIJF, 20°S during JJA), low precipitation (Figure 5-1), and low relative humidity (RH)
(Figure 5-8) in the subtropics. This was seen in the mid-tropospheric 8'°0 difference
(Figure 5-6), and the zonal mean plots show how these zonal minima extend through the
troposphere and correspond to regions of subsidence.

DIJF JJA

Latitude

Figure 5-7. Zonal change in vapor 5'*0 (%) for INIT from CTRL. Contours are as
in Figure 5-4.
DJF JJA

0 20 40 60 80
Latitude

Figure 5-8. Zonal relative humidity (RH in %) for CTRL. Contours are as in Figure
5-4.
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There were also large differences between modeled and observed precipitation §'°O
(Table 5-1, Figure 5-9) for the two experiments. For the CTRL run during DJF, there was
a strong correlation of 7 = 0.93 between the precipitation 8'*0 observations and that from
the nearest grid cell in ModelE, with an overall model bias of -1.0 %o towards lower
values, and a root-mean squared error (RMSE) of 3.2 %o. For INIT, the correlation was
reduced to » = 0.81, the bias increased to -2.5 %o, and, most notably, the RMSE increased
to 5.9 %o. Similar changes were observed during JJA. During both seasons, the overall
bias reflects a strong negative bias for precipitation 8'*O higher than -20 %o, offset by the
opposite bias for lower values. The correlations for CTRL and INIT were highly sensitive
to the supplemental inclusion of cold region observations to the GNIP observations

(Table 5-1), discussed in Section 5.2.

Table 5-1. Correlation (r), bias (b) and root-mean square error (RMSE) for the 5"%0
observations and GCM experiments. The statistics across all observations include

data for Antarctica, Greenland and Russia to supplement data from the 216 GNIP

stations.
All observations GNIP only
RMSE RMSE
r b (%0) (%0) r b (%0) (%0)
DJF CTRL 0.93 -1.0 3.2 0.89 -1.1 3.2
INIT 0.81 -2.5 5.9 0.65 -2.9 5.8
JJA CTRL 0.92 0.2 3.1 0.72 0.1 2.9
INIT 0.88 -4.6 6.4 0.37 -5.1 6.2
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Figure 5-9. Correlation between observed and modeled precipitation '°0 for CTRL

and INIT. Observations are for 216 stations in the GNIP database (black circles),

with supplemental data (red circles) from Antarctica, Greenland and Russia, as

described in the text.

5.3.3

The temperature effect

Figure 5-10 shows the local correlation between anomalies of surface temperature (7) and

precipitation 3'*O for all months of the year for CTRL, similar to many previous GCM

studies. Only correlations with |7| > 0.2 and significant at the 95% level are plotted. There

is a positive temperature correlation over extra-tropical land, and over some regions of

equatorial South America and Africa. Absent from previous modeling studies at a global
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scale [Hoffmann et al., 1998; Cole et al.; Noone and Simmonds, 2002; Vuille and Werner,
2005; Schmidt et al., 2007] is any seasonal separation of the temperature effect; much of
the annual correlation map in Figure 5-10 is in fact the combination of a strong cold-
season relationship and weak warm-season relationship (Figure 5-11). During DJF, the
correlations are strong in the NH but weak in the SH over Antarctica. Over central Russia
(50-60°N, 75-95 °E), for example, the median 7-5'*0 anomaly correlation across grid
cells was » = 0.37 for all months of the year, which increased to » = 0.60 during DJF, but
weakened to » = 0.05 during JJA. For the INIT run (Figure 5-11), much of the NH DJF
correlation is unchanged, with persistently strong correlations over the cold NH regions,
with the exception of Europe and the US. During JJA, the weak positive temperature
correlation over the continents seen for CTRL is absent for INIT. A band of negative
correlation emerges around the Arctic, similar to that seen over the north Pacific and

north Atlantic storm tracks during DJF, and over the southern Ocean during both seasons.
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Figure 5-10. Correlation between surface temperature and precipitation 5"%0

anomalies for CTRL, during all months of the year.
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Figure 5-11. Correlation between surface temperature and precipitation 5'*0

anomalies for CTRL and INIT, for different seasons.
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5.4 Discussion

541 Global overview

The primary global feature of the precipitation 5'*O difference maps in INIT is the
separation between regions of net increase and decrease in the absence of PCE (Figure
5-5). The increases at high-latitudes in INIT show where PCE has a net depleting effect,
and the decreases at low latitudes show where PCE has a net enriching effect. A
mechanistic explanation follows from Gedzelman and Arnold [1994] and Risi et al.
[2008]. Partial re-evaporation of raindrops will enrich the raindrops, but transfer depleted
vapor into the surrounding air. The situation is similar for raindrops equilibrating with
vapor which is higher than that from which precipitation originally formed. If either type
of PCE has occurred, subsequent condensate forming from this vapor reservoir will be
lower than if PCE had not occurred. At a given precipitation site, therefore, condensate
can be enriched by local PCE, but that may be exceeded by the depleted vapor reservoir
from upstream PCE. What the INIT experiment does is separate the regions where any

local enrichment from PCE is exceeded by upstream depletion from PCE.

In this regard, the phase of precipitation is critical: PCE occurs between vapor and liquid
condensate but not between vapor and ice [Friedman et al., 1962; Rozanski et al., 1993;
Ciais and Jouzel, 1994; Pierrehumbert, 1999; Gonfiantini et al., 2001; Friedman et al.,
2002; Tian et al., 2003; Celle-Jeanton et al., 2004; Sturm et al., 2010]. When solid
condensate forms and falls as precipitation, there is no enrichment from local PCE, only
the vapor-depleting effects from any PCE for upstream precipitation that occurred as
liquid. To see the importance of the phase of precipitation, Figure 5-12 shows the fraction
of precipitation that falls as snow for DJF and JJA. Particularly for DJF, the transition
from rain- to snow-dominated precipitation across 40°N provides a strong demarcation in
the INIT run between regions of low-latitude net precipitation 8'*0 decrease and high-
latitude net increase (Figure 5-5). Equatorward of this transition zone, rainfall will
exchange isotopically with freshly evaporated ocean water, whereas poleward of this

transition zone, the depleting effects of PCE on vapor 8'*O have been locked in.
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Figure 5-12. Fraction of precipitation which falls as snow for CTRL.

Unlike precipitation 8'°0, vapor 8'*0 always increased for INIT (Figure 5-6), as was
seen in Wright et al. [2009] for 8D. The zonal structure of the vapor 8'°0 increases for
INIT reflect basic features of the mean zonal circulation during different seasons (Figure
5-7) and also precipitation phase. The strongest vapor 'O increase for INIT during DJF
is in the southern extra-tropical free-troposphere, with an increase of ~10 %o between 300
and 400 hPa poleward of 40°S. In the NH, the positive §'*0 anomaly for INIT is largely
constant poleward of 40°N, and weaker than in the SH. At these latitudes in the NH,
vapor depletion from PCE has occurred during liquid phase precipitation in the low-mid
latitudes, and becomes locked in at the transition to snow-dominated precipitation,
resulting in little zonal gradient poleward of 40°N. Over the tropics, the maximum in the
mid-troposphere increase for INIT in the ascending region between 0° and 20°S is
associated with the vigorous moisture exchange of the tropical rainfall belts. In the
descending region centred on 20°N, the increase in vapor 5'°O for INIT is weakest near
the surface, where the air is humid (Figure 5-8) and dominated by isotopically fresh
evaporate from the ocean surface. This difference increases above the boundary layer to
~5 %o at 500 hPa, which reflects the mixing of air into the subtropics from subsidence,
equatorward return flow, and convective detrainment [ Pierrehumbert, 1998], which has

undergone more upstream post-condensation vapor depletion.

During JJA, the structure of the zonal mean change for INIT mirrors that during DJF. At
low latitudes, the increase in vapor 8'*O for INIT in the convective region is of the same
magnitude, but has shifted to 10°N and is more zonally concentrated, corresponding to

the more narrow band of tropical precipitation (Figure 5-1). The region of weak §'*0
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increase in the lower troposphere for INIT is now centred near 20°S under the descending
branch of the circulation. There is a much stronger JJA increase in the NH extratropics
than seen in the SH during DJF, due to the more poleward shift in the snowline (Figure
5-12), and consequent increase in PCE over the NH. In this respect, we note that the peak
of the annual-mean NH increase in Wright et al. [2009] over the North Pole in their

LSC-SS experiment was a muted version of the JJA increase in Figure 5-7.

For CTRL, the agreement between the GCM and observations of precipitation 8'%0 is
excellent (Figure 5-9). For less depleted observations (> -20 %o), there is an even
distribution about the 1:1 line, indicating little systematic bias (-1.3 %o for DJF, 0.1 %o
for JJA) in the GCM. Common to both seasons, however, is bias towards too-high
values(4.3 %o for DJF and 8.2 %o for JJA) over Antarctica. This could reflect the paucity
of cold-region observations, but is likely genuine, having been detected in previous
isotopically-equipped GCM analyses over Antarctica [Jouzel et al., 1997] and attributed
to the general warm bias of the GCMs [Masson-Delmotte et al., 2008]. For INIT, the
separation of regions dominated by Rayleigh distillation and PCE emerges. For observed
precipitation 3'*0 values > -15 %o, modeled precipitation 5'*O is too low, with only a
weak slope. For observed precipitation 8'*0 values < -20 %o , there is a constant under-
depletion bias in the GCM, but a strong Rayleigh-driven slope. As in Figure 5-5, the
difference for INIT has been locked in poleward of the snowline (Figure 5-12),
represented by the positive offset and absence of a decreasing gradient below the snow

line.

The strong correlations between the GCM and observations were highly dependent on the
inclusion of the Antarctic and Greenland data, particularly during the boreal summer
(Table 5-1). Without these observations, the JJA correlation was reduced to » = 0.72 for
CTRL, and » = 0.37 for INIT: in the absence of data from strong Rayleigh depletion
regimes, the contributions of PCE are much more important in explaining the observed
variation of precipitation 8'*0. Furthermore, and as Vuille et al. [2005b] stated, such a
comparison should be taken cautiously given the uneven spatial distribution of GNIP
stations, differences in the period and length of reporting, and mix of observation types

between snow gauges, snow pits, and shallow cores.
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The changes for INIT varied strongly across different climate regimes and seasons, and
are examined in the following sections for the wet tropics, the dry sub-tropics, the Asian

monsoon region and the extra-tropics.

5.4.2 Regional comparisons

54.21 Wet tropics

At low latitudes, the spatial variation of the decrease in precipitation 8'°O (Figure 5-5)
results from differing effects of PCE aloft and at the surface. In the convective column,
PCE will tend to deplete precipitation through recycling of re-evaporated and equilibrated
vapor, as described in the detailed single-column analysis of Risi ef al. [2008]. At the
surface, by contrast, PCE will tend to enrich precipitation via exchange with fresh, less
depleted vapor than that aloft. The uniform decrease in precipitation 3'*0 for INIT
reflects the PCE with this relatively undepleted surface vapor, but is offset to some
degree in heavy precipitation regions by vapor recycling. The weaker effect of PCE for
heavy precipitation is also consistent with the suggestion [Lee et al., 2007; Scholl et al.,
2009] that heavy precipitation, with its larger-diameter raindrops, will undergo less
exchange than lighter raindrops, and therefore undergo less enrichment via PCE with
surface evaporate. Furthermore, we can see that the weak increase in precipitation 8'*0
for INIT occurs over land over southern Africa and northwestern South America during
DIF, where the surface evaporate 8'*0 is lower than that over the ocean, limiting the
enriching effects of PCE on condensate. In these regions, there are, in fact, isolated grid
cells for which a net decrease in precipitation 'O occurs for INIT, reflecting the

dominance of depletion from recycling in the column over enrichment near the surface.

The depleting effects of PCE in the column are seen more clearly in the changes to vapor
8'%0 for INIT, particularly over southern Africa and northwestern South America during
DJF (Figure 5-6). In these regions, the increase in vapor §'°0 extended through to the
mid-troposphere over the continental ‘tropical chimneys’, and reflects the intensity of
deep convection and recycling in those regions. We note also that when the 470 hPa
vapor 8'*0 difference maps of Figure 5-6 are averaged annually (not shown) (tom

suggested including these, but they can be easily inferred from the seasoal maps), the
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peaks in vapor 5'°0 increases over northwestern South America and equatorial Africa in
the mid-troposphere were similar to the locations of air parcel dehydration identified in

the upper troposphere by Dessler and Minschwaner [2007].

The changes in vapor isotopes over the tropics can also be compared to interpretations of
dD measurements from TES in the lower free troposphere. Across the tropics, Worden et
al. [2007] observed that D observations under moist conditions were lower than would
be expected from strict Rayleigh distillation. Figure 5-13 shows a g-0D plot for the
tropics for all months of the year for data from CTRL, analogous to the g-3D plots and
re-evaporation-enabled model curves of Worden et al. [2007]. For CTRL, there are two
branches to the distribution. For g <5 g/kg, there is Rayleigh-like depletion with
decreasing g, but for ¢ > 5 g/kg, the opposite relationship appears: 0D becomes lower
with increasing g. Worden et al. [2007] observed a similar distribution, albeit with the
two branches less apparent presumably due to their use of instantaneous observations
rather than the monthly means examined here. In their analysis, the high-g, non-Rayleigh
branch was explained by incorporating a condensate re-evaporation term into their
analytical model, and the lower 8D values were attributed to intensive within-atmosphere

moisture recycling.

The ¢-0D distribution for the INIT experiment in Figure 5-13 is similar to the bounds set
by the study of Worden et al. [2007], which included atmospheric mixing and Rayleigh
distillation. On average, the 8D values were 48 %o higher for INIT than for CTRL. More
notable was the tighter fit to a Rayleigh-like g-6D curve for INIT. That is, in the absence
of PCE, the extra-Rayleigh branch of the distribution associated with the more humid
values and intensive moisture recycling is absent. This provides GCM-based support to
the interpretation of Worden et al. [2007], which was based on an idealized box model

with re-evaporation.
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Figure 5-13. g-0D plots for the tropics, defined as between 20°S and 20°N, for CTRL
and INIT during all months of the year, following Worden et al. [2007]. GCM data

were averaged between 847 and 470 hPa, with mass-weighting.

5.4.2.2 Dry subtropics

At low latitudes, the largest precipitation 3'*O decrease, of ~8 %o, for INIT occurred over
the dry-subtropical regions (Figure 5-5), representing an enriching effect of PCE on
precipitation 3'®0. This can be explained by the strong equilibration between the light,
small-radius droplets falling through the humid and highly enriched surface layer, as has
been previously suggested [Lee et al., 2007]. Conversely, one can see that PCE has less
effect on the vapor 8'°0 at the surface (Figure 5-6); although the PCE has a strong
enriching effect on the precipitation that does occur, there is simply too little condensate
forming to substantially reduce the 8'°O of the ambient vapor, in contrast to the situation

in the wet tropics.

The subtropical changes to vapor without PCE can also be compared with the vapor 6D
measurements over Hawaii for late July 2006 reported by Galewsky et al. [2007], which

represent an intermediate regime between the wet and dry tropics. In that study, in-situ
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vapor measurements of 6D were taken between sea-level and 4205 m, and interpreted
using a model (MATCH) with realistic moisture transport, condensation and isotopic
fractionation, but which excluded detailed microphysical processes such as PCE. The
model predictions spanned the observations, but with the model also tending toward
higher oD values. Figure 5-14 shows mean modeled ¢ and 8D distributions over the
Hawaii region for July and August, along with the Mauna Kea observations, and ¢g-6D
curves for the GCM experiments here. For CTRL, the GCM tended towards slightly
higher oD values, particularly over the transition between the boundary layer and
troposphere. This bias, however, increased significantly in the absence of PCE for the
INIT run. The comparison of the mean GCM profiles to this limited set of instantaneous
observations is imperfect, but the consistency with which the INIT and MATCH models
produce more under-depleted vapor does support the contribution of PCE to vapor
depletion. We note also that subsequent observations accounting for post-measurement
isotopic exchange had values lower than reported by Galewsky et al. [2007], which could
reduce the difference between CTRL and measured vapor oD in Figure 5-14 (J.

Galewsky, pers. comm.).
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Figure 5-14. g-dD profiles over Hawaii for CTRL and INIT between the surface and
470 hPa, with Mauna Kea observations from Galewsky et al. [2007], which fell

between the surface and 615 hPa.
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There were also signatures of PCE in the dry, subtropical anticyclones downstream from
the continental convective regions during DJF over the Amazon and southern Africa
discussed in the previous section. The air detrained from the mid-tropospheric convective
outflow is relatively moist, but heavily depleted, and, by mass, therefore has a substantial
isotopic signature when entrained into the dry air. The total contribution of continental,
convective outflow to the subtropical moisture is not well-constrained, but has been
identified as one of three major atmospheric contributors to moisture in these regions,
along with equatorward return flow and subsidence [ Pierrehumbert, 1998]. Furthermore,
contributions of upstream moisture recycling to dry conditions have been described in the
mesoscale. Lawrence et al. [2004] observed highly depleted vapor 8'*0 downwind of
organized convection in a high temporal-resolution in-situ sampling downwind of
individual storm events, suggesting the depletion provided strong evidence for moisture

recycling within the storms.

5.4.2.3 Asian monsoon region

The Asian Monsoon region has the world’s “most complex patterns of spatial and
temporal distribution of stable isotope composition of precipitation” [Araguas-Araguas et
al., 1998]. Over mainland Southeast Asia, southern China and the southern Tibetan
Plateau, a succession of studies has shown that precipitation 8'°0 is lower during summer
than winter, opposite the region’s temperature seasonality, and the isotope seasonality
across the rest of the NH. Under sufficiently strong monsoon conditions, this pattern can
extend as far as the North China Plain [ Yamanaka et al., 2004], eastern Mongolia [Sato et
al., 2007] and the western Tibetan plateau [Tian et al., 2007]. Further north, the regular
seasonality resumes, with lower winter and higher summer precipitation 8'*0 [ Yamanaka
et al.,2007; Yu et al., 2007]. The transition between these two regions is thought to
represent the transition between the influence of the monsoon and mid-latitude westerlies
[Araguas-Araguas et al., 1998; Tian et al., 2001; Johnson and Ingram, 2004; Tian et al.,
2007; Peng et al., 2010].

In GCMs, the reverse seasonality across the southern region was seen at Hong Kong in
ECHAM simulations [Hoffmann and Heimann, 1997] and in the global analyses of
Noone and Simmonds [2002] and Brown et al. [2006]. Interannually, Vuille et al. [2005b]
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found through a detailed diagnosis of monsoon circulation over the Indian Ocean that the
JJA precipitation 8'*0 declined with the strength of the monsoon circulation, which was

attributed to stronger upstream convection and rainout.

This characteristic seasonality can be explained in a more mechanistic sense by the INIT
experiment. For CTRL, the reverse seasonality is present (Figure 5-15), with a mean
DJF-JJA difference of 5.9 %o in the southeast (SE) China domain, compared to —6.2 %o in
the northwest (NW) China domain (Table 5-2), which are within the range of differences
observed from GNIP data by Araguas-Araguas et al. [1998]. We note that this
seasonality was not apparent over land in simulations using the initial isotopically-
equipped version of the GISS model [Jouzel et al., 1987], reflecting continual
improvements in model resolution and cloud physics parameterization. Relevant changes
for isotopes are the improved model resolution (4°x5° and 20 vertical levels compared to
8°x10° and 9 vertical levels in Jouzel et al.), the use of second-order moments in
calculating tracer advection [Prather, 1986] compared to the earlier use of linear-slopes
only [Russell and Lerner, 1981], and the partial equilibration of convective precipitation

compared to earlier full equilibration.

Ml | L i i I
30°E 60°E 90°E 120°E 150°E

Figure 5-15. DJF — JJA precipitation 8"%0 (%), following Araguas-Araguas et al.
[1998] and Vuille et al. [2005b], for CTRL and INIT.
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Table 5-2. Seasonal changes in precipitation 3'*0 (%o) for SE China (15-30 °N,
90-105 °E) and NW China (30-45 °N, 75-90 °E)

CTRL INIT
DJF JJA DJF-JJA DJF JJA DJF-JJA
SE China -7.0 -12.8 59 -10.4  -11.0 0.6
NW China -20.5 -14.3 -6.2 -184  -12.8 -5.6

For INIT, the precipitation seasonality is largely absent across the SE China domain, with
a DJF-JJA difference of only 0.6 %o. That is, we can attribute this region’s reverse
isotopic seasonality to PCE, associated with vigorous moisture recycling in the intensive
convection regions upstream. Over the NW China domain, by contrast, the absence of
PCE for INIT had a much smaller effect, still with a DJF-JJA difference of -5.6 %o,

reflecting a weak monsoon influence over that region.

The isotopic features of the Asian monsoon region were examined for vapor 8D from
TES by Brown et al. [2008]. The instantaneous observations from their Asian Monsoon
study region (15-30 °N, 80-100 °E) are shown in Figure 5-16 along with the monthly
mean GCM data for the CTRL and INIT experiments over the same region. During the
dry DJF season, there is a tendency toward lower 6D with decreasing ¢ in the TES 6D. In
Brown et al. [2008] the DJF observations were well-constrained by predictions from
simple atmospheric mixing and idealized Rayleigh distillation, similar to those used in
Worden et al. [2007]. This was not the case during the JJA monsoon season, where the
moist observations fell below the Rayleigh curves, and in fact exhibited a weak tendency
toward lower 6D with increasing q. Brown et al. [2008] proposed that this extra-Rayleigh
depletion was the result of upstream moisture recycling. We note also that Herbin et al.
[2009] observed similar extra-Rayleigh depletion using satellite-based vapor 6D
measurements of a single major typhoon event in 2007 due east of the Asian Monsoon

study region considered by Brown et al. [2008].
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For the CTRL run during DJF (Figure 5-16), the modeled ¢-6D distribution is Rayleigh-
like, with sharply depleting 8D with decreasing g, consistent with the analytical model
constraints of the observations in Brown et al. [2008]. The modeled values are less humid
than the TES measurements, but with excellent agreement in the isotopic composition.
During JJA, there is an opposite distribution, where 8D decreases with increasing q.
While this distribution is consistent with TES observations, the extra-Rayleigh depletion
is more pronounced, and could indicate excessive vapor recycling in the GCM. During
DIJF in the INIT simulation, the g-6D values have a similar distribution as CTRL, but the
mean 0D is 32 %o higher than CTRL, indicating some contribution from PCE. During the
wet JJA, however, the 6D was 81 %o higher, and with no extra-Rayleigh branch. This
indicates that moisture recycling indeed has an important role in isotopic depletion of
vapor, but will require further investigation and comparisons against other satellite
retrievals of vapor 6D. Lee et al. [2009] found, for example, that the NCAR CAM3 GCM
had lower vapor 8D in the lower troposphere than the TES measurements, but absent in
their study was the -5 % correction applied to HDO concentration by Worden et al.
[2007] and Brown et al. [2008] to account for bias in the TES data. We note also that
because of the coarse vertical resolution of the TES retrievals, the measurements reflect a
free-tropospheric average rather than a true tropospheric profile. Therefore, in our

analysis we vertically average the modeled fields between 470 and 847 hPa.

5.4.2.4 Extratropics

Strong seasonal effects of PCE were seen in the extra-tropics, and were strongly
influenced by the transition from rain to snow-dominated precipitation. During DJF, there
was an average increase of ~5 %o in precipitation 5'*0 over NH land for INIT compared
to CTRL (Figure 5-5). Spatially, the increase was relatively constant compared to the
strong decrease towards the continental interiors for CTRL, which can be attributed to
Rayleigh distillation. As the snow line moved northward during JJA (Figure 5-12), so did
the transition from net decrease to net increase in precipitation 8'*0 for INIT. Another
contributing factor to the seasonal changes in effects of PCE is evapotranspiration from

the land surface. Transpiration from vegetation acts as an unfractionated, and highly
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Figure 5-16. ¢g-0D plots over Brown et al. [2008]’s Asian Monsoon region (15-30°N,
80-100°E) for TES, CTRL, and INIT. GCM data were averaged between 847 and
470 hPa, with mass-weighting.

enriched source of vapor [Gat and Matsui, 1991], and PCE with this vapor will highly
enrich precipitation. Precipitation 8'°0 for INIT undergoes a net decrease over much of
North America and Eurasia during JJA when plant transpiration is active, but not during

DIJF.
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Over Eurasia, up to 5 %o of the DJF precipitation 8'*O depletion was attributed to PCE
(Figure 5-5), in addition to that from Rayleigh distillation. Kurita et al. [2004], however,
found good agreement between a strict Rayleigh-based model of isotopic distillation
similar to Eq. 1-4, with no significant under-depletion despite the model’s lack of PCE.
This can be explained by the fact that their model was initialized with observed isotopic
values in western Russia where DJF precipitation predominantly occurs as snow [Dai,
2001]. That is, their initial values from observations were within the snowline and would
have reflected any depletion that resulted from PCE from upstream liquid precipitation,
over the Atlantic Ocean from which the moisture ultimately originates [Kurita et al.,

2004].

Sodemann et al. [2008] recently analyzed NAO controls on Greenland precipitation §'*0
using a trajectory-based model accounting for mixed-phase precipitation, but not PCE.
They identified strong NAO controls on the precipitation 5'*0O, but also found that
modeled values were 13-14 %o too high relative to observations from ice core data in
southern central Greenland, which ranged from -35 to -38 %o during the winter months.
They attributed the over-estimation to possible factors such as the delayed onset of
condensation along a trajectory and insufficient orographic distillation. For CTRL, the
GCM mean precipitation 8'*0 during DIF of -37 %o accurately captured the observed
values. For INIT, the DJF precipitation 8'*O over their site was 7 %o higher; half of their
bias towards too-high 8'*0 could possibly be explained by the absence of PCE in their
model. During JJA, there was an increase in the INIT difference to 14 %o , which can be
explained by the northward shift in the snowline (Figure 5-12). There is an increase in the
amount of nearby upstream precipitation occurring as liquid, but the precipitation over
the Greenland interior still occurs as snow. The increase in the amount of upstream liquid
precipitation results in greater PCE-related 8'*0 depletion of the vapor reservoir, with no

local PCE-related enrichment.

5.4.2.5 Temperature effect

The most important isotopic phenomenon in the extra-tropics is the positive relationship
between precipitation 3'°0 and temperature, which forms the basis for paleo-isotopic

reconstructions of temperature [Dansgaard, 1964] (tom had a point here that I didn’t
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quite agree with). Local correlation between temperature and precipitation 8'°0 was first
modeled by Hoffiman et al. [1998], and subsequently by others over specific regions and
using various isotopically-equipped GCMs [Cole et al.; Noone and Simmonds, 2002,
Vuille and Werner, 2005; Schmidt et al., 2007; Risi et al., 2010]. We note first that the
correlations between temperature and precipitation 8'*0 anomalies during all months of
the year in Figure 5-10 and in all previous studies can be viewed as the combination of a
strong winter correlation and a weak summer correlation (Figure 5-11), extending the
similar seasonal differences seen over Europe in Chapter 3 (Figure 3-5). This difference
has not been identified in GCM studies, but has been in observational studies. Using
observations pooled across Russia, for example, Kurita et al. identified a 7-3'°0

correlation of » = 0.48 during DJF, which decreased to » = 0.26 during JJA.

The INIT experiment provides an additional mechanistic, and perhaps surprising,
partitioning of the temperature effect during DJF. Over much of the extra-tropical NH,
the temperature effect was unaffected by the absence of PCE (Figure 5-11). In these
regions, the Rayleigh-distillation interpretation of the temperature effect would apply.
Over central Russia for example, the DJF correlation for CTRL was » = 0.60, compared
to » = 0.54 for INIT, consistent with, for example, Kurita et al.’s attribution of T -5'%0

anomaly correlations to Rayleigh distillation for seasons other than JJA.

This was not the case, however, over the US and Europe. Over central Europe (45°-55°N,
5°-20°E) the median DJF correlation across all grid cells was » = 0.50 for CTRL,
consistent with the positive local correlations from previous studies [Rozanski et al.,
1992; Baldini et al., 2008; Field, 2010]. For INIT, by contrast, the DJF correlation
reduced to a statistically insignificant » = -0.11. We suggest that over these regions, the
temperature effect is attributable to PCE, rather than Rayleigh distillation. The physical
mechanism can be understood by noticing that the regions where the temperature effect is
absent for INIT correspond to transition between liquid and solid-phase precipitation
(Figure 5-12) which separated regions of net increase and net decrease in precipitation
§'%0 for INIT. Warmer temperatures are associated with an increase in the proportion of
precipitation falling as rainfall, which is locally enriched through PCE and will have

higher 5'*0 values. Colder temperatures are associated with more precipitation falling as
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snow, which will not be locally enriched through PCE and have lower 8'*0 values. That
is, temperature controls the phase of precipitation, which, in turn, controls whether local
enrichment through PCE occurs. This control exists only in regions where there is

variability in the proportion of precipitation that falls as snow, seen in Figure 5-12.

Curiously, there was also the emergence of a band of significant negative 7-8'*0
correlation for INIT over the oceans, particularly over the southern Ocean (Figure 5-11).
That is, in the absence of PCE with highly enriched surface evaporate, pure Rayleigh
distillation results in a negative temperature effect. This is because the fractionation
factor for vapor to solid deposition is greater than that for vapor to liquid [Majoube,
1971a; b]. As a precipitating air mass transitions from rainfall to snowfall, the
precipitation 8'®0 undergoes a ~2 %o increase simply due this transition in phase (Figure
1-2). This acts as a discrete, step-wise influence over the condensation 5'*O at the point
where rain turns to snow, with an increase in condensate 5'°0 incurred simply via the
temperature-controlled transition to snowfall. For CTRL, where PCE is present, this
effect is masked by the opposite depleting effect of the lack of PCE enrichment during

snowfall.

Given the importance of the transition from rain- to snow-dominated precipitation, we
conducted follow-up diagnoses to determine the extent to which 'O variability could be
explained, more directly, by the phase of precipitation. Figure 5-17 shows the DJF
correlation between precipitation 8'°O and the fraction of snow falling as precipitation.
For CTRL, there is indeed a strong negative correlation between the proportion of
precipitation falling as snow and precipitation 3'°O; higher snow fraction is associated
with less enrichment from PCE and, as a result, lower 8'°0. For INIT, this effect is
absent, and regions of positive correlation emerge, which are associated with the higher
fractionation factor for the vapor-snow change of phase relative to the vapor-liquid

change of phase.

Thus, the broad extra-tropical bands of positive temperature correlation seen during DJF
in Figure 5-11 are in fact the superposition of two correlation patterns with distinct

underlying mechanisms: Rayleigh distillation, and PCE. The European case is interesting
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because of the availability of high-quality precipitation §'*O data from the GNIP
network,

Figure 5-17. DJF correlation between anomalies of precipitation 6'%0 and fraction

of precipitation which falls as snow for CTRL and INIT.

which has resulted in a succession of studies over the region, as discussed and examined
in Chapter 3. Implicit in these studies was an assumption that the observed temperature
effects were the result of Rayleigh distillation; higher 5'*0 was associated with less
upstream Rayleigh distillation, which was in turn influenced by characteristic patterns of
atmospheric circulation. The results of the INIT experiment suggest an alternative
mechanism: during DJF the temperature effect is governed by variability of precipitation

falling as rain or snow, via the occurrence or not of PCE.
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5.5

Conclusions

In this study, we have quantified the effects of post-condensation exchange on

precipitation and vapor isotopes using a GCM. PCE is universally acknowledged as an

important influence on precipitation 8'*0, but this was the first study to quantify its

contributions on a global scale.

The key findings of the study were:

1.

PCE will deplete vapor 8'0 , as was seen in Wright et al. [2009], and this
depletion is greater in regions of heavy precipitation.

At low latitudes, PCE tends to increase precipitation 8'°0O via exchange with fresh
surface evaporate, but can be offset by vapor depletion associated with intensive
atmospheric recycling, following Risi et al. [2008]. At high latitudes, any local
precipitation enrichment can be exceeded by upstream depletion of the vapor
reservoir.

The low and high latitude regimes are separated by the transition from rain- to
snow-dominated precipitation. Precipitation falling as snow is subject to upstream
depletion via PCE, but undergoes no local enrichment.

The reverse isotopic seasonality associated with the ‘amount effect” observed in
the Asian Monsoon region can be attributed to PCE, presumably via intensive
upstream recycling. The suggestion that extra-Rayleigh distillation seen in the
TES 6D observations in Worden et al. [2007] and Brown et al. [2008] is the result
of upstream moisture recycling is supported by the GCM experiments.

The cold-season temperature effect is the superposition of Rayleigh distillation
where it snows, and phase-dependent PCE where precipitation falls as a mix of

rain and snow, most notably over Europe.

The experiments conducted in this analysis illustrate a potential approach for future

interpretation studies of vapor isotope measurements. Satellite profile retrievals in the

troposphere would be especially useful, as these measurements are considered an exciting

new means through which to understand moist processes in the atmosphere [Sherwood et

al., 2010], and early studies using these data with box and trajectory models have shown
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great promise. There remains much investigation to be done along these lines with
isotopically-equipped GCMs. Indeed, this study was comprised of a single, global-scale
GCM experiment, describing the effects of PCE from the tropics to the poles. It would be
interesting in the future to conduct more detailed mechanistic studies for specific regions,
partitioning, for example, the effects of condensate re-evaporation from equilibration at
low latitudes, as distinguished by Risi et al. [2008], or the effects of equilibrium and
kinetic deposition to ice in cold regions. It would also be useful to conduct such studies
across additional isotopically-equipped GCMs, to determine the sensitivity to particular

cloud physics parameterizations.
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Chapter 6
Conclusions

6.1 Summary of results

This dissertation was motivated by an interest in developing a better understanding of
two types of controls on the isotopic composition of water in the atmosphere: the large-
scale atmospheric circulation in the extra-tropics, and, globally, the effects of post-
condensation exchange (PCE). The NASA GISS ModelE isotopically-equipped GCM
was used to examine these controls, using both diagnoses of control simulations and also
by conducting experimental runs, the latter being methodologically distinct from most
previous GCM analyses. Throughout the dissertation, a particular effort has gone into
comparing the GCM to observations, resulting in what is, arguably, the most quantitative

evaluation of an isotopically-equipped GCM conducted to-date.

In Chapter 3, different controls on precipitation 'O over Europe were compared
between GNIP observations and the GCM. Europe has the world’s most dense network of
long-term precipitation 8'*0 data, providing the best possible opportunity for validation
of controls identified in the GCM. In both observations and the GCM, the local
temperature effect was identified, and extended outside of Europe. This temperature
control, in turn, was related to a NAO-like dipole, but with centres of action different
than in the standard NAO definitions. An examination of mid-tropospheric circulation
controls showed that European §'°O in fact reflects hemisphere-wide teleconnections
associated with the NAM. Seasonal differences were found in the strength of all controls
on §'*0, with the annual controls being the combination of strong winter and weak
summer controls. The weaker temperature effect in summer is well known and has been
universally attributed to the effects of continental moisture recycling, but the results of
this study show that an additional factor is the reduced variability in summer-time
atmospheric circulation. The strong agreement between observed and modeled circulation
controls on precipitation 8'*0 over Europe should give confidence in using the GCM to

identify such controls in other, less data-rich regions at mid-latitudes.

105



In Chapter 4, atmospheric circulation controls over precipitation 8'*0 in the SW Yukon
were examined with the GCM. The results showed that, particularly during the cool
season, elevated 5'°O is associated with a deeper AL and stronger southerly moisture
flow, while lower 8'*0 is associated with the opposite meteorological conditions. These
results suggest that the large mid-19th century shift towards lower §'*O values seen in
paleoclimate records from the region was associated with a shift towards a weaker AL.
While in disagreement with a previous interpretation of this shift, it is consistent with
records of glacial advance and tree-ring growth during the same period, and observational

studies of AL controls on temperature and precipitation in the region.

In Chapter 5, a modeling experiment was conducted to determine the effects of PCE on
the isotopic composition of water in the atmosphere. PCE was found to universally
deplete vapor in heavy isotopes, but had differential effects on precipitation. At low
latitudes, local PCE with fresh vapor at the surface enriches precipitation, particularly
when rainfall is light. When rainfall is heavy, PCE tends to deplete vapor and
precipitation in heavy isotopes via atmospheric moisture recycling, strongly supporting
recent interpretations of vapor isotope measurements from satellites. In the extratropics,
local PCE-related enrichment can be offset by upstream PCE-related depletion of the
vapor reservoir in heavy isotopes, and result in a net isotopic depletion. The transition
from net enrichment to net depletion is controlled by the transition from rain to snow-
dominated precipitation. In most regions, the temperature effect was unaffected by the
absence of PCE. But, somewhat surprisingly, in regions with a strong seasonal mix of
rain and snow such as Europe, the temperature effect appears to be controlled by phase-
dependent PCE, rather than Rayleigh distillation, and ultimately, to the influence of
temperature on the phase of precipitation. The absence of a temperature effect over
Europe without PCE suggests a different underlying mechanism than was described in
Chapter 3. There, the temperature effect was attributed to variability in moisture transport
and circulation, via an underlying Rayleigh depletion. The results of Chapter 5 indicate
that this is not the case. An alternative mechanism is that more southerly transport is

associated with a greater proportion of rain-dominated precipitation, which is enriched
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isotopically by PCE. This finding is a significant departure from the numerous Rayleigh-

based interpretations of the temperature effect over Europe.

A common theme emerging across the three chapters is the importance of seasonality in
the strength of controls on precipitation 8'*0. In both Europe and the SW Yukon,
circulation controls are much stronger during winter than summer. This simply
corresponds to the seasonal strength of features such as the Aleutian and Icelandic Lows,
but is a mechanism needing more attention in interpreting paleo-isotopic archives.
Seasonality is considered in interpreting the different deposition mechanisms for
particular archives, for example, summer tree-growth in interpreting cellulose 5'*0, but is
not as well appreciated in the context of atmospheric circulation. Seasonality was also
important in modeling the temperature effect in Chapter 5. All previous global GCM
analyses of the temperature effect have focused on annual means or on anomalies for all
months of the year. The results of Chapter 5, irrespective of the importance of PCE,

showed that the modeled temperature effect is largely a winter time phenomenon.

The results of Chapters 3 and 5 contribute to validation of isotopically-equipped GCMs
against observations. The comparison of circulation controls on 8'*0 for GCM and
observations over Europe was the first such analysis for mid-latitudes, following the
extensive low-latitude comparisons of Vuille and Werner [2005] and Vuille et al. [2005].
The strong agreement over Europe should increase confidence in using the GCM to
identify circulation controls on precipitation isotopes for other, less-data rich regions in
the mid-latitudes such as the SW Yukon. In Chapter 5, the quantitative comparison
against GNIP data provides an error constraint on the GCM’s ability to simulate
precipitation 8'*0. While many other GCMs have qualitatively compared mean seasonal
precipitation 8'%0 between GCMs and observations, this study was the first to quantify
that relationship in terms of spatial correlation, bias and RMSE, along with underlying

contributions from PCE.

6.2 Suggestions for future work

This dissertation originated in trying to improve our understanding of the Mt. Logan §'*0

record, and a main finding of the GCM analysis was the importance of seasonality in the
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existence of strong circulation controls on precipitation 8'*0 in the SW Yukon.
Consequently, efforts are currently underway to retrieve a seasonally-decomposed &'*0
for the PR Col (G. Holdsworth, pers. comm.), to identify such controls in the actual ice
core record. New ice cores are also being extracted for Mt. Bona-Churchill and Mt.
Denali in Alaska, and from Mt. Waddington in southwestern British Columbia. This will
form an arc of high-accumulation ice cores with which pre-instrumental climate
variability in the north Pacific can be better understood. For such analyses, the
importance of seasonal separation of the ice core record should be emphasized. The
availability of these new cores should also motivate further modeling studies. Chief
among these should be simulations with the high-resolution regional climate model of
Sturm et al. [2005], particularly for the sake of better-capturing the region’s complex
topography, and tagged moisture source experiments that have only recently become

available with the GISS ModelE.

The GCM analysis described in Chapter 4 was an analogue study, which assumed that
present-day circulation controls were applicable in interpreting pre-instrumental shifts in
the ice core record. Alternatively, it would be informative to conduct time-slice
equilibrium simulations using the fully coupled, isotopically-equipped GISS ModelE-R
atmosphere-ocean model [Schmidt et al., 2007]. LeGrande and Schmidt [2009] recently
conducted 1000-year time-slice runs through the Holocene with ModelE-R, forced by
changing orbital parameters, greenhouse gas concentrations and ice sheet extent,
successfully capturing, for example, observed isotopic changes in calcite from Asian
speleothems. This approach has the key advantage of not relying upon empirical transfer
functions between isotopes and temperature, instead modeling the proxy composition
directly, and then attributing observed changes using diagnosis with the internally-
consistent model-generated climate. During the early Holocene, LeGrande and Schmidt
[2009] attributed lower precipitation 8'°O in the Asian interior to intensified land
moisture export from the tropics, and not changes in local precipitation, for example. The
anticipated availability of a broad ice core 8'*0 network ringing the north Pacific would
be an ideal region for which to conduct a similar analysis, to better understand low-
frequency shifts such as that observed at Mt. Logan in the mid 19th century, should they

appear consistently across the ice core network.
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In addition to ice core interpretation, the analysis of European precipitation 3'°O in
Chapter 3 demonstrated the potential for mid-latitude, paleo-isotopic reconstructions of
atmospheric circulation from non-ice core sources such as tree-rings. This approach to
tree-ring 8'*O interpretation is not well-established, however, despite its potential utility
as a high-resolution proxy with extensive spatial availability [McCarroll and Loader,
2004]. With continually improving sampling techniques [Robertson et al., 2008],
understanding of the physiological controls on cellulose 5'*0 [Roden et al., 2000], and
improving data archives [Csank, 2009], there will be tremendous potential for isotopic
reconstructions of large-scale climate patterns. Treydte et al. [2007] have developed a
multi-species tree-ring 8'°O record for Europe, spanning sites from Morocco to northern
Sweden. Preliminary analysis shows that the first principal component from the record
has a surface circulation expression remarkably similar to the observed and modeled

precipitation 'O and SLP correlation patterns in Figure 3-9 (K. Treydte, pers. comm.).

In Chapter 5, selected comparisons were made between the modeled vapor isotopes and
TES measurements from previous studies. It was shown with GCM experiments that, as
had been previously suggested, the extra-Rayleigh depletion associated with intensive
convection could be explained by PCE. This analysis hinted at the potential for vapor
isotope measurements to be used in further constraining moist processes in the
atmosphere, such as rainfall evaporation. Rainfall evaporation has long been recognized
as an important mechanism of moisture and energy transfer in the atmosphere [Bony and
Emanuel, 2005; Pauluis], and parameterizations of rainfall evaporation have been
incorporated into most GCMs [Gaffen et al., 1997; Risi et al., 2008]. Actual rainfall
evaporation strength remains poorly constrained, however, and the Madden Julian
Oscillation (MJO) variation and Inter-Tropical Convergence Zone (ITCZ) in particular
are sensitive to this uncertainty [Bacmeister et al., 2006; Maloney, 2009]. That the
strength of rainfall evaporation is poorly known is in part because modeled rainfall
evaporation can be compared only indirectly against measurements of humidity and

precipitation.

Because the isotopic composition of atmospheric moisture in part reflects the strength of

rainfall evaporation, it acts as an intermediate parameter against which to compare model
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predictions. Until recently, there have been too few measurements of vapor isotope data
to conduct a systematic comparison between model parameterizations of rainfall
evaporation and isotopic observation, but this has changed with the availability of vapor
dD retrievals in the lower troposphere from TES, the Scanning Imaging Absorption
Spectrometer for Atmospheric Chartography (SCTAMACHY) instrument on board the
European Space Agency’s Envisat satellite [Frankenberg et al., 2009] and anticipated
retrievals from the Japan Aerospace Exploration Agency’s Greenhouse gases Observing

SATellite (GOSAT) (J. Worden, pers. comm.).

It would be interesting in the future to extend the offline PCE experiments of Chapter 5 to
the on-line prognostic moisture, and include comparison against the satellite vapor
isotope data. This would follow previous rainfall evaporation experiments with GCMs
[Bacmeister et al., 2006; Maloney, 2009], but which lacked isotopic quantities. In
addition to changes in the precipitation rates and humidity fields examined in those
studies, modeled 8D fields under the different experiments would be compared against
satellite 6D measurements, to identify the rainfall evaporation strength most consistent
with observations. In combination with the passive tracer experiments of the type
conducted in Chapter 5, we can in principle determine, for example, the degree to which
rainfall evaporation strength influences the MJO and ITCZ in terms of both the
immediate microphysical processes, and secondary changes to dynamics. This should
contribute to improved parameterizations of condensate evaporation in GCMs and more

reliable prediction of changing atmospheric moisture under future forcings and

feedbacks.
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