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[1] We investigate present-day microseismicity associated with the central Alpine
Fault and the zone of active deformation and uplift in the central Southern Alps.
Using 14 months of data, robust hypocenter locations have been obtained for �1800
earthquakes of magnitudes between �0.3 and 4.2. We derived a magnitude scale with a
frequency-dependent attenuation factor, g(f) = g0f, where g0 = 1.89 � 0.02 � 10�3 s/km,
that enables magnitudes to be calculated consistently for earthquakes of different sizes
and frequency contents. The maximum depth of the seismicity varies systematically
with distance from the Alpine Fault, from 10 � 2 km near the fault to 8 � 2 km within
20 km and 15 � 2 km further southeast. This distribution correlates with lateral
variations in crustal resistivity: earthquake hypocenters are concentrated in areas of strong
resistivity gradients and restricted to depths of resistivities >100 Wm. Rocks at greater
depth are too hot, too fluid-saturated, or too weak to produce detectable earthquakes. Focal
mechanism solutions computed for 211 earthquakes (ML > 0.44) exhibit predominantly
strike-slip mechanisms. We obtain a maximum horizontal compressive stress direction of
115 � 10° from focal mechanism inversion. This azimuth is consistent with findings
from elsewhere in the central and northern South Island, and indicates a uniform crustal
stress field despite pronounced variations in crustal structure and topographic relief.
Our stress estimates suggest that the Alpine Fault (with a mean strike of 055°) is poorly
oriented in an Andersonian sense but that individual thrust and strike-slip segments of
the fault’s surface trace have close to optimal orientations.
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1. Introduction

[2] The Alpine Fault is the principal active structure
accommodating Australia–Pacific relative plate motion in the
central South Island of New Zealand [Norris and Cooper,
2001], where it forms the western boundary of the Southern
Alps orogen [Norris et al., 1990]. The fault’s dextral-reverse
kinematics involve high rates of hanging wall uplift (6–
9 mm/yr from GPSmeasurements [Beavan et al., 2004, 2010]
and up to 12 mm/yr inferred from geological measurements
[Norris and Cooper, 2001, and references therein]) which
have resulted in the exhumation of mid-crustal rocks from
depths of 20–30 km in <5 Myr [Kamp et al., 1989; Cooper,
1980; Little et al., 2002; Norris and Cooper, 2003]. This
setting makes the central section of the Alpine Fault a site
of global importance for research into the evolution and
mechanics of large active faults and the conditions under
which earthquakes occur [e.g., Sibson et al., 1979; Koons,
1987; Stern et al., 2001; Cox and Sutherland, 2007].

[3] Despite horizontal slip rates of 21–27 mm/yr
[Wellman, 1953; Norris and Cooper, 2001; Sutherland
et al., 2006] and paleoseismic evidence for MW � 7.9
earthquakes every 200–400 years on the central portion of
the Alpine Fault [Adams, 1980;Wells et al., 1999;Wells and
Goff, 2007; Sutherland et al., 2007], and the most recent
event in 1717 C.E., no large earthquakes [Evison, 1971;
Anderson and Webb, 1994] or measurable creep [Evison,
1971; Beavan et al., 1999; Sutherland et al., 2007, and
references therein] have been observed historically on the
Alpine Fault [Evison, 1971; Anderson and Webb, 1994;
Sutherland et al., 2007]. The region as a whole exhibits
particularly low levels of seismicity above magnitude ML 2
and a shallow (<12 km) brittle-ductile transition zone
[Leitner et al., 2001]. Unlike other major continental trans-
form faults (e.g. San Andreas Fault, North Anatolian Fault,
Dead Sea Transform Fault and the Denali Fault) the Alpine
Fault has not produced a large earthquake in historic times
and is inferred to be late in its earthquake cycle. This fault
affords the opportunity to study continental faulting pro-
cesses and conditions in the seismogenic crust before an
anticipated large earthquake [Townend et al., 2009].
[4] The purpose of this study is to detect, locate and

characterize small earthquakes occurring on and adjacent to
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the central Alpine Fault, using short-period seismometers
deployed in shallow boreholes. We have analyzed 14
months of microseismicity data from the central Southern
Alps region and obtained precise hypocenter locations,
magnitudes and focal mechanisms solutions which we use to
determine the prevailing state of tectonic stress and the
thickness of the seismogenic zone beneath the Southern
Alps. We discuss seismically active and inactive regions and
interpret the distribution of seismicity in conjunction with
crustal resistivity data.

1.1. Tectonic Setting and Characteristics of the
Study Area

[5] The Alpine Fault is a continental transform fault that
links the west-dipping Hikurangi subduction zone beneath

the northern South Island with the east-dipping Puysegur
subduction zone in the south [Berryman et al., 1992]
(Figure 1, inset). The average strike of the Alpine Fault is
055° at an angle of 18° to the Pacific–Australia relative
plate motion vector [De Mets et al., 1994]. The fault’s
orientation varies between steeply dipping north of the
Alpine Fault bend (approximately �42.17°/172.18°) to
eastward dipping at 45° to 60° [Sibson et al., 1981; Stern et
al., 2007] in the central Southern Alps and steeply dipping
to the southeast south of Haast [e.g., Sutherland et al.,
2007] (Figure 1). A change from predominantly strike-slip
in the northern and southern section to dextral-reverse
motion takes place on the central portion of the Alpine
Fault. In the central South Island, the fault accommodates
about 75% of the strike-slip component of the relative plate
motion and up to 100% of the convergence [Norris and
Cooper, 2001]. The Southern Alps are the result of the
oblique continental collision between the Australian and
Pacific plates during the last 10 Myr [Walcott, 1998; Cande
and Stock, 2004].
[6] In the northernmost South Island, several steeply dip-

ping, active strike-slip faults, known collectively as the
Marlborough Fault System [Little and Jones, 1998],
accommodate the entire strike-slip component of the plate
motion. The youngest and southernmost Marlborough fault
is the Hope Fault with a slip-rate of 23� 4 mm/a [Langridge
et al., 2003]. About 60 km to the south, the Porter’s Pass–
Amberley Fault Zone, a 40 km long continuous fault and
a number of smaller fault segments, is thought to be the
incipient continuation of the Marlborough Fault System to
the south [Cowan et al., 1996] (Figure 1). The Marlborough
faults have produced three large earthquakes (M > 7) since
1840 [Grapes et al., 1998; Cowan, 1991; Doser et al., 1999;
Berryman and Villamor, 2004]. Notably seismically active is
the region where the Hope Fault merges with the Alpine
Fault. Seven earthquakes of MW > 5.4 have occurred in this
zone of high deformation since 1888 [e.g., Rynn and Scholz,
1978; Árnadóttir et al., 1995] (Table 1). These events
exhibited a mixture of strike-slip and reverse focal
mechanisms [Doser et al., 1999]. The two most recent
earthquakes in this region were shallow reverse-faulting
events [Abercrombie et al., 2000], the MW 6.7 Arthur’s Pass
earthquake in 1994 [Robinson and McGinty, 2000] followed
by the 1995 MW 6.2 Cass earthquake 30 km to the east

Figure 1. Major faults and focal mechanism solutions for
the six largest, more recent events in and adjacent to the
study area (dashed rectangle) since 1946 (Table 1) in the
central South Island of New Zealand. All focal mechanism
solutions are lower-hemisphere projections of the focal
sphere. Displayed faults are from the Active Faults Database
by the Institute of Geological and Nuclear Science Limited,
New Zealand. The inset map shows the tectonic setting of
the Alpine Fault.

Table 1. Earthquakes of MW > 5.4 and Their Focal Mechanism Solutions in the Central South Islanda

Earthquake Date MW

Latitude
(deg)

Longitude
(deg)

Depth
(km)

Strike
(deg)

Dip
(deg)

Rake
(deg)

Distance
(km) Reference

Glynn Wye 1 Sep 1888 7.3 �42.63 172.41 15 � 5 75 � 20 90 � 20 �180 � 20 - Hincapie et al. [2005]
Arthur’s Pass 9 Mar 1929 7.0 �42.79 171.93 11 � 5 65 � 7 90 � 20 �178 � 10 - Doser et al. [1999]
Lake Coleridge 26 Jun 1946 6.5 �43.46 171.26 9 � 4 44 � 17 89 � 8 180 � 13 55.5b Doser et al. [1999]
Jackson Bay 13 Oct 1947 6.2 �44.42 168.48 18 � 2 26 � 25 46 � 18 43 � 32 22.6 Doser et al. [1999]
Godley River 24 Jun 1984 6.1 �43.60 170.56 13�3

+2 62�12
+5 83�5

+10 �154 � 5 40.2b Anderson et al. [1993]
Wilberforce River 30 Mar 1992 5.5 �43.04 171.23 5 70 19 134 17.6b Doser et al. [1999]
Arthur’s Pass 18 Jun 1994 6.7 �42.98 171.48 5 � 1 221�10

+5 47 � 5 112�10
+5 24.4b Abercrombie et al. [2000]

Aftershock AP 19 Jun 1994 5.9 �43.16 171.52 8�4
+1 253 � 15 87�10

+5 178�20
+10 42.7 Abercrombie et al. [2000]

Unnamed event 29 Mai 1995 5.5 �42.96 171.50 15 53 67 174 24.0 Doser et al. [1999]
Cass 24 Nov 1995 6.2 �42.96 171.83 9 176 � 10 46 � 5 44 � 10 37.0 Gledhill et al. [2000]
Unnamed event 20 Oct 1998 5.4 �43.83 169.55 12 78 54 �175 14.3b Dziewonski et al. [1999]
Jackson Bay 7 Dec 2001 5.8 �44.17 168.71 7 48 45 103 10.1b McGinty et al. [2005]

aUncertainties are provided when known. For some recent events, the distance to the surface trace of the Alpine Fault was determined by projecting the
earthquakes on a plane perpendicular to the fault (striking at an azimuth of 145°).

bEvents plotted in Figures 1 and 5.
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[Gledhill et al., 2000]. The largest aftershocks of the
Arthur’s Pass earthquake exhibited strike-slip mechanisms
[Abercrombie et al., 2000; Doser et al., 1999].
[7] The largest recorded events in the central Southern

Alps are the 1946 MW 6.5 Lake Coleridge [Doser et al.,
1999] and the 1984 MW 6.1 Godley River [Anderson et al.,
1993] earthquakes (Figure 1 and Table 1). Both strike-slip
events occurred southeast of the Alpine Fault, at distances
of 40 and 55 km from the surface trace. These earthquakes
have similar strike directions and steeply dipping fault
planes. Anderson et al. [1993] favored the northeast-striking
fault plane undergoing right-lateral strike-slip as the rupture
plane of the Godley River earthquake, a fault geometry
similar to that of the Porter’s Pass–Amberley Fault Zone to
the northeast.
[8] The deformation zone adjacent to the central section of

the Alpine Fault is narrowest in width (80 km versus 200 km
in the northern and southern part of South Island). Elevated
temperatures at shallow depths are inferred from high erosion
rates, high surface heat flow [Townend, 1999; Toy et al.,
2010] and temperature modeling [Koons, 1987; Shi et al.,
1996]. Comprehensive studies of the crustal and upper
mantle structure in the central section of the Southern Alps
during the SIGHT (South Island Geophysical Transect)
project in 1996 and 1998 [Davey et al., 1998; Okaya et al.,
2002] resulted in 2-D models of the seismic velocity for
transect 1 [Van Avendonk et al., 2004] and 2 [Scherwath
et al., 2003] and the resistivity structure along profile 1
[Wannamaker et al., 2002] across the Southern Alps orogen.
These show a low-velocity zone at depths of 6–30 km in
which P-wave speeds are reduced by 10% [Stern et al., 2001]
coinciding with a U-shaped low-resistivity region (<100
Wm), centered at 20 km depth and terminating at 10 km depth
[Wannamaker et al., 2002]. Large volumes of fluids released
from metamorphic processes and trapped below the brittle-
ductile transition zone have been suggested as the cause of
both the velocity and resistivity anomalies [Wannamaker
et al., 2002]. Vry et al. [2009] showed that such fluids can
be generated by the alteration of epidote to plagioclase in
typical Alpine Schist. This is only possible in a narrow
temperature range (400–560°C) associated with the fast
exhumation of rock and near-isothermal decompression.
[9] At the southern limit of the central Alpine Fault, two

large events occurred at distances of 14 and 3–10 km,
respectively, southeast of the surface trace of the Alpine
Fault in 1998 and 2001 (Figure 1 and Table 1). The 1998
MW 5.4 earthquake has not yet been studied in detail. The
CMT focal mechanism solution [Dziewonski et al., 1999]

gives a strike-slip mechanism but the solution is poorly
constrained. The 2001 MW 5.8 Jackson Bay earthquake
[McGinty et al., 2005] was a shallow thrust earthquake with
no surface rupture. The aftershock distribution exhibited
clustered events 5 km to the southeast of the Alpine Fault.
McGinty et al. [2005] obtained a variety of focal mechanism
solutions for the aftershocks with predominantly strike-slip
faulting. Further south of Jackson Bay, a MW 6.2 event in
1947 exhibited an oblique-reverse mechanism [Doser et al.,
1999] (Table 1).

1.2. Previous Seismicity Studies

[10] Reyners [1988] described the seismicity recorded by
the nine stations of the Lake Pukaki network between 1975
and 1983, before, during and after the impounding of Lake
Pukaki, 40 km southwest of the center of our study area
(Figure 1). The catalogue of events was complete to ML

1.8 with hypocentral errors of 3–5 km. A small proportion
(1–2%) of all earthquakes occurred at depths greater than
15 km and 65% of all earthquakes were located between 5
and 9 km depth.
[11] Leitner et al. [2001] investigated the long-term

regional seismicity of the Southern Alps using data from the
Southern Alps Passive Seismic Experiment (SAPSE) net-
work, the New Zealand National Station Network, the Lake
Pukaki array and the temporary Mount Cook aftershock
deployment. That study reported 5491 earthquake locations
with magnitudes of 2 ≤ ML ≤ 4.2 and 53 well-constrained
focal mechanisms. A simultaneous inversion to determine
hypocenter locations and P-wave velocity structure was
carried out using a subset of 195 earthquakes (Table 2). A
uniform seismogenic depth of 12 � 2 km for central South
Island was observed, except for a shallower depth of 8–9 km
beneath the highest topography of the Alps. Leitner et al.
[2001] describe a gap in the seismicity noted previously
[Eiby, 1971; Evison, 1971; Scholz et al., 1973; Caldwell and
Frohlich, 1975; Eberhart-Phillips, 1995] as a triangular
section between the Wanganui River and Franz Josef. Well-
constrained focal mechanisms beneath the central Southern
Alps exhibited oblique strike-slip and thrust mechanisms,
as well as two normal-faulting mechanisms which were
inferred by the authors to have been hydrologically trig-
gered. The latter were derived from a swarm of events fol-
lowing severe rainfall and flooding (102 mm of rain in 32 h)
in mid-December 1995 [Leitner et al., 2001].
[12] Prior to this study, a temporary seismic network was

installed between the Wanganui River and Fox Glacier by
O’Keefe [2008] between September 2006 and March 2007.
O’Keefe [2008] obtained a 1-D velocity model from a
simultaneous inversion of earthquake hypocenters and
velocity structure of 411 events in the central Southern Alps
(Table 2). These events indicate a maximum seismogenic
depth of 15 km for the region and 10 km near Fox Glacier. A
“horseshoe” pattern was observed in the seismicity distri-
bution for earthquakes above the cut-off magnitude of ML

1.6. O’Keefe [2008] derived a magnitude scale for the cen-
tral Southern Alps region with an attenuation parameter of
1.69 � 10�2 km�1, 2.5-times higher than the value used in
routine magnitude determination for earthquakes in New
Zealand [e.g., Ristau, 2009]. This suggests that attenuation
is underestimated during routine magnitude determination
for shallow local events in the central Southern Alps.

Table 2. 1-D Velocity Models for the Central Southern Alps in
Comparisona

Depth (km)

Velocity (km/s)

Leitner et al. [2001] O’Keefe [2008] This Study

�2 3.50 5.67
0 6.0 5.67
8 5.79 5.79
18 6.3 6.28 6.28
35 7.2 7.35 7.35
40 8.0 8.00 8.00

aNote that not all models have the same depth boundaries, so the velocity
column is blank if there is no such depth boundary in the model.
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1.3. Station Array and Data Analysis

[13] The Southern Alps Microearthquake Borehole Array
(SAMBA) of ten short-period seismometers was established
between November 2008 and June 2009 (Figure 2 and
Table A1). Three of the instruments are located in bore-
holes of 46, 61 and 98 m depths, whereas the remaining
sensors are at shallow depths of 1–2 m. The SAMBA net-
work has a station spacing of approximately 8 km along
strike on either side of the Alpine Fault and <16 km per-
pendicular to the fault. This geometry allows for accurate
depth estimates for events located within the SAMBA sta-
tion network (orange triangle in Figure 2). Accurate epi-
centers with somewhat larger depth uncertainties can be
obtained within a region bounded by the three stations of
the permanent GeoNet network (yellow area in Figure 2).
These broadband stations have been operated by GeoNet as
part of the national station network since 1990 [Anderson
and Webb, 1994; Petersen et al., 2011].
[14] The SAMBA stations are equipped with 2 or 4.5 Hz

GeoSpace Technologies HS-1-LT three-component short-
period seismometers, which record at a sampling rate of
200 Hz on high gain. The three deepest borehole stations
were temporarily augmented with Mark Products L-4C3D
seismometers of 1 Hz natural frequency at the surface for
three months. The continuous data are scanned for events
using a triggering routine that compares short-term and long-
term averages in 0.5 s and 10 s data windows, respectively.
The arrival-times of the P- and S-wave of all recorded
earthquakes have been identified manually using SEISAN
[Havskov and Ottemöller, 2000]. Weights of between 0
(highest) and 4 (lowest quality) are assigned to individual
phases according to their distinctiveness from the back-
ground noise level. Station COSA lost satellite contact for
77 days during June and August 2009 resulting in uncertain

absolute arrival-times. Consequently, a weight of 9 is assigned,
which enables the use of differential arrival-times, tS–tP,
for COSA in the location process.

2. Methods

2.1. Earthquake Hypocenter and Uncertainty
Determination

[15] Hypocenters have been computed using a modified
version of the minimum 1-D velocity model determined by
O’Keefe [2008] (Table 2), in which we have removed the
uppermost layer, that represented a mean surface velocity
layer for stations on sediments and bedrock in the analysis of
O’Keefe [2008]. This layer is unnecessary in our case, since
the majority of the SAMBA stations are situated on hard
rock. Shear wave velocities are determined using a VP/VS

ratio of 1.68 as obtained by O’Keefe [2008]. This simple 1-D
velocity model was favored over existing 3-D models of
Eberhart-Phillips and Bannister [2002] and Brikké [2010]
due to its simplicity and similarity to 1-D velocity struc-
tures determined previously in active seismic reflection/
refraction studies [Smith et al., 1995; Kleffman et al., 1998;
Scherwath et al., 2002] and from earthquake inversion
[Eberhart-Phillips, 1995; Leitner et al., 2001]. The 3-D
velocity models lack sufficient resolution at shallow depths
for our purposes, having been derived on regional scales
with 8 km node spacing in the uppermost crust. Moreover,
the complex near-surface-structure of these models make
them difficult to apply in this study.
[16] Earthquakes are initially located using SEISAN and

are then relocated using the non-linear location programme
NonLinLoc 5.0 [Lomax et al., 2000], to better constrain the
posterior uncertainties in the hypocenter parameters (for
details see Appendix B). The uncertainty of the earthquake
location is represented by sampling of the probability

Figure 2. The Southern Alps Microearthquake Borehole Array (SAMBA, red) and the GeoNet station
network (black) in the study area. The earthquake location quality with regard to the station distribution
is discussed in the text for orange and yellow marked areas. Grey lines indicate two transects of the SIGHT
project [Davey et al., 1998; Okaya et al., 2002] for which 2-D velocity models and a resistivity model
(northern transect, see Figure 5) exist.
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density function. Several parameters have to be predefined
in NonLinLoc, which directly influence the uncertainty
volume. These parameters are (1) smodel, the typical model
error of the travel-time residual; (2) Lcorr, which is an esti-
mate of the characteristic length scale of the velocity
anomaly between two stations; (3) Dsmodel/smodel, which
gives an estimate of the model error on the total uncertainty
in proportion to the travel-time; and (4) smin

model and smax
model,

which set lower and upper limits on the travel-time error
due to unmodeled velocity structure.
[17] The first two parameters, smodel and Lcorr, are needed

for the calculation of the model-error covariance matrix
[Tarantola and Valette, 1982], which describes whether a
correlation in the model errors exists between two stations.
We tested values of 1, 4, 8 and 80 km for Lcorr, with the latter
two representing the average and the maximum station dis-
tance. The differences in the resulting uncertainty volumes
were minimal and we set Lcorr to 8 km, an anomaly length
which we expect to be able to resolve with the station spacing.
[18] In order to estimate the Gaussian uncertainty of the

arrival-time readings and the calculated travel-times for the
earthquakes recorded in this study, we have performed a
comprehensive analysis of the travel-time residuals for the
SAMBA data (see Appendix C). This analysis showed that
the typical model error smodel of the travel-time residual is
small for the SAMBA station network in comparison to the
reading error (see Table C1). We obtain estimates of the
reading error by two independent means. First, we determine
the standard deviation of the travel-time residuals for all
stations, and second, we analyze lag-times obtained from
cross-correlation of similar events in a swarm: Both indicate
that the reading error dominates the observational error. For
this reason, we use the (pre-weighting) mean of the travel-
time residuals over all stations, 0.075 s, as the typical model
error smodel. This parameter has the largest effect on the
hypocenter uncertainty: for example, doubling this value
increases the mean maximum error of the uncertainty vol-
ume (depth uncertainty) by 1.5 and quadrupling it causes a
2.5-fold increase. A similar dependency is observed for the
mean intermediate error, which is considered here as repre-
sentative for the horizontal uncertainty. We note for com-
parison that Wittlinger et al. [1993], who investigated the
microseismicity of a 20 km2 gas reservoir with a nine station
network (minimum spacing of 2 km), chose the dominant
P-wavelength of 0.5 km as the correlation length and a
model error of 0.071 s, corresponding to a maximum
velocity error 0.1 km/s.
[19] Error limits for the model error are here set to 0 and

0.2 s. The maximum value was obtained for station POCR

which exhibits (pre-weighting) mean model errors of 0.17
and 0.16 s for P and S-phases. This station is the only station
located in a sediment-filled valley, so the assumed velocity
model is not fully suitable for this setting. Our estimate for
the model error as a fraction of the whole travel-time is
obtained for a sample set of 46 earthquakes, distributed
across the study area and recorded at all stations. We cal-
culate values of 0–9% with mean values of 3.3% for the P
and 1.6% for the S-phase travel-times. We assume hereafter
that 5% of the travel-time is a reasonable representation of
the velocity model uncertainty.

2.2. Systematic Weighting of the Phase Arrival-Times

[20] Due to concerns that the weights assigned to the
phase arrival-times do not accurately represent the uncer-
tainty of the phase pick, we derived a more consistent and
objective posterior weighting scheme. The travel-time resi-
duals of all phase-arrivals for earthquakes recorded in this
study showed that impulsive and emergent phase arrival-
times have comparable variances (see Table C1). The sta-
tions, however, do not have common variances. This means,
we cannot use the weighting proposed by Jeffreys [1973],
which depends on the width of the initial residual distribu-
tion and is only applicable if different stations have common
variances. However, Jeffreys’ weighting function can be
used to exclude those travel-time residuals in the tails of the
distribution (residuals that would contribute less than 5% in
the location process). All remaining travel-time residuals are
weighted according to their deviation from the mean travel-
time residual obtained for a particular station. This combi-
nation of weighting and outlier rejection allows us to iden-
tify mispicked phases and to assign a reliable weight to each
phase. Table 3 summarizes how the deviation of the travel-
time residual from the mean at each station is translated into
a weight used in the location process.

2.3. Magnitudes

[21] Earthquake magnitudes are determined from wave-
form amplitudes corrected for geometric spreading and
attenuation according to

ML ¼ log10A Dð Þ þ a log10Dþ 0:4343gDþ S: ð1Þ

Here A is the measured amplitude, a is the geometrical
spreading factor, g is the anelastic attenuation parameter, D
is the hypocentral distance and S is a site-specific station
term. Amplitude-readings A(D) are obtained from half the
peak-to-peak displacement on one of the horizontal compo-
nents of a pseudo-Wood-Anderson seismograph, simulated
in SEISAN (version 8.2.1, October 2008, and 8.3, May
2010) [Havskov and Ottemöller, 2000]. It is assumed that
the gain of the Wood-Anderson instrument is 2080 � 60, as
reported by Uhrhammer and Collins [1990].
[22] To determine magnitudes for the SAMBA data, we

solve the general inverse problem

Y ¼ Xmþ e ð2Þ

by using LU-matrix factorization. The parameters involved
in the equation are as follows:
[23] 1. Y is a two-part vector containing the amplitude

readings and the geometrical spreading term Aj + a log10 Dj

of the j-th event, and the magnitudes Mj
c from the New

Table 3. Weight Assigned to the Observed Phase Arrival Time
According to Its Deviation From the Mean Phase Arrival Time at
Each Station

Weightcode Contribution (%)
Absolute Deviation
From the Mean (s)

0 100 <0.1
1 75 ≥0.1
2 50 ≥0.2
3 25 ≥0.4
4 0 ≥0.8
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Zealand earthquake catalogue as reported by GeoNet, which
are used for calibration of the SAMBA magnitudes Mj.
[24] 2. X is a matrix representing which component of

each station has an amplitude reading and which events have
calibration magnitudes Mj

c. X also contains the hypocentral
distance Djk, where j marks the event and k the station.
[25] 3. m are the parameters of interest, namely the

SAMBA magnitudes Mj, the attenuation term 0.4343 g and
the station correction terms Sk.
[26] 4. e is a vector of residuals for the SAMBA magni-

tudes DMj and the GeoNet magnitudes DMj
c used for

calibration.
[27] We have tested the dependency of the data on geo-

metric spreading by separately inverting for the geometrical
spreading coefficient a only. We obtain a = 1.6. For geo-
metric spreading due to expansion of the direct earthquake
waves in space, we would expect a = 1. For the focal depths
<20 km and hypocentral distances of 0–180 km (with only
a few measurements for D > 100 km) observed in this
study, the amplitude readings were predominantly taken
from the direct S-wave arrival. We therefore assume a = 1
and attribute the remaining amplitude decay to the effects
of scattering and anelastic attenuation on the magnitude.
Considering the hypocentral range and the dominant fre-
quency of the wave, we find that the influence of attenua-
tion can be up to half that of the geometrical spreading.
[28] The anelastic attenuation parameter g is known to be

frequency dependent g = g(f), as seen from the relationship
between g and the quality factor Q:

g fð Þ ¼
pf

Q fð Þv
; ð3Þ

where v is the S-wave velocity, Q(f) = Q0 f
n is a function of

f containing the quality factor Q0 at a reference frequency
f = 1 Hz and n is the frequency exponent [e.g., Kim, 1998].
Eberhart-Phillips et al. [2008] studied 3-D attenuation in
central South Island by analyzing spectra of 5695 vertical-
component velocity seismograms of earthquakes larger than
ML 2.5. For the observed frequency range of the local
earthquakes of 2–40 Hz, Eberhart-Phillips et al. [2008] were
able to fit the spectra equally well with both frequency-
independent and frequency-dependent Q. Abercrombie
[1998, and references therein] found a clear change in fre-
quency dependence of Q(f) at 10 Hz. Although Eberhart-
Phillips et al. [2008] determined QP, we assume here that
QS can be treated similarly as frequency-independent, so we
set n = 0 and Q = Q0. We invert for g = g0f according to
equation (3).

2.4. Focal Mechanisms

[29] We determine focal mechanism solutions from P-
wave first motion polarities for earthquakes recorded by the
SAMBA array using the Bayesian approach of Walsh et al.
[2009]. This method treats observational uncertainties
probabilistically in order to account for polarity errors aris-
ing from low signal-to-noise ratios and incorrectly wired
seismometers, hypocenter location uncertainties, and
imprecise knowledge of the seismic velocity structure. The
prior probability of a falsely wired seismometer is here set to
20%, as suggested by Hardebeck and Shearer [2002] for
emergent polarity picks of similar event clusters in the

Northridge area, California. We do not discriminate
between impulsive and emergent polarity picks, although
Hardebeck and Shearer [2002] found that only 10% of the
impulsive polarities were inconsistent. Uncertainty in the
hypocenter location results in a variety of possible raypaths
from the hypocenter to the receivers and, therefore, in a
range of possible take-off angles and azimuths. This causes
a cloud of corresponding positions on the focal sphere. The
density and the distribution of these points depend pre-
dominantly on the uncertainty in depth, since this is usually
larger than the horizontal uncertainty. As an example, a
change in depth of 1 km for earthquakes shallower than
7 km can cause a change in the take-off angle of up to 15°
for upgoing rays (Hardebeck and Shearer [2002], assuming
a 1D-velocity model with a gradient of dV/dz = 0.25 s�1

and V0 = 4.7 km/s�1). Hardebeck and Shearer [2002] and
Walsh et al. [2009] investigated the effect of the velocity
model on the polarity distribution on the focal sphere.
Hardebeck and Shearer [2002] found that the influence of
the velocity model on the focal mechanism is larger than
uncertainty in hypocenter location. Since take-off angles
at shallow depth are most sensitive to the velocity model,
the focal mechanisms of deeper earthquakes show smaller
changes resulting from changes in the velocity model
[McKenzie, 1969; Hardebeck and Shearer, 2002].
[30] To characterize the uncertainty of the focal mecha-

nism solution, we use the estimate of the standard deviation
sQ of the focal mechanism parameters by Arnold and
Townend [2007]

sQ ¼ exp 3:9155� 0:5659 log kð Þ; ð4Þ

where k is the scalar concentration parameter resulting from
the concentration matrix of the Matrix-Fisher distribution
[see, e.g., Walsh et al., 2009]. This approach assumes equal
errors in strike, dip and rake.

2.5. Stress Inversion

[31] Assuming that individual focal mechanisms represent
a uniform state of stress and are driven by the same stress
tensor, regional stress estimates can be derived by inverting
a set of independent focal mechanism observations. We
apply the Bayesian approach developed by Arnold and
Townend [2007] which accounts for observational errors
and fault plane ambiguities in the focal mechanism solutions
to estimate tectonic stress parameters.

3. Results

3.1. Earthquake Locations and Their Uncertainties

[32] A total of 1791 events were recorded between
November 2008 and December 2009 in the study area (see
Data Set S1 of the auxiliary material).1 All events recorded
by more than five SAMBA stations (87.3%) are shown
with their uncertainties (Figure 3a), in comparison with the
long-term seismicity (Figure 3b), and with magnitudes
(Figure 3c). In order to show the depth variation of the
hypocenter distribution along the strike of the Alpine Fault,
the events are projected onto depth profiles in Figure 4.

1Auxiliary materials are available at ftp://ftp.agu.org/apend/jb/
2011jb008460.
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[33] The error volume projected onto the horizontal plane
is approximately circular for most of the earthquakes within
the station network (Figure 3a), reflecting a uniform distri-
bution of the recording stations around the events (azimuthal
gaps for events in the inner triangle range between 57° and
192°; see also Figure 6 for all events).
[34] The uncertainty in depths is controlled by the station

distribution and varies throughout the network. Depth
uncertainty increases markedly when there is no station
within a distance of 1.5 focal depths of the earthquake. For
this reason, vertical uncertainties increase toward the
boundaries of the SAMBA network (as seen in depth
transects 1, 2 and 7 of Figure 4). Since the resolution of the
hypocenter uncertainty varies throughout the study area,
mean depth and mean uncertainties are displayed by grey
bars in the background of the profiles in Figure 4. Hypo-
center depths are best constrained in the vicinity of the
Alpine Fault where the station distribution is the densest (as
can be seen by the increase in the error bars with distance
from the Alpine Fault).
[35] The distribution of the minimum hypocentral dis-

tances of all events to the nearest stations, as an indicator of
the range of well-constrained depths, is bimodal with modes
at 7 and 20 km. Its mean is 14 km � 9.5(1s) km. Conse-
quently, deeper events are better constrained in the whole
study area. To further assess the absolute location error
within the station array, we use the mean inter-event distance
of earthquakes in three swarms that occurred between sta-
tions WHYM and LABE between November 2008 and
December 2009. Assuming that all events in the swarm
occurred at the same location in space, we use twice the
maximum distance of the catalogue events from the cluster
center as a measure of the absolute location uncertainty [cf.
Clarke, 2008]. Values range between 0.43 and 1.35 km
horizontally and 1.76 to 2.96 km in depth.
[36] A comparison of the long-term background seismicity

recorded by GeoNet during the last 20 years with the short-
term seismicity recorded by SAMBA over 14 months
(Figure 3b) demonstrates distinct spatial patterns of quies-
cence and persistent activity in the epicentral distribution.
Earthquakes are spatially clustered and occur in patches
along and to the east of the Main Divide Fault Zone (MDFZ)
(Figure 1), a major backthrust off the Alpine Fault [Cox and
Findlay, 1995]. The earthquakes are not confined to mapped
surface fault traces (as shown in Figure 3a) but are distrib-
uted throughout an approximately 25 km-wide region.
However, there is some indication of reduced seismic

activity in a 15 km-wide zone adjacent to the Alpine Fault
that coincides with the average width of the Alpine schist
[Little et al., 2005; Cox and Sutherland, 2007] (textural
zones III and IV in Figure 3c). This may reflect different
amounts and characteristics of fractures in the schist relative
to the greywacke further southeast.
[37] Four distinct clusters stand out in the seismicity dis-

tribution (letters in Figure 3c). Cluster a occurs in the middle
of the SAMBA array, has well-constrained depths <7 km,
and comprises small events of ML < 2.5. Cluster b may
represent continuing aftershocks of the MW 6.1 Godley
River earthquake. Cluster c is confined to a northeast-
trending high-seismicity zone which occurs within 30 km of
the Alpine Fault. It borders a distinct aseismic gap that
extends north-westward to the surface trace of the Alpine
Fault between the Wanganui and Whataroa rivers (Figure 2).
The fourth cluster, d, occurs at the northeastern boundary
of the study area, has poorly constrained depths and signif-
icantly larger magnitudes (ML < 3.5). The depth distribution
of clusters b, c and d can at best be partially resolved.
[38] Figure 4 shows the earthquake hypocenters projected

onto profiles perpendicular to the Alpine Fault. Three of
these transects coincide with geological cross sections by
Little et al. [2005]. The north-easternmost profile 1 (orange
hypocenters) shows distinct clusters of events approximately
8 and 16–25 km southeast of the fault. The latter cluster
coincides with the MDFZ (as indicated by a diamond in all
profiles). In the Whataroa river valley (transect 2, blue
hypocenters), few earthquakes occur close to the Alpine
Fault. Events cluster at about 30 km distance from the
Alpine Fault (cluster c) over a wide depth range. These
depths are quite uncertain (mean depth uncertainty 5 � 1.6
(1s) km) as there is no station in the vicinity, but the
hypocenters align with a steeply dipping fault mapped at
the surface [Little et al., 2005, Figure 3a]. To the south,
profile number 3 (purple hypocenters) reveals a distinct
earthquake cluster within 5 km of the surface trace of the
Alpine Fault and a number of events between 15 and 40 km,
increasing in depth with distance from the fault. Transect 4
(green hypocenters) shows several events 2–8 km southeast
of the surface trace of the Alpine Fault at depths consistent
with the estimated position of the fault. Abundant earth-
quakes with shallow hypocentral depths occur at 15 km
distance to the fault trace (cluster a). At greater distances, the
earthquake depths increase monotonically. Profiles 5 (red
hypocenters, average uncertainty �2.6 km) and 6 (brown
hypocenters, average uncertainty �3 km) indicate a bulge in

Figure 3. (a) Epicentral locations of events recorded by more than 5 stations between November 2008 and December 2009.
Earthquake hypocenters were determined using the non-linear location programme NonLinLoc of Lomax et al. [2000]. The
probability density function (red) of each earthquake represents the uncertainty of the hypocenter location, the blue dot
marks the maximum likelihood hypocenter location. The light blue area shows which earthquake hypocenters are projected
onto SIGHT transect T1 as shown in Figure 5. (b) Seismicity recorded in the central Southern Alps since 1984 by GeoNet
(grey), Reyners [1988] (blue), Leitner et al. [2001] (red), O’Keefe [2008] (green) and in this study (black). (c) Epicenters as
shown in Figure 3a with the symbol size representing the magnitude. Colored lines and numbers indicate the depth profile
onto which events within �5 km are projected (Figure 4). Letters are used to mark seismicity clusters described in the text.
In the background, a simplified geological map based on the geological data from the 1:1000000 Geological Map of New
Zealand (Officers of the New Zealand Geological Survey 1972 with limited updates by P. J. Forsyth and N. Mortimer
(2004)) is shown. Textural zones are I Quaternary deposits, II Paleozoic and Mesozoic Western Province basement (gneis,
granite, granodiorite), III Rakaia Terrane mylonite, curly schist and schist, IV Rakaia Terrane schist, V + VI Rakaia Terrane
semi-schist, VII Rakaia Terrane greywacke sandstone and mudstone according to Cox and Sutherland [2007].
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the seismicity with a radius of curvature of �10 km despite
the depth uncertainty. Events near the Alpine Fault and
20 km southeast of the surface trace occur at larger depths
than those events centered around the MDFZ (depths of
6 km). In this region, the distance between MDFZ and the
Alpine Fault is narrowest (15 km versus 30 km elsewhere)
[Cox and Findlay, 1995]. Transects 5 and 6 exhibit few
events 45–50 km from the Alpine Fault trace, but in general
earthquakes occur within a narrow zone close to the Alpine
Fault. Transect number 7, which straddles the southern
boundary of the SAMBA network, reveals a cluster of
events 4–8 km southeast of the surface trace at depths pos-
sibly associated with the Alpine Fault. The remaining events
exhibit increasing depths with distance from the fault but the
uncertainty in depth is quite large (4 � 2.9 km).
[39] Figure 5 shows the projection of earthquakes within

20 km on either side of SIGHT transect 1 (light blue area in
Figure 3a) and six large earthquakes since 1946 from else-
where (Figure 1) onto the resistivity profile by Wannamaker
et al. [2002]. The depth-distribution of those earthquake
hypocenters reveals that the seismogenic zone varies from
northwest to southeast across the Southern Alps but nowhere
it exceeds 17 km. The seismicity correlates with the high-
resistivity regions and is clustered where the resistivity
gradient is high. Wannamaker et al. [2002] interpreted the
low-resistivity regions as zones of interconnected fluids,
which are trapped within the mylonized, ductile shear zone.
The six largest events (as shown by white circles in Figure 5)
occur at greater depths on average than the lower-magnitude
seismicity, probably at the base of the seismogenic zone
[Sibson, 1984] in this region.
[40] A histogram of the depths of all events is shown in

Figure 6. This distribution has a mode at 6 km depth due
to the large number of shallow events in the center of the
SAMBA array (profiles 4 and 5 in Figure 4). The second
maximum at the surface results from inconsistent phase
arrival times or hypocenter locations outside the station
network with poor depth resolution.

3.2. Magnitudes

[41] We obtain a frequency-dependent attenuation factor
g(f) = g0f with g0 = 1.89 � 0.02 � 10�3 s/km, resulting in
g = 1.89 � 10�2 km�1 at 10 Hz (representative at distances
<70 km) and g = 0.95 � 10�2 km�1 at 5 Hz (≥70 km)
(Figure 7). Our result is in agreement with estimates by
Robinson [1987] (g = 0.67 � 10�2 km�1) and O’Keefe
[2008] (g = 1.69 � 10�2 km�1), depending on the hypo-
central distance of the earthquake to the station. The cor-
responding frequency-independent quality factor Q for
direct S-waves is QS = 531 � 53, a reasonable value in
comparison with the QP of 250–800 determined by
Eberhart-Phillips et al. [2008] for the central Southern
Alps. Eberhart-Phillips et al. [2008] found that a sharp
boundary exists between weakly attenuating schist and
highly attenuating regions of altered schist for the shallow
QP-structure in the central Southern Alps (depths <10 km).
QP values of �800 were attributed to the Haast schist,
which is inferred to be depleted of fluids and highly com-
pacted due to dehydration during metamorphism and
intense deformation, respectively. In contrast, Torlesse
greywacke has moderate to low QP of �450. Low crustal Q
values typically result from fluid saturation and high

Figure 4. Hypocentral depth and depth uncertainty of
earthquakes projected onto the corresponding profiles (num-
ber and color) shown in Figure 3c, with the symbol size
representing the magnitude of the event. Grey bars indicate
mean depth and mean uncertainties (over seven points) for
the events shown in the profile. Letters a–d indicate the
position of clusters (Figure 3c) along the profile. Diamonds
indicate the surface position of the Main Divide Fault Zone.
The dashed line indicates the Alpine Fault for an assumed
dip of 45°.
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temperature. Eberhart-Phillips et al. [2008] state that the
QP depth profile in the central Southern Alps closely mat-
ches the resistivity model of Wannamaker et al. [2002]. A
correlation of the seismicity distribution with low QP was
observed by Eberhart-Phillips et al. [2008] and interpreted
to represent highly fractured crust and increased fluid
volumes in conjunction with fractures. The QP values for
the Haast Schist and the damage zone in the central
Southern Alps, assuming that QP � QS, can be used to con-
strain the attenuation parameter g (according to equation 3),
yielding g(QP = 800) = 0.5 � 10�2 km�1 and g(QP = 200) =
3.45 � 10�2 km�1 at a frequency of 5 Hz and an S-wave
velocity of 3.2 km/s. These values provide upper and lower
limits for the attenuation parameter. The attenuation coeffi-
cients we obtain for frequencies between 3 and 17 Hz lie
within these bounds.
[42] We find that it is necessary to fit the amplitude read-

ings with a frequency-dependent attenuation coefficient.
Otherwise, we obtain a high constant attenuation coefficient
of g � 2 � 10�2 km�1 and uniformly positive magnitude
residuals for hypocentral distances greater than 70 km
(Figure 7). The magnitudes determined using our frequency-
dependent attenuation coefficient are not significantly dif-

ferent from those obtained by GeoNet (1/N

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi

∑ M c
j �Mj

� �2
r

≤ 0.1). However, our preferred attenuation parameter pro-
duces consistent results for earthquakes of different sizes and
frequency contents.
[43] The magnitudes obtained for earthquakes recorded in

the study area span �0.3 ≤ML ≤ 4.2 (Figure 8). Earthquakes
of low magnitude (ML ≤ 2.5) occur in great numbers in the
center of the station network (orange triangle), conversely
events with magnitudes ML ≥ 3 are distributed to the
northeast of the SAMBA array (Figure 3c).
[44] The magnitudes determined in this study were cali-

brated using the magnitudes obtained by GeoNet [e.g.,
Ristau, 2009]. For 147 of the larger earthquakes (1.6 ≤ML ≤
4.2) magnitude estimates are available (Figure 8). However,

magnitude calibration implies that if the reference values are
consistently overestimated, so will be the SAMBA magni-
tudes. Comparisons of MW estimates obtained from wave-
form modeling [Ristau, 2008; Leitner et al., 2001] with ML

estimates for the central Southern Alps indicate that ML

values overestimate the actual energy release by at least 0.2
but more likely 0.5 magnitude units. Deichmann [2006]
estimated that local magnitude errors due to uncorrected
attenuation effects for events of MW < 1 can amount to more
than a whole magnitude unit. Due to the frequency-depen-
dent attenuation factor, we consider the effect of uncorrected
attenuation to be small. However, the size of the events
relative to each other is more reliable than the absolute
value, which might be uncertain by approximately half a
magnitude unit. Once there are more MW estimates from
moment tensor inversion available for earthquakes recorded
by SAMBA (currently only two events), we will repeat our
magnitude inversion using these MW for calibration.

3.3. Focal Mechanisms

[45] Focal mechanism solutions for earthquakes recorded
by the SAMBA network were determined for events with
seven or more P-wave polarity picks. Two deep tele-
seismic events (MW6.6 of 4 October 2009, 10:58:03.6
UTC at 626 km depth and MW 6.9 of 28 August 2009,
01:51:25.9 UTC at 634 km) with impulsive P-wave arri-
vals have been used to check the instrument polarities.
This analysis revealed reversed polarities of the Z-com-
ponent of the Mark Products L-4C3D sensors in compar-
ison with the short-period borehole and the GeoNet
broadband sensors. At one site, Reynold’s Creek (REYN),
all polarity picks have been removed from the data set,
since they are inconsistent with those of the other sensors.
[46] Polarities of closely spaced events have been checked

in groups for their consistency. Reversed polarity picks were
identified for the stations equipped with a borehole and a
surface sensor, when the polarity was picked on the Z-
component of the Mark Products L-4C3D surface sensor

Figure 5. Hypocenter locations and depth uncertainty of local earthquakes (within 20 km of the transect,
black) and large earthquakes (in the Southern Alps region, white, see Figure 1 and Table 1 for details)
projected onto SIGHT transect T1, for which a resistivity model has been derived by Wannamaker et al.
[2002]. Note that the average topography is 1.5 km in this area and that for distances ≥60 km,
earthquakes fall outside the recording range of the SAMBA network. Depth uncertainties are calculated
from the maximum length of the uncertainty volume determined using NonLinLoc. Reprinted by
permission from Macmillan Publishers Ltd: Nature (Wannamaker et al. [2009]), ©2009.
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instead of the borehole sensor. These wrong polarity picks
are easy to identify by visual inspection. Based on this
checking procedure, the assumed probability of inconsistent
polarity picks of 0.2 [Hardebeck and Shearer, 2002] is
likely to overestimate the number of inconsistent polarities
in our data set, since the polarities of the instruments are
generally known and wrong polarity picks should be caused
by misidentification only.
[47] Due to the network size, the maximum number of

available P-wave polarities is restricted to 13. Consequently,

good coverage of polarity readings on the focal sphere is
uncommon. However, this is an inherent problem of focal
mechanism solutions. Those mechanisms obtained for the
central Southern Alps region have standard deviations of the
focal mechanism parameters of sQ = 29 � 1.6°(1s). Events
of this type were considered to be poorly constrained by
Walsh et al. [2009] who compared their focal mechanism
solutions with those of Reyners and McGinty [1999] for
events with polarity picks from up to 36 stations. Their
quality estimate was based on the angular difference
between the focal mechanism solutions that describes the
angular difference between two focal mechanism solutions
[e.g., Arnold and Townend, 2007]:

aR ¼ cos�1 tr RT
1R2

� �

� 1

2

� �

: ð5Þ

R1 and R2 are rotation matrices corresponding to the two
focal mechanism solutions. In the study of Walsh et al.
[2009], the poorly constrained focal mechanism solutions
had minimum rotation angles of 21–84°, whereas for the
well-constrained solutions the minimum rotation angle was
typically 5–26°. Minimum rotation angles of 24–32° were
found by Hardebeck [2006] for three high-quality focal
mechanism data sets with events a few hundreds of meters
apart. Hardebeck [2006] concluded that these focal mecha-
nism solutions were indistinguishable within error.
[48] We obtained minimum rotation angles of 1–88° (with

a mean of 32 � 22°), for the focal mechanism solutions of
groups of events with similar polarity picks. We conclude
that these values fairly describe the uncertainty of the focal
mechanism solutions in our data set. One well-defined nodal
plane for the focal mechanisms was often observed, indi-
cating that the strike and dip are well constrained but not the
rake.
[49] Hardebeck and Shearer [2002] showed that focal

mechanisms of earthquakes at shallow depths (<10 km) are
most sensitive to changes in depth, especially for dip-slip
events. This is because the take-off angles for upgoing rays
are sensitive to changes with the depth of the location. Ray
take-off angles to the station are determined from the max-
imum likelihood hypocenter, which is in the best case cen-
tered in the middle of the uncertainty volume. Since we
consider the depth uncertainty by calculating a range in take-
off angles, we expect that these mechanisms are not sensitive
to small changes in depth. The comparison of our focal
mechanism solutions for the central Southern Alps with
those of Leitner et al. [2001], Ristau [2008], and Anderson
et al. [1993] (Figure 9) shows overall similarity in the
mechanisms but differences in the details of the focal
mechanism parameters. These differences usually result
from the increased uncertainty of one focal mechanism
parameter.
[50] Considering the uncertainty in the focal mechanism

solutions, it is notable that the majority of our solutions
exhibit consistently strike-slip mechanisms. Some thrust
mechanisms occur, but fewer than expected for a region in
which the fault-normal displacement amounts to approxi-
mately one third of the fault-parallel component. This ratio
of reverse to strike-slip mechanisms reaches 1:2 as expected

Figure 6. Depth, root-mean squared (RMS) residual and
maximum azimuthal gap distribution for all events shown
in Figure 3c.
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for intermediate (black and grey solutions in Figure 9) and
large earthquakes (Table 1).
[51] Focal mechanism solutions have been determined for

events as small as ML = 0.44. Although the station coverage
is best in the vicinity of the Alpine Fault, we have obtain
only a few focal mechanism solutions for earthquakes on or
close to the fault.

3.4. Stress Inversion

[52] The prevailing directions of the principal stresses and
the maximum horizontal compression obtained from ana-
lyzing clusters of focal mechanisms are shown in
Figure 10a. The number of events used for the inversion is
indicated by the number next to the stress contour plots.
Different clusters exhibit only minor differences in the
direction of the maximum horizontal compressive stress
SHmax (Table 4) from the average value of SHmax = 115 �
10° at the 80% confidence level. Except for the north-east-
ernmost cluster, where the contours of S2 and S3 overlap, the

principal stress directions are well-defined and consistent
over the study area. S2 is near-vertical except for the south-
westernmost region. Here, a rotation of the S2–S3 plane
around the S1 direction occurs, which increases the reverse
component in this area. The stress ratio R, in contrast, varies
throughout the study area. Although this parameter is the
least constrained in the inversion (Table 4), it reflects the
topography throughout the region with low R values where
the topography is highest (S2 ≫ S3) and R ranging between
0.5 (S2 = 0.5(S1 + S3)) and 1 (S2 = S3) where the topography
decreases. Lund and Townend [2007] showed that the
maximum horizontal compressive stress SHmax is less sen-
sitive to variations in R for strike-slip stress states than for
normal or thrust faulting stress states.
[53] Our results are in agreement with previous stress

measurements from the South Island. These results are
summarized in Table 5 and the most resent results are dis-
played along with our results in Figure 10b. These consistent
angles in the range 107° to 121° are as expected for the

Figure 7. Period of the maximum Wood-Anderson displacement amplitude, attenuation functions and
magnitude residuals versus hypocentral distance. The frequency dependence of the maximum amplitude
needs to be fitted using a frequency-dependent attenuation parameter g(f) to produce normally distributed
magnitude residuals over all hypocentral distances.
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principal axis of contraction (111°) inside a uniformly
deforming zone parallel to the Alpine Fault subjected to
loading at an azimuth of 077° by the relative plate motion
[Reilly, 1990].
[54] All stress measurements indicate a strike-slip faulting

regime prevailing over wide areas of the South Island. A
homogeneous, regional stress field has been noted before by
Leitner et al. [2001], whose principal stress directions for
three broad regions in central South Island were indistin-
guishable from each other at the 80% confidence level.
Nevertheless, we see some indication for a locally increased
reverse component at the southern boundary of our study
area. The high topography in the central Southern Alps has
little effect on the overall stress field in general, but causes
local segmentation of the Alpine Fault’s surface trace in
thrust and strike-slip segments [Norris and Cooper, 1995].
Based on the stress estimates, we observe that these seg-
ments have orientations close to optimal in terms of
Andersonian faulting models (inset of Figure 10b). Under

the assumption that the horizontal stress is homogeneous,
variations in the intermediate stress S2 cause a rotation of the
strike of a non-vertical strike-slip fault toward S1 when there
is a deficiency of load, and away from S1 as a result of
excess topography, according to the equation

S2 � S3

S1 � S3
¼ 1� R ¼ sin2f ð6Þ

given by Fialko et al. [2005] (where f is the angle between
the fault trace and the S1-axis). The topography therefore
explains the segmentation into strike-slip faults coinciding
with mayor river valleys crossing the Alpine Fault and thrust
segments at higher angles to the Alpine Fault in regions of
high elevation near the fault [see also Norris and Cooper,
1995, Figures 9 and 11].
[55] Our stress inversion results show that the Alpine Fault

as a whole is orientated at a high angle (59°) to the direction
of maximum horizontal compressive stress (Figure 10b).
This implies that the normal stress acting on the fault plane is
high. Regarding Andersonian faulting, this angle suggests
that the Alpine Fault sustains a low ratio of shear stress to
effective normal stress. Balfour et al. [2005] obtained a 60°
angle between the average strike of faults in the Marlbor-
ough Fault System and the direction of the maximum hori-
zontal compressive stress. In Southern Marlborough, where
the strike of the faults changes to about 070°, this angle
lessens to 44°. The San Andreas Fault is orientated at angles
ranging between 60° and 85° to the maximum horizontal
compressive stress [Townend and Zoback, 2004]. In South-
ern California, this angle between the San Andreas Fault and
the maximum horizontal compressive stress direction is
almost constant, despite pronounced changes in the strike of
the San Andreas fault [Townend and Zoback, 2001, 2004].
[56] Low coefficients of friction have been suggested as

the cause for the weakness of the San Andreas Fault
[Townend and Zoback, 2004]. This has been confirmed by
the low values (m = 0.13–0.21) measured for the creeping
section near Parkfield [Lockner et al., 2011]. Balfour et al.
[2005] concluded that the Marlborough faults are also fric-
tionally weak due to either low coefficients of friction
(coefficient of friction m = 0.35, pore fluid factor l = 0.4), or
increased pore fluid pressure (m = 0.58, l = 0.7) or due to
some combination of the two. This interpretation seems
applicable to the Alpine Fault, too. No indication of steady
creep on the Alpine Fault has been observed since 1964 on
man-made structures crossing the fault [Evison, 1971;
Sutherland et al., 2007, and references therein] or by GPS
surveying in the Whataroa River [Beavan et al., 1999], but
cannot be ruled out in the mountainous region east of the
Alpine Fault. Since high pore fluid pressures have been
suggested as the cause for the low-velocity zone [Stern
et al., 2001] in the vicinity of the Alpine Fault, we favor
increased fluid pressures as the cause for the fault’s reduced
strength.

4. Discussion and Conclusions

[57] Hypocenter locations of more than 1700 earthquakes
recorded by the SAMBA network have been determined
between November 2008 and December 2009 in the central

Figure 8. (a) Histograms of the magnitude distribution in
the central Southern Alps region recorded by SAMBA (blue)
and GeoNet (red) stations. The black line indicates the slope
of the Gutenberg-Richter relation (b-value of 0.86) of the
cumulative number of earthquakes versus magnitude. (b)
Residuals of the magnitudes used for calibration in the inver-
sion for all SAMBA magnitudes.
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Southern Alps. The seismicity is diffuse and no particular
fault or a small number of faults can be identified from the
dense distribution of mapped faults in this region. However,
the overall earthquake hypocenter distribution correlates
with the boundaries between high and low attenuation
zones as shown in the crustal attenuation model of
Eberhart-Phillips et al. [2008], despite the rather large node
spacing in the central Southern Alps. The Alpine Fault does
not appear as a localized zone of deformation from the
earthquake distribution. Instead, the inferred deformation is
distributed between the Alpine Fault, the Main Divide Fault
Zone and other major backthrusts to the east. Many active
large faults in New Zealand appear aseismic on intermedi-
ate time-scales and are not delineated by the background
seismicity [e.g., Anderson and Webb, 1994; Robinson,
2004]. The Alpine Fault, however, is not totally aseismic
because it exhibits several clusters of earthquakes 5–8 km
southeast of its surface trace at depths consistent with a
45°-dipping fault. Earthquakes also occur at greater depths
closer to the surface trace of the Alpine Fault. Therefore,
the existence of a sub-vertical strand of the Alpine Fault, as
expected from �15 Myr of solely strike-slip motion on the
fault [e.g., Cande and Stock, 2005], cannot be ruled out. A
high concentration of earthquakes on backthrusts at a range
of distances from the Alpine Fault is observed, most obvi-
ously in the northernmost depth profiles (profiles 2 and 3
and marked by cluster b and c). Otherwise, the hypocenter
locations are distributed throughout the whole seismogenic
zone (<17 km), but mean depths generally increase to the
southeast across the Southern Alps perpendicular to the
Alpine Fault. Earthquakes are anomalously shallow (<6
km), of small magnitude (ML < 2.5) and highly clustered
within the SAMBA array beneath the area of highest

topography. In the vicinity of Mt. Cook, a bulge in the
seismicity occurs with its maximum centered beneath the
Main Divide Fault Zone at depths of 6 km (transect 6 of
Figure 4). The same depth has been identified by Stern
et al. [2007] as the upper boundary of a low P-wave
velocity zone that extends downward to depths of 30 km.
A similar structure can be seen just south of Mt. Cook in
the crustal seismic reflection profile of Long et al. [2003].
Long et al. [2003] describe an “antifold” of 15 km half
wavelength with its’ crest at 3 km depth and imaged to 10
� 2 km depth. They interpreted that this structure accom-
modated 1.8 km (=12%) horizontal crustal shortening in
less than 1 Myr at current GPS strain rates. At the south-
western boundary of the SAMBA network, the seismically
active zone is narrow and earthquake depths increase rap-
idly in the direction perpendicular to the strike of the
Alpine Fault.
[58] A depth of the seismogenic zone of 12 � 2 km has

been suggested from seismicity studies in the central
Southern Alps [Leitner et al., 2001; Reyners, 1988] and 5–
12 km has been suggested as the locking depth based
on GPS measurements [Beavan et al., 1999, 2004; Wallace
et al., 2007]. We find that the seismogenic depth varies
across the Southern Alps with depths of 10 � 2 km
beneath the surface trace of the Alpine Fault and 8 � 2 km
within 20 km distance of the fault. At distances larger than
20 km, it increases in depth to a thickness of 15 � 2 km,
similar to the shape of the high-resistivity zone. New
earthquake hypocenter locations recorded by an additional
short-term deployment of 12 stations in the area between
the Wanganui and the Whataroa Rivers during January and
May 2010 indicate that our results for hypocenter depths
along SIGHT transect T1 (Figure 5) and the depth profiles

Figure 9. Focal mechanism solutions of 211 events derived in this study (colored according to the uncer-
tainty) and by Ristau [2008], Leitner et al. [2001] and Anderson et al. [1993] (dark grey, light grey and
black, respectively). The symbol size represents the magnitude of the event, which is scaled up for the
SAMBA data. Detailed information about each focal mechanism solution is listed in Data Set S2 of the
auxiliary material.
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1–3 (Figure 4) are robust and slightly overestimate the
earthquake depths.
[59] The lateral variation in the near-surface resistivity

structure correlates well with the distribution of microseis-
micity. Our results show that no earthquakes are generated in
the conductive zone <100 Wm at depths greater than
20 km. The material is either too hot, too fluid-saturated or
too weak (or a combination of all three) to produce

earthquakes of recordable size. Earthquakes are generated
in the high-resistivity zones adjacent to or above the low-
resistivity regions. We find that clustering of the events is
strongest where the resistivity contrast is highest. A similar
distribution of microearthquakes has been observed for
the San Andreas Fault where resistivity measurements
revealed a fault zone conductor with resistivities <10 Wm
[Unsworth and Bedrosian, 2004]. The microseismicity

Table 4. Principal Stress Directions (Trend/Plunge) and Maximum Horizontal Compressive Stress of All Events in One Region as
Shown in Figure 10aa

Cluster S1 S2 S3 R SHmax

1 121.1°/8.8° 65.0°/65.9° 27.4°/22.2° 0.25�0.250
+0.303 118 � 16.8°

2 115.0°/13.7° 115.7°/76.3° 25.0°/0.0° 0.15 � 0.09 115 � 10.2°
3 115.0°/20.4° 56.6°/67.8° 23.2°/8.3° 0.77�0.321

+0.211 114 � 16.6°
4 123.7°/9.4° 53.8°/63.3° 29.1°/24.8° 0.69 � 0.239 122 � 13.1°
5 119.2°/5.4° 49.1°/74.6° 27.7°/14.4° 0.47 � 0.306 118 � 14.5°
6 123.7°/24.4° 67.2°/52.0° 22.1°/27.4° 0.89�0.197

+0.097 122 � 12.0°

aR = (S1 � S2)/(S1 � S3) specifies the stress ratio. The uncertainty in R is estimated from the upper and lower bounds given by the 10% and 90%
percentiles of the posterior probability density function. The posterior distribution is skewed near values of 0 and 1 because the R-value is confined to
lie within these limits.

Figure 10. (a) Principal stress directions (S1 < S2 < S3) and maximum horizontal compressive stress
(SHmax) derived from focal mechanism inversion of groups of events as shown in Figure 9. The number
on top of the stereogram indicates the number of focal mechanism solutions inverted for the principal
stresses. The encircled number in the dashed rectangles gives the cluster number for which results are
listed in Table 4. (b) Stress inversion results of the 211 focal mechanism solutions in comparison with
the maximum horizontal stress directions derived in other studies for different regions of northern and cen-
tral South Island. The inset shows a summary of the stress directions in comparison to the strike of the
Alpine Fault (blue) and its respective thrust and strike-slip segments (light and dark grey).
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occurs below or adjacent to these zones in high-resistivity
zones. Similar distributions of earthquakes on the bound-
ary between high and low-resistivity regions have been
observed for microearthquakes [Ichiki et al., 1999],
swarms [Tank et al., 2003] and large earthquakes and their
aftershocks [Eberhart-Phillips et al., 1990; Kasaya et al.,
2002]. Takeda et al. [1999] observed the occurrence of
earthquakes at shallow depths in areas of low water satu-
ration and high crack density surrounded by areas of high
saturation. They attributed the generation of earthquakes to
fluid flow into cracks in rocks with a low degree of sat-
uration. Kato et al. [2010] observed intense seismic
activity at shallow depths above a high-velocity body of
intruded diorite, causing high heat flow and the release of
fluids that invaded and fractured the overlying rock.
[60] We suggest that extensive fracturing occurs in the

central Southern Alps due to ascending fluids and that the
Main Divide Fault Zone [Cox et al., 1997] and other back-
thrust faults act as active fluid conduits. A resistivity model
by Wannamaker et al. [2009] for a transect crossing the
Marlborough Fault System shows similar low resistivity
regions <100 Wm at depths greater than 10 km beneath the
Awatere and Clarence faults. As observed for the central
Southern Alps, the crustal seismicity in this region is also
confined to high resistivity bodies. Wannamaker et al.
[2009] attribute this seismicity to fault fracture meshes cre-
ated by the upwards migration of fluids from the subducting
slab of the Pacific plate.
[61] Notably, all of the largest, more recent earthquakes

(noted in Table 1) in the central South Island occurred
southeast of the Alpine Fault. These events occurred at the
lower end of the earthquake depth-distribution, presumably
near the base of the seismogenic zone. If we assume that
the hypocenter locations determined in this study reflect the
vertical extent of the seismogenic zone, then the seismogenic
depth reaches a maximum at distances >25 km perpendicular
to the surface trace of the Alpine Fault. At these distances,
the seismogenic zone has almost twice the thickness of the
seismogenic depth near the Alpine Fault. In other words,
earthquakes generated in this area can potentially be larger
than further west due to the vertical extent of the seismo-
genic zone.
[62] The microearthquake locations in the region boun-

ded by the Wanganui and the Whataroa River reveal in

more detail the aseismic zone noted previously [e.g.,
Leitner et al., 2001]. Within the vicinity of the Alpine Fault
(<10 km), the seismicity does not change significantly
along strike. The area with reduced seismicity extends from
15 to 30 km of the fault and is bounded by the cluster c
(Figure 3c). The distribution of earthquakes is symmetric
around this gap, but the number of events is not (Figures 3a
and 3c). Earthquakes at the northeastern boundary of the
low-seismicity region are larger in magnitude and more
frequent than at the southwestern limit. The density of
mapped faults in the aseismic region is reduced, too. The
detection threshold of events at the southwestern limit of
this area is better than to the northeast due to the station
distribution. If similar sized events occurred at the southern
boundary, they would have been recorded by the SAMBA
stations. The low-seismicity area is characterized by a low-
attenuation block in the attenuation model of Eberhart-
Phillips et al. [2008]. Changes in the geology with flat-
lying sequences of schist and semi-schist occur in this
region, as noted by Leitner et al. [2001]. However, there is
no obvious correlation between bedding dip and the distri-
bution of earthquakes. The remnants of a major ice plateau
are located in this area, but the plateau’s exact location does
not coincide with the observed distribution of events.
However, the seismicity gap could be associated with
seismic quiescence following pronounced activity associ-
ated with localized bending and uplift resulting from rapid
ice loss since the end of last glacial period 14000 yr ago
[Suggate, 1990]. On the other hand, if that area forms a
seismic gap, it could be a seismic gap of the second kind
[Mogi, 1979], which is characterized by quiescence in
smaller magnitude activity before a large earthquake. If this
is the case, the rupture area amounts to at least �300 km2

corresponding to a magnitude 6.5 earthquake. Since simi-
larly large earthquakes have occurred at some distance from
the Alpine Fault, further detailed studies in this region are
necessary.
[63] The magnitudes of the recorded earthquakes in the

study area span �0.3 ≤ ML ≤ 4.2 but are smaller in the
region of highest uplift, where the upper magnitude thresh-
old is ML 2.5. Based on our magnitude scale, we deduce that
high-frequency waves (f > 10 Hz) are attenuated more than
twice as much as low-frequency waves (f < 5 Hz). The fre-
quency-independent attenuation coefficient used in routine
magnitude determination New Zealand-wide thus under-
estimates the local magnitude if the distance between the
earthquake source and the recording station is small (<70
km).
[64] Focal mechanism solutions for microearthquakes

recorded in this study indicate predominantly strike-slip
faulting. For small to intermediate size earthquakes the
ratio of reverse to strike-slip mechanism reaches 1:2 as
expected from the direction of relative plate motion in
relation to the strike of the Alpine Fault. At larger magni-
tudes (MW > 5.4) this ratio persists. Stress inversion of our
focal mechanisms reveals a homogeneous strike-slip stress
field in the central Southern Alps except for localized
topographic modifications. The direction of maximum
horizontal compressive stress is SHmax = 115 � 10°. The
resulting angle between the average strike of the Alpine
Fault and SHmax is 59° as characteristic of a weak fault.
However, small-scale thrust segments are oriented at angles

Table 5. Maximum Compressive Stress S1 (Trend/Plunge) or
MaximumHorizontal Compressive Stress SHmax, With Uncertainties
if Reported, for South Island Measurements Obtained in Previous
Studies

SHmax or S1 Region Methoda Reference

300°/30° northern Marlborough IPP McGinty et al. [2000]
118°/6° southern Marlborough IPP McGinty et al. [2000]
299�17° Marlborough FMI Balfour et al. [2005]
291° Lake Tennyson FMI Balfour et al. [2005]
107�6° west of Arthur’s Pass TT+GPS Pearson et al. [1995]
116�9° east of Arthur’s Pass TT+GPS Pearson et al. [1995]
119�17° north of Mt. Cook FMI Leitner et al. [2001]
121�36° south of Mt. Cook TT Blick et al. [1989]
84°/16° Jackson Bay IPP McGinty et al. [2005]

aMethods are IPP, inversion of P-wave polarities; FMI, focal mechanism
inversion; TT, triangularization/trilateration.
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of 65°–95° and strike-slip segments are oriented at angles
ranging between 25° and 50° to SHmax, implying that
shallow segmentation of the Alpine Fault takes place on
favorably oriented structures.

Appendix A: SAMBA Station Locations

[65] To supplement the New Zealand national station
network in the central section of the Southern Alps, the
Southern Alps Microearthquake Borehole Array (SAMBA)
comprising ten short-period seismometers was installed
between November 2008 and June 2009 (Table A1).

Appendix B: Non-Linear Hypocenter
Determination

[66] In this study earthquake locations were obtained
using NonLinLoc by A. Lomax [Lomax et al., 2000]. The
NonLinLoc algorithm is based on the probabilistic non-
linear inversion approach of Tarantola and Valette [1982]
and determines the posterior probability density function
(PDF) of each hypocenter from the synthetic travel-times
of P- and S-waves for each cell on a grid. The obtained
PDF solutions (using the “Oct-Tree” search method
[Lomax et al., 2000] on a grid of 1 km node spacing ori-
entated at a 55° angle with respect to the Alpine Fault)
represent the uncertainty of the earthquake location as a
volume of irregular form, which reflects uncertainties due

to the network-event geometry, arrival-time reading errors
and calculated travel-time errors. The final earthquake
hypocenter is selected as the point of maximum likelihood
in the PDF solution. Gaussian uncertainties are assumed
for the phase arrival-time observations and the travel-time
calculation errors [Tarantola and Valette, 1982].

Appendix C: Travel-Time Residual Analysis

[67] The travel-time residuals were analyzed for all earth-
quakes between 24 March and December 2009, when the
SAMBA station network was in its final state and recorded
continuously.
[68] Assuming that, on average, phases are correctly

picked, the mean and the standard deviation of the travel-
time residuals of all events at one station (Table C1) can be
used to find outliers and trends in the data set. Events with
large residuals were manually checked. The mean of the
travel-time residuals m = smodel for one station indicates
inaccuracies in the applied 1D-velocity model. The stan-
dard deviation of the travel-time residuals s = sreading

indicates the typical reading error. A comparison of the
travel-time residuals for impulsive and emergent P- and S-
waves at all stations shows that for the majority of stations
the standard deviation for impulsive and emergent phase
onsets is similar; sI � sE. In other words, those phase
arrivals can be treated as one population. However, the
stations themselves do not have common variances. Note

Table C1. Post-Weighting Mean and Standard Deviations of the Travel-Time Residuals for Impulsive and Emergent P- and S-Phase
Arrival Times for All Stationsa

Station mIP � sIP mEP � sEP mIS � sIS mES � sES IP EP IS ES

FRAN 0.03 � 0.06 0.04 � 0.09 0.02 � 0.11 �0.01 � 0.15 421 401 315 471
REYN 0.11 � 0.08 0.04 � 0.11 �0.00 � 0.09 0.01 � 0.11 8 610 88 446
WHAT 0.02 � 0.13 0.02 � 0.15 �0.10 � 0.18 �0.07 � 0.18 419 330 185 449
LABE �0.03 � 0.07 �0.04 � 0.14 �0.06 � 0.16 �0.06 � 0.13 522 232 460 278
MTFO �0.02 � 0.10 �0.00 � 0.11 �0.01 � 0.16 �0.04 � 0.19 322 357 177 507
EORO �0.03 � 0.07 �0.04 � 0.08 �0.10 � 0.08 �0.13 � 0.12 406 478 245 479
COSA 0.03 � 0.12 0.04 � 0.09 0.16 � 0.15 0.13 � 0.93 75 304 67 331
POCR 0.16 � 0.09 0.16 � 0.09 0.14 � 0.25 0.12 � 0.14 345 313 71 444
WHYM �0.01 � 0.08 �0.00 � 0.11 0.01 � 0.10 0.02 � 0.12 671 288 358 529
GOVA �0.03 � 0.08 �0.00 � 0.10 0.03 � 0.08 0.01 � 0.31 699 195 614 333
FOZ 0.01 � 0.10 0.01 � 0.10 �0.02 � 0.18 �0.04 � 0.16 96 200 108 267
RPZ �0.06 � 0.09 �0.04 � 0.11 0.04 � 0.09 0.05 � 0.10 130 117 156 152
WVZ �0.08 � 0.14 �0.08 � 0.14 �0.05 � 0.12 �0.13 � 0.22 236 84 196 88

aThe mean m represents the model-error smodel of the 1D-velocity model for one station. The standard deviation s indicates the mean reading error
sreading. The numbers give total numbers of P and S-phases recorded at the station.

Table A1. Site Locations and Borehole Depths of All SAMBA Stationsa

Station Location Latitude (deg) Longitude (deg) Altitude (m) Depth (m)

COSA Cook Saddle �43.448 170.060 377 1.40
EORO End of Road �43.426 170.169 233 1.35
MTFO Mount Fox �43.512 170.003 1216 2.00
WHAT Whataroa Quarry �43.279 170.360 95 61.00
WHYM Whymper Hut �43.441 170.371 906 1.30
POCR Potter’s Creek �43.352 170.223 185 46.00
LABE De la Beche �43.546 170.245 1590 2.15
GOVA Godley Valley �43.639 170.503 814 1.95
FRAN Carnavan’s Knob �43.380 170.160 124 98.00
REYN Reynold’s Creek �43.353 170.391 1310 1.20

aAltitude and depth refer to the top of the borehole.
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that the number of P and S phases for most stations are
almost equal.
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