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[1] Sp and Ps converted seismic waves at 93 permanent seismic stations are used to image
upper mantle velocity discontinuities across the contiguous United States and portions of
southeast Canada and northwest Mexico. Receiver functions are calculated with frequency‐
domain deconvolution and migrated with 1D models that account for variations in
crustal structure and mantle velocities between stations. Strong positive Ps phases from
the Moho are observed and agree well with previous crustal thickness estimates. In the
tectonically active western U.S., high amplitude, negative Sp phases are interpreted as the
lithosphere‐asthenosphere boundary (LAB) at depths of 51–104 km. These phases indicate
a large and rapid LAB velocity gradient and are consistent with an anomalously hot
asthenosphere that is rich in water or contains partial melt. In the regions of the Phanerozoic
southern and eastern U.S where Sp phases are interpretable as the LAB, the discontinuity lies
at depths of 75–111 km and is also too sharp to be explained by temperature alone. In
contrast, no Sp phases are observed at depths comparable to the base of the thick high
velocity lithosphere that lies beneath cratonic North America and certain portions of the
Phanerozoic eastern U.S. At these stations, negative Sp phases occur at depths of 59–113 km
and are interpreted as the top of a low velocity zone internal to the lithosphere. The absence
of an observable LAB discontinuity in regions of thick lithosphere indicates that the
LAB velocity gradient is distributed over more than 50–70 km in depth and is consistent
with a purely thermal boundary.
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1. Introduction

[2] Determining the location and physical properties of the
lithosphere‐asthenosphere boundary (LAB) is essential to our
understanding of plate tectonics and the evolution of the
Earth. More specifically, the presence of variations in the
depth and character of the LAB across and within differ-
ent tectonic environments (e.g., cratons, passive margins,
extensional provinces, subduction zones) could provide
insight into the growth and stability of lithospheric plates as
well as the mechanism(s) responsible for their plate‐like
behavior. Ancient cratonic regions are expected to contain
thick lithospheric roots that are rheologically strong with a
chemical buoyancy that counteracts their cold temperatures

[e.g., Jordan, 1978; Jordan, 1988; Anderson, 1989; Boyd,
1989; Griffin et al., 1999; Sleep, 2005], making them stable
relative to the surrounding upper mantle [e.g., Pearson et al.,
1995; Carlson et al., 1999; Shapiro et al., 1999]. A key
question that we will address in this paper is whether the
properties of the cratonic LAB fundamentally differ from the
LAB in regions that have experienced more recent tectonic
activity.
[3] The North American lithosphere has a rich tectonic

history that includes the progressive accretion of lithotectonic
terranes around Archean cratons (e.g., Superior, Wyoming,
Hearne, Slave) during the Proterozoic, successful and failed
rifting events, multiple episodes of subduction, and current
large‐scale extension in the Basin and Range province
(Figure 1) [e.g., Rivers, 1997; Karlstrom and Humphreys,
1998; Chulick and Mooney, 2002; Griffin et al., 2004].
Numerous global and regional tomographic studies [e.g.,
Grand and Helmberger, 1984;Grand, 1994; van der Lee and
Nolet, 1997; van der Lee, 2002; Li et al., 2003; Godey et al.,
2004;Marone et al., 2007; Xue and Allen, 2007; Nettles and
Dziewonski, 2008; Roth et al., 2008; Yuan and Romanowicz,
2010] have interpreted lithospheric thickness across North
America from relatively long wavelength images of velocity
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heterogeneity in the upper mantle. However, the surface and
body waves typically employed in continental‐scale tomog-
raphy are not able to resolve vertical velocity gradients with
a precision better than ∼50 km, thus limiting their ability
to accurately locate boundaries such as the LAB, which in
certain regions appear to be relatively sharp (e.g., 5–10 km
[Rychert et al., 2005; Chen et al., 2006]). In contrast, con-
verted phases such as P‐to‐s (Ps) and S‐to‐p (Sp) are well
suited for interrogating such upper mantle discontinuities
(e.g., the Moho, LAB, 410‐km and 660‐km), and in recent
years these phases have been widely used to image the LAB
and discontinuities within the lithosphere [e.g., Sacks et al.,
1979; Bostock, 1998; Li et al., 2000; Collins et al., 2002;
Oreshin et al., 2002; Li et al., 2004; Kumar et al., 2005a,
2005b; Rychert et al., 2005, 2007; Vinnik et al., 2005; Chen
et al., 2006; Mohsen et al., 2006; Sodoudi et al., 2006a,
2006b;Wölbern et al., 2006; Hansen et al., 2007; Heit et al.,
2007; Kumar et al., 2007; Li et al., 2007; Wittlinger and
Farra, 2007; Ozacar et al., 2008; Savage and Silver, 2008;
Snyder, 2008; Chen, 2009; Ford et al., 2009; Hansen et al.,
2009; Kawakatsu et al., 2009; Rychert and Shearer, 2009;
Rychert et al., 2010; Fischer et al., 2010].
[4] Here we present a continental‐scale investigation that

employs Ps and Sp receiver functions to image upper mantle
discontinuity structure beneath the contiguous United States

and portions of southeast Canada and northwestMexico. This
study focuses on estimating the thickness of the high velocity
seismic lid, which we will refer to as the lithosphere. Our
results indicate at least one negative velocity contrast exists at
mantle depths beneath most of the continental United States.
In the tectonically active western U.S. and portions of the
eastern U.S., the largest negative Sp phase correlates with
surface wave constraints on the LAB. However, in the central
U.S. and some eastern zones, the depth of the inferred dis-
continuity is much shallower than that estimated for the base
of the lithosphere from surface and body wave tomography,
suggesting the presence of layering within the lithosphere. In
addition, the amplitude of negative Sp phases in the western
U.S. is much larger than in the central and eastern U.S.,
indicating a stronger impedance contrast in the west, likely
due to a weaker asthenosphere.

2. Data

[5] Searching the USGS National Earthquake Information
Center (NEIC) global event catalog for events with MW> =
5.8 and epicentral distance between 35° and 80° through the
end of March 2009, we compiled waveform data from the
Incorporated Research Institutions for Seismology (IRIS)
Data Management Center (DMC) for 121 permanent seismic

Figure 1. Permanent seismic stations used in this study, topography, and tectonic boundaries. The stations
are distinguished by network, and the five stations presented as detailed examples in section 4.2 (VTV,
ULM, HRV, FVM, and SDMD) are highlighted. See Table 1 for network information and auxiliary material
Figure S1 for all station locations. Major boundaries between Archean, Proterozoic, and Phanerozoic
lithotectonic terranes are shown schematically with thick gray lines [Rivers, 1997; Chulick and Mooney,
2002; Griffin et al., 2004], and the Rio Grande Rift (RGR), Colorado Plateau (CP), Basin and Range
(BR), High Lava Plains/Snake River Plain/Columbia Plateau (HSC), Cascades volcanic arc (CA), and Sierra
Nevada batholith (SN) are shown with thick black lines [Freeman and Johnson, 1946]. Topography and
bathymetry are from Smith and Sandwell [1997].
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stations from 18 different networks in the United States,
Canada, and Mexico (Figure 1 and Table 1). To avoid con-
tamination with pPPP, pPPPP, and sPPPP [Wilson et al.,
2006], we included only events with depths <300 km for
Sp analysis. In addition, S waves at distances <55° are post‐
critical (i.e., vertical incidence angles are too large and no
converted Sp phase will be produced) and at distances
>75° SKS and SKSp phases will potentially interfere with
the Sp phase [Wilson et al., 2006]. Therefore, we further
restricted our Sp analysis to events from epicentral distances
of 55°–75°. Station operations times range from 1 to 20 years,
starting as early as 1988, and the resulting data set contains
more than 52,000 waveforms.

3. Receiver Function Methodology

[6] A key feature of the receiver function approach is to
deconvolve parent component waveforms (P for Ps and SV
for Sp) from daughter components (SV for Ps and P for Sp)
in order to normalize variations in earthquake source‐time
functions and to enhance the signal of energy converted at
impedance contrasts beneath a particular station. Although
techniques for generating Ps and Sp receiver functions
[Langston, 1977; Vinnik, 1977; Ammon, 1991; Bostock,
1998; Farra and Vinnik, 2000] have become relatively
standard [e.g.,Oreshin et al., 2002; Vinnik et al., 2004, 2005;
Kumar et al., 2005a, 2005b, 2006; Rychert et al., 2005, 2007;
Yuan et al., 2006; Li et al., 2007; Rychert and Shearer, 2009],
there are several choices in the analysis process that can affect
the resulting receiver functions. Furthermore, due to the large
number of waveforms employed in this study (and even larger
volumes likely to be used in the future application of our
approach to data from the EarthScope Transportable Array)
we have developed a semi‐automated waveform analysis
procedure. Therefore, we provide details on several key steps
of our methodology in order to minimize ambiguity and to
allow for our work to be more easily replicated.

3.1. Phase Picking

[7] DirectP and S phase arrival times were determined with
an automated picking algorithm based on the short‐term‐

average (STA) to long‐term‐average (LTA) moving window
method of Earle and Shearer [1994]. For a point in time (e.g.,
ti) along the envelope function of a seismogram, the ratio
of the mean of the amplitudes in a short window following ti
(i.e., a “signal” window or the STA) to the mean of the
amplitudes in a long window preceding ti (i.e., a “noise”
window or the LTA) was measured. The envelope was cal-
culated by taking the absolute value of the Hilbert transform
of the filtered waveform (0.5–1.5 Hz for P and 0.1–0.75 Hz
for S; note that a slightly different bandpass is used in the
deconvolution (section 3.4)). We used a signal window
length of 5 and 10 seconds for the P and S phases, respec-
tively, with a noise window length four times that of the
signal window (Figures 2e and 2f). We calculated the signal‐
to‐noise ratio (S2N) of the envelope function for a window
of ± 25 seconds around the arrival time predicted by the 1‐D
reference Earth model AK135 [Kennett et al., 1995]
(Figures 2a and 2d). The S2N function was smoothed by
convolving it with a Hanning window of the same length as
the signal window (Figures 2g and 2h). Here, the peak value
in this smoothed S2N function was taken as the phase arrival
time, rather than the inflection point preceding the peak used
by Earle and Shearer [1994]. In cases where the maximum
S2N value falls below a value of 2, we relied on the predicted
phase arrival time from AK135.

3.2. Determining P and SV Components

[8] To accurately recover the parent and daughter wave-
forms, the Z‐N‐E components were rotated into Z‐R‐T and
then transformed into P‐SV‐SH using the free‐surface
transfer matrix [Kennett, 1991]
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where a and b are the near surface compressional and shear
velocities, respectively, qa = (a−2

− p2)0.5, qb = (b−2
− p2)0.5,

Table 1. Network Affiliations for the Seismic Stations Used in This Studya

NET Network Name Institution/Affiliation

AZ ANZA Regional Network University of California, San Diego
BK Berkeley Digital Seismic Network University of California, Berkeley
CI Caltech Regional Seismic Network California Institute of Technology
CN Canadian National Seismograph Network Geological Survey of Canada
CT California Transect Network University of California, Santa Cruz
G GEOSCOPE Institut de Physique du Globe de Paris
IM International Miscellaneous Stations
IU Global Seismograph Network (IRIS/USGS) IRIS/USGS Albuquerque Seismological Laboratory
LB Leo Brady Network Sandia National Laboratory
LD Lamont‐Doherty Cooperative Seismographic Network Lamont‐Doherty Earth Observatory, Columbia University
LI Laser Interferometer Gravitational‐Wave Experiment (LIGO) California Institute of Technology/USGS
NE Northeastern United States Networks Massachusetts Institute of Technology/Boston College
NM Cooperative New Madrid Seismic Network Saint Louis University/Memphis State
NR NARS‐Baja Seismic Network California Institute of Technology/University of Utrecht
TS TERRAscope California Institute of Technology
UO University of Oregon Regional Network University of Oregon
US United States National Seismic Network USGS/IRIS
UW Pacific Northwest Regional Seismic Network University of Washington

aAll data were acquired from the IRIS DMC.
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and p is the ray parameter of the direct phase. The free‐surface
velocities (a, b) were determined for each waveform at a
particular station by finding values for VP (between 3.5 and
7 km/sec) and VP /VS (between 1.6 and 2.0) that, when applied

in equation (1), minimized the correlation between the P and
SV components in a short window around the phase arrival.
For Ps, we chose a window from 0.5TP seconds before to TP

seconds after theP arrival, where TP is the dominantP period.

Figure 2. Example of the coordinate system rotation and phase picking routine employed in the pre‐
processing of waveform data: (left) Windows around the P arrival time and (right) windows around the S
arrival time. For this signal:noise (S2N) analysis, waveforms for Ps (left) are bandpass filtered at 0.5–
1.5 Hz (0.1–0.75 Hz for Sp, right). The Z and R components (thin black lines in Figures 2a–2d) are trans-
formed into P and SV (thick blue and red lines in Figures 2a–2d, respectively) with the free‐surface trans-
form [Kennett, 1991] (see section 3.2). The large reduction in amplitude on the transformed daughter
components (SV for Ps and P for Sp) relative to the Z‐R components is easily observed. The vertical gray
line shows the predicted phase arrival time from the 1‐D reference Earth model AK135 [Kennett et al.,
1995]. Figures 2e and 2f display the envelope of each parent waveform and the signal and noise win-
dows used. The window of time for which S2N is calculated is shown in Figures 2a and 2d. The resulting
S2N functions are in Figures 2g and 2h, and the peak in S2N is indicated by the vertical green line, which
also appears in Figures 2a–2f, 2i, and 2j. Although the predicted AK135 and calculated S2N arrival times are
similar for P, a more accurate pick of the S arrival is made by the S2N analysis. The full windows used in the
deconvolution are shown in Figures 2i and 2j; note the slight difference in time scale in Figures 2a–2h.
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For Sp, the window starts at the S arrival and its length equals
the dominant S period. We stacked all cross‐correlation sur-
faces that have a well‐defined minimum correlation in VP‐

VP /VS space for both the P and S arrivals, and defined the best
free‐surface velocities for a particular station as the minimum
of this stack. We tested this approach with synthetic seis-
mograms and found that our use of the free‐surface transform
accurately separated the P and SV components and that the
free‐surface VP and VP /VS values retrieved from stacking
cross‐correlation surfaces matched the model used to gener-
ate the synthetics. We also experimented with allowing the
incident phase ray parameter to vary from its initial value, but
this step had a negligible effect on results with real data. Note
that our method differs from other studies [e.g.,Oreshin et al.,
2002; Vinnik et al., 2004; Kumar et al., 2005a, 2005b;
Li et al., 2007] in which the P and SV components are
assumed to be orthogonal and are determined by rotating the
vertical and radial waveforms until the P component ampli-
tude at the direct S arrival time sample is minimized.

3.3. Deconvolution

[9] Because of the relatively small magnitude of scattered
wave energy on individual waveforms (e.g., Figures 2b and
2c), we enhanced the signal of convertedwaves by combining
all waveforms at a particular station. For Ps, the daughter
component (SV) window included 25 s before and 75 s after
the direct P arrival pick (Figure 2i); for Sp, the window was
75 s before and 25 s after the direct S arrival (Figure 2j). The
parent components were tapered to zero with a 0.5 s cosine
taper before the phase arrival pick. Waveforms were first
bandpass filtered (0.03–1 Hz for Ps and 0.03–0.5 Hz for Sp)
and then normalized by the maximum amplitude of the parent
component and weighted according to the parent phase S2N.
[10] We retrieved a response function (i.e., our receiver

function) in time (RFtime) by deconvolving the parent phase
from the daughter component for a range of possible con-
version depths (zc). We employed a simultaneous deconvo-
lution in the frequency domain (following Bostock [1998])
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where PCi and DCi are the i
th waveforms (in the frequency‐

domain,w) of the parent (P forPs and SV for Sp) and daughter
(SV for Ps and P for Sp) components, respectively; the *
indicates the complex conjugate, F−1 is the inverse Fourier
transform. To correct for the different move‐out of phases
with different ray parameters, a time shift (t) was applied to
each waveform to align it with a reference ray parameter
(pref); we chose a pref corresponding to an epicentral distance
of 60° for Ps and 65° for Sp. t is a function of ray parameter
(pi) and conversion depth (zc). d is a regularization parameter
(water level) and effectively acts as a low‐pass filter. d was
chosen objectively such that the general cross validation
function of the parent and daughter waveforms was mini-
mized [Golub et al., 1979]. In other words, the chosen water
level produced the receiver function that when convolved
with the parent component best‐replicated the daughter

component [see Bostock, 1998, equations 4–6]. We also
calculated receiver functions with an iterative time‐domain
deconvolution [Ligorria and Ammon, 1999] to determine
if artifacts from spectral division in the frequency‐domain
deconvolution (i.e., side‐lobes) contaminate the phases
observed on the receiver functions presented in section 4. The
results of the two methods in general agree, and side‐lobes
and similar artifacts have negligible impact on the phases
interpreted in this study.
[11] The critical ray parameter for a converted phase

changes with discontinuity depth such that Sp conversions
at mantle depths are sometimes not predicted for the lower
end of our epicentral distance range in the assumed mantle
velocity models. Therefore, only waves with pre‐critical ray
parameters for a particular discontinuity depth were included
in the deconvolution when calculating the RFtime for that
particular depth. Pre‐critical Ps conversions are predicted at
all depths within the epicentral distance range investigated
here (35°–80°).

3.4. Migration

[12] The receiver functions in time from equation (2)
were mapped to depth by extracting amplitudes from each
RFtime(zc) according to the predicted delay time (Ps‐P or
Sp‐S) versus depth function for a particular upper mantle
velocity model for the reference ray. We calculated and
migrated receiver functions assuming two different veloc-
ity models. Crustal parameters in both models were either
calculated by H‐k stacking of Ps waveforms [Zhu and
Kanamori, 2000] or taken from Crust2.0 [Bassin et al.,
2000] when the Ps receiver functions displayed too much
complexity at crustal depths to permit simple interpretation of
H‐k stacks (Table 2). The first mantle model is the 1‐D ref-
erence Earth model AK135 [Kennett et al., 1995]. The second
is a three‐dimensionally varying model, in which 1‐D
velocity models for each station were constructed using
mantle VP from Burdick et al. [2008] and mantle VS from
Yuan and Romanowicz [2010]. The absolute VP and VS pro-
files for each station were azimuthal averages of the respec-
tive model at a distance of 125 km from station. This distance
approximates Sp conversion point distances from the station
for a discontinuity at 100 km depth.
[13] The mantle VSmodel is the isotropic component of the

UC‐Berkeley 3‐D tomographic shear wave velocity structure
of the North American continent [Yuan and Romanowicz,
2010]. In the framework of normal mode asymptotic cou-
pling theory [Li and Romanowicz, 1995], which includes
finite frequency kernels, we simultaneously inverted long
period surface waveforms for isotropic S‐velocity structure
and a parameter that describes VSH versus VSV anisotropy (x)
[Marone et al., 2007]. The surface‐wave dataset consisted
of over 150,000 3‐component fundamental and higher mode
waveforms from permanent and temporary broadband seis-
mic stations across the continent, including the USArray
Transportable Array and Permanent Backbone stations and
the Canadian National Seismograph Network, which greatly
improve path and azimuth coverage. The model was con-
structed starting from a new global 1D reference Earth model
that is based on a combination of seismic and mineral physics
data [Cammarano and Romanowicz, 2007] and is smooth
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Table 2. Summary of Observed Receiver Function Parametersa

NET STA #Ps #Sp

Crustal Model Receiver Function Interpretations

Source Moho Vp Vp/Vs M3D (M1D) "M3D ("M1D) N3D (N1D) "N3D("N1D) LAB?

BK CMB 724 340 Crust2.0 38 6.31 1.78 41 (41) 2 (1) 78 (76) 8 (9) LAB
BK JRSC 188 106 H‐k Stack 33 6.39 1.59 32 (32) 3 (3) ‐ ‐ ‐

BK ORV 238 117 H‐k Stack 34 6.48 1.85 35 (35) 4 (4) 78 (77) 8 (9) LAB
BK PKD 197 101 H‐k Stack 28 6.18 1.81 30 (29) 2 (2) 79 (76) 18 (18) LAB
BK WDC 274 144 Crust2.0 37 6.56 1.77 26 (27) 2 (2) 70 (68) 15 (16) LAB
BK YBH 108 53 Crust2.0 34 6.56 1.77 37 (37) 8 (7) 59 (58) 8 (8) LAB
CI CWC 482 273 H‐k Stack 30 6.27 1.8 32 (30) 32 (30) ‐ ‐ ‐

CI DGR 626 326 H‐k Stack 33 6.23 1.78 34 (34) 1 (1) 67 (65) 9 (9) LAB
CI GSC 607 313 H‐k Stack 23 6.25 1.96 26 (26) 2 (2) 61 (59) 6 (6) LAB
CI PAS 869 500 H‐k Stack 27 6.26 1.76 28 (28) 3 (3) 70 (66) 8 (8) LAB
CI RPV 436 236 H‐k Stack 29 6.28 1.6 30 (30) 2 (2) 65 (63) 8 (7) LAB
CI SVD 336 173 H‐k Stack 31 6.22 1.96 31 (31) 2 (2) 79 (75) 18 (16) LAB
CI TOV 411 230 H‐k Stack 23 6.25 1.91 36 (35) 2 (2) 75 (72) 24 (23) LAB
CI USC 243 227 Crust2.0 27 6.26 1.78 ‐ ‐ 58 (55) 13 (12) LAB
CI VTV 369 187 H‐k Stack 25 6.24 1.92 25 (25) 2 (2) 68 (66) 10 (10) LAB

CN SADO 187 120 H‐k Stack 38 6.49 1.77 40 (40) 2 (2) 90 (90) 21 (19) MLD
CN ULM 205 85 H‐k Stack 34 6.42 1.73 36 (36) 2 (2) 101 (96) 14 (14) MLD

CT FERN 45 24 Crust2.0 29 6.38 1.79 24 (25) 16 (14) 66 (63) 8 (7) LAB
CT SAVY 10 8 Crust2.0 31 6.35 1.79 25 (25) 2 (2) ‐ ‐ ‐

G SCZ 735 419 H‐k Stack 24 6.32 1.77 25 (24) 4 (3) 70 (66) 15 (16) LAB
IM NV31 176 94 H‐k Stack 36 6.28 1.74 37 (36) 2 (2) 102 (100) 10 (9) LAB
IM PD31 340 143 Crust2.0 45 6.18 1.76 36 (36) 1 (1) ‐ ‐ ‐

IM TX31 272 148 H‐k Stack 36 6.34 1.8 37 (37) 2 (2) 83 (82) 19 (19) LAB
IM TX32 245 138 H‐k Stack 36 6.34 1.81 36 (36) 1 (1) 80 (79) 17 (17) LAB
IU CCM 373 256 H‐k Stack 45 6.5 1.79 46 (46) 2 (1) 88 (86) 19 (13) ???
IU DWPF 312 201 H‐k Stack 35 6.24 1.91 36 (36) 2 (2) ‐ ‐ ‐

IU HKT 340 275 H‐k Stack 34 5.73 1.61 36 (35) 2 (2) 76 (73) 9 (9) LAB
IU HRV 635 421 H‐k Stack 31 6.4 1.66 33 (33) 2 (2) 111 (106) 7 (7) LAB

IU SSPA 242 140 Crust2.0 39 6.32 1.76 ‐ ‐ 109 (108) 38 (12) ???
IU TUC 500 241 H‐k Stack 31 6.22 1.68 33 (33) 3 (3) 80 (79) 7 (7) LAB
IU WCI 289 177 Crust2.0 41 6.47 1.77 52 (52) 5 (4) 97 (93) 7 (7) MLD
IU WVT 298 203 H‐k Stack 36 6.46 1.99 38 (38) 1 (1) 113 (110) 7 (6) MLD
LB BMN 406 178 H‐k Stack 29 6.28 1.77 30 (30) 2 (2) 51 (51) 32 (30) LAB
LB DAC 172 89 H‐k Stack 32 6.28 1.75 33 (33) 4 (4) ‐ ‐ ‐

LB MVU 62 39 H‐k Stack 38 6.23 1.79 42 (41) 2 (3) ‐ ‐ ‐

LB TPH 402 190 H‐k Stack 35 6.28 1.77 36 (36) 2 (2) 83 (81) 8 (7) LAB
LD ACCN 311 204 H‐k Stack 44 6.44 1.79 45 (45) 2 (2) 73 (73) 12 (10) ???
LD BRNJ 246 153 H‐k Stack 40 6.14 1.79 40 (41) 3 (3) 89 (87) 8 (8) LAB
LD LOZ 26 22 H‐k Stack 41 6.42 1.86 42 (43) 3 (4) ‐ ‐ ‐

LD MVL 263 161 Crust2.0 33 6.31 1.79 45 (44) 6 (6) 75 (72) 16 (15) LAB
LD PAL 456 298 H‐k Stack 40 6.17 1.67 42 (42) 3 (3) 79 (77) 10 (9) LAB
LD PTN 104 58 H‐k Stack 39 6.42 1.81 38 (37) 2 (3) 69 (68) 11 (11) MLD
LD SDMD 253 159 H‐k Stack 30 6.3 1.71 32 (32) 3 (3) 105 (101) 9 (9) ???

LI LTH 285 138 H‐k Stack 33 6.55 1.87 33 (33) 1 (1) 76 (75) 14 (14) LAB
NE FFD 86 64 Crust2.0 37 6.42 1.76 29 (29) 2 (2) ‐ ‐ ‐

NE HNH 19 57 Crust2.0 34 6.45 1.78 32 (30) 7 (5) ‐ ‐ ‐

NE PQI 87 70 H‐k Stack 33 6.42 1.79 34 (34) 3 (2) ‐ ‐ ‐

NE WES 73 62 H‐k Stack 30 6.36 1.73 32 (32) 2 (2) ‐ ‐ ‐

NE WVL 78 45 H‐k Stack 35 6.42 1.74 35 (36) 2 (3) 98 (94) 12 (11) LAB
NE YLE 73 51 H‐k Stack 30 6.25 1.74 32 (32) 3 (2) ‐ ‐ ‐

NM BLO 398 234 Crust2.0 41 6.48 1.77 52 (51) 2 (2) 111 (106) 14 (13) MLD
NM FVM 210 125 Crust2.0 42 6.46 1.78 46 (45) 3 (3) 101 (99) 11 (10) ???

NM MPH 188 215 Crust2.0 38 6.31 1.78 38 (38) 2 (2) ‐ ‐ ‐

NM PLAL 211 148 Crust2.0 36 6.51 1.77 45 (44) 8 (7) 83 (81) 8 (7) MLD
NM SIUC 331 206 Crust2.0 41 6.44 1.77 49 (49) 3 (2) 75 (73) 8 (8) ???
NM SLM 416 230 H‐k Stack 44 6.45 1.93 45 (44) 2 (3) 77 (76) 13 (13) ???
NM UALR 200 165 H‐k Stack 29 6.25 1.93 30 (30) 3 (3) 104 (100) 12 (15) ???
NM UTMT 209 180 H‐k Stack 21 6.44 2 23 (23) 1 (1) 76 (72) 7 (6) ???
NR NE70 97 55 Crust2.0 30 6.26 1.78 ‐ ‐ 52 (50) 11 (9) LAB
NR NE71 169 73 H‐k Stack 33 6.26 1.82 34 (34) 2 (2) 67 (66) 7 (7) LAB
TS PFO 356 211 H‐k Stack 29 6.2 1.72 29 (29) 2 (2) 77 (73) 12 (14) LAB
UO PIN 254 129 Crust2.0 37 6.42 1.77 45 (42) 11 (8) 66 (65) 6 (6) LAB
US AAM 215 114 H‐k Stack 41 6.49 1.91 43 (41) 6 (7) 90 (86) 11 (9) MLD
US ACSO 251 159 H‐k Stack 43 6.25 1.86 44 (44) 16 (15) ‐ ‐ ‐

US BINY 309 209 Crust2.0 36 6.3 1.76 43 (43) 11 (10) 122 (116) 44 (43) ???
US BLA 266 168 Crust2.0 37 6.43 1.76 35 (36) 2 (2) 69 (68) 12 (9) MLD
US CBKS 330 173 H‐k Stack 47 6.45 1.77 48 (48) 1 (1) 69 (68) 8 (8) ???
US CBM 6 H‐k Stack 39 6.42 1.78 41 (41) 3 (3) ‐ ‐ ‐

US CBN 187 120 Crust2.0 32 6.37 1.78 ‐ ‐ 90 (87) 20 (22) ???
US CEH 25 15 H‐k Stack 34 6.54 1.81 34 (34) 2 (2) 99 (95) 11 (10) MLD
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at 220 km. A crustal correction approach that accounts for
non‐linearities was employed [Lekić et al., 2010].
[14] The choice of velocity model, in particular the VP‐VS

ratio, has an impact on the depth to which the receiver
function phases migrate, but we found very little difference in
the receiver functions migrated with AK135 and those from
the 3‐Dmodel. Althoughwe present depths from bothmodels
in Table 2, for simplicity, all receiver functions shown in this
paper were migrated with the 1‐D station profiles extracted
from the 3‐D mantle velocity model.

3.5. Error Estimation

[15] Errors were estimated for individual receiver functions
by bootstrapping. For both Ps and Sp at each station, 20% of
the waveforms were replaced with another random 20% of
the waveforms, and the receiver functions were recalculated.
This process was repeated 100 times and both the mean and
standard deviation (s) of the resulting set of receiver func-
tions were calculated.We consider the well‐resolved portions
of the receiver functions to be those still significant at 2s from
the mean receiver function (i.e., positive amplitudes below
the mean‐2s and negative amplitudes above the mean+2s).
Errors in depth (amplitude) estimates were calculated from
the maximum distance in depth (amplitude) from the pick to
the mean ± 2s (Figure 3). Although the receiver functions
presented here were generated by stacking all available data,
we also tried culling the data by both S2N and by the misfit
between the direct phase arrival time predicted by AK135 and
that calculated from the S2N analysis. When excluding Ps
and Spwaveformswith S2N less than 4 and 2, respectively, as
well as phase arrival time discrepancies of more than 15 s, we

Table 2. (continued)

NET STA #Ps #Sp

Crustal Model Receiver Function Interpretations

Source Moho Vp Vp/Vs M3D (M1D) "M3D ("M1D) N3D (N1D) "N3D("N1D) LAB?

US ELK 397 145 H‐k Stack 31 6.28 1.74 32 (32) 2 (2) 56 (54) 6 (7) LAB
US EYMN 212 75 H‐k Stack 41 6.47 1.79 44 (44) 2 (2) 94 (89) 10 (10) MLD
US GOGA 151 98 H‐k Stack 31 6.53 2 41 (32) 3 (2) 101 (90) 5 (5) LAB
US GWDE 35 29 Crust2.0 29 5.95 1.8 38 (38) 3 (3) ‐ ‐ ‐

US ISA 38 22 H‐k Stack 31 6.24 1.92 32 (32) 2 (1) 62 (61) 12 (11) LAB
US ISCO 386 162 H‐k Stack 25 6.19 1.98 45 (43) 4 (3) 79 (76) 21 (20) LAB
US JCT 212 151 H‐k Stack 44 6.35 1.86 45 (44) 2 (2) 94 (94) 9 (12) LAB
US JFWS 194 97 H‐k Stack 35 6.53 1.98 37 (36) 3 (3) 59 (58) 12 (11) MLD
US LBNH 297 189 Crust2.0 39 6.42 1.75 40 (40) 3 (3) 99 (93) 27 (35) LAB
US LKWY 265 186 H‐k Stack 30 6.2 1.61 30 (30) 2 (2) 90 (87) 7 (6) ???
US LRAL 189 127 Crust2.0 32 6.46 1.78 49 (48) 2 (2) 91 (91) 21 (19) MLD
US LSCT 26 53 H‐k Stack 25 6.37 1.9 24 (24) 3 (3) ‐ ‐ ‐

US LTX 202 125 H‐k Stack 36 6.34 1.8 37 (37) 2 (2) 81 (79) 12 (22) LAB
US MCWV 280 178 Crust2.0 44 6.22 1.76 47 (45) 3 (2) 91 (87) 11 (12) MLD
US MIAR 264 175 H‐k Stack 47 6.29 1.77 49 (49) 2 (2) ‐ ‐ ‐

US MNV 256 67 H‐k Stack 36 6.28 1.73 37 (37) 2 (1) 80 (78) 10 (12) LAB
US MYNC 54 42 Crust2.0 37 6.45 1.77 55 (54) 2 (2) ‐ ‐ ‐

US NCB 319 204 H‐k Stack 39 6.42 1.91 40 (40) 2 (2) 109 (106) 19 (19) ???
US NHSC 148 116 Crust2.0 30 6.2 1.79 36 (36) 5 (5) 57 (55) 6 (6) ???
US SAO 183 100 Crust2.0 28 6.33 1.79 34 (32) 28 (21) 79 (75) 13 (12) LAB
US WMOK 167 119 H‐k Stack 31 6.39 1.53 30 (30) 3 (3) 84 (81) 7 (8) ???
UW GNW 191 151 Crust2.0 38 6.58 1.77 ‐ ‐ 104 (104) 6 (6) LAB
UW LTY 195 104 Crust2.0 40 6.52 1.76 ‐ ‐ 104 (104) 7 (6) LAB

aFor each station, the number of waveforms used in the deconvolution and the crustal model used in the migration are given. The depth picks of the most
prominent positive Ps (M) and negative Sp (N) phase from the receiver functions are presented for both the 3‐D and 1‐D (in parentheses) migration models,
along with their errors ("). Based on the 3‐D VSmodel used here, we interpret the negative Sp phase as the lithosphere‐asthenosphere boundary (LAB), a mid‐
lithospheric discontinuity (MLD), or as a discontinuity of ambiguous origin (???). See the beginning of section 4 for an explanation of the basis for these
interpretations. Individual stations shown in Figures 4–8 are in bold (VTV, ULM, HRV, FVM, and SDMD).

Figure 3. Illustration of receiver function parameter error
estimates. The thick black line is the mean receiver function
from the bootstrap testing, and the thin black lines on either
side of the mean are the bootstrap ± 2 standard deviations
(2s). For the Moho (M) phase pick, the error in depth ("Md)
is taken as the maximum distance from the pick on the mean
receiver function to the +2s line; for the negative phase pick
(N), the −2s line is used to measure the error ("Nd). Error in
amplitude ("Ma or "Na) is simply the 2s value at the depth
of the pick. Although we illustrate these error estimates on
the same receiver function here, the values found in Table 2
have been calculated from either Ps for M or Sp for N.
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found no appreciable difference between the culled receiver
functions and those calculated using all available data.

4. Results and Observations

[16] Of the 121 stations in our data set (Figure 1), 93 were
found to have interpretable Ps (87) and/or Sp (73) receiver
functions (Table 2 and auxiliary material Figure S1 and
Table S1), and we present these in several formats.1 First, five
receiver function examples at individual stations from dif-
ferent tectonic regions are given to illustrate the phases that
we interpret (Figures 4–8), and results for all stations are
summarized in Table 2. Second, to display the receiver
function interpretations as a whole, the depths and amplitudes
of the most prominent “negative” phase observed on the Sp
receiver functions are plotted in map view (Figure 9). The
depths of the first and largest positive phase in the Ps receiver
functions (the phase from the Moho) are shown in auxiliary
material Figure S2. As in most receiver function studies, we
have reversed the amplitude of the Sp receiver functions to
allow for a direct comparison with the Ps receiver functions;
with this convention, a negative phase corresponds to a drop
in velocity with depth. Lastly, four cross‐sections through
the study region demonstrate the variations of both the Moho
and negative Sp phase depths with respect to the Sp receiver
functions (Figure 10).

4.1. Rationale for Discontinuity Depth Estimates From
Receiver Functions

[17] Moho depths were inferred from the first major posi-
tive phase in the Ps receiver functions at reasonable depths
(i.e., 20–60 km), but this phase is typically present in the
Sp receiver functions as well (e.g., Figures 4a–4d). Crustal
multiples from the P phase conversion at the Moho (e.g.,
Ppps, Psps, Ppss) typically migrate to depths of 100–200 km
(i.e., within the predicted LAB depth range for much of the
central and eastern U.S.); crustal reverberations migrate to
greater depth at larger epicentral distances and are often
prominent and easily distinguishable from direct conversions,
which do not move out (e.g., Figure 4b). These reverberations
can mask other direct phases (e.g., the LAB), and to avoid
this interference, mantle discontinuity depths were picked
from the largest negative phase in the Sp receiver function
below the Moho phase. In making these depth estimates, we
assessed both the individual receiver functions (Figures 4a–
8a and 4c–8c) and phase consistency across receiver
functions binned by epicentral distance (Figures 4b–8b and
Figures 4d–8d). When multiple negative phases exist in the
Sp receiver functions, we selected the phase with the largest
(most negative) amplitude. However, this choice of a single
depth for inclusion in Table 2 obviously does not preclude
the interpretation of other phases as indicating significant
upper mantle structure.
[18] To guide our interpretation of the negative phases

picked on the Sp receiver functions as either the LAB or a
mid‐lithospheric discontinuity (MLD), we compared the
depth of these phases with absolute VS in the 3‐D shear
velocity model used in the migration [Yuan and Romanowicz,
2010]. We estimated the most likely LAB depth range from

the VS model to be from the minimum VS below the Moho up
to the next local peak in VS (i.e., the transition from the most
prominent low velocity zone, LVZ, to the overriding high
velocity lid). In the western U.S. (e.g., station VTV, Figure 4)
and within the cratonic core of the continent (e.g., station
ULM, Figure 5) interpretation of the potential LAB depth
range from the VS model is straightforward. However, over a
significant fraction of the central U.S. and the Phanerozoic
eastern U.S., the absolute VS profiles are fast with respect to
the reference Earth model AK135 and contain two local
minima, one typically near 100 km depth and a second near
200–250 km depth (Figures 6e–8e). In these circumstances,
potential LAB depth ranges were defined only when the
true VS minimum below the Moho is more than 0.5% slower
relative to any other local minimum. For example, the two
VS minima at station HRV are 4.5633 km/s (100 km) and
4.5979 km/s (220 km), yielding a difference of 0.7570%
(Figure 6e). Where this criterion is not met, no potential LAB
depth range was defined and the interpretation of the negative
Sp phase was designated as “ambiguous”. This situation
occurs, for example, at station FVMwhere the twoVSminima
have a difference of only 0.1166% (Figure 7e) and at station
SDMDwhere the difference in VS between the two minima is
0.3467% (Figure 8e).
[19] Although the depth of the maximum negative velocity

gradient has also been used to define the LAB (see Eaton
et al. [2009] for a review of seismological definitions of the
LAB), we found that, in the VS model used here, the depth of
the most negative dVS /dz value in our estimated LAB depth
range is often not the maximum negative dVS /dz (the absolute
minimum in dVS /dz). However, for comparison, we illustrate
both the estimated LAB depth range (gray shaded regions in
Figures 4–6) and all local minima in dVS /dz (gray circles in
Figures 4–8; the larger circle denotes the depth of the most
negative dVS /dz).

4.2. Selected Receiver Function Examples

4.2.1. VTV (CI): San Andreas Fault (Southern
California, U.S.)
[20] Station VTV is located on the northern side of the

southern San Andreas Fault near the southwestern edge of the
Basin and Range (Figure 1) where upper mantle velocities are
considerably slower than beneath the central and eastern U.S.
[e.g., van der Lee and Nolet, 1997; Grand, 2002; Marone
et al., 2007; Burdick et al., 2008, Nettles and Dziewonski,
2008; Yuan and Romanowicz, 2010]. Crustal thickness esti-
mates from H‐k stacking and from the migrated Ps receiver
functions (Figure 4a) are 25 km and 25 ± 2 km, respectively
(Table 2), and are somewhat smaller than those from Crust2.0
[Bassin et al., 2000] (28 km) andChulick andMooney [2002]
(∼30 km).
[21] The Sp receiver function displays a single large posi-

tive Moho phase (at a depth similar to the Ps Moho) and a
single large negative phase at 68 ± 10 km (Figure 4c). The
depth of the negative Sp phase (horizontal magenta line) falls
within the transition from the LVZ to the shallow higher
velocity lid (gray region in Figure 4). Therefore, this phase
was interpreted as the LAB. The inferred depth of the LAB at
VTV is comparable to values found in the Sp receiver func-
tion study of Li et al. [2007]. The amplitude of the negative
Sp phase at VTV, as well as at other stations in the western
U.S. in general, is larger than at most stations in the central

1Auxiliary materials are available in the HTML. doi:10.1029/
2009jb006914.
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Figure 4. Ps and Sp receiver functions and VS at station VTV. As in Figure 3, the mean single receiver
functions (Figures 4a and 4c) from the bootstrap testing are shown as thick black lines and ± 2s is given by
the thin black lines. The Ps and Sp receiver functions binned by distance are in Figures 4b and 4d,
respectively, and are not bootstrapped. Blue indicates positive amplitude (a velocity increase with increasing
depth) and red indicates negative. In Figures 4a and 4c, the portions colored red and blue represent the
minimum absolute values of amplitude, accounting for the 2s uncertainties. The Moho phase (the large
positive phase at 25 km depth) is picked on the Ps receiver function and highlighted with the horizontal cyan
line across each plot, and themost prominent negative phase following theMoho is picked on the Sp receiver
function and marked with the magenta line at 68 km depth. 2s errors for both the Moho and negative Sp
phase are given by the dashed cyan and magenta lines, respectively. Clear crustal reverberations are marked
in Figure 4b with black arrows. The mantle shear velocity profile at VTV extracted from the 3‐D model
[Yuan and Romanowicz, 2010] is shown with the thick red line in Figure 4e; the dashed red line shows
AK135 [Kennett et al., 1995] for reference. The gray shaded region shows the depth range whose lower
boundary is the depth of the minimum VS value below theMoho and whose upper boundary is the next peak
in VS (i.e., where dVS /dz becomes negative). We consider this gray region the most likely location for the
LAB based on the 3‐D VS model. If the most prominent negative Sp phase falls within this region, as is the
case here, we interpret the phase to represent a conversion at the LAB (Table 2). Gray circles mark points in
the VS profile where a local minimum (negative trough) in the gradient of VS exists, with the larger circle
being the most negative minimum (most negative dVS /dz); thin dashed black lines extend from these points.
VTV is representative of most stations in the western U.S. in that the negative Sp phase has a larger
amplitude than is common in the central and eastern U.S.
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and eastern U.S. The Ps receiver function does contain a
negative phase at a similar depth as the Sp “LAB” (Figures 4a
and 4c), but this phase cannot be as unambiguously attributed
to a direct phase given the proximity of crustal reverberations
(Figure 4b).
4.2.2. ULM (CN): Superior Craton (Manitoba,
Canada)
[22] Station ULM is located within the Archean Superior

craton (Figure 1) where seismic studies [e.g., van der Lee and
Nolet, 1997; Grand, 2002; Godey et al., 2004; Ritsema et al.,
2004; Darbyshire et al., 2007; Marone et al., 2007; Burdick
et al., 2008; Yuan and Romanowicz, 2010] indicate high
velocities extend to nearly 250 km depth (i.e., cratonic North
American lithosphere). The Moho phase is relatively sharp
in both the Ps and Sp receiver functions (Figures 5a and 5c),
and clear crustal reverberations can be seen in Ps from 125–

175 km (Figure 5b). Crustal thickness estimates from H‐k
stacking and from the migrated Ps receiver functions
(Figure 5a) are 34 km and 36 ± 2 km, respectively (Table 2);
these values are in good agreement with those from Chulick
and Mooney [2002] (∼35 km) and Crust2.0 [Bassin et al.,
2000] (39 km).
[23] The Sp receiver function contains a broad region of

negative energy with its maximum amplitude at a depth of
101 ± 14 km. In this example, the high velocity lithosphere is
particularly well‐defined in the VSmodel, with the maximum
negative dVS /dz occurring at depths close to the minimum VS

(200–220 km, Figure 5e). Because the negative Sp phase lies
above the potential LAB depth range (gray region in Figure 5)
we interpreted this phase as a discontinuity within the litho-
sphere (i.e., aMLD). No significant Sp energy is found within
the likely LAB depth range, suggesting that any velocity

Figure 5. Ps and Sp receiver functions and VS at station ULM. In contrast to the previous example (VTV,
Figure 4), the negative Sp phase is shallower than the likely LAB range (gray area), and so we interpret it as
the result of a mid‐lithospheric discontinuity (MLD). See the caption of Figure 4 for a full explanation.
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gradient at the base of the lithosphere is too gradual to pro-
duce significant converted phases. The Ps receiver functions
binned by epicentral distance do contain negative energy at
depths of 150–175 km, but because of a negative Moho
reverberation at this depth interval, these signals are difficult
to interpret.
4.2.3. HRV (IU): Passive Atlantic Continental Margin
(Massachusetts, U.S.)
[24] HRV is located in eastern Massachusetts along the

passive Atlantic margin of North America and just to the east
of a pronounced decrease in the thickness of the high velocity
lid (from ∼200 km to ∼90 km) as imaged by surface‐wave
tomography [van der Lee, 2002; Li et al., 2003]. At HRV,H‐k
stacking yields a crustal thickness of 31 km, and the peak of
the Moho Ps phase migrated to a depth of 33 ± 2 km. These
estimates of crustal thickness are consistent with previous

analysis of Ps phases at this station [Li et al., 2002; Ramesh
et al., 2002; Rychert et al., 2005, 2007], as well as with
those from Crust2.0 [Bassin et al., 2000] (34 km) andChulick
and Mooney [2002] (∼35 km).
[25] The largest negative Sp phase at HRV migrates to a

depth of 111 ± 7 km (Figure 6c). In the VS model, the mini-
mum near 100 km is sufficiently small relative to the mini-
mum near 220 km (a difference of 0.787%) that a potential
LAB depth range is definable. The negative Sp phase falls
slightly below the VS minimum, but close enough that it was
interpreted as the LAB. Rychert et al. [2007] also observed a
similar negative Sp phase at HRV, but the LAB depth inferred
from Sp in this earlier work (∼90 km for a VP /VS of 1.8
and 96–99 km for a VP /VS of 1.7) is shallower than that found
here (111 ± 7 km for an average VP /VS of 1.75). Although the
receiver function methodology used here is nearly identical to

Figure 6. Ps and Sp receiver functions and VS at station HRV. In this case, the negative Sp phase picked
(111 ± 7 km) is located slightly deeper than the minimum VS (100 km), and we interpret the phase to be
caused by the LAB. See the caption of Figure 4 for a full explanation.
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that of Rychert et al. [2005, 2007], the number of waveforms
included and the bandpass filter used are different, whichmay
account for the differences in the receiver functions. The Sp
receiver functions here (Figure 6) were generated with 421
waveforms (Table 2), versus 56 waveforms used in the work
of Rychert et al. [2007], and the bandpass filter here is 0.03–
0.5 Hz, as opposed to 0.01–0.175 Hz in the work of Rychert
et al. [2007]. In addition, the Ps receiver functions here
employed 635 waveforms and a high frequency corner in
the bandpass filter of 1 Hz, versus 123 waveforms and 2 Hz
in the work of Rychert et al. [2005, 2007], with the result that
a negative Ps phase at roughly 100 km is less clearly sepa-
rated from Moho reverberations in this study.

4.2.4. FVM (NM): New Madrid Seismic Zone
(Missouri, U.S.)
[26] Although still characterized by relatively high veloc-

ities (>3%) down to 200 km in some models, including the VS

model of Yuan and Romanowicz [2010] used here and van
der Lee [2002] the New Madrid Seismic Zone and northern
Mississippi Embayment are located near the margin of
Proterozoic North America (what was Laurentia) where local
seismic studies [Zhang et al., 2009] and geochemical data
[e.g., Griffin et al., 2004, and references therein] suggest
lower velocity lithospheric mantle may exist between 100 and
200 km. At FVM, as well as the other New Madrid (NM)

Figure 7. Ps and Sp receiver functions and VS at station FVM. The high velocity lid is not as pronounced
here as it is at ULM (Figure 5), and two low velocity zones exist (100 km and 220 km), with only a small
difference in absolute velocity between the two (0.1166%; see section 4.2.4). Given the threshold difference
of 0.5% (see section 4.1), the similarity between the two VS minima does not allow us to unambiguously
define the LAB from the VS model, and therefore we do not interpret the negative Sp phase here (101 ±
11 km) as either the LAB or a MLD. See the caption of Figure 4 for a full explanation.
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seismic stations (Table 2), we used the crustal model from
Crust2.0 [Bassin et al., 2000] because thePs receiver function
at crustal depths contains both a strong shallow (<10 km)
conversion and multiple phases between 40 and 60 km
(Figures 7a and 7b), and a reasonable H‐k stacking result was
not obtained. Nonetheless, the depth of the positive Ps
receiver function phase (46 ± 3 km) interpreted as theMoho is
in good agreement with the Crust2.0 Moho depth (42 km). It
is also comparable to the Moho depth of roughly 45 km at
nearby station CCM obtained from H‐k stacking in this study
(Table 2) and by French et al. [2009].
[27] The Sp receiver function shows a significant nega-

tive phase at 101 ± 11 km depth (Figure 7c). Because the
VS minima at 100 km and 220 km are nearly the same
(4.5973 km/s and 4.5920 km/s; 0.1166% difference), no

potential LAB depth range was defined for this station.
Therefore, the discontinuity that produced the negative Sp
phase was not interpreted as the LAB or a MLD, and was
designated as “ambiguous”. The shape of the absolute VS

profile at FVM is similar to VS structure obtained in cratonic
regions globally [Romanowicz, 2009] and the coincidence of
the negative Sp phase with the VS minimum near 100 km
depth suggests the presence of a MLD. However, in order
to maintain a consistent criterion in how the VS profiles
are interpreted (section 4.1) we retained the “ambiguous”
designation.
4.2.5. SDMD (LD): Passive Atlantic Continental
Margin (Maryland, U.S.)
[28] SDMD is located in central Maryland along the pas-

sive Atlantic margin of North America. Crustal thickness at

Figure 8. Detailed example of Ps and Sp receiver functions and VS from the 3‐Dmigration model used at
station SDMD. Similar to FVM (Figure 7), the depth of the LAB from the VS model is ambiguous, and
therefore we cannot interpret the negative Sp phase (105 ± 9 km) as either the LAB or a MLD. See the
caption of Figure 4 for a full explanation.
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Figure 9. (a) Depths and (b) amplitudes of the prominent negative Sp phase from receiver functions
migrated with velocity profiles extracted from the 3‐D mantle model. The dots are colored for depth
(Figure 9a) or amplitude (Figure 9b) and represent Sp piercing points that have been interpolated onto a fine
grid and smoothed with a circular filter (see section 4.3 for details). Black inverted triangles indicate stations
where the negative Sp phase is interpreted as the lithosphere‐asthenosphere boundary (LAB), white inverted
triangles are stations where the phase is interpreted as a mid‐lithospheric discontinuity (MLD), and gray
stations indicate uncertainty in the depth of the LAB from the VS model and thus ambiguity in the inter-
pretation of the negative Sp phase; thick black lines separates these regions. In Figure 9b, the 3%–5%
positive velocity anomaly contours are from the VS model at 140 km depth [Yuan and Romanowicz, 2010].
Among negative Sp phases interpreted as the LAB, the largest amplitudes are found in the western U.S.
where asthenospheric velocities are lower.
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SDMDwas determined byH‐k stacking to be 30 km. Both the
Ps and Sp receiver functions display a strong Moho phase
at 32 ± 3 km, consistent with Crust2.0 [Bassin et al., 2000]
(34 km) andChulick andMooney [2002] (∼30 km), and crustal
reverberations are clear in the Ps distance bins (Figure 8b).

[29] We observe two negative phases in the Sp receiver
function (70 and 105 km; Figures 8c and 8d), but because the
phase at 105 ± 9 km has a larger magnitude at two standard
deviations it was chosen as the phase to interpret. Most other
stations along the Atlantic margin to the northeast of SDMD

Figure 10
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show a similar pattern. The absolute VS model has three local
minima, and although the VS at 100 km is the minimum value,
it is not more than 0.5% slower than the other local minima.
The interpretation of the negative Sp phase at this station
is therefore “ambiguous”, rather than either a MLD or the
LAB.

4.3. Negative Sp Phase Depths

[30] The depths of the largest negative Sp phase at each
station are presented in map view as a smoothed function of
Sp conversion point location (Figure 9a). We first calcu-
lated theoretical Sp piercing points at the depth of the chosen
negative Sp phase (Table 2) for each station assuming the
migration velocity model profile at each station (e.g.,
Figures 4e–8e) and then placed each piercing point onto a grid
of 0.05° × 0.05° elements. (Discontinuity depths for each
station are shown using the raw piercing points in auxiliary
material Figure S3). Piercing points were calculated only
for paths with pre‐critical ray parameters at the partic-
ular interpreted discontinuity depth, resulting in ∼11000 Sp
piercing points being used. Despite the relatively fine spacing
of this grid (∼5.5 km), piercing points from multiple stations
often fall on the same grid element, and a single depth value
was calculated for each element by taking the mean of all
piercing points that hit it (weighted by the individual depth
errors). We introduced additional smoothing by applying a
circular filter with a radius of 6 points, which yields an
effective grid spacing of 0.3° (∼33 km).
[31] Broadly speaking, the negative Sp phase depths are

deeper beneath the central and eastern U.S. and shallower
beneath the western U.S., although considerable variability
exists within each region. For example, phases in western
central Nevada are significantly deeper (85–95 km) than the
rest of the western U.S. (60–70 km), and southern Wisconsin
manifests the shallowest phases in the central and easternU.S.
(59 km).
[32] Although it may be tempting to conceptualize these

points as a continuous surface, it is important to remember
that the comparison of the receiver functions with absolute VS

leads to the interpretation of some negative Sp phases as the
LAB and others as a MLD (black versus white stations in
Figure 9), and some negative Sp phases cannot be unam-
biguously interpreted (gray stations in Figure 9). Within the
tectonically active western U.S., the discontinuity lies within
the transition to a very slow asthenosphere, and corresponds
to the LAB. At stations in Phanerozoic terranes in Texas,
Georgia, and most of the northeastern U.S., the discontinuity

also appears to be the LAB. Within the cratonic regions of
central North America (Figure 1), the thick high velocity lid
(see VS contours in Figure 9b) and shallow Sp phases point
to an interpretation of the discontinuity as a MLD. The VS

model in the region separating the LAB and MLD regions
contains at least two low velocity zones of comparable
magnitude, and therefore, the negative Sp phases there could
arguably be attributed to either the LAB or an MLD. How-
ever, this ambiguous region does not necessarily, or even
likely, represent a smooth transition with a continuous dis-
continuity between the LAB and MLD regions.

4.4. Sp Negative Phase Amplitude Variations

[33] Using the same gridding and smoothing technique
employed with the negative Sp phase depths (section 4.3), we
also present the variation of negative Sp phase amplitude
(Figure 9b). Similar to the depth of the negative Sp phases
(Table 2), the difference in amplitude between the receiver
functions migrated with the 3‐D and 1‐D mantle models are
virtually indistinguishable, and here only the amplitudes
based on the 3‐D model are shown. Unlike the depths of
the prominent negative Sp phase (Figure 9a), the amplitudes
show a clear distinction between larger negative ampli-
tudes (red and green) in the western U.S. and smaller
amplitudes (blue) in the central and eastern U.S. A rough
correlation exists between depth (Figure 9a) and amplitude
(Figure 9b); deeper phases tend to have smaller amplitude.
[34] For stations where the negative Sp phase is interpreted

as the LAB, the larger amplitude in the western U.S. implies
that the velocity contrast between the lithospheric lid and
asthenosphere is larger or occurs as a more rapid velocity
gradient than in the eastern U.S. The absolute VS model
contains much slower velocities at asthenospheric depths in
the western U.S. than in the eastern U.S. (see for example the
velocity anomaly contours for a depth of 140 km in Figure 9b,
or contrast the VTV and HRV VS profiles in Figures 4 and 6).
This result suggests that the apparently larger LAB velocity
contrasts in the western U.S. are due to a much slower
asthenosphere.

4.5. Selected Cross‐Sections

[35] Presentation of all receiver functions in the format
of Figures 4–8 is not practical, but we include four cross‐
sections (Figure 10) that illustrate more than half of our
picked Sp receiver functions relative to the Moho and nega-
tive Sp phase depths (cyan and magenta lines, respectively)
and the inferred LAB depth from the VSmodel (gray regions).

Figure 10. Cross‐sections illustrating the relationship between Sp receiver functions and both Moho (cyan line in
Figures 10a–10d) and negative Sp phase (magenta line in Figures 10a–10d) depths. The LAB depth range inferred from
the VS model, when unambiguous, is shown by the gray shaded regions in Figures 10a–10d (see section 4 and caption of
Figure 4 for explanation). In general, the negative Sp phases are located between 60 and 100 km. In the western and north-
eastern U.S., as well as some stations in the southeast, the inferred transition from the minimum VS up to the next peak in VS

falls in this same depth range, and we interpret the negative Sp phases in these regions to represent the conversion of energy at
the LAB. In contrast, the transition from the LVZ to the higher velocity lid beneath the central U.S. occurs at roughly 200 km,
and here the negative Sp phases are interpreted at a MLD. The receiver functions in each cross‐section are plotted at the same
scale, and their amplitudes show the smallest positive (blue) and negative (red) values required at 95% confidence (2s
uncertainties have been stripped off of the bootstrapmean). The larger amplitude of the negative Sp phases along the west coast
(Line G‐H, Figure 10d) relative to other regions is easily observed. A detailed description of each cross‐section can be found in
section 4.4. Only stations shown in Figures 10a–10d are plotted on the referencemap in Figure 10ewith the cross‐section lines.
Auxiliary material Figure S4 shows these same receiver functions down to 400 km depth.
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For clarity and in contrast to the examples in Figures 4–8,
Figure 10 shows only receiver function amplitudes within the
two standard deviation uncertainties from the bootstrap test-
ing (i.e., only resolved positive (blue) and negative (red)
amplitudes).
4.5.1. Cross‐Section A‐B (ULM‐LRAL)
[36] The first cross‐section (A‐B, Figure 10a) runs south

from station ULM within the Superior craton in southern
Manitoba, Canada through the New Madrid Seismic Zone
and to station LRAL in Alabama. The Moho (positive Ps
phase) shows a slight increase in depth from ∼40 km near
ULM to ∼50 kmnear LRAL. The negative Sp phase decreases
in depth from 101 ± 14 km at ULM to 59 ± 12 km beneath
JFWS before increasing again towards LRAL (91 ± 21 km).
This shallowing would be less prominent if the deeper (and
smaller) phase observed at JFWS had been picked as the
primary arrival. In any case, the depth of the Sp phase at all of
these stations lies well above the potential LAB depth ranges
from the VS model where they exist (gray regions in
Figure 10a). The phases are interpreted as a MLD, except at
SLM, SIUC and UTMT which fall into the “ambiguous”
category. Overall, very little converted energy is seen at
depths greater than 100 km.
4.5.2. Cross‐Section C‐D (SCZ‐CEH)
[37] Cross‐section C‐D (Figure 10b) spans the continental

U.S. from central California to North Carolina. The crust is
relatively shallow beneath SCZ (25–30 km) and gradually
thickens to ∼55 km across the Basin and Range, through the
Great Plains, and into the southern Appalachians before
thinning again to ∼35 km in eastern North Carolina. Although
our resolution is lower, these values agree well with those
presented byChulick andMooney [2002]. In contrast with the
Moho, the negative Sp phases show a moderate amount of
variability, ranging between 70 and 100 km. West of Color-
ado (station ISCO), amplitudes of the negative Sp phases are
larger and their depths agree with the likely LAB range from
absolute VS (gray regions). The LAB appears to deepen in the
western Basin and Range at stations MNV and TPH (also see
Figure 9a), but the eastern extent of this apparently thicker
lithosphere is not well‐constrained because no piercing points
exist east of TPH until ISCO. East of WCI, the VS model
indicates a thicker high velocity lid (∼200 km) but the neg-
ative Sp phases are at depths of ∼70–100 km, resulting in their
interpretation as a MLD. No eastern stations in this profile
have significant negative Sp energy within the highlighted
LVZ‐to‐lid transition region.
4.5.3. Cross‐Section E‐F (LTX‐WVL)
[38] Cross‐section E‐F (Figure 10c) crosses from Phaner-

ozoic lithosphere in Texas, through the Proterozoic terranes
in the central U.S., to the Paleozoic Appalachians in the
northeastern U.S. The negative Sp phases show significant
variability but no significant negative Sp energy exists
between 150 and 250 km across the line. The VS model
indicates a thin lithosphere (50–100 km) at either end of this
line and a thick lithosphere (150–200 km) near its center
at BLO and MCWV (gray regions), but the LAB depth is
unclear in both the New Madrid Seismic Zone (stations
UALR, UTMT, and SIUC) and the central Appalachians
(stations SSPA and BINY). Therefore, the negative Sp phases
are interpreted as the LAB near the Atlantic margin and as
a MLD in a portion of the Proterozoic craton, but are not
interpreted in between.

4.5.4. Cross‐Section G‐H (GNW‐NE71)
[39] The last cross‐section (G‐H, Figure 10d) differs from

the first three in that it follows the tectonically and volcani-
cally active western margin of the U.S. (i.e., Cascadia, the
eastern Sierras, and southern California). Along this profile,
the negative Sp phases fall within the potential LAB depth
range from the VSmodel and are interpreted as the LAB, with
the caveat that it may be difficult to distinguish the LAB from
discontinuities associated with the Juan de Fuca slab in the
Pacific Northwest (stations GNW, LTY, PIN, YBH). An
obvious feature of these receiver functions is the large
amplitude of the negative Sp phases, indicating a greater
velocity contrast at the LAB than is typical of the eastern U.S.
In addition, more energy appears at larger depths than in other
profiles. These deeper phases may represent real structure
and are not unexpected given the likelihood of vertical het-
erogeneity associated with recent and current subduction of
the Juan de Fuca/Farallon Plate and processes such as litho-
spheric delamination beneath the Sierras [e.g., Zandt et al.,
2004]. Li et al. [2007] also investigated this same general
region with Sp receiver functions, and our results here do not
differ significantly from theirs; the only major discrepancy
appears to be near TPH and MNV, where they image a
shallower LAB (60 km versus 80–83 km obtained here; see
cross‐section C‐D, Figure 10b).

5. Discussion

[40] A growing body of studies that employ Sp and Ps
receiver functions have found evidence for discontinuities
characterized by a significant negative velocity contrast
at depths comparable to those documented here (Rychert
et al. [2010] and Fischer et al. [2010] give reviews).
These studies span oceanic regions [Li et al., 2000; Collins
et al., 2002; Li et al., 2004; Kumar et al., 2005b; Vinnik
et al., 2005; Wölbern et al., 2006; Heit et al., 2007;
Kumar et al., 2007; Kawakatsu et al., 2009; Rychert and
Shearer, 2009], regions of relatively thin (<120 km) conti-
nental lithosphere [Oreshin et al., 2002; Kumar et al., 2005a;
Rychert et al., 2005, 2007; Chen et al., 2006; Mohsen et al.,
2006; Sodoudi et al., 2006a, 2006b;Hansen et al., 2007;Heit
et al., 2007; Kumar et al., 2007; Li et al., 2007;Ozacar et al.,
2008; Rychert and Shearer, 2009; Chen, 2009], and conti-
nental regions with thicker cratonic‐style lithosphere [Bostock,
1998; Ford et al., 2009; Rychert and Shearer, 2009]. A
widely distributed layer of low velocities at roughly 100 km
depth beneath continents has also been argued for on the
basis of long‐range active source profiles [e.g., Thybo and
Perchuc, 1997; Thybo, 2006] and absolute VS models from
global surface‐wave tomography [Romanowicz, 2009]. How-
ever, in some cratonic regions deeper discontinuities (>150 km)
have also been proposed by Sp and Ps studies [Sacks
et al., 1979; Kumar et al., 2007; Wittlinger and Farra, 2007;
Savage and Silver, 2008; Snyder, 2008; Hansen et al., 2009].
[41] Here we discuss possible physical and chemical

mechanisms that could produce a negative velocity contrast
and be responsible for the discontinuity that we have imaged
beneath the continental U.S. and small portions of Mexico
and Canada. We first explore the origin of this feature in
regions where we have interpreted it as the LAB and then in
regions of thicker lithosphere where we have interpreted it
as a MLD (Table 2).
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5.1. Negative Velocity Contrast at the Lithosphere‐
Asthenosphere Boundary

[42] Where interpreted as the LAB, the depth of the dis-
continuity imaged in this study varies from 51 km to 111 km
(black stations in Figure 9, Table 2). In addition, the ampli-
tude of the Sp phase marking the discontinuity is significantly
larger in the tectonically active western U.S. than within the
Phanerozoic terranes along the southern and eastern margins
of Proterozoic North America (Figure 9b), a result that cor-
relates with lower asthenospheric shear velocities in the west.
[43] Some studies conclude that temperature, or a combi-

nation of temperature and grain size, can largely explain the
transition from fast lithosphere to slow asthenosphere [e.g.,
Faul and Jackson, 2005; Stixrude and Lithgow‐Bertelloni,
2005; Priestley and McKenzie, 2006]. Other studies empha-
size the faster velocities expected in dry, depleted lithosphere,
versus more hydrated and fertile asthenosphere [Hirth and
Kohlstedt, 1996; Karato and Jung, 1998; Gaherty et al.,
1999]; however, the amount of shear velocity drop that can
be attributed to partial melting‐induced depletion is the sub-
ject of debate [Lee, 2003; Schutt and Lesher, 2006]. The
presence of a small amount of partial melt in the astheno-
sphere could dramatically reduce its shear velocity, although
the magnitude of the effect strongly depends on the melt
distribution geometry [e.g., Gribb and Cooper, 2000;
Hammond and Humphreys, 2000; Takei, 2002; Faul et al.,
2004; Kawakatsu et al., 2009]. Rapid variations in anisot-
ropywith depthmay also create discontinuities [e.g.,Bostock,
1998;Gaherty et al., 1999; Levin and Park, 2000;Gung et al.,
2003]. Considering these possibilities, what can we postulate
about the source of the negative Sp phase where we interpret
it on our receiver functions as the LAB?
[44] The amplitudes of Sp and Ps phases are largely con-

trolled by the gradient in shear velocity at the discontinuity
where they are generated [e.g., Rychert et al., 2007, 2010]. To
accurately bound the shear velocity gradient, detailed wave-
form modeling is required [e.g., Collins et al., 2002; Rychert
et al., 2005, 2007; Chen et al., 2006; Li et al., 2007;
Kawakatsu et al., 2009; Ford et al., 2009], and such an effort
with the data gathered in this study will be the focus of a
future investigation. Nonetheless, existingmodeling provides
some guidelines that we can apply to the results shown here.
[45] Rychert et al. [2007] jointly modeled Ps and Sp

receiver functions in the northeastern U.S. and southeastern
Canada and determined that the LAB velocity gradient cor-
responded to a 5–10% drop in shear velocity over 5–11 km.
Even when accounting for anelastic (viscoelastic relaxation
or attenuation) effects on shear wave velocity [Faul and
Jackson, 2005], the minimum temperature gradient required
at the LAB to match these velocity gradients (20°C/km) is
larger than temperature gradients at the base of the lithosphere
from geodynamical models in which viscosity depends solely
on temperature and pressure [e.g., King and Ritsema, 2000;
Cooper et al., 2004]. Chen et al. [2006] arrived at a similar
conclusion from their modeling ofPs receiver function data in
eastern China. In both cases [Rychert et al., 2005, 2007;Chen
et al., 2006], the additional velocity reduction was explained
by the presence of water or melt in the asthenosphere, pos-
sibly in combination with greater depletion in the lithosphere
or (in the case of Rychert et al. [2007]) a small contribution
from depth variations in anisotropy.

[46] When Sp phases alone are considered, constraints on
the velocity gradient that generated the phase are typically
looser, due to the longer dominant periods in Sp receiver
functions. Ford et al. [2009] calculated Sp receiver functions
for stations in Phanerozoic eastern Australia using waveform
rotation, deconvolution, filtering and migration approaches
identical to those employed here, resulting in the same Sp
dominant periods (10–11‐s). With waveform modeling that
accurately accounted for the ray parameter of each Sp phase
in the observed receiver functions, Ford et al. [2009] found
that best‐fitting LAB velocity gradients in eastern Australia
ranged from a 5% velocity decrease over 0 km to a 10%
decrease over 30 km; gradients distributed over more than
40 km could be ruled out if velocity drops are limited to no
more than 10%, even when the 2s uncertainties on the
observed receiver functions are taken into account. 10% is
greater than the total shear velocity drop from lithosphere to
asthenosphere seen in surface wave models [Gaherty et al.,
1999; Nettles and Dziewonski, 2008; Romanowicz, 2009;
Yuan and Romanowicz, 2010]. When the acceptable velocity
gradients are scaled to temperature gradients using the
relationships of Faul and Jackson [2005] and the approach
of Rychert et al. [2007], the resulting temperature gradient
magnitudes include values comparable to temperature gra-
dients found at the base of the lithosphere in geodynamical
models that span thick cratonic lithosphere and thinner lith-
osphere around its margins [e.g., King and Ritsema, 2000;
Korenaga and Jordan, 2002; Cooper et al., 2004]. However,
in these models, the increase in temperature from lithosphere
to asthenosphere is distributed over vertical distances of
more than 70 km. Therefore, Sp phases generated by veloc-
ity gradients that are localized in depth to 30–40 km or less
do not appear to be compatible with models in which tem-
perature alone creates the LAB.
[47] The amplitudes and dominant periods of the negative

Sp phases interpreted as the LAB in this study are comparable
to those modeled by Ford et al. [2009] and Rychert et al.
[2007]. Therefore, it is reasonable to conclude that they
were generated by LAB velocity gradients that are localized
in depth over 30–40 km or less, although this conclusion will
be tested in the future with detailed waveform modeling that
matches the specific phase path distributions at each station.
In the Phanerozoic eastern U.S., where comparable geo-
dynamical models predict only moderate mantle upwelling
and broad thermal gradients between the lithosphere and
asthenosphere [King and Ritsema, 2000; Korenaga and
Jordan, 2002; Cooper et al., 2004], the presence of LAB
Sp phases (Figure 9a) likely indicates that the asthenosphere
is significantly hydrated relative to the lithospheric mantle or
contains a small amount of partial melt.
[48] Could melt be present beneath the continental litho-

sphere in the eastern U.S.?WhenMierdel et al. [2007] jointly
considered water solubility in Al‐saturated enstatite and
olivine, they showed that a minimum in water solubility
occurs at depths of 100 km (for a typical old oceanic geo-
therm) to 150 km (for relatively cold continental geotherms),
leading them to infer that melting would occur beneath the
continental lithosphere in the presence of a few hundred parts
per million of water. Elkins‐Tanton et al. [2008] concluded
that small percentages of partial melt could exist in the
asthenosphere beneath eastern North America (1–2%melting
for an asthenosphere with a mantle potential temperature of
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1400°C and 150–300 ppm H2O, or a potential temperature of
1350°C with 450–900 ppm H2O). In these models, the LAB
is inferred to be a “damp” solidus, and therefore may corre-
spond to a permeability barrier that would trap melt within the
asthenosphere. In addition, melt that was able to migrate
above the LABwould crystallize relatively quickly, assuming
melt bodies with reasonable dimensions [Elkins‐Tanton
et al., 2008].
[49] In contrast to eastern U.S. stations, the negative Sp

phases at western U.S. stations display larger amplitudes
(Figure 9b), likely due to lower asthenospheric velocities, as
seen in the VSmodel [Yuan and Romanowicz, 2010] and other
seismological studies [e.g., Grand, 1994; Humphreys and
Dueker, 1994; van der Lee and Nolet, 1997; van der Lee,
2002; Godey et al., 2004; Marone et al., 2007; Xue and
Allen, 2007; Li et al., 2008; Nettles and Dziewonski, 2008;
Roth et al., 2008]. By analogy with the modeling results of
Ford et al. [2009], these negative Sp phases imply velocity
gradients distributed over less than 30 km in depth for
velocity drops of no more than 10%. Other geophysical and
geological observations in the western U.S., such as high
heat flow [Lachenbruch, 1978; Morgan and Gosnald, 1989;
Blackwell et al., 1991], Basin and Range extension
[McKenzie and Bickle, 1988; Wernicke et al., 1988; Bennett
et al., 1998], dynamic topography [Lowry et al., 2000], and
a plethora of recent and active volcanism (e.g., the Cascade
arc, High Lava Plains, Yellowstone hotspot track, Long
Valley Caldera), indicate the shallow upper mantle is anom-
alously hot and, at least in certain regions, likely partially
molten. Owing to this well‐established view of the western
U.S., it is reasonable to attribute the larger amplitude of
negative Sp phases in this region to a high temperature, par-
tially molten asthenosphere underlying a relatively melt‐free
lithosphere. However, very strong LAB temperature gra-
dients due to small‐scale convection, plus the effects of
asthenospheric water, cannot be ruled out. These interpreta-
tions require testing with detailed modeling of the LAB
velocity gradient and focused geodynamical studies.

5.2. Absence of a Sharp LAB Beneath Thick
Lithosphere

[50] A key result of this study is the apparent absence of a
sharp gradient in shear velocity beneath all regions of the
North American continent where absolute VS structure
indicates a seismic lid of more than 130 km in thickness.
These include the sampled Archean and Proterozoic craton,
as well as portions of the Phanerozoic Appalachian orogen in
the eastern U.S. (Figures 1 and 9). This finding contrasts with
other cratonic regions where Sp receiver functions have been
used to infer an observable LAB discontinuity at depths of
more than 160 km [Sacks et al., 1979; Kumar et al., 2007;
Wittlinger and Farra, 2007; Hansen et al., 2009]. Elsewhere
in North America, a sharp LAB has been invoked beneath the
Slave Craton [Snyder, 2008], although this study employed
Ps, rather than Sp, receiver functions.
[51] A valid question is whether significant lateral varia-

tions in LAB depth or overlying mantle structure may have
obscured the observation of Sp phases from the base of the
cratonic lithosphere in this study. Sp conversion points at
depths comparable to the cratonic LAB span a significant area
around each station. Significant variations in discontinuity
depth over this area would reduce the coherence of the phase

during simultaneous deconvolution, as would strong lateral
variations in mantle VP /VS. However, to cancel out an LAB
discontinuity, these variations would need to be large, on the
order of 25 km ormore for LAB depth, andmore than the total
range of VP /VS spanned by the combined VP [Burdick et al.,
2008] and VS [Yuan and Romanowicz, 2010] models used
in this study. To assess the presence of such effects in data,
we calculated receiver functions for narrow back‐azimuthal
ranges at the 7 cratonic stations with MLD phases and more
than 80 Sp waveforms (ULM, SADO, WCI, WVT, BLO,
AAM, JFWS). Most of these back‐azimuthal bins contained
too few data to produce meaningful receiver functions, but in
a few cases, receiver functions from 30 or more waveforms
per bin at back‐azimuths of 330° to 350° and 155° to 175°
were interpretable. None of these examples showed a clear,
isolated negative Sp arrival below the MLD to depths of
230 km, the depth interval that contains the potential LAB
depth range from absolute Vs for cratonic stations. Of course,
if LAB depth or mantle VP /VS greatly varied at scales even
smaller than the volumes sampled by the narrow back‐
azimuthal ranges, they could still lead to phase incoherence.
[52] Assuming that large lateral LAB depth and VP /VS

variations beneath individual stations are not present, the
absence of significant Sp phases from the regions of thick
lithosphere sampled in this study implies that the veloc-
ity drop at the LAB is very weak and/or gradual in depth.
However, the VS model at most cratonic stations indicates a
significant drop in velocity from the fast lid to the astheno-
sphere. For example, at ULM, this velocity drop is 4%
(Figure 5e). Therefore, the lack of Sp energy from the LAB
likely represents a gradual velocity gradient. How gradual
would this gradient have to be? Using synthetic Sp receiver
functions at comparable periods of 10–11 s,Ford et al. [2009]
showed that velocity drops of 4–10% did not produce clear Sp
phases when they were distributed over vertical distances of
70 km or more; Sp phases from 50 km gradients were just at
the edge of being observable given typical signal‐to‐noise
levels. We therefore conclude that the shear velocity gradient
beneath the thick North American lithosphere likely occurs
over 50–70 km or more in depth, although this finding
requires confirmation from waveform modeling specific to
the Sp paths in this study. The relatively gradual temperature
gradients predicted by geodynamical models where viscosity
depends only on temperature and pressure [King and
Ritsema, 2000; Cooper et al., 2004] are therefore a viable
option in these regions of the continent. However, gradients
in mantle hydration or melt content distributed over 50–
70 km or more cannot be ruled out.

5.3. Negative Velocity Contrast Within the Lithosphere

[53] Given that significant negative discontinuities appear
to exist at depths of 59–113 km in the lithosphere of cratonic
North America and certain portions of the Phanerozoic
eastern U.S., what are the possible sources of the velocity
contrasts accompanying this layering? Here we evaluate the
mechanisms presented in the previous section and some
additional possibilities, in light of likely geotherms for the
region. Moreover, because a discontinuity corresponding to
the top of a low velocity layer internal to the cratonic litho-
sphere has been proposed in other cratonic regions [Savage
and Silver, 2008; Ford et al., 2009] as well as in cratons
globally [Thybo and Perchuc, 1997; Thybo, 2006; Rychert
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and Shearer, 2009; Romanowicz, 2009], the conclusions
drawn here have implications beyond North America.
[54] Thybo [2006] argues that a lowering of the peridotite

solidus by the presence of water and/or carbon dioxide is
likely responsible for a mid‐lithospheric LVZ at depths of
roughly 100 km through the effects of partial melt (if tem-
peratures are above the solidus) or by a decrease in shear
modulus and increase in attenuation at sub‐solidus tempera-
tures [Sato et al., 1989a, 1989b]. Within the cratonic regions
sampled in our study, the geotherms preferred byGriffin et al.
[2004] based on peridotitic garnet xenocrysts imply tem-
peratures below 800°C at depths of 100 km. These values are
below even the lowest temperature estimates for the water‐
saturated solidus [e.g., Katz et al., 2003; Grove et al., 2006],
making the present‐day existence of melt unlikely. Allowing
for warmer cratonic geotherms at 100 km, for example the
higher temperature end of the 750–900°C range inferred for
the craton from seismic velocities [Goes and van der Lee,
2002] or 900–1100°C from heat flow [Artemieva and
Mooney, 2001], melt or near‐solidus conditions might exist
in the presence of water contents approaching saturation. In
addition, the highest of these values (1100°C) just reaches the
solidus for natural carbonated peridotite at 100 km [Dasgupta
and Hirschmann, 2006]. Hydration of the North American
lithosphere by flat‐slab subduction of the Farallon Plate in the
early Cenozoic has been proposed to explain widespread
uplift and volcanism in the western U.S. [Humphreys, 1995;
Humphreys et al., 2003], and the Farallon slab has been
proposed as a source of volatile‐enrichment in the central and
eastern U.S. asthenosphere [van der Lee et al., 2008]. How-
ever, these scenarios raise the question of how volatiles would
have become highly concentrated in a layer whose top lies at
70–115 km, and how this layer wasmaintained over time; one
possibility is the rapid increase in olivine and Al‐saturated
enstatite water solubility at roughly 100 km predicted for a
cold, cratonic geotherm [Mierdel et al., 2007]. In addition,
recent modeling of surface motions in response to glacial
isostatic adjustment [Peltier and Drummond, 2008] favors a
lower‐lithospheric layer of reduced viscosity (1022 Pa s) from
60–100 km depth that relaxes a large fraction of horizontal
stress and reduces misfits to observed horizontal motions.
This type of weak zone could be taken as evidence for a layer
of melt or highly hydrated mantle.
[55] Another reasonable scenario is that the Sp disconti-

nuity represents the sharp top of a now‐solid melt cumulate
layer, whose lower boundary is more gradual, and therefore
does not produce its own observable phase. At depths com-
parable to the observed MLD, the cumulate could be pyrox-
enite, whose velocity would be sufficiently slow with respect
to peridotite [Stixrude and Lithgow‐Bertelloni, 2005; Behn
and Kelemen, 2006; C.‐T. Lee, personal communication,
2009]. This melt layer could have been created at an earlier
time when the cratonic lithosphere was warmer, allowing
water‐rich melts from the asthenosphere to percolate up
through the lithosphere and collect in a layer whose topwould
have been the wet pyroxenite solidus. To explain the 4.5%
drop in velocity they image at 150 km depth in the Kalahari
craton, Savage and Silver [2008] propose that infiltration of
basaltic melt and metasomatic fluids refertilized and reduced
velocity in the originally depleted mantle of the cratonic
lithosphere, and that the sharp top of this slow layer corre-
sponds to the basalt liquidus at the time the melts were

present. While a mantle refertilization process could have
played a role in creating slow velocities internal to the North
American lithosphere, the basalt liquidus [Yasuda et al.,
1994; Médard and Grove, 2008] would likely have been too
hot relative to a cratonic geotherm at MLD depths to provide
a general mechanism for the MLD observed in this study.
[56] Anisotropic fabric is another plausible mechanism

for generating a velocity contrast within the lithosphere. A
change in anisotropy, either between two regions with dif-
ferent orientations of anisotropy or between an isotropic and
an anisotropic region, should be observable with receiver
functions [e.g., McNamara and Owens, 1993; Levin and
Park, 1997; Nagaya et al., 2008] as variations in phase
amplitude timing with back‐azimuth and including the
presence of converted SH phases. Although rigorous analysis
of evidence for anisotropy in the receiver functions presented
in this study is reserved for future work, a number of tele-
seismic converted phase studies have argued for anisotropic
layering within thick cratonic lithosphere [Bostock, 1998;
Levin and Park, 2000; Saul et al., 2000;Wittlinger and Farra,
2007; Mercier et al., 2008; Snyder, 2008], sometimes asso-
ciating discontinuities in the 70–115 km depth range with the
Hales discontinuity [Bostock, 1998; Levin and Park, 2000;
Snyder, 2008]. The original definition of the Hales disconti-
nuity involved an increase in isotropic velocity with depth
[Hales, 1969], as opposed to the decreases in velocity at
the MLD found in this study. However, if a discontinuity
involves anisotropy, the apparent sign of the discontinuity
may vary as a function of sampling with back‐azimuth.
[57] In the Canadian Shield, north of our study region, Ps

receiver function imaging, along with xenolith and reflection
data, has been used as evidence for significant lithospheric
layering that resulted from stacking of oceanic plates during
paleo‐Proterozoic subduction [Cook et al., 1997; Bostock,
1998; Mercier et al., 2008; Snyder, 2008]. In particular, a
thin (10 km) anisotropic layer inferred to be the top of a
subducted slab was observed at depths of 30–90 km beneath
the Wopmay orogen and the Slave craton [Bostock, 1998;
Mercier et al., 2008], overlapping the range of MLD depths
found in this study (59–113 km), and deeper anisotropic
discontinuities were found further to the west beneath the
Slave craton [Snyder, 2008]. Anisotropic layering has also
been documented in the lithosphere of the Arabian Shield at
70 km depth [Levin and Park, 2000] and the Indian Shield
at 90 km depth [Saul et al., 2000]. The existence of such
anisotropic layering within the Proterozoic mobile belts of the
central and eastern U.S. has not been established by receiver
function studies. However, using surface wave tomography,
Yuan and Romanowicz [2010] found a vertical shift in the fast
direction of azimuthal anisotropy at depths of 50–150 km
across the North American craton, as well as a deeper change
in azimuthal anisotropy with depth that they associate with
the LAB. Yuan and Romanowicz [2010] interpret the shal-
lowest layer of azimuthal anisotropy as the oldest, most
highly depleted cratonic lithosphere, and the second layer
of azimuthal anisotropy as a layer of less depleted litho-
sphere that accreted at a later time. If the boundary between
these layers is sufficiently sharp in depth, it could represent
another mechanism for the MLD Sp phases found in this
study at 60–110 km.
[58] The spinel‐garnet transition was also evaluated as a

possible cause of the MLD observed in our data. However,
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while this phase boundary occurs at approximately the correct
depth, and the deeper phase (garnet) does have a slower
velocity, the relatively small percent of spinel in a peridotite
mantle lithosphere would make the velocity contrast associ-
ated with this transition too small to explain the observed
MLD [Stixrude and Lithgow‐Bertelloni, 2005; G. Hirth,
personal communication, 2009].

6. Conclusions

[59] Recent studies propose that a global discontinuity
between 80 and 120 km with a negative velocity contrast
exists [e.g., Thybo, 2006; Rychert and Shearer, 2009;
Romanowicz, 2009]. The Sp receiver functions presented here
also reveal at least one discontinuity with a negative velocity
gradient beneath most of the continental U.S. (and portions
of Mexico and Canada) at a similar depth (Figure 9). How-
ever, comparison of this discontinuity to absolute shear‐wave
velocities leads to its interpretation as the LAB in the western
U.S. and portions of the Phanerozoic eastern U.S. and as
a MLD in the cratonic core of the continent and certain
Phanerozoic regions.
[60] In the tectonically active western U.S. where high heat

flow and a shallow, very slow asthenosphere are observed, it
is reasonable to infer that the negative Sp phases observed at
51 to 104 km (Figures 4, 9, and 10) do represent the LAB.
Western U.S. LAB phases are in general larger than observed
elsewhere on the continent and indicate velocity gradients
that are localized over depth ranges of 30 km or less
(assuming velocity drops of no more than 10%). Such
velocity gradients cannot be explained solely by an increase
in temperature from the lithosphere to the asthenosphere,
unless localized mantle upwelling produces anomalously
sharp vertical temperature variations. A more likely expla-
nation is that western U.S. LAB velocity gradients reflect
temperature in combination with asthenospheric partial
melt and/or high asthenospheric hydration relative to drier
lithosphere.
[61] In the portions of the eastern U.S. where observed

negative Sp phases are interpreted as the LAB (Figures 6, 9,
and 10), they imply LAB velocity gradients that occur over
less than 30–40 km (for velocity drops of no more than 10%).
Although the eastern U.S. Sp phases are in general weaker
than in the western U.S, geodynamical models indicate that
likely eastern U.S. thermal gradients will be too widely
distributed in depth to produce the observed receiver func-
tions, unless another factor, such as asthenospheric hydration
or partial melt, sharpens the velocity contrast between litho-
sphere and asthenosphere.
[62] In contrast, the relatively thick (∼200 km) high

velocity lid imaged by surface and body wave tomography in
cratonic North America and some sections of the Phanerozoic
eastern U.S. leads to our interpretation of negative Sp phases
at 59–113 km as aMLD. The origin of this layering internal to
the lithosphere is still uncertain, but it could reflect alteration
of the cratonic lithosphere by melt (for example, as the top
of a melt cumulate zone) or it could represent the lower
boundary of an ancient, highly depleted layer of lithosphere
below which the rest of the cratonic lithosphere grew.
[63] The absence of a strong negative Sp phase at the base

of the thickest North American lithosphere implies that
its LAB velocity gradient is distributed over more than 50–

70 km in depth. This gradient may be purely thermal in origin,
although gradational changes in composition or melt con-
tent cannot be ruled out. Overall, these results indicate that
the LAB is much more gradual in regions where the litho-
sphere is thicker than 150 km, compared to the sharper LAB
velocity gradients observed in regions of thinner (<120 km)
lithosphere.
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