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ABSTRACT

A numerical model of the tropical Pacific Ocean is used to investigate the processes that cause the

horizontal temperature advection of tropical instability waves (TIWs). It is found that their temperature

advection cannot be explained by the processes on which the mixing length paradigm is based. Horizontal

mixing of temperature across the equatorial SST front does happen, but it is small relative to the

“oscillatory” temperature advection of TIWs. The basic mechanism is that TIWs move water back and forth

across a patch of large vertical entrainment. Outside this patch, the atmosphere heats the water and this heat

is then transferred into the thermocline inside the patch. These patches of strong localized entrainment are

due to equatorial Ekman divergence and due to thinning of the mixed layer in the TIW cyclones. The latter

process is responsible for the zonal temperature advection, which is as large as the meridional temperature

advection but has not yet been observed. Thus, in the previous observational literature the TIW contribu-

tion to the mixed layer heat budget may have been underestimated significantly.

1. Introduction

Tropical instability waves (TIWs) are a phenomenon

common to both the Atlantic and the Pacific Oceans

(Dueing et al. 1975; Legeckis 1977). Their surface struc-

ture can be seen best in satellite pictures of sea surface

temperature (Chelton et al. 2000) and ocean color (Fig.

1) where they can be observed in the eastern part of the

basins between 4°S and 4°N as cusplike features with

wavelengths between 600 and 2000 km and phase

speeds between 20 and 60 cm s�1. However, optical

sensors have to be used with care as they rely on the

presence of surface property gradients to identify

TIWs. Altimeters, too, are only of limited help since the

high frequency and short wavelength of TIWs can lead

to an aliasing of the observations (Musman 1986, 1992;

Katz 1997). For example, the waves visible in Fig. 1

cannot be identified with Ocean Topography Experi-

ment (TOPEX)/Poseidon (G. Goni 2003, personal

communication). The subsurface structure and the fre-

quency domain of TIWs have been studied with current

meter moorings by Weisberg and Weingartner (1988),

Qiao and Weisberg (1998), and Bryden and Brady

(1989). The mooring records show in both oceans sur-

face amplitudes of zonal and meridional velocity of up

to 50 cm s�1 with a central periodicity of approximately

25 days. The energy reaches a maximum at the surface

and the center of the basin along the equator and de-

cays rapidly below 50 m. Still, signals of TIWs were

found as deep as 800 m (Boebel et al. 1999).

Early analytical studies by Philander (1976, 1978)

demonstrate that the equatorial zonal currents are

barotropically unstable and preferentially generate

waves with wavelengths and periods of the observed

TIWs. A series of highly idealized numerical studies

corroborated these findings but showed that baroclinic

(Cox 1980), frontal (Yu et al. 1995), and Kelvin–Helm-

holtz instabilities (Proehl 1996) can contribute as well.

Cox (1980) pointed out that what is simply referred to

as TIWs is a superposition of unstable waves and their

projection on the set of free equatorial waves. These

idealized studies help to connect the complex observa-

tions of TIWs with the well-understood phenomena of

equatorial waves and instabilities of zonal flows. How-

ever, Proehl (1996) pointed out that this approach

ceases to be helpful in understanding the details of the

wave–zonal flow interaction that characterizes the

TIWs and equatorial currents. Most importantly, it fails

to explain the preferred wavelength of TIWs. Proehl

(1996) uses the overreflection theories of Lindzen

(1988) to explain the wavelength and phase speed of

TIWs as a function of spatial scale and amplitude of the

zonal mean flow.
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Because of the wide basin and the strong zonal cur-

rents in the equatorial Pacific it is tempting to use the

wave–mean flow interaction theories for TIWs. These

theories (known as transformed Eulerian mean, or

TEM) have been developed by Eliassen and Palm

(1961), Boyd (1976), and Andrews and McIntyre (1976)

for the atmospheric circulation. A key assumption in

these theories is that the flow field can be averaged

zonally. Because zonal averages are not suitable for

oceanographic purposes, there have been efforts in for-

mulating an eddy-forcing theory for time–mean flows

analogous to TEM (Hoskins et al. 1983; Plumb 1986;

Cronin 1996). The basic physics that underlies these

theories (and TEM) is that eddies can accelerate or

generate a mean flow directly through advection of mo-

mentum or indirectly through advection of layer thick-

ness. The latter case causes a steepening of the iso-

therms, which accelerates the flow via the thermal wind

relation. A direct comparison of these two effects is not

straightforward, but for the zonal mean case, TEM pro-

vides a technique to combine both processes into the

momentum equation. With the quasigeostrophic ap-

proximation, a similar technique can also be applied to

the time mean fields in the ocean. It is key, however,

that the eddy fluxes can be separated into a divergence-

free and a rotation-free component. This separation is

not unique and has to be argued for on a case-by-case

basis (Plumb 1983; Marshall and Shutts 1981; Cronin

1996; Fox-Kemper et al. 2003). TEM-like approaches

have been applied at and near the equator by Proehl

(1990) and Jochum and Malanotte-Rizzoli (2004, 2005),

each with different, limiting assumptions. While all the

aforementioned studies provide important insights into

eddy dynamics, the exact quantification of the eddy–

mean flow interaction remains elusive. For the present

study, we will assume the dynamics of the flow field as

given and investigate how it affects the mixed layer heat

budget.

A detailed understanding of how the TIWs affect the

mixed layer is necessary because of their potential im-

portance for climate. The aforementioned mooring

data and drifter observations by Hansen and Paul

(1984) and Baturin and Niiler (1997) suggest a meridi-

onal equatorward heat flux divergence of more than

100 W m�2, and the strong effect of TIWs on equatorial

plankton and nutrient distribution has been observed

by Chavez et al. (1999) and Menkes et al. (2002). New

insights into ocean–atmosphere coupling have been

gained by analyzing the correlation between high-

resolution wind fields and SST: the strong SST gradi-

ents induced by TIWs locally change the wind, which in

turn leads to additional wind stress curls and diver-

gences (Hashizume et al. 2001; Chelton et al. 2001).

Their short time and length scales and their global

importance make it necessary to study TIWs with nu-

merical models. Very recently numerical models be-

came sophisticated enough to simulate TIWs accurately

and already it has become apparent that TIWs can only

be understood by the combined use of theory, models,

and observations. For the Atlantic, TIWs have been

shown to create the oxygen and salinity front in the

intermediate waters along the equator (Jochum and

Malanotte-Rizzoli 2003), drive the Tsuchiya jets (Jo-

chum and Malanotte-Rizzoli 2004), and because of

their chaotic nature contribute to the interannual vari-

ability of SST in the tropical Atlantic (Jochum et al.

2004b) and Pacific (Jochum and Murtugudde 2004).

Despite their importance for the tropical climate, not

much has been learned about how TIWs affect SST.

The ways in which mooring and drifter observations

have been designed and analyzed suggest that it is as-

sumed that the main effect of TIWs is that they move

warm water meridionally toward the equator. Wave

breaking (Kessler et al. 1998) then creates filamenta-

tion and isolated patches of temperature anomalies on

which small-scale diffusion can act efficiently. Thus,

warm water provided by the North Equatorial Coun-

tercurrent (NECC) and recently upwelled cold water

FIG. 1. TIWs as seen by Sea-Viewing Wide Field-of-View Sensor (SeaWiFS; from Jochum

et al. 2004a). Note the cusps in ocean color along 4°S and 4°N.
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from the Equatorial Cold Tongue (ECT) are ex-

changed across the SST front along 2°N; the process is

two-dimensional, restricted to the horizontal plane.

However, close inspection of SST images (like Chelton

et al. 2001) or ocean color (e.g., Fig. 1) does not show

warm-core eddies as they are observed in the Gulf

Stream. Also, the results of Jochum et al. (2004a) show

that the meridional heat flux of TIWs can in part be

compensated for by an associated vertical heat flux.

This is because—at least in their model—the water be-

low the mixed layer (ML) flows largely adiabatically

along isotherms. In areas of steep isothermal slope,

such as near the equator, measuring only the horizontal

component can overestimate the total heat flux conver-

gence. All of the aforementioned authors are very care-

ful about the interpretation of data, but it is clear that

the impact of TIWs on the equatorial heat budget is a

three-dimensional problem that is not very well con-

strained by observations.

In a first attempt to understand the impact of TIWs

on the equatorial ML heat budget, Jochum et al. (2005)

compared the results of a coarse- and a high-resolution

OGCM. They found that in the coarse-resolution

OGCM the numerical horizontal diffusion moves tem-

perature across the SST front at 2°N, consistent with

the idea that wave breaking, which can be parameter-

ized as diffusion, is responsible for the warming of the

ECT. In the high-resolution OGCM, however, TIWs

did not cool the warm waters north of the equator to

heat the ECT. Instead, they increased the atmosphere–

ocean heat flux near the equator. Thus, TIWs act as a

vertical heat pump, rather than a horizontal mixer of

temperature. The focus of Jochum et al. (2005) was the

large-scale SST, not the detailed processes by which

TIWs change the SST. Here, we will explain in detail

how in a numerical model TIWs affect the ML heat

budget.

The next section describes the numerical model.

Since the observational database is larger in the Pacific

Ocean, it is focused on numerical results from the Pa-

cific. Identical experiments have been performed for

the Atlantic Ocean and the results are qualitatively

similar. The third section discusses the physical mecha-

nisms responsible for the TIW temperature advection

and a summary and discussion are provided in section 4.

2. Model description

The ocean model employed for this study is the re-

duced-gravity, primitive equation, sigma-coordinate

model of Gent and Cane (1989). It is coupled to an

advective atmospheric mixed-layer model that com-

putes surface heat fluxes without any restoring bound-

ary conditions or feedbacks to observations (Seager et

al. 1995; Murtugudde et al. 1996). A variable-depth oce-

anic mixed layer represents the three main processes of

oceanic turbulent mixing, namely, the entrainment–de-

trainment due to wind and buoyancy forcing, the gra-

dient Richardson number mixing generated by the

shear flow instability, and the convective mixing related

to static instabilities in the water column (Chen et al.

1994). The model is initialized with Levitus (1994) tem-

perature and salinity fields, driven by seasonal Heller-

man and Rosenstein (1983) winds. In this study, as well

as in many previous studies on the tropical Atlantic, the

first author found Hellerman and Rosenstein (1983)

winds to generate currents and eddies consistent with

observations.

The model has a 1⁄4° horizontal resolution and 16

layers in the vertical. Their depth and thickness changes

with time and location, but to provide some idea about

the vertical resolution, the time mean layer depths at 0°,

140°W are listed here: 32, 35, 39, 46, 54, 69, 84, 113, 142,

198, 253, 363, 529, 768, 1044, 1320 m. At the meridional

boundaries (at 20°N, S), temperature and salinity are

restored to Levitus (1994). The model is spun up for 20

yr and the presented results are taken from the subse-

quent 5 yr of simulation (Fig. 2); the full model fields

were saved every 5 days. It is important to note that

with the atmospheric boundary layer model as the up-

per boundary condition, the model computes its own

heat flux and can therefore develop its own SST. The

SST is not artificially damped back to climatology, nor

will a positive ocean–atmosphere feedback amplify

small perturbations.

Since this study focuses on TIWs, it is important that

it properly resolves and reproduces the observed eddy

field in the tropical Pacific. We found that 1⁄4° horizon-

tal resolution is sufficient to reproduce the observed

TIWs [for a summary of the observations, see Qiao and

Weisberg (1995)]. While wavelength and period of

simulated TIWs are relatively insensitive to viscosity

(Cox 1980), their strength is not. For the present study,

we found the strength of TIWs to be consistent with

velocity observations of the Tropical Atmosphere–

Ocean (TAO) array. Figure 3 illustrates the strength of

TIWs at one particular location, which can be com-

pared with the observations of Qiao and Weisberg

(1995): TIWs are weak in spring and reach their maxi-

mum strength of �60 cm s�1 in the late summer. Ly-

man et al. (2005, unpublished manuscript) describes

two separate centers of TIW activity at 140°W: one in

high-pass-filtered eddy kinetic energy (EKE) on the

equator with a period of approximately 20 days and one

in high-pass-filtered temperature variance at 5°N with a

period of approximately 30 days; both periods are
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matched by the model (not shown). The full TAO time

series from these locations show a surface maximum of

EKE of 680 cm2 s�2 and a subsurface maximum of tem-

perature variance of 3.5°C2 s�2 at 140-m depth. The

respective model values are 620 cm2 s�2 and 3.4°C2 s�2

at 190-m depth. The magnitude of the SST variability

caused by TIWs is also in accordance with observations;

here and in the observations by Chelton et al. (2000),

the SST difference between wave crest and trough is

approximately 5°C.

3. Temperature advection of TIWs

The equations of the reduced-gravity, primitive-

equation model in s coordinates are based on incom-

pressible, hydrostatic equations of motion and the

Boussinesq approximation. The equations for ML heat

FIG. 3. Meridonal velocity in the mixed layer at the equator at 140°W.

FIG. 2. Eddy kinetic energy with periods less than 60 days (contour line, 100 cm2 s�2;

maximum, 1100 cm2 s�2) superimposed on the annual mean SST.
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and thickness that are discretized for the model are

(Gent and Cane 1989)

��hT�

�t
� � · �uhT� �

��weT�

�s
�

1

�cp

�Q

�s
� hD and

�1�

�h

�t
� � · �uh� �

�we

�s
� 0, �2�

with u being the horizontal velocity vector, T tempera-

ture, h layer thickness, Q the net atmospheric heat flux,

� the density of seawater, cp its heat capacity, D the

numerical diffusion operator (the Shapiro filter), and

we the entrainment velocity computed by the Chen et

al. (1994) ML model.

Heat content is a function of temperature and vol-

ume. Because of the incompressibility of seawater and

our focus on irreversible processes (which excludes

adiabatic waves), (1) and (2) are combined (Stevenson

and Niiler 1983),

h
�T

�t
� hu · �T � we

�T

�s
�

1

�cp

�Q

�s
� hD, �3�

and dividing by the ML depth h yields (Kessler et al.

1998)

�T

�t
� u · �T �

we

h

�T

�s
�

1

h�cp

�Q

�s
� D. �4�

The division by h appears natural and significantly

simplifies the following Reynolds averaging. There is,

however, a potential ambiguity in the interpretation

of the results. In the interior of the ocean much of

the eddy effects on tracer distribution is thought to hap-

pen by Stokes drift or the bolus velocity (Gent and

McWilliams 1990): the eddies advect the mean tracer

gradient. It is typically expressed as u�h�/h and dividing

(3) by h causes the loss of information on the one part

of eddy advection of which there is good theoretical

understanding. However, in the case of TIWs the bolus

velocity in the ML is less than 10% of the mean veloc-

ity. The only exception is the meridional component

between 3° and 5°N, which can become as large as 20%

of the mean flow and opposes the northward Ekman

flow. These values are similar to the ones found by

McWilliams and Danabasoglu (2002). Thus, the relative

contribution of the terms in (3) is almost indistinguish-

able from those in (4) (not shown). Because of the

division by h it is less important to observe ML depths

(the definition of which is not unique anyway), and it

simplifies the use of drifter and mooring data. In (4) the

most troublesome observables, h and we, are combined

in one single term that reduces the uncertainties in the

temperature advection.

Reynolds averaging of (4) yields

us · �Ts � us · �T� � u� · �Ts � u� · �T�

� qatmos � qent � qdiff, �5�

where the overbar denotes the 5-yr mean; the SST and

the velocities have been split into mean plus seasonal

cycle (subscripts) and eddy component (superscript

primes). The mean plus seasonal cycle has been deter-

mined by averaging over the monthly values of all

years, the eddy components are the deviations from

these mean plus seasonal values. The reason for this

somewhat unusual split is that it facilitates the separa-

tion between seasonal waves and intraseasonal waves

(TIWs). The first term on the lhs is the contribution of

the mean and the seasonal cycle to the heat budget, the

next three terms are the eddy contributions [since they

would be zero without eddies; see Kessler et al. (1998)].

The correlation between the eddy terms and seasonal

terms (terms 2 and 3 on the lhs) are negligible, which

indicates a clean separation between seasonal waves

and TIWs.

In principle it is also possible to separate the entrain-

ment cooling we	T in (4) into mean and eddy compo-

nents, but we decided against it. The entrainment ve-

locity is computed in the ML model based on buoyancy

forcing and wind stirring. Furthermore, if the Richard-

son number is below 0.25, properties like temperature

and momentum are vertically rearranged until the

shear instability is removed. Layer thickness, however,

is preserved and we is zero. In the next time step, buoy-

ancy forcing or wind stirring can then efficiently mix a

water column whose stratification has been weakened

by shear instability (Chen et al. 1994). Thus, shear in-

stability, buoyancy forcing, and wind stirring mutually

affect each other, and because of this nonlinearity (es-

pecially near the equator) it is not possible to single out

the contributions of the individual processes. This is

discussed in detail in Schudlich and Price (1992).

Chen et al. (1994) estimated the empirical param-

eters of the mixed layer model from local synoptic data,

but for the present context of TIWs, it is not clear

whether these parameter values are still appropriate.

However, the realistic representation of mean and sea-

sonal SST in the current setting suggests that at least on

these time scales the net entrainment cooling is reason-

ably well represented. On the correlation between we

and 	T on TIW and faster time scales, observations are

simply not available, and rather than going through the

significant computational expense of saving these terms

at every single time step without having observational
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verification, we decided to save only 5-day averages of

qent. The working hypothesis for the present study is

that this qent is a reasonable representation of the di-

apycnal exchanges at the ML base. For the time scales

of TIWs, there are no direct observations to prove this,

but the discussion provides two independent and indi-

rect sets of observations that suggest so. In addition, the

focus of the present study is to reexamine the under-

standing on how TIWs affect SST rather than quanti-

fying it.

The temperature budget (5) is shown in Fig. 4. The

seasonal and mean advection of temperature is domi-

nated by poleward Ekman divergence of freshly up-

welled cold water. The atmospheric heat flux and the

entrainment hold no surprises either: the entrainment is

strongest at the equator because of the Ekman diver-

gence there, and the resulting ECT induces a minimum

of latent heat loss, which leads to a maximum in net

atmospheric heat flux on the equator. The results are

similar to the ones of Kessler et al. (1998), but here the

foci are structure and value of the zonal and meridional

eddy temperature advection. Several things make clear

that traditional mixing length theory does not account

for the temperature advection due to TIWs. First, if

wave breaking would indeed be important, then tem-

perature gradients would be moved to smaller scales

and eventually be removed by horizontal diffusion.

However, horizontal diffusion is almost negligible here

(Fig. 4). Second, at length scales larger than those of

TIWs, there is no significant zonal mean SST gradient

that could explain the zonal temperature advection;

and third, the equatorial heating that is due to tempera-

ture advection is not balanced by enough cooling any-

where. This is true even if we account for the latitudi-

nally varying ML depth (Fig. 5). Averaged over the

area from 4°S to 4°N and from the date line to 90°W,

the zonal heat flux convergence contributes a net of 31

W m�2 and the meridional net contribution is 8 W m�2.

This is a significant portion of the average net atmo-

spheric heat flux of 70 W m�2 over this domain. Thus,

more than 50% of the equatorial atmosphere–ocean

heat flux enters the ocean through and with the help of

TIWs.

From the structure of the zonal and meridional tem-

perature advection we conclude that TIWs do not mix

temperature across the SST front; rather they increase

the atmosphere–ocean heat flux and act as a vertical

heat pump. Two things need explanation: how do TIWs

redistribute temperature and how do they generate a

net atmosphere–ocean heat flux? It turns out that the

meridional and zonal temperature advections can be

understood in a similar framework even though their

spatial structures are rather dissimilar.

To understand the physics behind the meridional

FIG. 4. Annual mean temperature budget for the tropical Pacific averaged between 145° and

135°W: black, net surface heat flux; red, mean and seasonal advection of temperature; dark

blue, zonal eddy temperature advection; light blue, meridional eddy temperature advection;

green, entrainment; and light purple, diffusion.
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temperature advection of TIWs, it is instructive to look

at the temperature advection of the mean flow. The

newly upwelled, cold ECT water is pushed poleward in

the Ekman layer and heated by the atmosphere on its

way to the subtropical gyres. In higher latitudes, it cools

down again and mass is balanced by subduction and

subsequent adiabatic geostrophic advection toward the

equator (Pedlosky 1987; McCreary and Lu 1994). In

extreme simplification, this can be thought of as flow in

a closed pipe that, at the surface, is heated in the Trop-

ics and cooled in midlatitudes. In the same pipe, one

can also imagine temperature advection by an oscilla-

tory flow. The water oscillates back and forth—every

time it reaches the equator from the surface it is cooled

because of strong vertical mixing and warmed when it

flows poleward again (Fig. 6); the water parcels all re-

tain their relative position but for the equator where

they mix with those below. Thus, cooling is restricted to

the equator. In the same pipe, heating and cooling

could also be achieved by diffusion (the analog to wave

breaking); then all water parcels would change their

relative position and cooling would not be restricted to

the equator. Since horizontal diffusion is negligible, the

meridional temperature advection of the TIWs cannot

be explained by wave breaking, but by the combination

of their meridional oscillations with strong localized

cooling on the equator: the meridional oscillation of the

surface waters induced by the TIWs increases the area

over which the ocean can absorb heat (this causes a net

heat gain) and the vertical entrainment pumps this heat

into the thermocline (Fig. 7). Thus, TIWs take heat that

is accumulated in the off-equatorial ML and move it to

the equator where it is removed by entrainment. This

results in off equatorial cooling and equatorial warming

(Fig. 5). A simple calculation can illustrate the power of

this heat engine: the typical ML depth is 30 m, the

average atmospheric heat flux is 100 W m�2 and the

TIW wave period is about 30 days. In the absence of

other processes, the water parcel would return to the

ECT 1°C warmer, which yields the 2°C month�1 heat-

ing rate of the TIWs (Fig. 4).

This distinction between oscillatory versus diffusive

behavior is important for several reasons. First, param-

eterizing TIWs as diffusive in coarse-resolution

OGCMs will lead to a lower off-equatorial SST (Jo-

chum et al. 2005). Second, diffusion erodes the SST

gradient whereas oscillation enhances it. The rapid

cooling of the ML as the SST front approaches the

equator acts almost like a boundary condition with a

fixed (� thermocline) temperature. On the equator-

ward movement of the SST front, the distance between

any isotherm and the equator shrinks, which increases

the meridional SST gradient (Fig. 8). Extreme meridi-

onal SST gradients of 3°C over a distance of 10 km have

indeed been observed across a TIW (Rudnick et al.

2002). As the water is pushed poleward again, the cross-

frontal SST gradient relaxes because the latent heat loss

is larger over the warmer SST. Thus, TIWs are neces-

FIG. 5. Annual mean heat flux convergence averaged between 145° and 135°W: solid line,

zonal eddy heat flux convergence; broken line, meridional eddy heat flux convergence.
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sary to explain the sharpness of the SST front north of

the equator. In the absence of TIWs, the cold water that

is pushed north in the Ekman layer would warm only

gradually as it is heated by the atmosphere.

Like the meridional, the zonal temperature advec-

tion is made possible by the spatial inhomogeneities of

the vertical mixing. In both cases energy for vertical

mixing is provided by wind stirring and shear instability

(in this model buoyancy forcing is negligible because of

the absence of a diurnal cycle). However, meridional

temperature advection relies on the equatorial singu-

larity of the Ekman divergence, whereas TIWs by

themselves create the spatial pattern of vertical mixing

that is necessary to generate zonal temperature advec-

tion (Fig. 9). At the latitudes with large zonal tempera-

ture advection by TIWs, the mixed layer depth (MLD)

perturbation caused by TIWs is well correlated with

SST anomalies: a shallow ML causes a cold SST and

vice versa (Fig. 10). When the ML is shallower, the

same amount of mixing energy will reach into colder

isotherms and bring colder water to the surface. This

connection by itself is nothing new, it has been used to

explain the positive feedbacks associated with El Niño

(e.g., McCreary and Anderson 1984). However, to our

knowledge this connection did not yet receive much

attention in the study of TIWs. It becomes important in

connection with its phase relation to the TIW’s zonal

velocity: warm water flows across isotherms toward

cold water (Fig. 10). The only difference in the mecha-

nism for meridional temperature advection is that the

cold-water/large-mixing patch is not fixed in space but

is an integral part of TIWs. This becomes clearer when

one considers the analytical structure of equatorial free

waves, which is derived, for example, in Philander

(1990). Obviously, the TIWs are not free waves but

their behavior and structure are similar nevertheless

(Cox 1980; Masina and Philander 1999; Lyman et al.

2005). For the purpose of this argument TIWs can be

thought of as projected onto Yanai and first latitudinal

mode Rossby waves (Cox 1980). Both types of wave

have off-equatorial maxima in the thermocline dis-

placement (Philander 1990) but different phase rela-

tions between zonal velocity and thermocline displace-

ments. Assuming that TIWs are free waves but SST

anomalies are proportional to MLD anomalies, it is

possible to compute the spatial structure of the ex-

pected zonal temperature advection from the analytical

structure described in Philander (1990). For example,

the zonal temperature advection for the first mode

Rossby wave would be

uTx � A sin2�kx � �t�e��2�2� H0

� � ck
�

21� 2H2

� � ck
�


 � H0

� � ck
�

21� 2H2

� � ck
�M, �6�

FIG. 6. Snapshot of ML meridional eddy velocity (m s�1; color contours) and net atmo-

spheric heat flux in June. It can be seen that the area of net ocean heat uptake is modulated

by TIWs. Poleward flow is associated with larger heat uptake than equatorward flow because

the water has been heated and the latent heat loss is increased. The superimposed flux contour

lines have intervals of 20 W m�2.
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FIG. 7. Idealized representation of the mixing process described in the text. (top) A two-

layer ocean at rest with localized vertical mixing at the equator. The mixed layer is uniformly

warm, and the thermocline is uniformly deep and of infinite heat capacity. Ocean heat uptake

is only possible near the equator; everywhere else the ML is in radiative balance with the

atmosphere. (middle) In their first quarter period, the TIWs move the patch of ML cold water

north and replace it with warm water. The old, cold water from the equator is now heated by

the atmosphere, and the new warm water at the equator is cooled by vertical mixing. Since the

cooling at the equator is larger than the heating poleward of it (Fig. 4), the area where the

ocean can gain heat is larger than in the case without TIWs; therefore, (bottom) the TIWs

cause a net heat gain. In the next quarter period, the new warm water is returned to the

equator, and the above process is repeated south of the equator.
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with k being the wavenumber for a wavelength of 700

km, � the frequency for a period of 40 days, Hn the

Hermite function of order n, c the equatorial Kelvin

wave speed, and � the ratio between distance to the

equator and equatorial Rossby radius. In addition, M

reflects the connection between MLD and SST. This

connection is dominant at the equator and is here set to

be M � e�� 4

. For a TIW velocity scale of 20 cm s�1 and

FIG. 9. Snapshot of ML zonal eddy velocity (m s�1; color contours) and entrainment heat

loss in June. It can be seen that the area of entrainment is modulated by TIWs. The poleward

patches of large entrainment are associated with zonal eddy flow. The superimposed heat-loss

contour lines have intervals of 50 W m�2.

FIG. 8. Snapshot of SST and surface velocity in June. Note the strong meridional cross-

isothermal flow on the equator at 94°W and the strong zonal cross-isothermal flow at 2°N,

106°W.
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TIW-induced MLD anomalies of 10 m, the theoretical

expression for the Rossby wave predicts the two

maxima at 2°N and 2°S (cf. Fig. 4 with Fig. 11), and a

temperature advection of approximately 1°C month�1.

Note that the different amplitude in TIW strength (Fig.

4) has been explained by Lyman et al. (2005) as the

result of the mean zonal flow, which has not been taken

into account here. A derivation for meridional tem-

FIG. 10. Snapshot of high-pass-filtered SST (°C; black), MLD (m; blue), and zonal velocity

(m s�1; red) along 2°N during July. The correlation coefficients for 5 yr of high-pass-filtered

model output from 150° to 100°W at 2°N are 0.62 between SST and MLD and 0.45 between

the zonal velocity and MLD.

FIG. 11. Analytical expression for the expected zonal temperature advection of TIWs. See

text for details.
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perature advection, similar to the one for zonal tem-

perature advection, leads to values of exactly zero be-

cause one essentially averages a sine function over one

wavelength.

The analytical expression has also been derived for

the Yanai wave and it predicts a cooling effect of the

wave. Because of the asymmetry or irreversibility of the

cooling–warming process, which has not been taken

into account in the above expression, this is not a physi-

cal solution. A net temperature advection by the waves

is possible because the flow is not geostrophically bal-

anced close to the equator. The phase relation between

u and MLD means that, in the case of the Rossby wave,

warm water is pushed toward the shallower part of the

ML. This causes a net entrainment of warm water. For

the Yanai wave, however, cold water is pushed toward

the deeper part of the ML. Because of the deep ML

only limited mixing takes place, the process is revers-

ible and no net temperature advection is produced.

It is not the purpose of the present study to find an

exact analytical expression for temperature advection

of TIWs; in the presence of friction, forcing, and large

vertical diffusion this may not even be possible [for

more details see Cox (1980) or McCreary (1981)].

Rather, the purpose is to highlight the possibility that

TIWs make a significant net contribution to the equa-

torial ML heat budget by exploiting the shallowness of

the ML there, and the irreversibility of vertical mixing.

The mechanisms for meridional and zonal tempera-

ture advection are similar but their spatial patterns are

different. Both forms of temperature advection cause a

net heating but only meridional temperature advection

causes a substantial off-equatorial heat loss. This is be-

cause the entraining process is fixed in space and time

for the meridional temperature advection only. Zonal

temperature advection also cools locally to warm the

patches of entrainment cooling. However, the vertical

entrainment necessary for zonal temperature advection

moves with the TIWs. By averaging in time and longi-

tude, Figs. 4 and 5 reveal only the net effect, not the

temporary and localized cooling as for meridional tem-

perature advection.

4. Summary and discussion

Eddy temperature advection, the quantity evaluated

here and observable in the ocean, is an abstract number

that does not by itself reveal the underlying processes.

Ideally, one would like to track individual particles in

an experiment that isolates the process under investi-

gation. Near the equator, however, this is close to im-

possible, even with a numerical model. The tempera-

ture budget (Fig. 4) as well as the momentum budget

[for a detailed discussion see Pedlosky (1996)] show

that the equator is a region that is controlled by a bal-

ance of always more than two processes. Moreover,

thermodynamics strongly influences dynamics and vice

versa (Schudlich and Price 1992); attributing cause and

effect unequivocally is rarely possible. This is also the

case in the present study, which, instead of being able to

show a clear causal connection, relies on circumstantial

evidence and physical intuition. We combined the val-

ues of the eddy temperature advection with other in-

formation to understand the processes by which TIWs

impact the ML heat budget. The smallness of the hori-

zontal diffusion and the spatial structure of the TIW

temperature advection (Fig. 4) or heat flux conver-

gence (Fig. 5) shows that the mixing length paradigm

cannot explain the equatorial warming due to TIWs.

Stokes drift was also found to be small; therefore, it can

be concluded that TIWs increase the atmosphere–

ocean heat flux. TIWs move water toward patches of

strong entrainment, be they due to equatorial Ekman

divergence or equatorial wave dynamics. This cooling

of the surface waters is balanced by a subsurface heat-

ing and causes a reduced latent heat loss of the ocean,

which results in an increased net heat flux into the

ocean.

It was shown previously in Jochum et al. (2005) that

including this process into ocean models significantly

changes the structure of near-equatorial SST. There-

fore, it is important to validate the size of TIW tem-

perature advection in the model with observations. To

the best of our knowledge we resolved the horizontal

structure of TIWs, but we shifted the problem from

understanding TIW temperature advection to validat-

ing vertical entrainment and atmosphere–ocean heat

fluxes, both of which are notoriously difficult to ob-

serve. One can argue, however, that, if the temperature

advection in the model is similar to the observed values,

the model represents TIWs, entrainment, and surface

heat flux reasonably well.

Jayne and Marotzke (2002) showed that altimeter

data, at least as it is currently used (see Stammer 1997),

lead to large errors in estimating equatorial eddy tem-

perature advection. Surface drifter data, too, are of

doubtful utility for the present purpose. Because of its

spatial and temporal distribution, it has to be averaged

zonally to provide statistically meaningful results. One

can then estimate the meridional gradient of the eddy

temperature flux (Hansen and Paul 1984; Baturin and

Niiler 1997). This method, however, assumes that zonal

temperature advection is negligible. Otherwise ML

warming will be spuriously assigned to meridional pro-

cesses. Thus, if the present model has any fidelity,
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drifter data as currently published cannot be used for

validation.

To our knowledge there have been only two moor-

ing-based field experiments with a spatial resolution

sufficient to determine meridional temperature advec-

tion of TIWs: one in the Atlantic (Weisberg and Wein-

gartner 1988) and one in the Pacific (Bryden and Brady

1989). Neither provides sufficient zonal resolution to

determine the zonal temperature advection of TIWs,

but Bryden and Brady found (
�T�)y to have a surface

maximum at 0°, 110°W of 10 � 3 
 10�7°C s�1 (their

Fig. 8). Within the uncertainty, this is identical to the

model value of 12 � 1 
 10�7°C s�1. This is reassuring,

but considering the importance of TIWs for equatorial

SST and tropical climate, the present results call for at

least one high-density mooring experiment to deter-

mine not only the meridional but also the zonal tem-

perature advection, which to our knowledge has never

been measured.

The fact that the zonal component has never been

measured is probably due to the dominance of the mix-

ing length paradigm. Under this paradigm, there should

be only limited zonal temperature advection, because

of the weak zonal large-scale temperature gradient. Be-

cause of the absence of direct observations, the present

authors looked at a range of available observations to

see whether there is indirect evidence of zonal tempera-

ture advection. The available set of drifter data proved

to be too small to arrive at a statistical meaningful es-

timate for the zonal temperature advection, but the ob-

servations by Kennan and Flament (2000) during the

Tropical Instability Wave Experiment provide some

support. A TIW was mapped over one wave period

with ADCP sections, satellite infrared images, and 25

drifters. The mapping reveals that warm water indeed

flows zonally across the SST front (their Fig. 14) and at

2°N produces a zonal temperature advection of ap-

proximately 0.5°C month�1. This is about one-third of

the annual mean in the model but it also representative

of only one period.

Another valuable observation is provided by

Johnson (1996). On crossing the SST front of the TIWs

at 2°N he observes a drop in the Richardson number

below the ML to 0.2, a strong indication for vertical

entrainment. This is clearly north of the equatorial Ek-

man divergence and indicates that the mixing is due to

TIWs.
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